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Introduction

This issue of Pure and Applied Geophysics contains papers presented at the
Earthquake Prediction session of the 22nd General Assembly of the International
Association of Seismology and Physics of the Earth’s Interior. The meeting was held in
August, 1983, in conjunction with the XVIII General Assembly of the International
Union of Geodesy and Geophysics, at Hamburg, Federal Republic of Germany, and
was convened by J. R. Rice and K. Shimazaki. Some papers given at the meeting are
not included here, and several papers not given at the meeting but germane to the
meeting themes have been added.

The papers given at the meeting and in this issue reflect the wide variety of current
international research on earthquake prediction. The contributions also illustrate the
recent rapid progress in earthquake prediction, which has been largely due to the
increased number and accuracy of field measurements, careful attention to errors in
data, and sound application of theoretical principles. Papers dealing with laboratory
studies, normally prominent in earthquake prediction symposia, were under-represented
at the meeting. In this issue the two main themes are (1) reports and interpretations of
new seismological and non-seismological field observations, and (2) theoretical and
statistical studies applied to old and new data. Most papers describe possible
precursors, and a few papers discuss specific procedures for attempting a prediction.

K. SHIMAZAKI
W. STUART

Guest Editors
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Temporal Variation of Crustal Deformation During the Days
Preceding a Thrust-type Great Earthquake — The 1944 Tonankai
Earthquake of Magnitude 8.1, Japan

By Kivoo Moar?)

Abstract — The temporal variation in precursory ground tilt prior to the 1944 Tonankai (Japan)
earthquake, which is a great thrust-type earthquake along the Nankai Trough, is discussed using the
analysis of data from repeated surveys along short-distance leveling routes. SATo (1970) pointed out that an
anomalous tilt occurred one day before the earthquake at Kakegawa near the northern end of the focal
region of the earthquake. From the analysis of additional leveling data, Sato’s result is re-examined and the
temporal change in the ground tilt is deduced for the period of about ten days beginning six days before the
earthquake. A remarkable precursory tilt started two or three days before the earthquake. The direction of
the precursory tilt was up towards the south (uplift on the southern Nankai Trough side), but the coseismic
tilt was up towards the southeast, perpendicular to the strike of the main thrust fault of the Tonankai
earthquake. The postseismic tilt was probably opposite of the coseismic tilt. The preseismic tilt is attributed
to precursory slip on part of the main fault. If similar precursory deformation occurs before a future
earthquake expected to occur in the adjacent Tokai region, the deformation may help predict the time of the
Tokai earthquake.

Key words: precursory ground tilt, temporal variation of crustal deformation, the 1944 Tonankai
carthquake, leveling survey, earthquake prediction.

1. Introduction

Western Japan, along the Nankai Trough, is a typical subduction zone where great
thrust earthquakes, such as the 1944 Tonankai earthquake, have occurred with a
recurrence time of 100—150 years. Figure 1 shows the rupture zones of these great
earthquakes during the past three hundred years. In this region, both seismicity and
crustal movement data have been measured. The crustal movement in this region has
been discussed by a number of investigators (MogGt, 1970; SATo, 1970, 1977; INOUCHI
and SATO, 1975; FITCH and SCHOLZ, 1971; ANDO, 1975). On the basis of triangulation
surveys, Moai (1970) pointed out that the Tokai region is a highly compressed area and
so is a potential region for a future great shallow earthquake. As shown in the bottom
figure in Fig. 1, this region is also an unruptured region in recent years, namely, a
seismic gap of the first kind.

1) Earthquake Research Institute, University of Tokyo, Tokyo, Japan.
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Rupture zones of great shallow earthquakes along the Nankai Trough and the Sagami Trough (northern

boundary of the Philippine sea plate) during the last three hundred years. The Tokai region along the

Suruga Trough is a seismic gap of the first kind, because the rupture of the 1944 Tonankai earthquake did
not extend to the Suruga Trough (bottom figure).

The Coordinating Committee for Earthquake Prediction designated this region as
one of the areas that should receive special observation. Subsequently, by considering
detailed historical data on the past great earthquakes of 1854 and 1707, ISHIBASHI
(1976, 1981) proposed a model of a future rupture zone. The model consists of
underthrusting along the Suruga Trough, which is a northeastern extension of the
Nankai Trough. For the purpose of predicting the earthquake, a very dense network of
various instruments, including seismometers, strain meters and tilt meters, has been set
up in the Tokai region (e.g. MoGl, 1981). These data are telemetered to the Japan
Meteorological Agency (JMA) in Tokyo, which is staffed 24 hours a day and 7 days a
week. When anomalous ‘behavior is observed in these data, the Earthquake Assessment
Committee (Chairman, Professor T. Asada) evaluates the data and conveys its finding
to the director general of IMA, who reports to the prime minister. On 15 June 1978, the
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Large-scale Earthquake Counter-measures Act was promulgated. This law will be
applied to the Tokai region.

It may be possible to accurately predict the time of the Tokai earthquake by the
observation of short-term precursors. Therefore, it is very important to know whether or
not appreciable short-term precursory phenomena can be observed. Unfortunately,
there are no precursory data available for earlier earthquakes rupturing the Tokai gap.
But the source region of the 1944 Tonankai earthquake is adjacent to the expected
rupture zone in the Tokai region, and so the precursory phenomena may be similar.

SAaTO (1970) was the first to point out a precursory ground tilt immediately prior to
the Tonankai earthquake on the basis of leveling data between adjacent benchmarks
(5259 and 5260, to be discussed below) for which surveys were carried out repeatedly
prior to the earthquake. This result is important, because it suggests the possibility of
short-term precursory crustal movement before a future Tokai earthquake. However,
since the leveling data analyzed by Sato were very limited in space and time, there is
some question about its reliability. Also, the temporal development of the precursory
crustal movement, which is a key for predicting the time of an earthquake occurrence,
could not be evaluated. THATCHER (1981) reported a deformation curve before and
after the Tonankai earthquake on the basis of the leveling data between the same
adjacent benchmarks as Sato used, but he did not consider the difference in direction of
the leveling route. Also he used the data for the postseismic period differently than in the
present study, as mentioned later. He concluded that the data were fragmentary and
their precise relation to the Tonankai earthquake was uncertain. Recently the author has
found additional leveling data which may help resolve these problems. This paper
discusses these additional leveling data and the temporal variation of the tilt prior to the
Tonankai earthquake.

2. Leveling surveys near the Tonankai earthquake and previous research

The Tonankai earthquake occurred at 1.35 p.m. on 7 December 1944. Precisely at
that time the Army Land Survey (the present Geographical Survey Institute) was
carrying out a leveling survey in the vicinity of Kakegawa City in Shizuoka Prefecture,
which is located at the northeastern end of the focal region of the earthquake, as shown
in Fig. 2. These measurements were being carried out at this time because Professor A.
Imamura, then at the University of Tokyo, assumed that the next great earthquake in
this area would occur in the near future because earthquakes along the Nankai Trough
had occurred at quite regular intervals of about 100-150 years, and ninety years had
passed since the preceding (Ansei) Tokai earthquake in 1854 (IMAMURA, 1945).

In carrying out these measurements, Imamura constructed a new leveling route
between Kakegawa and Omaezaki (shown in Fig. 4), which yielded much valuable
information. Measurement was completed just prior to the earthquake and repeated
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Rectangular Fault plane of the 1944 Tonankai earthquake deduced from leveling data (INoucH: and SATo,
1975) and the location of aftershocks of the Tonankai earthquake (SEK1YA and TOKUNAGA, 1974).

immediately afterwards, revealing the crustal movements in this region at the time of the
Tonankai earthquake.

Figure 2 shows the location of aftershocks of the Tonankai earthquake (SEKIYA and
TOKUNAGA, 1974) and the fault plane deduced from the crustal deformation (INOUCHI
and SATO, 1975). Solid circles in this figure show earthquakes which occurred
immediately after the main shock (star). Aftershocks generally occurred in the focal
region of the Tonankai earthquake. However, a number of earthquakes also occurred in
the Izu region east of the Tonankai earthquake. This seismic activation in the eastern
region may be attributed to the increase of stress in this region due to the accelerated
northwest plate motion of the Philippine Sea Plate caused by the Tonankai earthquake,
even though the Suruga Trough region remained unslipped. Figure 3 shows the
differences of elevations measured before and after the earthquake obtained from the
leveling data (INoucHI and SaTo, 1975). These two figures reveal that the rupture zone
did not reach Omaezaki, and this is one important piece of evidence for assuming a
Tokai earthquake will occur along the Suruga Trough.

Figure 4 shows the leveling routes in this region. Numerals show some of the
benchmarks along the route in the north—northwest direction from Kakegawa.
IMAMURA (1945) examined these measurements at the time of the earthquake and
reported that from the time of the first measurement in 1903 until immediately prior to
the 1944 Tonankai earthquake, the southern side — i.e. the Nankai Trough side — of this
region had continually subsided. During the earthquake, however, a pronounced uplift
of the southern side occurred. SATO (1970) has further scrutinized these measurements
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Figure 3
Vertical displacements in the Kakegawa—Omaezaki region before and after the 1944 Tonankai earthquake
obtained from the leveling data (INoucH! and SATo, 1975). Broken lines show leveling routes.
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Figure 4
Leveling routes in the Kakegawa—Omaezaki region of the Tokai district.

and reported similar results. Figure 5 shows Sato’s version of the movements along the
leveling route stretching from Kakegawa to Mikura before (March 1934—December
1944) and immediately after the earthquake. Movements were small in the northern part
of the route, but as one moves southwards towards Kakegawa, both long-term
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Figure §
Vertical displacements along the leveling route from BMI141 to BMS5268. Open circles: March
1934—December 1944 (immediately before the earthquake); solid circles: immediately before and after the
earthquake.

subsidence prior to the earthquake and the sudden uplift at the time of the earthquake
increase. This crustal movement may be understood as a rebound due to thrust type
faulting.

At that time, the leveling survey was carried out in the following manner. In Fig. 6,
the leveling route is shown running from Kakegawa in a north—northwesterly direction
and passing through Mikura. Benchmarks 5259, 5260, 5261 and 5262 are located at 2
km intervals. Check points were established at locations (represented by solid circles)
which further trisected each interval. These are temporary points set up only during the
leveling procedure. Each of these sections is further divided into eight sectors, which are
measured in turn. Then on the following day or several days later measurements are
carried out from the opposite direction in order to check that the measured value of each
sector (horizontal distance of about 700 m) lies within a certain range compared to the
previous measurement. This means the same sector is measured twice (or more) within
several days. In order to make the following discussion easier to understand, I have
numbered each sector from benclimarks 5259 to 5262 with numbers from 1 to 9, as
shown in Fig. 6.

By chance the sectors between benchmarks 5259 and 5260 were being measured the
day before the earthquake and on the day of the earthquake. SAT0 (1970) noticed that
in sectors 2 and 3 there was a difference of 4.3 mm and 4.8 mm per 700 m, and he
pointed out that this probably indicates the precursory crustal movement of the
Tonankai earthquake. In order to ascertain the significance of these changes, SATo
(1977) then took the differences between the two measurements on the outward and



Vol. 122, 1984/85 The 1944 Tonankai Earthquake 771

Leveling route along which a survey was carried out immediately before and after the 1944 Tonankai

earthquake. Open circles are benchmarks; solid circles are check points (temporary stations). The route

between BM5259 and BM5262 is divided into 9 sectors. The length of each sector is about 700 m. Dotted
regions are hilly or mountainous areas.

return trip for other sectors that are not thought to have been greatly affected by the
earthquake, and studied the measurement errors. He came to the conclusion that such
changes of more than 4 mm are extremely rare, and that they are probably significant.
However, there was quite a large range of errors in the set of all the measurements
assembled by Sato. In some cases there were differences of 24 mm per 700 m
accounting for as much as 20% of the entire area, and further investigation seemed
impossible. Some people were of the opinion that changes greater than 4 mm may have
contained errors caused by a strong wind blowing at the time just before the earthquake.

3. Temporal variation of crustal movement prior to the Tonankai earthquake

KosHryAMA (1976), who was actually involved in the survey, described the detailed
situation at the time of the measurement, particularly the anomalous ground disturbance
just before (probably one or two hours) the earthquake. According to his description, a
strong wind was blowing, so the author further examined the weather conditions. Figure
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7 shows the velocity of the wind and the atmospheric temperature at the Hamamatsu
weather station which is located near Kakegawa. This figure does not show any
anomalous weather condition during the period before and after the Tonankai
earthquake. In particular, the velocity of the wind was not very high immediately prior
to the earthquake. So it is not reasonable to attribute the systematic anomalous change
in leveling data described below to a change in weather conditions.

The observed values for some of the sectors in Fig. 6 before and after the earthquake
are appended at the end of Koshiyama’s description. This traverse lies on a straight line
running virtually north—northwest from 2 to 9, along which the coseismic tilt is nearly
uniform as shown in Fig. 5. Since the times of observations differ, these values may be
combined to estimate the temporal progress of the crustal movement prior to a great
earthquake (Mogi, 1982).

Furthermore, a check through the original measurement register, which is now
preserved at the Geographical Survey Institute, reveals that the measurements shown in
Fig. 8 were carried out repeatedly over all nine of the sectors. In some sectors
measurements were repeated as many as three times from 1 December until immediately
before the earthquake.

Figure 9 shows the vertical displacement curve for sectors 2 and 3. Measurements
were carried out a total of four times for sector 3 and five times for sector 2 immediately

"'I’g Hamamatsu

Qg

0 1 1 L 1 1 I X ) " )

1944, December
Figure 7
Temporal variation of the wind velocity (upper figure) and the atmospheric temperature (lower figure) at the
Hamamatsu weather station during the period before and after the Tonankai earthquake of 7 December,
1944,
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Tonankai Earthquake
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Figure 8

Times of the repeated leveling surveys of each sector. Numerals on the vertical axis are the numbers of the
sectors (No. 1-No. 9).

before and after the earthquake. The vertical axis is the amount of uplift on the southern
side over a horizontal distance of about 700 m. A glance at this figure shows that before
the earthquake a conspicuous uplift began on the southeastern side, then there was a
sudden large uplift at the time of the earthquake, and immediately after the earthquake it
began to subside. Noteworthy here is the fact that the results for the completely
independent sectors 2 and 3 match extremely well. These results strongly suggest that
measurement in such flat terrain is considerably accurate. It is deduced from the lower
figure of Fig. 10 that the error of the measurement is about plus or minus 2 mm.
Consequently the changes prior to an earthquake can be considered real.

The result for sector 1 is not inciuded in Fig. 9. As mentioned later, no precursory
movements were seen for this sector. This may be attributed to the difference of the
azimuth of sector 1 from that of sectors 2 and 3. This issue is discussed later.

Figure 10 shows the discrepancies when each sector from benchmarks 5259 to
5265 was remeasured, with the horizontal axis showing the benchmark numbers. Solid
circles in the upper figure show the situation immediately prior to the earthquake, while
the lower figure shows the preceding period. The vertical axis shows the discrepancy
between the measurements on these two occasions, assigning a positive value to cases
in which the value on the Kakegawa side (southeast side) is larger in the later
measurement. This corresponds to uplift on the southeastern side.

The upper figure of Fig. 10 shows the situation immediately prior to the earthquake
(solid circles) and spanning the time of the earthquake (double circles). The fact that all
of the values are positive and are quite large indicates that prior to the earthquake the
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Figure 9
Relative vertical displacement curves for sectors 2 and 3 immediately before and after the 1944 Tonankai
earthquake. The vertical axis shows the amount of uplift on the southeastern side.

southern side was uplifted, and that this uplift was appreciable in comparison with the
uplift at the time of the earthquake. On the other hand, a look at the period preceding
this, shown in the lower figure, reveals that the values are scattered around O and that
there is no systematic trend. Moreover, the value itself nearly always lies within a range
of plus or minus 1.5 mm, except between benchmarks 5262 and 5263. The leveling route
between benchmarks 5262 and 5263 curves markedly through an uneven mountain pass
increasing the possibilities of errors. However, the remaining measurements in flat areas
are thought to be quite accurate.

Summing up the above results and assuming a uniform tilt from sectors 2 to 8, as
suggested by Fig. 5, it is believed that it is possible to estimate within a day the temporal
changes in the tilt of this region around the time of the Tonankai earthquake. Figure 11
shows a narrow range of curves which includes the measured values from sectors 2 to 8
within the period from 1 December 1944 up until 9 December two days after the
earthquake. The shaded band more or less represents the tilt curve for this region. The
following is a synopsis of these results.

(1) As can also be seen in Figs. 10 and 11, there was no recognized uplift tendency

until about two days before the earthquake.
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Discrepancies when each sector from BM5259 to BM5265 was remeasured. The horizontal axis shows the

benchmark numbers, and the vertical axis shows the discrepancies between the measurements. Positive

values correspond to uplift on the southeastern side. Double circles show changes immediately before and
after the Tonankai earthquake.

Temporal variation of crustal deformation near Kakegawa before and after the Tonankai earthquake

deduced from the repeated surveys of short-distance leveling routes. This curve was obtained by the

combination of deformation curves of different sectors, which are shown by different symbols. Positive
values on the vertical axis correspond to uplift on the southeastern side of the sectors.
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(2) Conspicuous anomalous crustal deformation (tilt as the result of uplift on the
southern trough side) began two or three days before the earthquake and
gradually accelerated, and, according to Koshiyama’s description, this defor-
mation became more rapid one or two hours before the earthquake.

(3) The magnitude of the precursory crustal movement was smaller than the
movement during the earthquake (coseismic change), but was striking enough to
be clearly noticed.

Figure 11 shows the deformation curve that corresponds to the apparent tilt along
the north—northwest route, but the true magnitude of the ground tilt and the direction
can be found by comparing the disturbance in sector 1 which runs in an east—west direc-
tion, with the disturbances in sectors 2 and 3 which run north-northwest. The fact
that movements in sector 1 at the time of the earthquake and immediately after the
earthquake were about the same size as in sectors 2 and 3, but almost no precursory
movements were seen in sector 1, means that the direction of the precursory ground tilt
was up toward the south, but the tilt at the time of the earthquake was up towards the
southeast. On 9 December, the surveys of sectors 1 and 2 were carried out twice.
THATCHER (1981) used the data of the second survey in which the postseismic change in
sector 1 is quite different from those of sectors 2 and 3. In this paper, the data of the first
survey are used, because the postseismic changes in all sectors correlates well with the
coseismic changes. Figure 12 shows the vectors of tilt at Kakegawa for precursory,
coseismic and postseismic periods. The directions of the tilt vectors are completely

N

Coseismic +

Preseismic

| sec

Postseismic

Figure 12
Tilt vectors at Kakegawa for precursory, coseismic and postseismic periods. These vectors were calculated
from the vertical displacements along the leveling route from BM5259 to BM5260 shown by a broken line.
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Figure 13
Temporal variation of the ground tilt near Kakegawa deduced from the vertical displacements along the
leveling route from BM5259 to BM5262.

reversed between the coseismic and postseismic periods, and they seem to be
perpendicular to the strike of the fault of the Tonankai earthquake. Also it is noted that
the direction of the vectors are different between the precursory and coseismic times.
One possible explanation is that a precursory slip occurred southwest of this leveling
route and then the slip extended northeastward at the time of the main rupture. Figure
13 shows the temporal changes in the amount of ground tilt.

If precursory changes in tilt or strain exist on this magnitude, it will be possible to
fully detect and track them through the current observation network in the Tokai region.
As mentioned above, this result for the Tonankai earthquake is regarded as being
probably the most powerful lead in estimating when the Tokai earthquake will occur.

4. Precursory crustal movement prior to the 1946 Nankaido earthquake

On 21 December 1946, the Nankaido earthquake of M 8.1 occurred along the
Nankai Trough in a western region adjacent to the focal region of the Tonankai
earthquake, as shown in Fig. 1. SAT0 (1977) pointed out that the difference in tidal level
between Tosashimizu in southwestern Shikoku and Hosojima on the east coast of
Kyushu, seemed to change appreciably prior to the Nankaido earthquake, as shown in
Fig. 14. This result is obtained by correcting the data for the tidal current effect.
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B2
Nankaido

Hosojima - 1946

Tosashimizu— Hosojima (with tide correction)

Nankaido (M 8.1)

Changes in the relative mean sea level at the Tosashimizu tide station prior to the Nankaido earthquake of
21, December 1946. The vertical axis shows the difference between the mean sea levels at Tosashimizu in
southwestern Shikoku and Hosojima on the east coast of Kyushu. Positive values correspond to uplift at
Tosashimizu.

Although this tide level data scattered markedly, it is worthwhile to note that the
difference seems to increase starting a day and half prior to the Nankaido earthquake.
Since Tosashimizu is located on the western border of the focal region of the Nankaido
earthquake, this result suggests that the measurable precursory uplift prior to the
Nankaido earthquake probably began one or two days prior to the earthquake. Thus an
appreciable precursory crustal deformation began one or two days prior to both of the
recent great earthquakes along the Nankai Trough.
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5. Conclusion

1. Since the leveling measurements for independent sectors immediately before and
after the Tonankai earthquake show similar changes, the precursory tilt prior to the
earthquake pointed out by SAT0 (1970) can be considered real.

2. By the use of additional leveling data, the temporal variation of crustal
deformation during the days before and after the earthquake is inferred. This crustal
deformation curve is obtained by the combination of deformation curves of different
sectors of the leveling route near Kakegawa.

3. There was no recognized systematic change in the curve three or four days before
the earthquake.

4. Appreciable anomalous crustal deformation (tilt as the result of uplift on the
southern Nankai Trough side) began two or three days before the earthquake, and
gradually accelerated.

5. The direction of the precursory tilt was up toward the south. However the
coseismic tilt was up toward the southeast, and the postseismic tilt was probably
opposite to the coseismic tilt.

6. This result on the temporal variation of the crustal deformation prior to the
Tonankai earthquake may be helpful for estimating the time of the Tokai earthquake
from future measurements of crustal deformation.
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On the Interpretation of Slow Ground Deformation Precursory to
the 1976 Friuli Earthquake

By MICHELE DRAGONI,') MAURIZIO BONAFEDE') and ENzo BoscHi'+2)

Abstract — During three years preceding the 1976 Friuli earthquake, a continuous southward ground
tilt was recorded by a tiltmeter placed near Tolmezzo, 15 km north-west of the epicentre of the impending
earthquake. The cumulative ground tilt amounted to as much as 3 minutes of arc. Since the tiltmeter was
placed in the proximity of an active fault, such a tilt can be explained if the fault slipped aseismically on its
shallower section during the same three year period. Aseismic slip on the fault might have been caused by
the same mechanism which concentrated stress in the region and eventually produced the 1976 earthquake.

Key words: Precursory tilt, aseismic slip, thrust faulting.

1. Introduction

It is generally recognized that slow crustal deformations play an important role in
the earthquake mechanism. They have been often observed both preceding and
following larger earthquakes (see e.g. RIKITAKE, 1976). In the present paper, we
consider a prolonged, slow ground deformation recorded prior to the 1976 Friuli (Italy)
earthquakes. This earthquake sequence consisted of two main shocks of comparable
magnitude (M = 6.5) which occurred on 6 May and 15 September 1976 respectively,
and of a large number of aftershocks (FINETTI et al., 1976; CIPAR, 1981). During three
years before the earthquake a tiltmeter placed near Tolmezzo, about 15 km north-west
of the epicentre of the earthquake (Fig. 1), recorded an almost continuous ground tilt.
The net tilt recorded during the whole period was unusually large: about 3 minutes of
arc, approximately in the south direction.

The Friuli region is crossed by several active thrust faults, with strike predominantly
in the east—west direction (Fig. 2). While the 1976 earthquake occurred on the
Periadriatic fault, the tiltmeter is located close to a secondary thrust fault, north of the
Periadriatic fault and nearly parallel to it.

In the present paper we interpret the tiltmeter measurements as being produced by a
slow, aseismic slip which occurred on this secondary fault during the three years

1) Dipartimento di Fisica, Universita di Bologna, Viale Berti Pichat 8, 40127 Bologna, Italy.
%) Also at Istituto Nazionale di Geofisica, Roma, Italy.
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Figure 1
Map of the Friuli region, Italy. The stars denote the tiltmeter sites and the dot is the epicentre of the Friuli
earthquake of 6 May 1976.

preceding the 1976 Friuli earthquake. We also show that such a phenomenon can be
correlated with a stress concentration mechanism which acted in the lithosphere at
depth and eventually produced the earthquake (see BONAFEDE et al., 1983).

2. The tiltmeter measurements

A close correlation between ground tilt and seismic activity in the Tolmezzo area
was already noticed (CaLor and SPADEA, 1955b; Cavol, 1958, 1962; CaLol and
RomuALDI, 1965). Tilting episodes were often followed by earthquakes: for instance, a
ground tilt amounting to 22 seconds of arc in about 20 days was observed prior to a
magnitude 4.4 earthquake which occurred on 11 October 1954 (CALoI and SPADEA,
1955b) with approximately the same epicentre as the first 1976 shock.
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Figure 2
A section view of the Earth’s crust in the Friuli region. Several thrust faults are shown. The hatched zone
contains the foci of the main shocks and most aftershocks of the 1976 Friuli earthquake.

The tilt measurements used for modelling below are from one of two tiltmeter
stations placed on the opposite banks of the Ambiesta torrent, a right tributary of the
Tagliamento river (CALoOI and SPADEA, 1955a). The distance between the two stations is
about 300 m. Each station is composed of two separate tiltmeters measuring the NS and
the EW ground tilt component, respectively. The tiltmeters were installed in 1952, in
artificial rock caves. They are horizontal pendulums with bifilar Z6llner suspension;
their free period is 575 seconds. A detailed description of their technical characteristics
is given by Cavro1 (1950).

Most observations show that the two tiltmeter sites have sharply different
behaviours: significant ground tilt episodes were recorded at the site on the left
(northern) bank of the Ambiesta torrent, while that on the right (southern) bank showed
virtually no tilt. A striking example is shown in Fig. 3, where the tiltmeter records are
shown for the period from 1 June to 1 October 1960. In this case, the left bank tiltmeter
recorded a tilt of about 70" approximately in the east direction, while no net tilt was
recorded on the right bank. The abrupt change in the tilt direction on the left bank,
which occurred after the first half of July, has been connected with a small nearby
earthquake (M < 4) on 14 July. In this case, the ground tilt was not followed by a larger
earthquake, but was accompanied by an anomalously intense microseismic activity.

This difference in the behaviour of the two tiltmeter sites is ascribed to the fact that
the two tiltmeter stations are placed on the opposite sides of a thrust fault which
intersects the Earth’s surface in correspondence of the Ambiesta torrent (CALol, 1962;
CaLo1 and RoMUALDI, 1965).

The left bank tiltmeter recorded a significant ground deformation during the three
years preceding the 1976 Friuli earthquake (BI1AGI et al., 1976). The tiltmeter record is
shown in Fig. 4 from 1 January 1972 to 9 September 1976. The trace direction is
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Tiltmeter records from the opposite banks of the Ambiesta torrent for the period 1 June—1 October 1960
(after CaLo1, 1962).

approximately southward and this component has been singled out and is shown in Fig.
5 as a function of time. It can be seen that the ground tilt was virtually zero during 1972
and the first half of 1973, while after this date there was a steady increase in tilt at a rate
of about 8” per month until the end of 1974. The southward tilt did not change during
the first half of 1975 and, after a series of small shocks of magnitude lower than 4, it
started again at about the same rate as before, accompanied by a few small shocks. All
these shocks occurred on the secondary fault. The ground tilt stopped again during the
first months of 1976, until the large M = 6.5 shock occurred on 6 May 1976. In the
following sections, this record is interpreted as being produced by a slow dislocation
process which occurred on the shallower section of the secondary fault near Tolmezzo
during the years preceding the Friuli earthquake. Tilt data from the right bank tiltmeter
are unavailable for times after October, 1960.

3. The model

The secondary fault is modelled as a rectangular surface embedded in an elastic
half-space (Fig. 6). The dip angle is . We introduce a downdip co-ordinate & so that the
fault surface lies between £ =d and £= D, with D > d. In the horizontal direction, the
fault edges are at x, = —L and x, = L. For the sake of simplicity, we consider a Volterra
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Southward tilt as a function of time as derived from the left bank tiltmeter record (Fig. 4). Three phases are
recognizable: (1) negligible tilting and seismic activity; (2) steady increase in tilt; (3) a more irregular tilt
variation, accompanied by minor seismic activity.
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Figure 6
The dislocation model.

dislocation taking place on the fault surface, i.e. a dislocation with uniform slip U. The
displacement field produced by such a dislocation has been computed by MANSINHA
and SMYLIE (1971). We are interested in the displacement field produced by a dip-slip
faulting, i.e.

~

U=U¢ M
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where 8 is a unit vector in the ¢ direction. In order to compute the ground tilt, we only
need the vertical displacement component u, at the Earth’s surface, x, = 0. This is given
by

(x, =& — 9 (x, — &) (x,— &)

U
,x,)=—1{ |3 arctg —————— — 2 arct
ui(xn X2 =2 {[ g 7R Eh+ &R+ h)

(x,— &) & ] 28 }
- — | Sln 0—'—-—0050
R(R +xl_él) R(R +x1_€1)

The displacement u; is expressed as an indefinite integral form in the variables £, and &,
and we have used CHINNERY’s (196 )notation Il to represent the substitution

In equation (2) the following notations have been also used:

0]

r,=x,sinf O]

r;=x,cos 0 %)
R=[(x,— &P +ri+ (ry~ O 6)
h=I[r+ (r;— 9?2 M

The ground tilt t(x,, x,) is the gradient of the vertical displacement u; projected onto the
Earth’s surface. Its components are
t, = du,/dx, ®

t2 = 3u3/3x2 (9)

From equation (2) it is straightforward to obtain

U { . [2(x2 -8 & (x,— &) (h + E)RR + B) — (x, — &)
t(x;, x;)=—{sin § -2
4z R? Rl(h + 63)2 (R+h?*+ (xl_ él)z(xZ_ 62)2]
ryry— O r? & cos 6
‘RAR P 0] R } 1o
U 2 E+R
t(xy, X5) = Z; {Sin 0[— EéEi + 28(x, — &) R:Ez
1 h+ &
(x,—¢)R+h) [h+é,—(x2—éz)2; (l+ )]
R
(h+ 63)2 (R+hP+(x;— &)V (x,— &)
. X,— &
(x,— {1)[r2R cos —(ry;— & (R sinf+r, R )}
+3 AR+ (- &) (r,— O
E+R
+ 26; cos H(XZ - {2) ﬁ;‘ (1 1)
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where

E=R+x,—¢,. 12)

4. Discussion

The vertical ground displacement u, has been computed for a 1-metre slip occurring
over a dislocation surface with L = 10 km and dip angle 8 = 15°. This value for 4 has
been chosen assuming that the secondary fault is parallel to the fault surface which
broke in the 1976 Friuli earthquake (CIPAR, 1981). The lower fault edge is taken at a
depth 4 = D sin 6 = 5 km. The vertical ground displacement computed for x, = 0 is
plotted in Fig. 7a: three cases are shown, with the upper fault edge reaching depths
a = d sin 8 of 200, 400 and 600 m, respectively. In Fig. 7b the corresponding ground tilt
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Figure 7
Vertical ground displacement (a) and tilt (b) profiles computed for three different depths of the upper fault
edge: 4 = 200 m, B = 400 m, C = 600 m. A section view of the fault plane is shown.
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£,(0,x,), the southward component, is plotted. The tilt component ¢, vanishes for x, =0.
It can be seen that, while the maximum ground uplift is not very different in the three
cases, the maximum ground tilt may decrease by a factor 3.

From equations (2), (10) and (11), both displacement and tilt are proportional to the
fault slip U. Accordingly, a steady increase in tilt, as occurred in the years 19731974
and again in the second half of 1975 (see Fig. 5), may be due to a steadily increasing
dislocation amplitude on the fault, i.e.

U(t) = kt (13)

where k is a constant slip rate. Figure 8 shows the increase of tilt with time in the case of
a =400 m and k = 5 cm/month, which would fit the data (Fig. 5) reasonably well. This
value for the slip rate k is remarkably high, if compared with fault creep rates observed
in other parts of the world. It must be stated that an infinity of couples of k and a values
would fit the data as well. Smaller a values would imply smaller k values and a narrower
zone across the fault where significant tilt occurs. This is shown, as an example, by
curve A in Fig. 7. In fact the value inferred for k is likely to be overestimated, since the
presence of an upper layer of incoherent rock and sediments, which is not considered in
the model, would allow the same ground tilt still to take place with a lower dislocation
amplitude.

As has been suggested several times for the Tolmezzo area (CALOI and SPADEA,
1955b; CaLort, 1962; CaLor and ROMUALDI, 1965), such slow deformations as recorded
by the Ambiesta tiltmeters indicate that the region is being loaded by tectonic stresses.
One may conceive that creep processes were able to release almost continuously the
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Figure 8

Tilt profiles for a fault with constant creep rate. The upper fault edge is 400 m deep (case B in Fig. 7). If
k = 5 cm/month, the profiles a, b, ¢ refer to 6, 12, 18 months, respectively, after the beginning of the steady
tilting phase.
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stress which was building up in the region surrounding the secondary fault in the years
preceding the 1976 earthquake. Such a release did not take place on the major
Periadriatic fault, which was presumably locked in patches at shallow depth (which we
may term ‘asperities’ or ‘barriers’; see e.g. LAY et al., 1982), so that stress was
accumulated there until it reached a critical value which produced the earthquake.

The creep on the secondary fault was not uniform in time. For instance, the
southward tilting had a stop in the first half of 1975, being accompanied by a westward
tilting of a few tens of seconds of arc and by small shocks. This westward tilt was then
recovered in a few months, while the southward drift resumed (see Figs. 4 and 5). This
behaviour can be possibly interpreted as due to locking irregularities on the secondary
fault which broke in small earthquakes and left the fault free to slip again uniformly.

Another striking phenomenon was observed during the three years preceding the
1976 Friuli earthquake. The long-period pendulum of the Trieste Earth Tide Station
recorded very long period oscillation episodes, each of them lasting several hours
(CmiArRUTTINI and ZADRO, 1976; ZADRO, 1978). Such oscillations have been
interpreted as ‘silent earthquakes’, that is slow dislocation events occurring on deep fault
sections, where the rheological properties of fault gouge play a dominant role
(BONAFEDE et al., 1983).

A dislocation process at depth (e.g. on the Periadriatic fault) would concentrate
stress onto the barrier zone which was broken in connection with the 1976 earthquake.
At the same time, shear stress would increase also on the shallower section of the
secondary fault which, if unlocked, would slip aseismically. It is then reasonable that the
same mechanism was responsible for both the silent earthquakes on the Periadriatic
fault and the aseismic slip on the secondary fault. This is supported by the striking
coincidence of the overall duration of both tilt and long period oscillations.

Of course, such inferences suffer from the lack of more data, e.g. tiltmeter records
from different sites and geodetic measurements along and across the secondary fault,
which could independently test the present interpretation. Existing levelling measure-
ments performed in the Friuli region in 1977 (TALAMO et al., 1978) did not cover the
area considered in this paper. However, from a study of possible perturbating
phenomena and the fact that the tiltmeter stations are located within caves in stable
rock, it has been excluded that the recorded ground tilt has a nontectonic origin (B1aG1
et al., 1976). The model presented here, with an extremely localized ground tilt on the
upthrusting side of the fault and a negligible tilt on the downthrusting side (Fig. 7b),
explains the completely different behaviour at the two tiltmeter sites on the opposite
banks of the Ambiesta torrent.

The interpretation given above is also supported by the fact that similar tilting
episodes were observed in the past prior to earthquake occurrence in the Tolmezzo area.
In particular a ground tilt amounting to 22 seconds of arc in about 20 days was
recorded prior to a magnitude 4.4 earthquake which occurred on 11 October 1954.

In this case as well as in the case considered in this paper, the duration of the
precursory ground tilt is well correlated with the magnitude of the seismic event,
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according to the empirical relation for precursory time versus magnitude derived from
analyses performed on several earthquakes throughout the world (RIKITAKE, 1976). A
similar curve for precursory time versus fault area has been interpreted in the past in
terms of fluid diffusion processes taking place in the focal region (dilatancy-diffusion
theory; NUR, 1972). The amplitude of the ground deformation previously described is,
however, so high that it is impossible to explain it in terms of any kind of bulk
deformation occurring at depth. It seems extremely difficult to explain such
phenomenon other than in terms of creep episodes on a nearby fault.

The model proposed to interpret the observed ground tilt at Tolmezzo is simplified in
some respects. In the first place, displacements and tilts are computed for a
homogeneous half-space, while a more realistic model should include at least an upper
layer with lower rigidity, representing a sedimentary cover. As was already said, the
presence of such a layer would enhance ground deformations. However, this effect is
partly compensated by the fact that the MANSINHA and SMYLIE (1971) solution from
which our results are derived, employs a uniform slip, Volterra dislocation which gives
rise to higher deformation in the proximity of dislocation edges if compared with more
realistic dislocation models (see e.g. BILBY and ESHELBY, 1968).

5. Conclusions

In the present paper, a tiltmeter record obtained near Tolmezzo, Italy, and relating
to three years preceding the 1976 Friuli earthquake, has been interpreted as due to
aseismic slip on a neighbouring secondary fault. The observations are reproduced by the
model if the fault reached a very shallow depth (less than 1 km) and slipped at a rate of
less than a few centimetres per month. Since this fault showed a similar behaviour prior
to other earthquakes in the same region, it seems that this fault is able to release the
tectonic stress aseismically, whereas in other neighbouring zones stress is accumulated
and released catastrophically during earthquakes. It has been suggested that the
aseismic slip on the secondary fault may have been caused by the same stress
concentration mechanism which produced the very long period oscillations observed at
Trieste during the same three-year period preceding the 1976 earthquake (CHIARUTTINI
and ZADRO, 1976; ZADRO, 1978; BONAFEDE et al., 1983). If this interpretation is
correct, this secondary fault deserves to be more carefully monitored and studied, since
its movements may give useful indications on how much stress is being concentrated
elsewhere in the Friuli region. The operation of a tiltmeter network is in fact a valuable
tool in determining the evolution of stress in the lithosphere and the setting of conditions
which make possible the occurrence of larger earthquakes.
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Instability Model for Recurring Large and Great Earthquakes in
Southern California

By WiLLiaM D. STUART!)

Abstract — The locked section of the San Andreas fault in southern California has experienced a
number of large and great earthquakes in the past, and thus is expected to have more in the future. To
estimate the location, time, and slip of the next few earthquakes, an earthquake instability model is
formulated. The model is similar to one recently developed for moderate earthquakes on the San Andreas
fault near Parkfield, California. In both models, unstable faulting (the earthquake analog) is caused by
failure of all or part of a patch of brittle, strain-softening fault zone. In the present model the patch extends
downward from the ground surface to about 12 km depth, and extends 500 km along strike from Parkfield
to the Salton Sea. The variation of patch strength along strike is adjusted by trial until the computed
sequence of instabilities matches the sequence of large and great earthquakes since A.D. 1080 reported by
Sieh and others. The last earthquake was the M = 8.3 Ft. Tejon event in 1857. The resulting strength
variation has five contiguous sections of alternately low and high strength. From north to south, the
approximate locations of the sections are: (1) Parkfield to Bitterwater Valley, (2) Bitterwater Valley to Lake
Hughes, (3) Lake Hughes to San Bernardino, (4) San Bernardino to Palm Springs, and (5) Paim Springs to
the Salton Sea. Sections 1, 3, and 5 have strengths between 53 and 88 bars; sections 2 and 4 have strengths
between 164 and 193 bars. Patch section ends and unstable rupture ends usually coincide, although one or
more adjacent patch sections may fail unstably at once. The model predicts that the next sections of the
fault to slip unstably will be 1, 3, and 5; the order and dates depend on the assumed length of an earthquake
rupture in about 1700.

Key words: Earthquake prediction; Instability; San Andreas fault.

1. Introduction

This paper describes initial results of an attempt to forecast large and great
earthquakes in southern California by combining ground deformation data with an
earthquake instability model. Large and great earthquakes (magnitude 7 and 8) are
expected on the 500 km long section of the San Andreas fault between Parkfield and the
Salton Sea (Fig. 1) because it has had at least six large or great earthquakes at various
locations since A.D. 1000 (Siex and JAHNS, 1984). The last great earthquake was the M
= 8.3 1857 Ft. Tejon event, which had a rupture length of about 350 km (SieH, 1978).
The approximate rupture ends are marked by the large brackets in Fig. 1. Based on

1) US Geological Survey, 525 S. Wilson Ave., Pasadena, California 91106, USA.
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Map of southern California showing seismicity; geographic place names; and San Andreas, Imperial, Cerro
Prieto, and San Jacinto fault traces. Dots are epicenters of all earthquakes M > 0.0 during 1983. Seismicity
data are from the California Institute of Technology — US Geological Survey Seismograph Network,
courtesy of C. Johnson. Ruptures of M = 5.5 1966 Parkfield earthquake and M = 8.3 1857 Ft. Tejon
earthquake shown by brackets on fault. Numbered sections of fault 15 identify sections of brittle patch.

earthquake recurrence times, coseismic slips, and tectonic plate motion, SYKES and
NISHENKO (1984) have calculated that several sections of the fault have a high
conditional probability of a large or great earthquake occurring in the next 20 years.
The motivation for using an instability model is to make an earthquake forecast
more precise than it could be from the use of recurrence times alone. Since individual
recurrence intervals for magnitude six and larger earthquakes on the southern San
Andreas and Imperial faults differ by as much as 49% from mean recurrence intervals
(SYKEs and NISHENKO, 1984), predicted times of future events will be comparably
uncertain. Several physical factors might contribute to the variation of recurrence
intervals at a particular location. One is delayed loading from a nearby earthquake
rupture due to viscous relaxation of the deep fault or mantle (L1 and KISSLINGER, 1984).
Another is the strain field from locked-in dislocations associated with prior earthquakes.
A third factor is premature (triggered) seismic slip caused by an earthquake on an
adjacent fault section. The model used below takes some account of the last two factors,
but not the first. In the model, accelerated faulting and ground deformation precede all
instabilities, thus implying an additional way to increase the precision of a forecast (cf.
STUART et al., 1985), but the results are not discussed here. This way would be the most
precise because many geodetic measurements could be made near the imminent
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earthquake rupture, whereas the uncertainties of offsets and dates of past earthquakes
are unlikely to be reduced much.

In general terms, attempting a forecast with an instability model involves the use of
time-varying geodetic or fault slip data to estimate the values of model parameters that
describe the stress-slip law of the fault. The data constrain the shape of the stress-slip
law and the variation of fault strength with position. Fault areas where the strength is
relatively high are referred to as ‘patches’, and the goal is to estimate the location and
strength of the patches. If the physical model is realistic and the parameter values are
well resolved, theoretical and observed curves for past data will coincide. The portions
of the theoretical curves corresponding to future times constitute a prediction of future
crustal deformation and earthquakes in particular.

At present, this forecast strategy is experimental because most of the theoretical
work on instability models is recent (e.g. Rice, 1983), and little field data, especially
shortly before earthquakes, has been available to test the models. The antiplane model of
Mavko (1985) simulates repeated earthquakes on a long strike slip fault and is
consistent with available triangulation, trilateration, and offset measurements made near
the sections of the San Andreas fault that slipped during the Ft. Tejon earthquake and
during the M = 8.3 San Francisco earthquake in 1906. However, just as for the related
model of STUART and MAvko (1979), no data are available to check the model’s
prediction of accelerating fault slip prior to instability. In another test, ground uplift
during the six years before the M = 6.4 1971 San Fernando, California, earthquake is
consistent with the theoretical uplift predicted by a two-dimensional instability model for
thrust faulting (STUART, 1979), but the data is in dispute (RUNDLE and McNuTT, 1981).

In a combined test and forecast attempt, STUART et al. (1985) constructed an
instability model to forecast the time of a moderate (M = 5.5) earthquake expected to
occur on the San Andreas fault near Parkfield within the next few years. The next
earthquake is expected to resemble earlier earthquakes at Parkfield in 1881, 1901, 1922,
1934, and 1966 which all had similar magnitudes and locations (BAKUN and McEVILLY,
1979, 1984). The approximate rupture ends of the 1966 event are marked by the small
brackets ig Fig. 1. Creep and trilateration data measured since 1968 are able to resolve
a buried strong patch of about 6 km in diameter and center about 5 km deep.
Furthermore, the data constrain the shape of the stress-slip law of the patch to be
consistent with unstable failure of the patch (as opposed to stable, aseismic failure), in
agreement with the known occurrence of moderate earthquakes. However, the
earthquake time cannot be estimated until the field data depart from their linear trends.

A different kind of field data is used to estimate parameters in the model for large
and great earthquakes south of Parkfield. This is because the available triangulation and
trilateration data span only a fraction of the time of an earthquake cycle (ca. 100400
years), and because benchmarks generally are not properly located to resolve the spacial
variation of fault strength. Instead, I use a set of seismic fault offsets (data and sources
given in SIEH and JAHNS, 1984). I find by trial the variation of patch strength along
strike that causes the model to produce a sequence of instabilities corresponding to the
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observed earthquake offsets. Model instabilities that occur in the part of the simulation
representing future times correspond to predicted earthquakes.

This paper presents results obtained from a model simulation that produces
instabilities corresponding to the five most recent and best documented large and great
earthquakes. This simulation establishes the existence of at least one possible strength
variation along the fault; however, the uniqueness of the strength variation is not known.
The main purpose of the paper is to show that an instability model is consistent with the
field data and therefore is of possible use in predicting future earthquakes.

2. Qualitative instability model

Since the model is a slight generalization of the Parkfield model, the discussion here
is brief except to describe new features. The reader is referred to earlier papers for
physical justification and details of the equations and their numerical solution (STUART
et al., 1985; STUART and MAvVKoO, 1979; STUART, 1981). A qualitative version of the
model is presented first, then the mathematical model.

Figure 2 is a sketch of the qualitative model showing a perspective view, looking
east, of the San Andreas fault in southern California. At shallow depths, about 0-15
km, the fault zone is assumed to be made of a horizontally elongate patch of brittle rock.
The patch is stronger and more brittle than the freely slipping fault at greater depths and
than the fault in the continually creeping section north of Parkfield. The patch is many
times longer than the circular patch at Parkfield shown at the left in Fig. 2. The variation
of patch strength along strike is not known a priori, but it is reasonable to assume that
the strength distribution is stationary over times much longer than the earthquake
recurrence intervals of several hundred years. This would be so, for example, if patch
strength is primarily due to fault geometry or to composition of the rocks in contact at
the fault. The best evidence supporting a stationary distribution of patch strength is the
similarity of recurring earthquake offsets and rupture lengths.

Numerical simulations discussed below indicate that the patch is made of five

Perspective sketch of southern California showing San Andreas fault plane and hypothetical patch of brittle
fault.
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sections, each of roughly constant or slowly varying strength. Figures 1 and 2 show the
locations of the sections, numbered 1 to 5. Inside and outside of the patch area in the
earth there may be small areas of unusual strength or weakness, but these areas cannot
be located with available field data. The weak areas, of course, must be strong enough
and small enough to disallow substantial surficial fault creep, which is now less than a
few mm/yr from 20 km south of Parkfield to the Salton Sea (ScHULZ et al., 1982;
BURFORD and HARSH, 1980; LOUIE et al., 1985).

It is assumed that after earthquake failure, the fault patch quickly regains at least a
fraction of its former strength by some healing process. The healing would prevent
substantial post-seismic slippage and allow renewed storage of elastic strain energy in
the surrounding crust needed to produce the next earthquake. The healing need not be
immediately complete, but only sufficient to inhibit the tendency for fault slippage
induced by the low post-seismic regional stress. Little field data is available to constrain
the healing rate after great earthquakes.

The faulting history in the model consists of a succession of unstable slippages,
healings, and subsequent reloadings of patch sections. Increasing shear stress due to
relative motion of the North American and Pacific tectonic plates induces nearly steady
creep on the fault below the patch and at all depths north of Parkfield. Plate motion also
causes seismic and aseismic slip on the Imperial, Cerro Prieto, and San Jacinto faults
(Fig. 1). Dislocation shear stresses due to fault slip around the patch load it and
dominate the much smaller regional shear stress. When one or more patch sections fail
unstably, the applied stress (dislocation plus regional stress) that the sections formerly
supported is transferred to unfailed patch sections. If the unstable slippage terminates
inside the patch, the pileups of edge dislocations near the ends of the slipped length will
be locked in and contribute an internal stress that will affect future instabilities. After a
patch section has failed, it heals and will fail again in a future instability. Fault geometry,
the variation of patch strength along strike, and initial strain determine the timing and
length of unstable faulting.

3. Mathematical model

The boundary value problem is stated as a set of simultaneous nonlinear equations,
each expressing quasistatic equilibrium at a different position on the fault plane. Each
position is at the center of a rectangular dislocation loop that encloses an area of
uniform slip. The areas enclosed by dislocation loops are called cells, and they cover the
entire fault surface out to distances far from the patch. The different cell slips taken all
together correspond to juxtaposed two-dimensional boxcar functions approximating the
presumed continuous slip of an actual fault. The model fault approximates the variable
strike of the San Andreas, Imperial, and Cerro Prieto faults by a succession of joined
flat vertical planes. Planes generally differ from one another in their strike and number
of cells. The San Jacinto fault is represented the same way.



798 William D. Stuart PAGEOPH,

Figure 3a shows the map view of the model fault traces. The variable ¢ measures the
north to south distance along strike of the San Andreas fault. The bottom of Fig. 3b
shows the cell boundaries for the faults in side view. The left and right edges of the San
Jacinto fault plane intersect the trace of the San Andreas fault plane at ¢ = 738 km
and & = 988 km respectively. In the model, no slip occurs outside the area covered by
fault cells. This assumption is for convenience, and the justification is that stresses acting
on the patch due to distant fault slip are small compared to stresses produced by nearby
slip. The inferred patch strength shown at the top of Fig. 3b is discussed later.

The equation for shear stress equilibrium at the center of each cell is

T+ =17 6))

Each stress is the shear stress resolved onto the plane of the cell, acting parallel to local
fault strike. 7" is a term representing the regional stress that increases with time. Usually
in models for plate boundary faulting, the cause of the regional stress is assumed to be
motion of tectonic plates and is approximated by an antiplane far field stress or
displacement. Such boundary conditions seem physically realistic because they allow
weak areas of faults to slip and produce dislocation stresses which in turn load nearby
strong areas of faults. The regional stress supplements the load due to dislocation
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Figure 3
(a) Straight segments of fault trace used in model. Model fault planes are vertical. (b) Bottom two panels are
side views of model fault planes (flattened) showing 414 rectangular cells of uniform slip. Slip rates in
shaded area are where boundary condition #" is applied. ¢/ is non-zero only for the smallest cells. Plot on
top shows variation of patch strength along strike.
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stresses. For the present model, however, the regional forcing is approximated by
imposing an increasing, spacially variable fault slip 4" on the San Andreas fault below
and beyond the ends of the fault patch. For the remaining, non-u" cells, fault slip and
stress are computed results. The imposed slip on the San Jacinto fault acts over the
entire fault surface. Thus in equation (1) the " for each non-u" cell is actually the sum of
dislocation stresses computed analytically from all #” cells. The shaded areas of faults in
Fig. 3b show the cells where u” is applied and the numerical values of slip rate #". The
reason for the spacial variation of 4" is discussed below.

There are three reasons for using the slip boundary condition. First, the complexity
of the plate boundary in southern California makes the appropriate orientation of
regional stress hard to recognize. Second, slip rate boundary conditions beyond the
patch ends ensure that the model is consistent with observed average slip rates. With a
far field stress condition, additional patches would have to be included to account for
earthquakes such as the 1906 San Francisco event and smaller events on the Imperial,
Cerro Prieto, and San Jacinto faults. Third, model simulations with a regional stress
boundary condition have failed to produce the observed rates of average slip on the San
Jacinto fault. The reason may be the neglect of an additional stress field due to mantle
circulation, as suggested by KosLorr (1978), BIRD and RoSENSTOCK (1984), and
HumpHREYS and HAGER (1984). The use of the fault slip boundary condition is not to
deny that faults are passive features. Slip forcing is only an approximation justified by
the fact that dislocation stresses near the patch in the model are generally much greater
than far field regional stresses.

The second term of the equilibrium equation (1), Y ¢, is the sum of all non-u"
dislocation stresses, including the self stress, acting at the cell center. All dislocation
stresses are linear in cell slip and are evaluated from analytic expressions given by
CHINNERY (1963; personal communication, 1982).

The third term in (1), ¢, is the shear stress exerted by the fault zone in resisting fault
slippage. As in earlier instability models (STUART and MAVKO, 1979; STUART et al.,
1985), ¢’ is assumed to be made of two parts. One part expresses the dependence of
stress on slip at a specified position on the fault, and the other expresses the spacial
variation of strength. The form assumed for 7’is

=Sexp [— (u ; uo)Z] (2a)

z—2z,\?
S=r"(¢’)exp[——( - )] (2b)

z

S specifies the peak stress (strength, upper yield stress) at each position on the fault.
The bell-shaped Gaussian term in (2b) means that, starting at the ground surface, the
fault strength increases with depth z to a maximum value of 7?(¢) at z = z,, then
monotonically decreases toward greater depths. 2a, is the characteristic patch height.
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Both a, and z, are assumed to be constant along fault strike. 7°(¢) is merely the
variation along strike of the patch strength at z, and is made of piecewise linear
segments as shown at the top of Fig. 3b. »

The Gaussian term in (2a) expresses the assumed slip hardening and softening
behavior of the fault zone. The left bell-shaped curve in Fig. 4a is a typical plot of (2a)
for a position on the fault. The positive slope segment is slip hardening, and the negative
slope is slip softening. Both the solid and broken lines describe the material behavior, but
when the fault zone is coupled to the elastic surroundings, no quasistatic solutions exist
in the broken line sections. At u = u, fault stress is at its maximum value S. The
parameter a, is a characteristic slip during which failure occurs, and thus —S/a, is a
characteristic weakening stiffness of the fault.

The constitutive law (2a) fails to describe several phenomena known to occur in
rocks under laboratory conditions which are possibly appropriate for shallow crustal
depths, for example pressure sensitivity, healing after failure, rate dependent strengthen-
ing and weakening, and stress corrosion. However, equation (2a) is a simple form that
can produce instability, has smooth dependence of stress on slip, and has few enough
parameters to be resolved by available field data associated with the large and great
earthquakes in southern California.

The healing which is absent in (2a), but requlred for repeated instabilities, is
implemented by a simple procedure which is easiest to describe by referring again to the

(a)

FAULT STRESS, T

FAULT SLIP, u

‘:
% INSTABLITY
17} P
P4
<]
= INSTABILITY
(b) 3
(8]
>
14
K INSTABLITY
2
2
@
S FAULT SLIP, u

Figure 4
(a) Schematic plot showing stress-slip history for a patch cell. Solid line sections of stress-slip laws allow
quasistatic solutions. Broken line sections have no solutions. Unstable slips indicated by arrows. (b)
Schematic plot corresponding to (a) showing cell slip u vs. boundary conditions slip u".
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left stress-slip curve in Fig. 4a. This curve represents the possible stress-slip states for a
typical cell inside the patch. The curves and slip history would in general differ from cell
to cell. The load path, with increasing imposed slip «', is at first rightward along the
slip-hardening section, passing through point 1, then through the peak stress at point 2,
then slip weakening to point 3. From point 3 to point 4 unstable slip and stress drop
occur (at fixed u"), since quasistatic equilibrium is not possible for any values of u
between the two points. The post-instability value of 1/, determined by the left stress-slip
law, is essentially zero. Fault healing after instability is approximated by shifting u, such
that fault slip and stress are now determined by the left, slip-hardening branch of the
middle stress-slip law. The formula for the new u, is uy = u; + \/2 a, where y; is the
post-instability value of fault slip. That is, with respect to the middle stress-slip law, u; =
—v/2 a,. Continued increase of u” will then lead to another instability later. The small
difference of stresses given by the left and middle laws at u, is small compared to S.

The healing of a cell occurs when (u — u,)/a, exceeds a preset value and # falls
below a different preset value. The first condition allows healing only after nearly
total stress drop, and the second only after the post-instability rate of fault slip is slow
enough. The values of the two empirical constants are the same for all cells and are
chosen by trial to allow complete failure of patch sections during one to three time steps
and then rapid healing. This healing procedure is no doubt a rough approximation of
what might occur in actual fault zones, but is sufficient to simulate the observations.

It is important to note that instability is a property of not just the fault, but of the
entire mechanical system of fault plus elastic surroundings. A general condition for
unstable slip is that the resisting force of the fault zone decreases faster with increasing
regional stress or displacement than the force applied by the elastic surroundings. Thus,
just prior to instability, the resisting force (appropriately defined) is declining from an
carlier maximum value. In simple two-dimensional models where the fault stress does
not vary with position (e.g. STUART, 1981), every position on the fault is in a state of
declining stress at the onset of instability. The condition for instability in this case is
simply that the rate of weakening dr//du is more negative than 9r°/du, where 7° is the
stress from the elastic surroundings. For fixed geometry, the characteristic fault stiffness
S/a, determines if unstable faulting is possible. For example, if S/a, = 0, as with a
horizontal 7/(x) curve representing perfect plasticity, instability will not occur because
there can be no stress drop. Similarly, the stiffness of the elastic surroundings, which
depends on the elastic moduli and model geometry, may be high enough to preclude
instability.

In the present model, the average fault stress is also declining before instability, but
some locations on the fault are slip hardening or at peak stress when instability starts.
Figure 4a illustrates how the pre-instability stress state and amount of unstable slip
might differ from one instability to the next at a fault location. Figure 4b shows how the
slip rate Ou/ou" at a position might increase before the same instabilities. The
instabilities themselves are shown as jumps of fault slip. In an analytical model the
instability would be when du/ou" — oo, but in the numerical model here the size of
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ou/du" is limited by the size of Au" during a time step. The area of unstable slip is
determined by the number of cells undergoing simultaneous instability.

4. Earthquake sequence

The offset geologic markers given in SIEH and JAHNS (1984) are geomorphic
features and stratigraphic boundaries that were initially continuous and at high angles to
the fault, but became severed by earthquake faulting. At some locations offsets from
successive earthquakes have been measured. Figure 5a is a distance—time diagram of
earthquake ruptures since A.D. 1000. The horizontal lines show the extent of rupture as
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(a) Names, dates, and locations of earthquake offsets given in SieH and JAHNS (1984). Solid lines indicate
more certain correlations than broken lines. Vertical bar at right end of event Z indicates well constrained
rupture end. Preliminary data for Indio at right are from Sten (1984b). Numbers 1-5 between ticks at top
of figure identify patch sections. WC, P, and PC are locations of Wallace Creek, Palmdale, and Pallett
Creek. Broken line labeled 1985 is for reference. (b) Measured fault offsets along San Andreas fault trace.
Vertical bars through data points indicate uncertainty of offset. Sub-horizontal solid and broken lines are
same correlations as in Fig. 5a. Figure modified from SieH and JaAHNs (1984, Fig. 10). Symbols for data
points identify source of data (see SIEH and JAHNS, 1984). Preliminary data near Indio are from SiEn
(1984b).
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inferred by Sien and JAHNSs (1984) from correlating the dates and amounts of offsets at
different locations. Broken lines indicate that the correlation along strike is more
tenuous than for solid lines. The broken line labeled 1985 is for reference and does not
represent an earthquake. The earthquake names R, T, V, X, and Z above each line are
the same as in SIEH and JAHNS (1984), and the dates are historical or from radiocarbon
analysis. The uncertainty of the dates represents analytical and stratigraphic uncertainty
at approximately the two standard deviation level. Precise locations of rupture ends are
not available except for the right end of Z, shown by the vertical bar (WELDON and
SieH, 1985). Events labeled I,, I,, and I, at the right side of the figure are based on field
work in progress at Indio (SiEH, 1984b). The tentative dates are 1500 + 100, ~1700,
and > 1700, and the cumulative offsets across one or two of four subparallel fault
strands are about 1 m, 2 m, and 1 m respectively. The ~1700 event is no later than 1720
(Sieh, personal communication, 1985). The offset values are lower limits because not all
fault strands at the Indio site have been excavated. According to Sieh (personal
communication, 1984), offsets I, and I, are probably related to earthquakes, but offset
I, could be related to either an earthquake or aseismic creep. No other earthquake offset
data are available between San Bernardino and the Salton Sea. Furthermore, there is no
historical evidence (ca. >1770) of large or great earthquakes between Parkfield and the
Salton Sea for other than the 1857 event.

Figure 5b shows the measured offsets and correlations for events in Fig. 5a. This
figure is Fig. 10 of SiEH and JAHNS (1984) turned upside down and modified slightly.
The vertical axis is right-lateral slip with respect to the present slip. Oldest fault slips are
at the bottom of the figure, and time increases upward. The data-point symbols are the
measured values, and the error bars indicate the likely uncertainty in slip measurement.
Solid and broken sub-horizontal lines indicate the proposed correlations of offset
features. Each line may be thought of as the (negative) right lateral fault slip just before
the earthquake which displaces the geologic markers. Earthquake slip is the vertical
distance between two sub-horizontal lines. For example, the slip during event Z is the
difference between the first line down and the horizontal axis. The slip during event X is
the difference between the first and second lines down.

The data for the northern two thirds of the presently locked fault have four
prominent features to be explained. First, except near rupture ends, the ratio of slip at a
location to the time since the last earthquake is approximately constant. For example,
the ratios for ¥ and Z near Wallace Creek (marked WC at the top of Fig. 5a) and for Z,
X, and V near Pallett Creek (PC) are all in the range 20 to 33 mm/yr. Thus the single
undated, unnamed event near Parkfield with offset of 3 m implies a recurrence interval
for similar earthquakes equal to one third that of pairs R—V and V-Z if the maximum
slip of 10 m for R, V, and Z is used. One explanation of the relation between slip and
recurrence time, of course, is that recurrence intervals are approximately proportional to
fault strength and that the loading rate is constant.

Second, the repeated slips at most locations on the fault are roughly the same from
event to event and thus weakly dependent on the rupture lengths and magnitudes of the
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earthquakes. For example, earthquakes T, V, X, and Z have different lengths but
comparable slips between Lake Hughes and Cajon Creek. Exceptions are rupture ends
such as at Lake Hughes where the successive earthquakes have different slips. More
generally, the variation of offsets along strike for events V, Z, and perhaps R appear to
be made mainly of sections of nearly constant slip, with the slip changing step-like
between sections. These data suggest that fault strength is nearly constant for long
segments of the fault, and that strength is re-established to about the same level after
each earthquake.

Third, between Lake Hughes and Cajon Creek successive earthquakes seem to have
alternately long and short rupture lengths. As will be noted below, this interpretation
may be an artifact of not knowing the southern extent of faulting for earthquakes other
than the 1857 event. WELDON and SieH (1985) and SYKES and NISHENKO (1984) have
suggested that the offsets between Lake Hughes and Cajon Creek are the right and left
tails of ruptures whose maximum slip is alternately to the north and south of the Lake
Hughes to Cajon Creek section. Events X and T would be interpreted as the left tails of
a rupture that extended, say, from Lake Hughes to the Salton Sea.

The fourth prominent feature in Fig. 5 is that the maximum slip of the largest events
such as R, ¥, and Z, occurs not in the center of the ruptured section, but at a position
shifted to the north.

5. Instability sequence

I turn now to fitting the model instabilities to the offset data in Fig. 5. The initial
conditions of displacement on the fault and in the elastic halfspace are discussed first,
then the boundary condition slip rate %+, and finally the parameters describing the patch
stress-slip law.

In general it is not obvious what date to choose for the start of a simulation, or what
the initial conditions for the model should be once a date is chosen. The strain field in
southern California at any time is, of course, unknown and would be spacially variable
due to dislocations locked in from prior earthquakes. On the other hand, the similarity
of the recurring earthquake offsets in Fig. 5 implies that one or more processes enforce a
certain uniformity on the strain field. The earthquakes themselves would tend to smooth
the strain field near the ruptured segment, and an earthquake spanning the entire locked
fault from Parkfield to the Salton Sea would smooth the strain field for the region.

Thus zero initial strain would appear to be a good approximation for modeling
crustal deformation subsequent to an earthquake which had broken the entire locked
section. Not enough information is available to say whether any of the offsets in Fig. 5 is
associated with such an earthquake, but the most likely candidates would be long events
like R, V, and possibly similar earlier events N, I, F, D, C, and B at Pallett Creek (SIEH
1984a, Fig. 16, Table 2). Events R (1080 + 65) and B (305 + 95) at Pallett Creek differ
from the other Pallett Creek events in that they seem to define the ends of ~1000 year
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seismic cycles, as suggested by SIEH (1984a). Within a cycle, earthquake recurrence
intervals decrease with some regularity. Event R would be the first earthquake of the
present cycle, and the present time would be near the end of the cycle. Earthquakes N, I,
F, D, C, and B would belong to the preceding cycle. SIEH (1984a) cautions that such
cycles are conjectural because of uncertainties in radiocarbon dates of several decades.
The physical cause of decreasing recurrence intervals is unknown, however, and the
model instabilities at the Pallett Creek position do not have regularly decreasing
recurrence intervals.

Nonetheless, I assume for simplicity that dislocation stresses shortly after the time of
earthquake R were small compared to the patch strength. The assumed initial value of
u" = 0 for this time results in computed fault stresses that are small compared to patch
strengths and in fault slips inside the patch that have values of about —a,. These initial
slips are on the slip hardening sides of stress-slip curves.

There are at least two unattractive alternatives to starting the model right after event
R. One is to let initial strains be negligible but perform simulations using various trial
7P(&) for times representing millennia. The location and time of the next future earth-
quake would be inferred by trying to find somewhere in the simulation a sequence of
instabilities that matches the known earthquakes. The second alternative is similar to the
first, except that one could attempt the matching based on shorter simulations evolving
from various non-zero initial strains.

The boundary condition slip rate 4" varies along fault strike (Fig. 3b) and is set
approximately equal to average slip rates determined by offset data. From north of
Parkfield to the junction of the San Andreas and San Jacinto faults near Cajon Creek u"
= 35 mm/yr. This value is close to three estimates from field data. The maximum
current slip rate on the creeping section of the fault north of Parkfield is about 32 mm/yr
(BURFORD and HARSH, 1980; Lisowski and PRESCOTT, 1981). Near Wallace Creek the
inferred rate is 33.9 + 2.9 mm/yr for the past 3700 years (SiEH and JAuNS, 1984),
Between Palmdale (marked P) and Cajon Creek, WELDON (1984) determined an
average rate of 30 to 40 mm/yr for the past million years. Weldon’s rate, however, is not
equal to the average rate of 26 mm/yr between Lake Hughes and Cajon Creek
computed from Fig. 5b, and the discrepancy has not been resolved.

Between the two junctions of the San Andreas and San Jacinto faults the respective
values of 25 mm/yr and 10 mm/yr are adopted for u’, following WELDON and SIEH
(1985) and SHARP (1981). Near Cajon Creek just south of the junction with the San
Jacinto fault, WELDON and SI1EH (1985) estimate the rate for the past 14 400 years to be
24.5 + 3.5 mm/yr. The current combined slip rate of the San Jacinto and San Andreas
faults near the Salton Sea is about 35 mm/yr, as determined from the deformation of a
125 km wide trilateration network (SAVAGE, 1983). On the Imperial and Cerro Prieto
faults, " = 35 mm/yr, which is the sum of the slip rates of the San Andreas and San
Jacinto faults just to the north. The assigned slip rates for the Imperial, Cerro Prieto,
and San Jacinto faults are meant to approximate the long term average rate of seismic
and aseismic slip.
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The free parameters in the model are the lateral variation of fault strength (&),
characteristic fault stiffness S/a, (the same for all positions), depth of the patch center
zy, and the patch height 2a,. Since 7#(¢£) and initial conditions are the most important
parameters controlling the sequence of instabilities and at the same time least
constrained by other information, the values of z, = 6 km and a, = 6 km are assumed.
The value S/a, = 0.25 bar/mm is fixed, but lies in the range 0.15 < S/a, < 0.30 giving
best agreement of theory and observation. The time step size is five years.

The remaining uncertainty involved in finding t7(£) is the earthquake history
between Cajon Creek and Indio. Due to lack of field data I assume that in Fig. 5 offset
X and the ~1700 Indio offset are due to the same earthquake. The consequences of an
alternate assumption about the length of offset X will be discussed below.

The relative frequencies of offsets at patch sections 2 and 3 are approximately in the
ratio 1:2, but the frequencies for other sections are poorly known or unknown. For the
sake of symmetry, 77 has been chosen so that instabilities recur in the approximate
ratios 9:3:6:2:6 for sections 1-5, and at the same time reproduce the measured
offsets. Thus, for example, section 1 fails three times for every time of section 2. These
ratios also define an earthquake cycle bounded by simultaneous rupture of the entire
patch. There is some freedom in adjusting t* of the three weak sections of the patch
because failure of an adjacent strong section tends to induce premature instability of the
weaker section if the weaker section would normally fail slightly later. A generalization
of this statement is that preinstability fault slip of a strong section could induce
instability of a weak section; failure of the weak section would be interpreted as a
foreshock. This interaction is the opposite of the conventional idea that fault failure
associated with foreshocks triggers the mainshock.

The resulting 77(£), shown in Fig. 3b, has one maximum at the major bend of the
fault south of Bitterwater Valley. The other maximum is at the bend south of San
Bernardino. If values of other model parameters are held constant, perturbations of less
than a few bars to the strengths of patch sections give essentially the same computed
instabilities.

Figure 6a shows the lengths and times of computed unstable slips. The axes are the
same as in Fig. 5a. Instabilities corresponding to earthquakes in Fig. 5 are marked with
the same names, and the dates are from the simulation. The time scale origin is set by
assigning the date 1080 to u” = 0. Between Parkfield and the Salton Sea, faulting occurs
episodically as unstable slip, and during the time intervals between instabilities fault
slip near z, is of order a,. Sections 1, 3, and 5 fail more frequently than sections
2 and 4, sometimes by themselves, other times in concert with adjacent sections.
Instability dates for T, ¥, and Z are outside the uncertainties of the offset dates in Fig.
5a by 15, 25, and 12 years respectively. The date of instability X is inside the
uncertainty of the offset date. Indio instability I, occurs in 1455, in agreement with
Sien’s (1984b) date of 1500 + 100. Instability I, (=X) in 1670 is also in agreement with
the offset date of ~1700. However, instability I, occurs in 1875, uncorrelated with any
known large earthquake. TOWNLEY and ALLEN (1939) report an intensity IX
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Figure 6
(a) Names, dates, and locations of computed instabilities assuming that earthquake X broke sections 3, 4,
and 5. Instabilities T, V, X, Z, I,, 1,, and I, are analogous to measured offsets of the same names in Fig. 5.
Numbers 1-5 between ticks at top of figure identify patch sections. WC, P, and PC are locations of Wallace
Creek, Palmdale, and Pallett Creek. Broken line labeled 1985 is for reference. Line R is for reference and
does not indicate a computed instability. Dates, line segments and names inside brackets at right are results
when earthquake X is assumed to have broken only sections 3 and 4. (b) Computed fault slip along the San
Andreas fault for times just after instabilities.

(Rossi—Forel) earthquake in 1868 near the northern end of the Salton Sea, but there
were no felt reports in Los Angeles, 200 km to the northwest (TOPPOZADA et al., 1981).
No other comparable or larger earthquakes near Indio have been reported in historic
times (> 1770). Thus the > 1700 event of SIEH (1984b) is unexplained by the model.

Figure 6b shows the computed unstable slips. Each sub-horizontal line is right lateral
fault slip with respect to the computed fault slip for the year 1985. The lines have been
chosen to indicate slip just after instabilities. As in Fig. 5b, unstable slip is the
displacement difference between two adjacent lines. Figure 6b also shows small
post-instability slips at the right end of section 1 and left end of section 5, e.g. after 1225
and 1260.

The model produces three of the four main features of the data in Fig. 5 mentioned
above. First, the ratios of unstable slip to the time since the previous instability vary by
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less than 12% of the mean, except near the ends of unstably slipped segments. The same
result can also be obtained to good approximation by a simple model with a single screw
dislocation in a half space, assuming that failure occurs when ¢ = 7.

Second, successive unstable slips at fixed locations have nearly equal amplitude
except near rupture ends. The reason is that the amount of unstable slip at the fault
trace depends mainly on the patch strength and depth instead of on rupture length when
the length is much greater than the depth. The sections of nearly constant unstable slip
along strike are due to constant #” and nearly constant patch strength. Thus, in field
data the nearly constant offsets along strike from one earthquake to the next imply
stationary patch strength and depth.

Third, the model results indicate that the rupture lengths from Lake Hughes to
Cajon Creek are not necessarily alternately short and long. In the model, X extends
from Lake Hughes to the Salton Sea. Instability T and the future one in 2045 at the
same position have comparable but unequal lengths. Also, the right ends of instabilities
V and 2045 extend farther south than the right end of instability Z. The right ends of ¥
and Z agree with an interpretation of offset data given by WELDON and SieH (1985).
Instabilities ¥ and 2045 extend to San Bernardino because a prestress due to earlier
instabilities T or Z, respectively, helps overcome the accumulated local unloading due to
slip on the north end of the San Jacinto fault. Since instabilities R and X leave no
entrapped dislocations between Cajon Creek and San Bernardino, the right ends of
instabilities T and Z terminate near the junction of the San Andreas and San Jacinto
faults. In general, however, unstable slips terminate near ends of patch sections.

The fourth main feature in Fig. 5, the northerly location of greatest slip, is not
apparent in computed instabilities ¥ and Z. The model slip is too large for most of the
fault between Wallace Creek and Cajon Creek. As noted above, the long-term estimate
of about 35 mm/yr by WELDON (1984) and the average slip rate computed from data in
Fig. 5 between Wallace Creek and Cajon Creek disagree. One explanation may be that
offset measurements along this section of the fault are all systematically low. An extreme
example is the average slip rate of 9 mm/yr for the Pallett Creek site given by SIEH
(1984a).

The next future instability in Fig. 6 occurs on fault section 1 in 1995. The rupture
length is about 60 km and the slip is about 3 m. The following instability occurs on
section 3 in 2045. This event resembles event 7, except that it extends farther south. The
third future instability is on section 5 in 2080. The next three instabilities rupture the
entire Parkfield to Salton Sea section between 2255 and 2310, thus approximately
marking the end of the current earthquake cycle which started with event R.

Finally, by making an alternative assumption that even X broke only sections 3 and
4, it is possible to slightly improve the match of instability and earthquake times at
Indio. Raising the strength of section 5 from 53 to 65 bars increases the recurrence
interval so that now instability 7, is in 1540, I, in 1730, and I, in 1970. The strengths of
other patches also have to be adjusted by a few bars to preserve lengths of instabilities to
the left of section 5, but the new instability dates there are all within 20 years of those
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discussed above. The new results for the Indio instabilities are plotted inside the brackets
at the right of Fig. 6a. The dates 1540 for I, and 1730 for I, are consistent with the
estimates of SIEH (1984b), but the > 1700 offset in the field would have to be interpreted
as aseismic slippage. The 1970 instability would be interpreted as an earthquake that
should occur in the next few decades. It appears, however, that neither assumption
about the length of offset X gives satisfactory agreement between observation and
theory at Indio if offset I, is due to a large earthquake.

The dates of instabilities in both simulations are uncertain by a few decades because
of large cell size, large time step size, and uncertain values of model parameters. For
example, decreasing S/a, to 0.20 increases the instability times with respect to the year
1080 by about 4%. Overall, the dates and locations of future instabilities are in
agreement with dates and locations of future earthquakes estimated by SieH (1984a),
Sien and JAHNS (1984), and SYKES and NISHENKO (1984) from recurrence intervals.
This is because both forecast methods are calibrated by the same set of field data.

6. Conclusions

The two main conclusions of this study are that a relatively simple model for earth-
quake instability is consistent with known earthquake occurrences, and that because of
the consistency the model may have application to predicting future earthquakes. The
model embodies two concepts that at least qualitatively are generally accepted: a
relatively strong brittle zone in the upper 10 to 20 km of the fault is responsible for the
current locked state, and unstable fault failure is due to some form of strain weakening.
These two concepts underlie other instability models which are consistent with different
kinds of geodetic data in other geographic areas having different magnitude
earthquakes. Except for the boundary condition fault slip that represents motion of
tectonic plates, both pre- and coseismic faulting are computed results instead of
assumptions or free parameters.

Times and locations of future instabilities depend on the assumed length of offset X.
If X extended from Lake Hughes to the Salton Sea, the next instabilities, in order, are
from Parkfield to Bitterwater Valley, from Lake Hughes to San Bernardino, and from
Palm Springs to the Salton Sea. But if X extended from Lake Hughes to Palm Springs,
the next instabilities are from Palm Springs to the Salton Sea, from Parkfield to
Bitterwater Valley, and from Lake Hughes to San Bernardino. The model projections
are far from certain, and will require revision when more offsets are measured. The
simulation also implies that the strength of the San Andreas fault in southern California
varies slowly along sections, but changes rapidly from one section to the next. The
consequence is that earthquake ruptures usually terminate near the jumps of fault
strength. The most important new field data needed to constrain the model are offsets
and dates of consecutive earthquakes between Cajon Creek and the Salton Sea.
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Instability models represent the appropriate physical theory for deterministic
forecasting of earthquakes because the models simulate ground deformation due to both
pre- and coseismic faulting. Values of model parameters can be estimated with past field
data, and the estimates can be revised with future data. Because a simulation estimates
the time, location, and size of future earthquakes, it can help in the design of a geodetic
survey program and in the interpretation of the measurements. Instability models
constitute, in a sense, an end member prediction method. Like probabilistic prediction
methods, the instability model method uses earthquake recurrence times, but an
instability model is additionally constrained by details of the field data and by
well-established mechanical principles.
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Stress Transfer and Nonlinear Stress Accumulation at Subduction-
type Plate Boundaries — Application to the Aleutians

By Victor C. L1') and CARL KISSLINGER?)

Abstract — A study of stress accumulation in seismic gaps and of stress transfer along linear plate
boundaries is presented. Time-dependent reloading of plate boundaries following seismic ruptures is
modeled by a modified Elsasser model of a coupled lithosphere/asthenosphere plate system. This model is
applied to study a series of large earthquakes in the Aleutian Islands and the Alaska peninsula in
1938-1965. It is found that the Rat Island earthquake and the 1948 earthquake in the central Aleutians are
likely to have been triggered by adjacent ruptures, in the sense that their occurrence would have come at a
later time had their neighboring segments not been ruptured. Stresses in the Unalaska Gap and the
Shumagin gap are at a relatively high level and these segments of the plate boundary may be expected to
rupture in the near future. In general, in the ten years (about 16% of the earthquake cycle for the Aleutians)
following an earthquake, the stress recovery in the rupture zone is highly nonlinear, resulting in a much
more rapid stress accumulation than the linear case. Even at a later stage of an earthquake cycle, adjacent
ruptures can cause an acceleration of loading rate in addition to the coseismic stress jump. A good example
is the influence of the 1964 Alaska earthquake on the 1938 rupture zone. A general conclusion of this work
is that long term earthquake prediction models must take into account the nonlinear stress accumulation
behavior in seismic gaps. Also, we have shown the interaction of adjacent plate boundary segments, which
suggests that some large earthquakes may have been triggered by nearby ruptures.

Introduction

Great earthquakes in subduction zones are the result of stress built up over tens of
years on the boundary between two converging plates. Although the process of stress
release may be quite complicated, with foreshocks, main shocks, aftershocks and
aseismic slip occurring in rather complex temporal and spatial patterns, it may be
conjectured that the subduction processes at plate boundaries are largely accom-
modated by seismic slippage. The presence of inhomogeneities (strength, geometry or
otherwise) on any given plate boundary leads to rupturing of finite segments at different
times and this is, in fact, what we observe.
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A fundamental question in the long term behavior of plate boundary processes is
whether the rupturing of one segment influences the behavior of the others.
Observational seismology suggests that consecutive time intervals for a series of
earthquake ruptures tend to get shorter on the same plate boundary (MogGi, 1977), that
ruptures seem to abut each other without much overlap (Sykes, 1971), that large
ruptures appear to migrate along a plate boundary (e.g. FEDOTOV, 1965; M0GI, 1968;
KELLEHER, 1970), and that a space-time plot of great earthquakes reveals a series of
ruptures closely spaced in time followed by a relatively quiet period before the next
occurs (SYKES et al., 1981). Although these characteristics often come from studying
the behavior of a particular plate boundary, it may be expected that they are shared by
other plate boundaries. Such characteristics are supportive of the concept of ‘triggering’
of ruptures through stress transfer.

It has been shown (MATSU’URA and IwAsAKl, 1983; THATCHER and RUNDLE,
1979) that large ruptures have resulted in postseismic deformations at converging plate
boundaries that are closely associated with the relaxation of the asthenosphere.
Alternatively, the delayed reaction of the asthenosphere must be a source of
time-dependent reloading of the lithospheric plate boundary both within the ruptured
segment as well as adjacent segments. Hence immediate stress transfer through
coseismic elastic stress imposition would be followed by more gradual stress transfer
through asthenosphere relaxation.

The concept of seismic gaps (FEDOTOV, 1965; M0GI, 1969, 1979; McCANN et al.,
1979) has been a very useful one for identification of plate segments of high seismic
potential. However, its value to forecasting earthquakes is limited by the lack of
understanding of the stress accumulation process. Long term prediction models such as
the time-predictable model or the slip-predictable model proposed by SHIMAZAKI and
NAKATA (1980) depend critically on a knowledge of loading rates. Although linear
stress accumulation is often assumed in the literature (presumably based on the
assumption of constant relative plate motion, which is probably a valid one in the sense
of a long-time average), it is not at all clear that plate boundary loading occurs at a
constant rate. Indeed, THATCHER (1983) pointed out that nonlinear stress accumulation
may be a result of aseismic slip at deeper parts of the plate boundary or may be a result
of asthenosphere relaxation. He showed that postseismic spreading of deformation on
the San Andreas Fault is consistent with the prediction of a 2-D (infinite strike-wise)
model with either deep aseismic slip or asthenospheric coupling. Data from the San
Andreas Fault also suggests a long-term decrease in strain rate (THATCHER, 1983).
Obviously, models based on nonlinear stress accumulation would predict very different
recurrence time.

In this paper, we address the issue of stregs transfer from one plate segment to
another, and more broadly, the long-term behavior of stress accumulation in a seismic
gap. To do this, we adopt a model of lithospheric deformation which accounts for
coupling to a viscoelastic asthenosphere. This model is applied to study the loading,
unloading and recovery of stresses in the rupture zones of a series of earthquakes in the
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Aleutians and the Alaska peninsula in 1938-65. We hope that this study illustrates
some of the ideas discussed above and stimulates a new mode of thought or
interpretation of the process of stress accumulation at plate boundaries, which has
important implications to earthquake forecasting.

It should be emphasized that the words “critical stress’ will be used in a broad sense
in this paper since stress level by itself does not determine plate boundary failures.
Rather, earthquakes are results of slip instabilities which depend on the contrasting
stiffnesses of the fault and the coupled plate system (see, for example, discussions by
STUART, 1979 and L1 and RiCE, 1983a, b). A constant critical stress level assumes a
priori that the stiffnesses of the fault and plate system do not change over many
earthquake cycles. L1 and RicE (1983a) showed, however, that the stiffness of the plate
system depends on the length of the seismic gap undergoing slip zone progression
towards instability. Similarly, fault stiffness may respond to the rate of loading due to
slip rate-dependent friction (e.g. MAVKO, 1983). As explained below, the loading rate in
a seismic gap may be altered by adjacent ruptures. Hence a ‘critical stress’ may at best
represent a certain maximum intensity of stressing in a seismic gap as it approaches
failure. It is in this context that the calculated stress accumulation level presented in this
paper provides a measure of proximity to the next earthquake rupture.

Model of multiple ruptures along plate boundaries

Multiple ruptures are modeled as a sequence of single large earthquakes. The theory
of stress transfer due to a large earthquake by means of a modified ELSASSER (1969)
model was first proposed by RICE (1980) and further analyzed by LEHNER et al.
(1981). Essential elements of this model are reviewed to facilitate later discussions.
Each earthquake is represented as a distribution of dislocations on a finite portion of a
plate boundary formed by the interface of two adjacent semi-infinite plates, which
represent the linear elastic lithosphere. These plates are underlain by a viscoelastic
asthenospheric foundation (Fig. 1). Thus an earthquake rupture produces a disturbance
which propagates horizontally in the lithospheric plate on a time scale determined by
the viscoelastic properties of the asthenosphere. It is this transfer of stress which we
suggest as providing the time-dependent loading at adjacent plate boundary segments
and reloading of the ruptured zone. This loading of plate boundaries will be nonlinear in
time and is superimposed on the assumed uniform continuous tectonic loading
associated with relative movements between adjacent lithospheric plates. The
lithospheric plate of uniform thickness H is treated as undergoing plane stress
deformation. Details of the subduction geometry have been deliberately left out from
Fig. 1 in order to emphasize the fact that plate boundary ruptures effectively produce
horizontal disturbance when viewed with respect to tectonic plate dimensions in the
present plane stress model. Indeed, the formulation of the modified Elsasser model is
not restricted to any particular type of boundary condition. That is, the model can
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Figure 1
Coupled elastic lithosphere/viscoelastic asthenosphere system, see text for details.

describe subduction or strike-slip stressing processes, and even axisymmetric loading (if
such a process has any geophysical meaning).

To further demonstrate the validity of a plane stress formulation in the analysis of
the stressing processes at a converging plate boundary, it might be noted that no matter
what the detailed tectonic processes are (slab pull, ridge push, etc.) in causing the plates
to converge, the plate boundary reacts as if a compressive stress acts in the plane of the
plates normal to the strike of the plate boundary. It is this compressive stress in which
we are interested in the present study. When a plate boundary segment ruptures, this
compressive stress is relaxed in that segment so that the adjacent segments must
compensate by bearing more of the loads. The coupling of the lithosphere to a
viscoelastic asthenosphere introduces additional complexity in the time delay of this
stress redistribution. This is in fact similar to the ideas proposed by ELSASSER (1969)
who treated the lithospheric plate as a wave-guide (in plane stress) for diffusion of stress
from a converging plate boundary into the plate interior. At any rate, since it is this type
of transfer of stress which we shall focus on, details of the local physical processes such
as the progressive shear failure of the dipping thrust plane and slab subduction are not
included in this paper. However, it is possible to combine the present plane stress
analysis with a local cross-section plane strain analysis by a so-called line-spring
procedure (RICE, 1972) to yield a more complete description of the deformation
processes at the plate boundary. Indeed, a similar point of view was adopted by L1 and
RICE (1983a, b) in analyzing the stability of slip zone progression and ground surface
deformation at strike-slip plate boundaries.

The thickness averaged stress o,gis defined as

1 H
aaﬁ(x,y)‘_“gj; Tu[i(xsy’ z)dz 0))
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where 7,4 is the three-dimensional stress tensor. Stress equilibrium requires
0045/ 0%, = T5/H ¥))

where 75 is the shear stress due to the viscpelastic asthenosphere acting as a
thickness-averaged body force which resists motion of the lithosphere. If ug(x, y) is the
thickness-averaged displacement, then the stress—strain relation can be written, for
plane stress deformation,

ou, Oug 2v ou,
Ooxg 0Ox, 1-—vox, ad

(€)

Oogp = G

where G and v are the shear modulus and Poisson’s ratio (with values averaged over the
lithospheric thickness). Large earthquakes produce horizontal deformation disturbances
with dominant wavelengths typically greater than H, so that the stress components in
the thickness direction are in general much smaller than the in-plane components, thus
demonstrating the validity of the plane stress model.

It is generally accepted that the viscosity at some depth increases abruptly so that it
would be appropriate to model the asthenosphere as a thin channel of thickness A. The
in-plane displacements are regarded as varying from ug(x, y) at the lithosphere/
asthenosphere interface to zero at the base of the asthenosphere. For a linear Maxwell
model, the stress and displacements are related by

where 7 is the viscosity and b is the effective elastic thickness of the asthenosphere. In
expectation of displacement response in the short time limit in the plate similar to that in
an elastic half-space when the plate boundary suddenly undergoes a uniform stress
drop, b may be chosen as (n/4)H (LEHNER et al.,l 1981). The relation between the first
term and the right-hand side of (4) may be understood as the average (instantaneous)
elastic shear behavior of the asthenosphere, while the second term models the viscous
shear relaxation over time. Thus, by enforcing displacement compatibility at the
plate/foundation interface, (2) and (4) provide the necessary coupling between the
lithosphere and asthenosphere. From (2), (3) and (4), the governing equation for the
thickness-averaged displacement field is

o\| ?u, 1l+v &u, ou,
o+ f— + =— (5)
ot) | ox,0x, 1—vox,ox, ot

where a = hHG/n and # = bH. The ratio B/ gives the characteristic relaxation time of
the viscoelastic foundation. Choosing # = 100 km (CATHLES, 1975; STACEY, 1977),
H =175km, G = 5.5 x 10! Pa, and n = 2.0 x 10" Pa-s (different estimates of # are
discussed by LEHNER et al., 1981), the relaxation time is estimated to be about 5 years.
Solutions for (5) are not easily available except for the simplest kind of boundary
conditions. For the particular case of converging plate boundaries, in place of (5),
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LEHNER ef al. (1981) propose a simpler, physically-motivated model equation (in which
the displacements u(= u,) and v(= u,) are uncoupled):

a+ﬂa 9 )21—v82v 2 v 811 6
— + v — +
ot 2 ox? l—vay2 " ©

For transform plate boundaries, the analogous equation would be

‘B 0 O u 62 ul ou o
a+ f— + =—

ot ox? 3y2 ot
The appropriateness of replacing (5) by either (6) or (7) has been discussed by LEHNER
et al. (1981) and L1 and Rice (1983b). Equations (6) and (7) also show that the

solution for the transform mode may be obtained from that for the thrust mode v = f(x,
¥, ©) by simply transforming the length scales:

u=frG/A=w2x, V2IA—-wy, 1) (8)

If the ruptured segment of the plate boundary remains locked until the great
earthquake repeats itself, a dislocation model (which keeps displacement discontinuities
fixed in time) would be more appropriate than a crack model (which keeps stress level
fixed in time). This choice is also related to the rehealing (or restrengthening)
mechanism as well as to aseismic slippage. The physics of rehealing and aseismic
slippage is important in analyzing stress redistribution. Unfortunately, very little is
known about them. For the present purpose we shall adopt a dislocation model with the
understanding that the calculated stresses transmitted across plate boundaries may be
modified by these mechanisms. If the magnitude of aseismic slippage is known, and if it
occurs shortly before or after the seismic rupture, it may be incorporated in the present
model as part of the unloading dislocation. It should also be mentioned that we are
dealing with large scale processes, so that although stress drops cannot be expected to
be truly uniform within a rupture in a seismic gap we nevertheless adopt this
assumption and regard their values as averaged quantities (over the length of the
rupture). Modeling of strength heterogeneities in seismic gap zones can be found in L1
(1981), DMowskA and L1 (1982), and L1 and RiCE (1983a).

The dislocation distribution is assumed to be produced by a semi-infinite crack
which suffers a sudden stress drop g on a finite portion L equal to the rupture length.
(The use of a semi-infinite crack is for mathematical convenience only.) For uniform
stress drop g the dislocation magnitude is given (LEHNER et al., 1981) by

Alxl @™P
f 2 oerfllp+ AL — X" dp  —L<x<9
sy Bl Vb ©)

G dolxi e’
g f erf {[p+ A(lxI = L)]V?}dp x<-—L
Ao(Ixi — L)\/_



818 Victor C. Li and Carl Kisslinger PAGEOPH,

o N &~ o
N
0
=

x/H

Figure 2
Distribution of dislocation along a rupture zone of length L = 2 H.

where A, = {2/[B(1 — v*)(1 + v)]}"2. Figure 2 shows the dislocation distribution for a
rupture length equal to twice the lithospheric thickness. For the boundary condition

o(x, 0%, ) = {%‘S(x)H(t) x<O (10)
0 x>0
equation (6) yields (LEHNER ef al., 1981)
A+vG o (& d¢
ayy(x, 0, t)z—zn—f—oo r(lx—fl,t) 2 (11)
where
>, (pAy ot/B)?
(p, )= Ay e F {K,(p/lo) + Z —(%((:')—zﬂ)K,,H(Plo)]

and K, is a modified Bessel function of order v. Equation (11) provides the thickness
averaged normal compressive stress change at any point x along the linear plate
boundary and at any time ¢, once the stress drop g and rupture length L are known.
Because of the slight asymmetry of the dislocation distribution (Fig. 2), the calculated
stress to the left of the rupture is smaller than that to the right. The rupture segment
shown in Fig. 2 is oriented so that the tip of the rupture is always directed towards the
point at which the stress is calculated when that point is outside the rupture. As
indicated by equation (11), the stress inside and outside the rupture is quite
non-uniform. It decays rapidly with distance from the tip of the rupture such that less
than 20% of the stress drop is felt at a distance of one rupture length ahead (fig. 4 of
LEHNER et al.). To illustrate the time delay of stress redistribution, the stress at a point
of one and a half lithospheric thicknesses from the tip of the rupture both inside and
outside the rupture zone is shown in Fig. 3.

If we denote the stress change at any point x and at time ¢ due to a rupture located
between x, and x, — L,, where L, is rupture length, and which occurred at time t,, with
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Figure 3
Stress normal to line of rupture at distance 1.5H outside and on rupture zone.

stress drop g, as g° (x — x,,,  — 1,; q,, L,), then by linearity, the stress change at any
point x and at time ¢ due to n ruptures (¢, < f) is

o, (x5, )= 3 g (x—x,, t—1t,;q,,L,)+ 0ot (12
p=1
where the second term on the right-hand side of (12) is added to represent the additional
stress due to tectonic plate movements, assumed to be uniform far from the plate
boundary. Equation (12) is used to study the stress build-up and recovery along the
Aleutians and the Alaska peninsula, which we discuss next.

Stress accumulation at the Aleutians

The Aleutian trench is formed by the convergence between the North American
Plate and the Pacific Plate (Fig. 4). Relative displacement between 170°E and 155°W
is approximately normal to the axis of the trench, although the east and west ends
involve some component of oblique convergence. We shall confine our attention to this
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Top: Map of the Aleutians and Alaska, with relocated aftershocks of major earthquakes. Individual

aftershock sequences are denoted by crosses: 1949, 1957 and 1964; by squares: 1938, 1958 and 1965; by

open circles: 1946; by solid triangles: 1948; by solid circles: 1929, 1972. Larger symbols denote more

precise locations. Bottom: Space—time plot of major ruptures. (After SYKES ef al., 1981.) The earthquake

series around 1950-1960, which are marked with location numbers ruptured the plate boundary segments
studied in the present paper.

portion which forms a linear segment of roughly 3080 km. The convergence rate is 7.5
cm/yr (MINSTER and JORDAN, 1978). At least six earthquakes of magnitude M greater
than or equal to 7.4 have ruptured most parts of this segment since 1910. The tectonics
and the earthquakes at this plate boundary have been under intensive study by many
researchers (see e.g. ENGDAHL and KISSLINGER, 1977; SYKES, 1971; SYKES et al.,
1981; KELLEHER, 1970; MCCANN et al.,, 1979). SYKES (1971) noted that the great
earthquakes (M > 7.8) in this region since 1930 have ruptured zones more than 250 km
long, and that they tend to abut each other without much overlap. Another
characteristic feature of the earthquake patterns here is that great earthquakes occur as
a sequence of events rupturing most of the plate boundary in a relatively short period of
time, followed by a period without great earthquakes until the next sequence starts. This
may be seen in the 1910 and the 1950/60 sequence in Fig. 4, which shows the
space-time pattern of ruptures of M > 7.4 from 1784 to 1980 (after SYKES et al., 1981).
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The repeat time of great earthquakes is estimated to be 60-80 years (Jacos, 1983, and
personal communications). SYKES (1971) also observed that the rupture zones of five
large events appeared to form a space-time sequence which progressed from 155°W in
1938 to 171°E in 1965. It might also be noted that the time intervals between these
earthquakes 1938-1948 (with the 1946 and 1948 earthquakes regarded as a single
rupture), 1948—1957, and 1957-1965 appear to get shorter with time. What emerges is
a qualitative picture of stress accumulation and release at the Aleutian Trench. Apart
from a few short ruptures, most of the boundary segment was free of strong
earthquakes between ~1910 to ~1940. During this period, stress and strain were
building up due to tectonic plate movements. The first interruption of this quiet period
occurred in 1938 when an earthquake ruptured a 300 km segment east of the Shumagin
Gap. This earthquake may have transferred some stress to its adjacent segments,
causing the 1946 and 1948 ruptures, which were followed by two great earthquakes in
1957 and 1965. The westward migration of these earthquakes may be regarded as a
result of delay triggering through stress diffusion.

We shall use the model described in the previous section to simulate the stress/strain
accumulation at eight locations, chosen to coincide with the relocated epicenters given
by SYKES et al. (1981) and in two identified seismic gap zones (see location numbers in
Fig. 4). The relevant tectonic conditions are the lithospheric and asthenospheric
thicknesses and their material properties, and the loading rate due to relative plate
movements. The relevant earthquake data are the time of occurrence, locations, rupture
lengths, stress drops, and the dip of the fault planes. These data are summarized in
Table 1. The loading rate (normal to the plate boundary) has been estimated from

. (Atsin 2¢) (W sin ¢/H)
Gy = T
where ¢ is the angle of dip of the subducting slab, W is the width of the rupture plane, H
is the lithospheric thickness, T is the repeat time, and At is the shear stress drop
attributed to stress accumulation due to tectonic plate movements. This last parameter
is equal to the actual shear stress drop in an earthquake less the stress recovery due to
asthenospheric relaxation. Figure 3 shows that asthenospheric relaxation may account
for stress recovery of 56% of actual stress drop. Hence using ¢ = 30°, W = 100 km,
T = 70 yrs, H = 70 km, and shear stress drop of 50 bars as representative values
for the Aleutians, a rough estimate of the tectonic loading rate would be 0.2 bar/yr. If
we also account for stress transfer from adjacent ruptures, the tectonic loading rate
would be less. The calculations here are based on 6, = 0.1 bar/yr. Although this
parameter does not alter the general trend of stress accumulation, it does affect the stress
level at any given instant, so that interpretation of current stress state must be kept in
perspective with suitable adjustment of this tectonic loading rate.
The thickness-averaged stress normal to the Aleutian Trench as a function of time is
shown in Fig. 5a to 5i. Location numbers on the upper right-hand corner of each figure
refer to those shown in Fig. 4. The year 1920 is chosen as the reference year when the

(13)
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Table 1

(a) Tectonic conditions and material properties:

Subduction

Loading rate due to relative plate movement 6, = 0.1 bar/yr
Poisson ratio v= 0.25

Shear modulus G = 5.5 x 10'° Pa

Lithospheric thickness H = 70 km

Asthenospheric thickness # = 80 km

Asthenosphere viscosity #7 =2 x 10" Pa-s

(b) Earthquake data:

Location  Rupture Rupture Dip Stress
No. Year (km*) length (km) width (km) angle drop (bars) References

1 1938 2268 300 120 30 30 KANAMORI, 1977
SYKES, 1971

2 1946 1755 100 110 30 70 SYKES, 1971

3 1948 1836 50 50 30 70 SYKES, 1971

4 1957 1485 850 110 30 75 PURCARU and
BERCKHEMER, 1982

5 1964 2916 650 200 10 60 KANAMORI, 1977
PURCARU and
BERCKHEMER, 1982

6 1965 594 500 100 15 40 KANAMORI, 1977

PURCARU and
BERCKHEMER, 1982

* East end of rupture measured relative to 170°E.

stress is arbitrarily taken to have a zero value at all locations. All stresses in subsequent
years should therefore be regarded as alterations from this stress level. Also the
influence of the 1910 earthquake sequence is ignored for lack of information on these
earthquakes. However, it might not affect the accuracy of our results too much as the
most significant portion of asthenosphere relaxation occurs in about ten years after the
rupture. It obviously would be possible to include the 1910 sequence of earthquakes in
the calculations if such data were available. In what follows, we shall discuss the stress
accumulation at each location.

Results and discussion

The 1965 Rat Island earthquake followed the 1957 rupture to its east, which
produces a 0.75 bar coseismic stress jump (equal to 1.2 bars shear stress on slab
interface) at the Rat Island region (Fig. 5a). If it is assumed that a critical stress level
exists for which rupture must occur, then the Rat Island earthquake would not have
happened until about 1977 in the absence of the 1957 event. Thus stress transferred
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Figure 5a-h
Thickness-averaged stress alteration since 1920 at the eight locations marked in Fig. 4. Figure 5i is a
composite of Sa—h, showing the relative stress levels. Note the high stress levels in the Shumagin and the
Unalaska Gap. The chart below the time axis indicates the relative locations where stresses have been
computed.

from the 1957 earthquake may have accelerated the Rat Island earthquake by as much
as 12 years. If stress accumulation at this location continues at the current rate, based
on Fig. Sa, it might be speculated that another rupture would occur in 1986-7. This
appears to be too short a repeat time for a rupture as large as the Rat Island
earthquake. Part of the difficulty may be due to the fact that this location experiences
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both normal convergence as well as strike-slip movements, due to the bend at longitude
180°. However, the low shear stress drop (40 bars vs ~70 bars elsewhere) may signal an
incomplete release of accumulated stress by the Rat Island earthquake in 1965, so that
an early return of another rupture at the same location cannot be easily ruled out.

The 1957 rupture between 167°W and 180° was the longest rupture in the
Aleutians in this series of earthquakes. As Fig. 5b shows, it does not appear to be
triggered by any previous ruptures; the relocated epicenter is at 176°W, at least 800 km
from the 1946 or 1948 earthquakes to the east. Although it recovers more than 50% of
its stress drop in the subsequent 20 years, another rupture would not be expected for at
least another 20-30 years if the current stress accumulation rate persists.
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The Unalaska segment at the eastern end of the 1957 rupture is a region of
questionable status. If it did not rupture seismically (including aftershocks) or
aseismically following the 1957 earthquake, as has been suggested (HOUSE et al., 1981),
then the accumulated stress is relatively high at present, above all other segments with
the exception of the Shumagin Gap (Figs. 5c and 5f). Thus, this segment may be
regarded as a mature seismic gap, with high potential of a large rupture in the near
future. It is interesting that the adjacent 1946 and 1948 earthquakes to the east did not
cause much stress change in the Unalaska segment, perhaps because of their short
rupture lengths. The 1957 rupture, however, did produce a discernible coseismic stress



826

stress/bars

stress/bars

13

10

-20

-25
1920

-10

-19

-20

-25
1920

Victor C. Li and Carl Kisslinger

PAGEOPH,

1964

ke

1930 1940 1950 1960

time/years

1970

1980

1990
(g)

1 1 L 1

Il

1930 1940 1950 1960

time/years

1970

1980

1990
(h)

jump and more significantly, almost doubled the stress accumulation rate at the

Unalaska Gap.
The 1946 and 1948 earthquakes were both very short ruptures, adjacent to each

other. Their proximity in space and time suggests that the latter was triggered by the
former. Figures 5d and Se show the stress drop and recovery. Figure 5e shows the
coseismic stress jump just before the 1948 earthquake. Actually the 1948 rupture has
such a small down dip dimension that the stress accumulation shown in Fig. 5e may not
reflect the much higher stress level in the unruptured ligament (slab interface
trench-ward of the 1948 seismic source) in the same location. Indeed this part is
generally regarded as the western end of the Shumagin Gap zone.
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Figure 5f shows the stress accumulation at the eastern end of the Shumagin Gap,
which has not had a great earthquake since the beginning of the century. The steady
stress build up was boosted by the 1938 rupture which produces a large coseismic stress
jump followed by an accelerated stressing rate. This high rate is apparently sustained by
the 1948 rupture. The current high stress level and high stress rate makes this location
the most likely candidate for the next large rupture to occur in the Aleutians. The high
stress level has been confirmed by the anomalous high stress drops of small earthquakes
in this location (House and BOATWRIGHT, 1980). Based on a statistical study of the
recurrence interval of earthquakes along the Aleutian trench, JAcoB (1983) has also
suggested a high probability of a great Shumagin earthquake in the next ten years.
Recently, BEAVAN et al. (1983) reported that geodetic measurements at the Shumagin
Gap zone indicated deep aseismic slippage of as much as 80 cm during 1978-1980.
Such slip would naturally load the upper parts of the lithosphere overlying the slipped
zone. Although the present thickness-averaged stress model cannot account for the
additional stress increase, it might be safe to assume that aseismic slippage at depth
would push the locked seismogenic zone even closer to failure.

The 1938 rupture in the Alaska peninsula was the first one to occur in the sequence
of earthquakes in this study. Although the stress recovery has been fairly rapid and was
accelerated by the 1964 Alaska earthquake to its east, this location will probably not
have another shock for the next twenty years or so (see Fig. 5g). However, if the
Shumagin Gap rupture within this period, which is of high probability, stress might be
transferred into this region, shortening the return period.
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The 1964 Alaskan earthquake is at the eastern end of the aforementioned sequence
of ruptures. The epicenter is at least six lithospheric thicknesses from the 1938 rupture
so that little stress transfer is felt. Proceeding at the current stress recovery rate, it will
take another twenty years to reach the critical stress again, assuming the same
nucleation point for the next earthquake. It should be mentioned that the Alaskan
region is tectonically quite different from the Central Aleutians. For example, the age of
the Pacific Plate in the Central Aleutians is around 70 m.y. whereas the plate near
Alaska is much younger, on the order of 30 m.y. (GROW and ATWATER, 1970).
According to a thermal model of PARKER and OLDENBURG (1973), the lithospheric
thickness in Alaska is about 30% less than the 70 km in the Central Aleutians. This
would imply a corresponding 30% increase in thickness averaged stress drop shown in
Fig. 5h. Also, according to MINSTER et al. (1974), the convergence rate is smaller in
Alaska (6 c¢m/yr) than in the Central Aleutians. The difference in lithospheric
thickness and convergence rate would both result in a lower current stress level than is
suggested in Fig. 5h, although the indicated trend would still be maintained.

From the above discussions, it appears that the Shumagin Gap and the Unalaska
Gap have the highest expectation of seismic rupturing in the near future. It is not
possible to pin down the exact time of occurrence, given the lack of data concerning the
previous ruptures in these same locations.

Figure 5i shows a composite of the stress-variations at all locations. It might be
noted that the failure stress is fairly uniform, on the order of 3—5 bars above the 1960
stress level, at all places with the exception of the seismic gaps which has not yet failed.
The higher stress level sustained by the seismic gaps may mean that these locations are
unusually strong. But it may also be an artifact of our assuming a uniform stress level
for all locations in 1960.

Concluding remarks

A general observation from the above results is that stress recovery in a ruptured
segment is rapid and dominates the tectonic loading in the five to ten years after the
rupture. This has the effect of shortening the repeat time in a seismic gap zone.
Although stress transferred outside of the ruptured zone appears to be much smaller
than the stress recovery inside, it is nonetheless significant, particularly at nearby
locations. It may be fair to conclude that at least at some locations where the failure
stress is approached, an adjacent rupture can be responsible for triggering the
earthquake through a sudden coseismic stress jump and subsequent increase of
stressing rate (e.g. locations 1 and 5). It is also clear that asthenospheric relaxation
modifies the stress accumulation process, which is seen to be highly nonlinear. Seen in
this light, the slip-predictable or time-predictable models of earthquake cycles as
proposed by SHIMAZAKT and NAGATA (1980) must be modified to reflect this behavior.

We have shown the effect of lithosphere/asthenosphere coupling on the long-term
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stress accumulation in seismic gaps and the redistribution of stress due to ruptures. To
further understand the behavior in a seismic gap (e.g. is there a critical stress level
constant over several earthquake cycles?), it would be necessary to analyze data of
older earthquakes. This is a difficult task as an earthquake cycle typically exceeds 50
years, which means that earthquakes before the advent of modern seismological
instruments would have to be examined. At any rate it is hoped that this study will
establish a more realistic view of long term tectonic loading processes at plate
boundaries and provide a useful basis for long range earthquake forecast procedures.
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High-velocity Migration of Large Earthquakes along the Azores—
Iran Plate Boundary Segment

By KLAUS MEYER, RUNE OLSSON and OTA KULHANEK!)

Abstract — Between 1 January 1980 and 28 July 1981, a series of large earthquakes with body-wave
magnitudes around 7, took place along the western segment of the Alpide belt. The sequence started in the
Azores and migrated eastward along the belt at a rate of about 4400 km/yr with consecutive large events in
northern Algeria, southern Italy, southern Greece and Iran. Two different methods are employed to identify
similar series and corresponding migration velocities during earlier time periods of this century. The data set
used contains all earthquakes with body-wave magnitudes larger than 6.3 and covers the time interval
1901-81. The concept of linear migration is tested for eastward and/or westward propagation, considering
high migration velocities from 1600 to 11 000 km/yr. Results obtained are not homogeneous with respect
to the two opposite migration directions, west—east and east—west, and we interpret this as a net drift of
earthquake activity from the west to the east. Our efforts here are concentrated on analysis of observational
data and on establishing the uniqueness of migration patterns. Because of the complexity of the tectonic
system in question, we did not attempt to establish a mechanism explaining the migration of the observed
earthquake sequences.

Introduction

On 1 January 1980, a large earthquake occurred in the Azores, the western
extremity of the Eurasian—African plate boundary. About nine months later, on 10
October, another large event took place at El Asnam, northern Algeria, about 2600 km
east of the 1 January event. The sequence of large magnitude events in the A zores—Iran
area continued with a shock near Naples in southern Italy on 23 Ncvember. The
west—east progression of the three events with a fairly even migration velocity initiated
our interest to discriminate whether or not the series could be attributed to a systematic
west—east migration of large earthquakes along the seismically active belt. The
succession continued in 1981. On 24 February, 25 February and 4 March 1981, a series
of three large earthquakes shook the area of Corinth, southern Greece. The three events
fit well the suspected pattern of west—east migration of foci with velocity of about 4400
km/yr. The epicentres of the Corinth sequence themselves moved 40 km eastward
between 24 February and 4 March (KM et al., 1983). Finally, on 11 June and 28 July,
two large shocks hit southern Iran, the latter most likely being an aftershock.

1) Seismological Department, Uppsala University, Uppsala, Sweden, Box 12019, S-75012 Uppsala,
Sweden.
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Earthquake migration along various segments of the Alpide belt, such as the
Mediterranean area or northern Anatolia in particular, have been studied earlier by
PROCHAZKOVA (1973), MoaI (1974), RiTseMA (1975), DEwey (1976), ToksOz et al.
(1979), PURCARU and BERCKHEMER (1982), among others. Table 1 provides a list of
some of the reported foci migrations along portions of the Alpide belt. It follows from
the table that both eastward and westward progressions of earthquakes with a broad
range of migration velocities are discernible. In all cases in Table 1, migration patterns
of foci were identified visually and consequently suffer from the drawback of being to a
large extent subjective, i.e. non-unique. The occurrence of migration in two directions, as
well as the wide variation of migration velocities along the active suture (Table 1), may
lead to the conclusion that there is no systematic migration in either direction. However,
the high-velocity west—east migration of the 1980-81 sequence is so clearly
distinguishable that we feel confident in describing this pattern as one mode of migration
in the Azores—Iran region that may occur along with other types of migration (reported
by previous authors).

There is a wealth of literature dealing with space-time studies in other seismically
active regions (see BATH, 1979). For example, a summary of results concerning various
segments of the Circum—Pacific belt may be found in IDA (1974) or elsewhere.
Generally speaking, migration parameters revealed in other regions resemble those
derived from investigations in the Alpide belt (Table 1).

In the present study, we address the question of whether or not a dominant linear
(i.e. unidirectional, constant-velocity) migration of earthquake hypocentres, similar to
the 1980-81 series, does exist along the Alpide system or along some part of it. Seismic

Table 1
Earthquake migration along the Alpide belt

Direction Velocity of

of migration

Area migration (km/yr) Data used Reference

Azores fault westward ~50 1901-1969 PROCHAZKOVA (1973)
M=55

Hellenic arc eastward 15-30 1600-1978 PurcArU and BERCKHEMER (1982)
M =>6.75

Eastern Mediterranean westward 7-70 1900-1974 RiITSEMA (1975)
M=>10

Northern Anatolia westward  50-90 1901-1969 PROCHAZKOVA (1973)
M=>10

Northern Anatolia westward 100 1900-1960 Moci (1974)
M=10

Northern Anatolia westward  50-100 1939-1967 DEWEY (1976)
M=>6.0

Northern Anatolia westward 50-100 1910-1976 Toksoz et al. (1979)

eastward ~10 M=>591>VID
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sequences so far observed along global seismic belts show durations of several decades
and corresponding migration velocities are rather low, about 100 km/yr or less. It has to
be emphasized that, in contrast, observational data and processing techniques employed
in this paper refer to short-duration cycles of 1-3 years and to high-velocity migration
of the order of several thousand km/yr.

In spite of many unknowns, established migration patterns of large earthquakes
seem to represent a promising method in long- and medium-term prediction. The
successful forecast of the 1975 Haicheng earthquake, in which migration observations
had been employed, may serve as the best example. However, before individual
migration patterns can be accepted as long- or medium-term precursors, their reality
and uniqueness must be proved. Also, a physical explanation of the migration
mechanism in terms of seismotectonic regimes of the area in question is needed. Below,
we present two different methods for identification of migration patterns. One of the
methods is complemented with a simple test of the statistical significance of obtained
results. Both methods are examined with a real earthquake catalogue.

Earthquake data

The earthquake information used in this study covers the time interval from 1901 to
1981. We concentrated our investigation on the western segment of the Alpide belt
extending from the Azores to Iran. Consequently, we limit our search to the region
bordered by the latitudes and longitudes of 25-50°N and 40°W—60°E, respectively.
Hypocentral data were taken from a wide variety of sources such as Bulletin of the
Bureau Central International de Séismologie (BCIS), Bulletin of the International
Seismological Centre (ISC), Bulletin of the US Coast and Geodetic Survey (USCGS,
later also NOAA, NEIC, NEIS and PDE), CoMNINAKIS and PApazacHos (1978),
GUTENBERG and RICHTER (1954), International Seismological Summary (ISS), KARNIK
(1969), Norwegian Seismic Array (NORSAR), Seismological Bulletin Uppsala and
SHEBALIN et al. (1974).

An attempt was made to collect all large earthquakes of this century, foreshocks and
aftershocks excluded, that fell within the region. For this reason, main shock—aftershock
sequences such as the Azores sequence of January 1980 or the Gulf of Corinth
sequence of February—March 1981 are here represented by respective main shocks only
and cannot be studied in more detail by methods proposed below. An event was
considered a foreshock/aftershock if it occurred less than one month before/after and
less than one degree from the main shock. All events included in the analysis, altogether
161 earthquakes, are summarized in the Appendix.

Magnitudes listed in the original sources mentioned above, represent a certain
problem because different agencies often determine magnitudes in different scales. The
fact that surface-wave magnitudes have been reported more systematically only after the
adoption of the so-called Moscow—Prague formula of 1962 and also that a number of
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events employed (see Appendix) are of intermediate focal depth, requires a consistent
application of the body-wave magnitude. To establish a catalogue with homogeneous
magnitudes, we therefore decided to make use of Uppsala body-wave magnitudes,
hereafter labelled m(UPP, KIR), determined as arithmetic means of magnitudes
evaluated separately from measurements of Uppsala and Kiruna seismograph stations.
For the interval 1952 to date, m(UPP, KIR) are directly available as they are regularly
reported in the Seismological Bulletin Uppsala. For the events prior to 1952, given
magnitudes of studied earthquakes usually refer to those listed by KARNik (1969) or to
Pasadena magnitudes. Hence, to arrive at a homogeneous catalogue, we converted the
accessible magnitudes m(PAS) and/or M(KAR) for the pre-1952 events into
corresponding m(UPP, KIR) values. Linear regression m(PAS) - m(UPP, KIR) has
been derived by using magnitude pairs for the time period February 1953—September
1962, i.e. for the entire interval for which both the m(UPP, KIR) and M(PAS) values
are on hand. Within this time period and the area studied, parallel magnitude
determinations (5.9 < m(UPP, KIR) < 7.8; 5.9 < m(PAS) < 8.3) for 40 events have
been collected. The resulting regression reads

m(UPP, KIR) = 1.17 m(PAS) — 1.14 (1)

The catalogue of KARNik (1969) spans the period 1901-1955, and hence we have
merely four years, namely 1952-1955, of parallel magnitude determinations of
m(UPP, KIR) and m(KAR). Thus, when employing Karnik’s magnitudes, rather than
performing the direct conversion m(KAR) - m(UPP, KIR) we make use of a two-step
conversion such as m(KAR) - m(PAS) - m(UPP, KIR). The first step is carried out
through a regression

m(PAS) = 0.86 m(KAR) + 0.90 2)

while the second step by using regression (1). Equation (2) is the least-squares fit to all
available magnitude pairs m(PAS)-m(KAR) from the interval 1901-1955. Altogether,
data from 36 earthquakes, within the magnitude intervals of 5.5 < m(KAR) < 7.9 and
5.5 < m(PAS) < 8.3, were collected.

While the choice of a cut-off magnitude is somewhat arbitrary, it should nevertheless
ensure the completeness of the data. Nearly all seismic energy released should be
considered, but at the same time small events, contributing only to the background noise
in space-time diagrams should be avoided. The data set treated here has been limited to
cases with m(UPP, KIR) > 6.4. With respect to the selection applied, the list of
earthquakes considered is assumed to be homogeneous and as complete as original
sources permit. The events have been selected regardless of focal depth.

Methods

By migration of seismic activity we mean a unidirectional progression of earthquake
foci within a limited geographical region and time period. The east-west trending plate
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boundary between Eurasia and Africa is relatively narrow and simple between the
Atlantic and Tunisia, i.e. from 30°W to 12°E, but becomes rather complex, including a
number of subplates, between Italy and Iran. Due to the elongated shape of the area
studied, only one space coordinate, the longitude of epicentres, has been considered.
Available epicentral longitudes were plotted in Fig. 1 as a function of time of occurrence
of respective earthquakes. At first sight, a visual check of these diagrams does not
provide any evidence of a dominant direction of migration. In order to carry out a more
systematic and semi-objective search for possible high-velocity propagation, two
different procedures have been used.

Least-squares procedure. By making use of the above longitude—time diagram, the
time period 1901-1981 has been divided into intervals of width increasing in steps of 0.2
yr from 0.5 to 6 yr. Intervals of a given width were moved along the time axis with time
increments of 0.1 yr. For each interval position, the number of earthquakes within the
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Figure 1

Longitude—time diagram of earthquakes used in this study. Small circles denote 6.4 < m(UPP, KIR) <7.0;
large circles denote m(UPP, KIR) > 7.0. Depicted epicentres refer to the time interval 1901-1981. Broken
lines show the migration sequences: sequence numbers are those used in Table 3.
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interval was counted. If the number of shocks was equal to or larger than a chosen
number n, we fitted a least-squares straight line to the epicentres in the longitude—time
plot and determined the corresponding correlation coefficient, R, between time and
longitude. If the number of lines with positive slopes is significantly greater than the
number of lines with negative slopes, we interpret this as a net migration in the eastward
direction. As the subdivision can be made in an almost unlimited number of ways, we
consider selected intervals as a sample and because of the great size of this sample we let
it represent the whole population. Hence, the true relative frequency, p,..., of positive
slopes can be approximated by the same relative frequency, p, computed from the
sample. Intervals of confidence are determined by using the formula

/p(1—p) /p(1—p)
—k [—— <P <P+ k [—— 3
P N, Prroe SP N, ®

where N, is total number of regressions and k& is a constant, specific for the chosen level
of significance. Table 2 lists confidence intervals for a net eastward migration for five
different magnitude classes. As most of the correlations are close to zero, even a small
change in the condition for the least-squares fitting, such as a change of the minimum
number of shocks accepted in each interval, may alter the result. Accordingly, the
intervals of confidence are computed only on the basis of correlation coefficients
R <—0.5 and R > 0.5. Obviously, these limits are selected arbitrarily but there is no
dramatic change in the results if they are chosen somewhat broader or narrower.
Results summarized in Table 2 reveal, for example, that the probability that 55—63% of
the 63 earthquakes of magnitude 6.9 and greater line up with positive slopes in the
longitude—time diagram is 99.99%. The calculation has been based only on a sample
(size 1380) of regression coefficients of absolute values >0.5 and a minimum number of
5 shocks per interval.

Table 2

Confidence intervals for net eastward migration and level of significance for varying 4m.*

Interval of confidence Level of
Am for net eastward migration significance n N N,
> 6.6 0.50-0.54 95% >5 118 1869
=6.7 0.50-0.54 95% >5 111 1707
>6.8 0.51-0.55 95% =5 94 1489
>6.9 0.55-0.63 99.99% >5 63 1380
=10 0.70-0.82 99.99% >4 50 897

* Am denotes the magnitude interval considered; n is the minimum number of shocks per interval
position; N gives the total number of shocks; N, is the number of calculated regressions with correlation
coefficients R < —0.5 or R > 0.5.
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It seems convincing from Table 2 that the material used is not homogeneous with
respect to the two, eastward and westward, possible directions of migration. The
performed statistical test (Table 2) suggests a rather diffuse eastward net shift of
epicentres. Calculated results are not listed for smaller, m(UPP, KIR) <6.6, earth-
quakes, but for no magnitude interval of m(UPP, KIR) > 5, has a significant indication
of migration in the westward direction been revealed. Table 2 gives also an impression
that the eastward drift is greater for large shocks. This may, however, be partly a
consequence of the method, i.e. due to the relatively small number of shocks in these
magnitude intervals. There is a clear tendency (not seen in Table 2) of increasing
significance of eastward migration with increasing time. This is in agreement with results
obtained from the second method and also with the visual impression from the
longitude—time plots.

Tilting-window procedure. The second procedure applied to our data is basically a
procedure of VIL’KOVICH and SHNIRMAN (1979). Any straight line in the longitude—
time diagram represents a constant migration rate. In other words, epicentres that lie on
or close to a line form succession at a certain, constant, migration velocity. The angle, a,
between the line and the time axis reflects the migration velocity (see Fig. 2). It follows
from Fig. 2, that angles 0 < a <90° or 90° <a < 180° denote eastward or westward
migration, respectively. According to the definition, tan a has a physical meaning of
velocity in longitude degrees per year. In practice, one cannot assume a perfectly linear,
i.e. constant-velocity unidirectional migration, but rather a range of velocities and
directions is most likely. In longitude—time plots, this implies that the presumed
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Figure 2
Portion (1967-81) of the longitude—time plot of large earthquakes in the western segment of the Alpide belt
used in this study. The hatched area represents a particular position, corresponding to the 1980-81
sequence, of the tilting window with &£ = 0.3 yr and tan ¢ = 50° /yr.
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earthquake sequence does not necessarily fit a straight line but falls within a time
window of width &. It is obvious, that variations in migration velocity, deviations from
the unidirectional, i.e. west—east (or east-west), epicentre wandering and mislocation of
events, all contribute to the scatter of points around ideal straight lines in longitude—time
plots. In this study, for a given a and &, we applied windows moving along the time axis
at steps of 0.05 yr and define a quality function

k
g(a, &) = 3 [n(t))* 4
=1

H

where ¢; denotes position of the ith window along the time axis, n(t;) is the number of
earthquakes within the ith time window and k is the total number of windows applied.
The g-function in equation (4) determines the degree of agreement of earthquake foci in
a longitude—time plot with a system of parallel strips (of width ¢ and tilt a) on this plot
(VIL’KOVICH and SHNIRMAN, 1979). The fourth power in the right-hand part of equation
(4) is used merely to accentuate cases of window positions with large n.

There are some practical difficulties in g calculations. Firstly, due to the local
dependence, all foreshocks, aftershocks and swarms should be deleted from the data set.
Secondly, the choice of ¢ is rather critical. In this work, contributions to g(a, €) are
accepted only if n > 4. Using narrow &, we approach the ideal linear migration pattern
and may expect rather few contributions to g(a, €). On the other hand, a wide ¢ leads to
large g-values which, however, hardly have any meaning in the sense of wandering foci.
The choice of ¢ reflects the a priori accepted deviations from the ideal linear migration.
g-functions have been computed for e-values of up to 0.5 yr. Velocities, i.e. tan a, varied
from 15 to 130°/yr, in 1°/yr increments. Calculated g-values were smoothed taking the
maximum, g, of five successive g-values, i.e. smoothing is performed over moving
migration velocity intervals of 5°/yr.

Space-time seismicity of the Azores—Iran segment

In Fig. 3, g-values versus migration velocity, tan a, are displayed for window widths
of 0.2 and 0.3 yr. The dependence of g(a, &) upon the window-width, ¢, is in good
agreement with the above discussion. In general, g-values increase with increasing ¢, i.e.
there are more contributions to the g-function when ¢ is wider. For large ¢, g-values for
two opposite migration directions, east-west and west—east, resemble each other.
g-functions for the two directions are practically equal for £> 0.5 yr, indicating that a
possible dominant migration in either direction is contaminated by the choice of a wide
&. If, on the other hand, the window is as narrow as 0.1 yr, only one or two earthquakes
contribute to the g-values in each interval and it becomes impossible to draw any
conclusion from it. Thus, window widths of 0.2 to 0.3 yr are considered as optimal for
the purpose of this study.

It can be seen in Fig. 3, that for high migration velocities, v, > 20°/yr (~1800
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g-values as function of migration velocity. Results for eastward (solid line) and westward (dashed

line) migration and for two different window widths, &, are displayed. All earthquakes from the time period

1901-1981 within the western segment of the Alpide belt and magnitude interval m(UPP, KIR) > 6.4 have
been considered (see Appendix).

km/yr), g-functions reach their maxima for v,, between 40 and 60°/yr (~3500-5300
km/yr). Within the velocity range of 60 to 120°/yr, calculated g-functions show a
descending tendency even though additional local maxima do occur in the plots. For
v,, > 120°/yr, the method is hardly applicable due to a poor velocity resolution, i.e.
small changes in « result in large changes of v,, (tan a). Displayed g-functions for
eastward migration have higher magnitude when compared with those of the opposite,
i.e. westward, migration direction. This is in general agreement with results of the above
least-squares procedure and related to the fact that the correlation between longitude
and time is greater for windows with positive slopes (eastward migration). Further, it
appears that there is no single dominating migration velocity but rather an interval of
possible velocities. Considering the present earthquake catalogue, the conclusions from
our undertaking read: windows of widths ¢ = 0.2—0.3 yr are optimal for establishing
linear migration waves; g-functions reach their maxima for v,, between 40 and 60°/yr;
g-functions for the west—east migration are larger than those for the east—west
migration.
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Table 3

Examples of possible migration sequences

Sequence Longitude Migration velocity  Direction of
number Time interval limits long. degrees/yr migration
1 May 1939-May 1940 34°W-58°E 75 eastward
2 May 1940-Dec 1941 58°E-18°W 50 westward
3 Mar 1954-Jul 1957 4°W-53°E 20 eastward
4 Mar 1957-Dec 1957 22°E-48°E 37 eastward
5 Jan 1959-Oct 1962 25°W-55°E 22 eastward
6 Mar 1964-Aug 1966 8°W-42°E 27 eastward
7 Feb 1969-Jul 1970 11°W-56°E 46 eastward
8 May 1975-Mar 1977 18°W-57°E 40 eastward
9 Jan 1980-Jul 1981 28°W-58°E 50 eastward

A question may arise as to whether or not a distinct peak in the §-function at
velocity around 50°/yr, such as in Fig. 3 (¢ = 0.3 yr, eastward migration), reflects the
existence of a single earthquake sequence during the entire time interval reviewed. To
investigate this problem in more detail, the time period of 1952—1981, for which original
Uppsala magnitudes are available, was divided into four equal non-overlapping time
segments and corresponding quality functions were computed for each segment. Results
obtained resemble those corresponding to the whole time interval 1901-1981. Since
each independent segment gives the same behaviour, we can conclude that within the
area investigated there is a dominant ‘time stationary’ west—east migration of
earthquake foci. From the compiled catalogue, we also tried to select case histories of
migration similar to that of 1980—81 which has been described above. In doing this, we
counted the number of epicentres per moving window as a function of time and v,, and
selected window positions and corresponding velocities with anomalously large numbers
of events. Obtained results are listed in Table 3 and depicted in Fig. 1. BATH (1979)
reports on two earthquake sequences in 1962 and 1976 migrating with high velocity of
about 12-14 km/hour from North Atlantic to Burma and from Italy to Iran,
respectively. The two sequences comprise also events with m(UPP, KIR) < 6.4 and
extend as far as to southern Asia and hence are not detectable in our data set (Fig. 1,
Appendix).

Discussion

Generally speaking, the time-space distribution of epicentres within a limited time
interval and geographical region follows either a random or a regular pattern. The
least-squares procedure, applied to the former case, should in the long run provide a
fairly equal division into easterly and westerly oriented migrations. This, however, was
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not the case as follows from Table 2. A small but uniform excess of regression lines in
positive directions, corresponding to west—east migrations, indicates a non-random
space-time distribution of large earthquakes between the Azores and Iran during
1901-1981. The present authors are fully aware of the fact that the migration
parameters adopted here are somewhat arbitrary and certainly non-unique, mainly due
to the specific selection of data and to a lesser extent also due to the methods used (such
as the choice of ¢). In this context, we would like to emphasize that the observations
employed cover the entire so-called instrumental-time period, the area studied extends
practically along the whole western segment of the Alpide belt and the magnitude
threshold has been chosen with respect to the completeness of the catalogue. This means
that the present data have by no means been chosen in such a way as to ‘optimize’ the
suspected foci migration. Besides, consistent results are confirmed by two different
methods. Hence, we conclude that the observed migration is real and independent of any
personal preference of the researcher making the measurements.

The studied migration velocities vary from 15 to 130°/yr (~1300—11 000 km/yr).
The 1980-81 sequence, the most distinct one among the probable migrations
investigated here, has an average eastward migration rate of 4400 km/yr. Velocities of
this magnitude imply that the time duration of the sequence from the western to the
eastern edge of the segment is less than two years. Only a few earlier investigations (e.g.
BATH, 1979; KAGAN and KNOPOFF, 1976) report such high velocities. It should be
stressed that the resolution of the tilting-window method as applied to the present
catalogue (Appendix) does not make it possible to study migration velocities of less
than, say, 15°/yr. Consequently, some of the well-established migration sequences in
the area studied, the sequence along the north Anatolian fault in particular, can not be
revealed by the approach described above. Note that the north Anatolian sequence of
1939-1953 discussed by Moct (1974) shows a migration velocity of about 0.6°/yr.
Such a migration rate, represented by an almost horizontal line in Fig. 1, falls far off the
velocity range detectable by the present method (see also Fig. 3). This is also the case
for the remaining sequences listed in Table 1.

There are no clear systematic recurrences of migrating series in the Azores—Iran
segment (Table 3). Nevertheless, some periodicity may be suggested from the rather
regular occurrence of large shocks in the western part of the segment. From the
catalogue and the complete space—time diagram in Fig. 1, it is possible to select large
earthquakes west of 3°W, occurring at regular time intervals, namely in 1954, 1959,
1964, 1969, 1975 and 1980, i.e. once every fifth year. As follows from Fig. 1, these
earthquakes are also starting events for sequences 3, 5, 6, 7, 8 and 9, migrating eastward
with velocities from 22 to 50°/yr.

The mechanism that governs propagation of large earthquakes is still poorly
understood. Several, rather hypothetical, models have earlier been suggested by other
workers to account for possible causal links between tectonic regimes and space-time
seismicities. M0OGI (1974) presents two possible mechanisms for earthquake migrations.
In the first mechanism, the migration of large shocks is considered to be analogous to
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the propagatin of a new shear fracture in a laboratory experiment. In the second
mechanism, the pre-determined fracture plane is assumed to be the boundary between
two tectonic plates. After large earthquakes, stresses are partially or completely released
within the focal area. At the same time, stresses may increase, through mechanical
coupling, in neighbouring areas and hence earthquakes take place successively along the
boundary. In both mechanisms, constant external stresses are assumed. The concept of
decoupling earthquakes is discussed in more detail by Kanamori (1971) and by
ANDERSON (1975) for large earthquakes along an arc. v

Drawbacks of the above models become apparent when considering real earthquake
volumes and velocities of slip propagations. Magnitudes m(UPP, KIR) > 6.4 are usually
associated with source dimensions of, say, 30 km and larger. On the other hand,
distances between successive events in a single sequence are often several hundreds or
thousands of kilometres, i.e. at least of the order of magnitude larger than the linear
source dimensions. Thus, it is not possible to explain the observed successions in terms
of mechanical couplings. The same applies to the slip propagation with typical velocity
slightly less than the S-wave velocity. Such a high velocity would require the events of
an entire single sequence to occur practically simultaneously and corresponding
epicentres should line up vertically in the longitude—time diagram. This is, however, not
the case (Fig. 1) and explanations in terms of the above models become rather
unconvincing (VIL’KOVICH and SHNIRMAN, 1982).

The area studied represents a highly heterogeneous tectonic system with different
faulting styles and rates of motion. The Azores—Gibraltar line and the north Anatolian
fault represent essentially a strike-slip motion and the Hellenic arc and the Zagros fault
are thrust-type collisions, whereas most of the activity in the Aegean is due to
extensional tectonics. Such a variety of tectonic units a priori excludes the idea of a
single stress system uniformly affecting all of the earthquake source volumes considered.
The problem is rather complex and much remains here to be investigated. Deciphering
the triggering mechanisms of earthquake sequences remains a topical research subject
because it would constitute a major step toward the eventual prediction of the
phenomena. We have enjoyed some success in objectively detecting unidirectional
progression of earthquake foci but we lack a plausible explanation for the mechanism
generating the observed migration.

Conclusions

The present study offers evidence (via two different methods) of linear migration of
earthquake foci in the western segment of the Alpide belt during the interval 1901-1981.
The results may be summarized as follows:

1. A prevailing eastward progression of large earthquakes, m(UPP, KIR) > 6.4, has

been identified between the Azores and Iran.



Vol. 122, 1984/85 High-velocity Earthquake Migration 843

2. Propagation velocities for individual probable migration sequences have
dominant values of 3500 to 5300 km/yr.
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Appendix

Large earthquakes, m > 6.4, from the western segment of the Alpide belt
(25-50°N, 40°W—-60°E) during 1901-1981.

Year Date Or. time Latitude Longitude Depth Magnitude
(GMT) (degrees) (degrees) (km) (UPP)
1901 Mar 31 071000 434N 28.7E 32 7.2
1902 Juls 143200 40.8N 23.2E 33 6.4
1903 Aug 11 043254 36.0N 23.0E 100 8.7
1904 Apr4 102600 418N 233E 1.7
1905 Nov 8 220600 403N 244 E 35 7.6
1908 May 17 123054 350N 240E 100 6.8
1908 Oct 6 213948 455N 26.5E 150 6.8
1908 Dec 28 042024 380N 155E 1.7
1909 Jan 23 024818 330N 53.0E 7.6
1909 Feb 9 112406 400N 38.0E 60 6.8
1910 Feb 18 050918 360N 245E 150 7.1
1910 Aug 1 104024 39.0N 15.0E 200 6.4
1910 Aug 21 161130 340N 27.0E 170 6.4
1911 Feb 18 213600 41.1N 20.7E 33 6.7
1911 Apré 154354 36.5N 255E 140 7.1
1911 Apr 18 181436 320N 56.0E 50 6.7
1912 Jan 24 162306 380N 205E 60 6.8
1912 Aug9 012900 40.5N 27.0E 8.1
1913 Jun 14 093312 435N 255E 6.8
1914 Oct 3 220700 377N 304E 32 6.9
1915 Jan 13 065242 420N 135E 7.1
1915 Aug 7 150400 385N 205E 18 6.5
1916 Jan 26 073800 46.0N 240E 6.4
1918 Jul 16 200336 36.3N 263 E 6.4
1919 Nov 18 215438 39.6 N 27.7E 6.9
1922 Aug 13 000953 36.0N 28.0E 40 6.8
1923 Aug 1 031638 350N 25.0E 150 6.7
1923 Sep 17 070914 355N 550E 6.4
1923 Sep 22 204738 290N 56.5E 6.9
1924 Sep 13 143405 400N 42.0E 6.8
1925 Jul 6 121555 383N 21.8E 120 6.4
1926 Mar 18 140609 350N 295E 6.9
1926 Jun 26 194634 36.5N 275E 100 8.2
1926 Aug 30 113812 36.8N 233E 100 7.1
1927 Jull 081904 36.8N 228E 120 6.9
1927 Sep 11 221547 445N 345E 6.4
1928 Apr 14 085953 420N 250E 6.8
1928 Apr 18 192237 41.7N 26.3E 6.8
1929 May 1 153730 380N 580E 7.2
1929 May 18 063751 400N 38.0E 6.4
1930 Feb 14 183820 378N 248E 130 6.8
1930 May 6 223423 380N 445E 1.3
1930 Jul 23 000837 410N 155E 6.4
1931 Mar 8 015019 410N 225E 6.8

1931 Apr 27 165038 388N 46.0E 6.4
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Appendix (continued)
Year Date Or. time Latitude Longitude Depth Magnitude
(GMT) (degrees) (degrees) (km) (UPP)

1931 May 20 022249 375N 16.0 W 7.2
1932 Sep 26 192037 400N 233E 6.9
1933 Apr23 055735 36.8N 27.3E 50 6.8
1935 Feb 25 025137 358N 25.0E 80 6.8
1935 Apr 11 231443 36.5N 53.5E 6.8
1935 Apr 19 152322 315N 153E 1.2
1937 Dec 16 173530 350N 235E 100 6.4
1938 Apr 13 024546 392N 15.2E 270 6.8
1938 Apr 19 105915 395N 335E 6.8
1938 Sep 18 035038 380N 22.5E 100 6.4
1939 May 8 014650 370N 245 W 1.2
1939 Sep 20 001931 380N 205E 80 6.4
1939 Sep 22 003632 390N 27.0E 6.4
1939 Dec 26 235721 395N 385E 25 8.3
1940 May 4 210154 353N 58.3E 6.4
1940 May 7 222343 420N 43.0E 50 6.4
1940 Nov 10 013909 458N 26.5E 150 7.6
1941 Jan 20 033707 350N 340E 100 6.4
1941 Mar 16 163515 385N 11L.5E 100 6.4
1941 Nov 25 180355 375N 185 W 25 8.7
1941 Dec 27 181727 36.0N 10.5W 60 6.8
1942 Dec 20 140308 405N 36.5E 14
1943 Nov 26 222036 410N 340E 7.8
1944 Feb 1 032236 415N 325E 1.6
1945 Sep 2 115357 338N 285E 80 6.4
1945 Sep 7 154822 460N 26.8E 100 6.4
1946 Nov 4 214746 400N S545E 1.7
1947 Sep 23 122808 330N 590E 6.8
1947 Oct 6 195531 370N 220E 28 7.1
1948 Feb 9 125815 355N 275E 7.2
1948 Jul 24 060305 344N 245E 6.9
1948 Oct 5 201205 375N 58.0E 1.4
1949 Jul 23 150330 386N 26.3E 6.8
1949 Aug 17 184413 394N 409 E 33 6.8
1951 Aug 13 183326 409N 33.2E 6.8
1952 Dec 17 230357 344N 245E 6.8
1953 Mar 18 190613 400N 27.3E 6.5
1953 Aug 12 092355 385N 21.0E 14
1954 Mar 29 061705 370N ISW 603 7.1
1954 Apr 30 130236 393N 22.2E 7.0
1954 Sep 9 010437 36.2N 1.6 E 7.0
1955 Jul 16 070710 376N 272E 6.6
1955 Sep 12 060924 322N 29.6 E 33 6.5
1956 Feb 1 151051 39.1N 156 E 223 6.4
1956 Feb 20 203137 399N 304E 6.5
1956 Jul9 031140 36.7N 258E 1.1
1956 Oct 31 140343 273N S44E 6.7
1957 Mar 5 122437 332N 99W 6.4

1957 Mar 8 122113 393N 226 E 7.0
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Appendix (continued)
Year Date Or. time Latitude Longitude Depth Magnitude
(GMT) (degrees) (degrees) (km) (UPP)

1957 Apr 25 022542 36.5N 28.6 E 53 7.2
1957 May 26 063334 40.7N 309E 1.0
1957 Jul2 004222 36.2N 52.7E 7.2
1957 Dec 13 014505 344N 41.7E 42 7.1
1958 Apr3 071833 349N 215E 6.4
1958 Aug 16 191344 344N 478E 6.7
1958 Aug 27 151634 375N 20.7E 6.5
1959 Jan 24 195515 373N 244 W 6.4
1959 Nov 15 170843 378N 20.5E 6.9
1960 May 26 051011 40.5N 206 E 6.4
1961 May 23 024520 367N 285E 65 6.6
1961 Jun 11 051023 279N 545E 7.0
1961 Dec 18 213536 384N 20.2E 33 6.7
1962 Jan 26 081735 352N 227E 33 6.5
1962 Apr 10 213707 378N 20.1E 35 6.5
1962 Aug 28 105956 378N 229E 95 6.8
1962 Sep 1 192040 356N 499E 30 1.0
1962 Oct 1 121401 279N 548E 40 6.5
1963 May 19 100005 46.3N 145E 53 6.7
1963 Jul 16 182713 433N 416 E 33 6.8
1964 Mar 15 223026 36.2N 16 W 27 6.7
1964 Oct 6 143123 40.3N 28.2E 34 6.9
1965 Mar 31 094726 384N 223E 45 7.1
1965 Apr9 235702 351N 243E 39 6.5
1965 Jul 6 031842 384N 224E 18 6.6
1966 Aug 19 122210 392N 416E 26 6.9
1967 Mar 4 175809 393N 246 E 60 6.8
1967 Jul 22 165658 40.7N 30.7E 33 1.3
1967 Nov 30 072350 414N 204 E 21 6.5
1968 Feb 19 224542 394N 249E 7 7.0
1968 Aug 31 104741 342N 59.0E 25 6.7
1969 Feb 28 024031 360N 10.6 W 14 1.7
1969 Mar 28 014829 386N 285E 4 6.6
1969 Mar 31 071554 27.6 N 339E 33 1.0
1969 Oct 27 081058 49N 17.2E 33 6.5
1969 Nov 7 183404 278N 60.0E 74 6.8
1970 Mar 28 210223 392N 29.5E 18 6.9
1970 May 14 181227 43.1N 47.1E 33 6.9
1970 Jul 30 005220 379N 56.0E 22 6.6
1971 Apr 12 190325 283N 556E 37 6.8
1971 May 12 062515 376N 29.7E 30 6.5
1971 May 22 164359 389N 405E 3 6.7
1972 Apr 10 020650 284N 52.8E 11 6.7
1972 May 4 213957 352N 236E 14 6.9
1972 Sep 13 041319 380N 224E 75 6.6
1972 Sep 17 140715 384N 203 E 33 6.5
1975 May 26 091151 360N 176 W 33 7.3
1975 Sep 6 092012 385N 40.8E 32 6.7

1976 May 6 200012 464N 133E 12 6.8
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Appendix (continued)
Year Date Or. time Latitude Longitude Depth Magnitude
(GMT) (degrees) (degrees) (km) (UPP)

1976 May 11 165945 374N 204 E 33 6.6
1976 Jun 17 142850 46.2N 129E 35 6.8
1976 Nov 24 122215 39.1N 440E 10 7.0
1977 Mar 4 192154 458N 26.7E 86 7.2
1977 Mar 21 211853 276N 56.4E 24 7.1
1977 Sep 11 231919 350N 23.1E 4 6.5
1977 Jun 20 200321 40.7N 23.2E 3 6.8
1978 Sep 16 153556 334N 57T4E 33 7.0
1978 Nov 4 152219 311N 489 E 34 6.7
1979 Apr 15 061947 420N 185E 33 6.7
1979 May 28 092732 364N 31.8E 98 6.4
1979 Nov 14 022122 339N 59.7E 33 6.7
1980 Jan 1 164240 388N 27.8 W 10 6.7
1980 Jul9 021153 393N 230E 14 6.4
1980 Oct 10 122524 36.2N 14E 10 74
1980 Nov 23 183454 409N 15.4E 10 6.7
1981 Mar 4 215806 382N 23.3E 33 6.7

1981 Jun 11 072425 299N 51.7E 33 6.8
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A Sequence of Seismic Activity in the Kanto Area Precursory to the
1923 Kanto Earthquake

By MiTivAsu OHNAKA!)

Abstract — The Kanto earthquake (M = 7.9) that occurred along the Sagami Trough in the Sagami
Bay on 1 September 1923 was one of the most disastrous earthquakes in Japanese history. The Kanto area
includes Metropolitan Tokyo and Yokohama which are densely populated, and hence it has been a matter
of great concern, from the viewpoints of earthquake prediction and disaster prevention, whether or not the
1923 Kanto earthquake was preceded by precursory seismicity. A study using the most complete lists of
earthquakes catalogued recently by Utsu and the Japan Meteorological Agency reveals that seismic activity
in the Kanto area was appreciably higher before and after the Kanto earthquake, and that the Kanto
earthquake was preceded by a sequence of anomalous seismic activity, quiescence, and foreshocks. Such
higher activity before and after the Kanto earthquake is contrasted with low seismicity during the recent
30-year period. A model is proposed to explain the precursory seismic activity, subsequent quiescence, and
foreshocks for the Kanto earthquake. In the model, the transition from precursory seismic activity to
quiescence is ascribed to time-dependent fracture due to stress-aided corrosion. Foreshocks are related to
an acceleration of premonitory slip shortly before the mainshock slip.

Key words: Precursory seismicity, quiescence, premonitory slip, delayed fracture, stress corrosion.

1. Introduction

The great Kanto earthquake (magnitude M 7.9) that occurred along the Sagami
Trough in the Sagami Bay (e.g., KANAMORI and ANpDO, 1973; ANDO, 1974) on 1
September 1923 was one of the most disastrous earthquakes in Japanese history. The
Kanto area includes Metropolitan Tokyo and Yokohama which are densely populated,
and hence it has been of great concern, from the viewpoints of earthquake prediction
and disaster prevention, whether or not the 1923 Kanto earthquake was preceded by
anomalous seismic activity. IMAMURA (1927, 1929) first argued that seismic activity in
the Kanto area increased before the Kanto earthquake. However, the earthquake
catalog he used was incomplete, and consequently his suggestion of precursory seismic
activity in the Kanto area has not been generally accepted. Recently MocG1 (1980)
reported that a ‘doughnut-shaped pattern’ of seismicity could be recognized before the
Kanto earthquake.

Using improved catalogs most recently published by Utsu (1979, 1981, 1982b) and
the Japan Meteorological Agency (JMA), I wish to show that a distinctive sequence of

') Earthquake Research Institute, University of Tokyo, Bunkyo-ku, Tokyo 113, Japan.
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seismic activity preceded the 1923 Kanto earthquake, and then to propose a model
derived from studies of time-dependent fracture and friction.

2. Data

The Utsu catalog (1981) is the most complete list of shallow earthquakes (focal
depth < 100 km) of M > 5.5 in the area 32°N-38°N latitude and 136°E-144°E
longitude during the period 1904—1925. Hence, the data for earthquakes during the
period 1904—1925 were taken preferentially from that catalog. The data for the period
1885—-1903 were taken from other Utsu catalogs (1979; corrections and supplements in
1982a,b). Data for the period 1926—1982 are from the published Seismological Bulletins
of IMA; earthquake data for the period 1926—1960 are from the Catalogue of
Relocated Major Earthquakes in and near Japan (1982) published by JMA as the
Supplementary Volume of the Seismological Bulletin. The JMA magnitude scale is
adopted in the Utsu catalogs (1979, 1981, 1982a,b).

The data taken from the Utsu catalog (1979) may be incomplete for earthquakes of
M < 6 (Utsu, 1979), whereas the data from the new Utsu catalog (1981) and the
Seismological Bulletins of JMA are complete for M > 5.5. The combined catalogs are
uniform down to magnitude 5.8 for the period 1904-1982, and 6.0 for the period
1885-1982. I will concentrate on earthquakes in the area 34.4°N to 37.0°N and
138.5°E to 141.6°E (Fig. 1), which will be called Kanto area in this paper.
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Figure 1

Map of the Kanto area, Japan, showing place names referred to in the text.
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3. Precursory sequence of seismic activity

Figure 2 shows epicenters of shallow focus (2 < 80 km) earthquakes of M > 5.8 in
the Kanto area during the period 1885-1982. This figure gives a general view of seismic
activity in the Kanto area, and is useful for understanding the background seismicity.
Sizes of circles in Fig. 2 indicate magnitudes of earthquakes, and the focal region of the
1923 Kanto earthquake is indicated approximately by the elliptical boundary. Figure 2¢
shows the epicenter (largest circle) of the Kanto earthquake and the distribution of
aftershocks that occurred within two years. Black circles represent epicenters of the
main shock and aftershocks within the first 6 days; hatched circles indicate the
epicenters of later earthquakes. In Fig. 2d, black circles indicate the epicenters of
earthquakes in the first half of the period, and hatched circles denote the epicenters of
earthquakes in the second half of the period. Figures 2¢ and 2d show that seismic
activity after the Kanto earthquake migrated toward the northeast from the focal region.

Figure 3 shows the annual number of earthquakes in the Kanto area vs. time for
1885—1982. Seismic activity in the Kanto area was relatively high before and after the
1923 Kanto earthquake, and the high activity after the Kanto earthquake lasted more
than 20 years. This persistent high activity after the Kanto earthquake is surely an
aftereffect of the Kanto earthquake, but may be distinguished from the aftershocks in a
narrow sense. Such activity may be called aftershocks in a broad sense.

The level of seismic activity during the most recent 30-year period may be regarded
as the background level. The average number of earthquakes per year was 0.67 for M >
6.0 and 1.23 for M > 5.8. In contrast, the average frequency over the period September
1927-August 1947, for instance, was 1.95 for earthquakes of M > 6.0 and 3.05 for
earthquakes of M = 5.8. Thus the activity in the Kanto area during the period
September 1927—-August 1947 was significantly high compared with the activity during
the recent 30-year period.

We now turn to seismic activity preceding the Kanto earthquake. Figure 3 shows
that there were two conspicuously high activity peaks: one in 1896 (marked A) and the
other in 1923 (marked B). The highest peak in 1923 is due to the Kanto earthquake and
its aftershocks. According to the Utsu catalog (1982b), the peak in 1896 was caused by
a M 1.5 earthquake and its aftershocks in the region off Ibaraki (location A in Fig. 2).
When these aftershocks are omitted, the peak in 1896 disappears.

To investigate seismic activity preceding the Kanto earthquake, the period
September 1906—August 1926 was divided into four equal time intervals, and epicentral
locations of M > 5.8 earthquakes during each time interval were plotted in Figs.
4a,b,c,d. Twelve earthquakes occurred in the Kanto area between September 1906 and
August 1911 (Fig. 4a), and twenty earthquakes between September 1911 and August
1916 (Fig. 4b). The average number of earthquakes per year is 2.4 and 4.0 respectively.
In comparison the average frequency for the most recent 30-year period is 1.2.

Only four earthquakes were located in the same area between September 1916 and
August 1921 (Fig. 4¢), giving an unusually low average frequency of 0.8 per year. Thus
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Spacial distribution of epicenters of M > 5.8 earthquakes in the Kanto area during six different periods. The
epicentral region of the 1923 Kanto earthquake is indicated approximately by the ellipse. The cluster
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Figure 3

A plot of annual number of earthquakes (M > 5.8) in the Kanto area, against time for the period 1885 to
1982.

the sequence of high and low activities preceding the Kanto earthquake appears to be
anomalous, and the period September 1916—August 1921 may be regarded as a
quiescent stage preceding the Kanto earthquake.

Figure 4d shows epicentral locations of earthquakes during the interval September
1921-August 1926. Black circles indicate epicenters of the main shock (largest circle)
and aftershocks. The six hatched circles denote epicenters of foreshocks. Earthquakes
that occur shortly before a main shock in the focal region are usually called foreshocks
in a narrow sense. Only one of the six earthquakes occurred in the area marked by the
elliptical boundary indicating the focal region of the 1923 Kanto earthquake (Fig. 4d).
However, the other five earthquakes may also be regarded as foreshocks in a broad
sense (see later section). KANAMORI (1981) calls this kind of earthquake a preshock.

So far we have investigated earthquakes in the area 34.4°N to 37.0°N and 138.5°E
to 141.6°E. In general, if an area selected is too large, any precursory sequence of
seismicity may be masked by background seismicity not associated with the 1923
Kanto earthquake. If the selected area is too small, the pattern of precursory activity
will be incomplete. To test the effect of area size, the analysis was repeated using the
smaller area BCDE shown in Fig. 4. The annual number of M > 5.8 earthquakes in the

marked A in (a) indicates epicenters of an M 7.5 earthquake and aftershocks in 1896. Hatched circles in (b)

indicate epicenters of the earthquakes within the latest 3 years before the Kanto earthquake. Black circles in

(c) represent epicenters of the Kanto earthquake (largest circle) and aftershocks within the first 6 days;

hatched circles indicate epicenters of later earthquakes. Black circles in (d) indicate epicenters of the

earthquakes in the first half of the period, and hatched circles denote those of earthquakes in the second half
of the period.
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853

Pre-quiescence seismic activity, quiescence, foreshocks and aftershocks for the Kanto earthquake. The
focal region of the Kanto earthquake is indicated approximately by the ellipse. Hatched circles in (d)
indicate earthquakes during the period February 1921-August 1923 before the mainshock.

Kanto area from 1904 to 1926 is split into two populations and plotted against time in
Fig. 5a. Black portions indicate the annual number of earthquakes in area BCDE, and
white portions denote the number of earthquakes outside the area BCDE. For both
choices of sample area, it can be seen that the 1923 Kanto earthquake was preceded by
a sequence of seismic activity, quiescence, and foreshocks.
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(a) Plot of annual number of earthquakes against time for the period 1904 to 1926. Five seismic episodes

can be distinguished: precursory seismic activity (2), quiescence (3), foreshocks @), mainshock () and

aftershocks @ (b) Plot of the low-pass filtered sea level data at Aburatsubo against time. The thick solid

curve indicates the result of low-pass filtering, and the thin curve with black circles is the result of using a
running average of 5 points.

4. Relation of precursory seismicity to premonitory slip

Figure 6 shows a plot of the annual mean sea level data (black circles) from a tide
gauge at Aburatsubo in the Miura Peninsula (data from COASTAL MOVEMENTS DATA
CENTER, 1976). Only data with fewer than 28 days missing observations per year are
plotted as black circles. White circles are fictitious points obtained by Lagrangian
interpolation. In general, the long-period change in sea level is due to crustal
deformation, while the short-period change is caused by an oceanographic effect
(TsuMuRA, 1971). The short-period components are regarded as noise here and are
eliminated by low-pass digital filtering. Before filtering, the 1.4 m coseismic offset in Fig.
6 associated with the 1923 Kanto earthquake was removed, and after filtering the offset
was restored. Solid smooth curves in Fig. 6b are the filtered data (30 year cutoff period
and 24 dB/octave attenuation slope).

Numerous authors (e.g., TSUMURA, 1971; KAKIMI ef al., 1977) have tried to
determine if the observed sea level change prior to the 1923 Kanto earthquake derived
from crustal deformation. TsuMura (1971) concluded that the short-period drop in sea
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Figure 6

Variation of annual mean sea level at Aburatsubo with time. Data with fewer than 28 days missing
observations per year are plotted as black circles. White circles are fictitious points obtained by Lagrangian
interpolation. Solid smooth curves in bottom figure are the filtered data.

level during the period 1920—1923 was not due to uplift of the land, but to changes in
oceanographic conditions such as motion of a cold water mass. He suggests, however,
that systematic deviation of the data points from an extrapolation of the linear upward
trend over about 10 years (Fig. 6) could be crustal deformation precusory to the 1923
Kanto earthquake (personal communication, 1980). KAkimi er al. (1977) made the
same suggestion.

The low-pass filtered sea level data are compared with the precursory sequence of
seismic activity in Fig. 5b. The thick solid line is the filtered sea level data (inverted),
and the thin solid line with black circles is the result of a simple running average of 5
points. The beginning of the anomalous subsidence corresponds to the peak of the
precursory seismic activity, marked A.
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5. A possible model

Although the Kanto earthquake was complex, as shown by ScHoLz and KATO
(1978), the mechanism of the Kanto earthquake may be approximated as a frictional
contact of an overlying plate with a descending siab (Fig. 7). In terms of plate tectonics,
the earthquake slip is due to rupture along the Sagami Trough, which is the boundary
between the Philippine Sea and Asia plates (KANAMORI and ANDO, 1973). During the
first part of the period before the mainshock, the fault between the plates is locked and
the edge of the overlying plate is dragged down together with the descending slab of
lithosphere. As a result, the land near the edge of overlying plate subsides. The constant
rate of subsidence prior to 1912 in Fig. 5b is consistent with this stage of the model. The
steady rate of slab descent would produce a steady increase of the average tectonic
stress Ty,.in the vicinity of the pla<ns1:XMLFault xmlns:ns1="http://cxf.apache.org/bindings/xformat"><ns1:faultstring xmlns:ns1="http://cxf.apache.org/bindings/xformat">java.lang.OutOfMemoryError: Java heap space</ns1:faultstring></ns1:XMLFault>