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Preface

This book has grown from my experiences teaching a second-year igneous petrology course at
Royal Holloway, University of London. At this intermediate level, one’s primary goal is to help
students to develop appropriate descriptive and interpretive techniques. An emphasis on skills
dictates a different order of priorities to those that one would embrace in writing a book on
petrogenesis. Faced with an intermediate rock of unknown provenance, a student should be
encouraged to describe objectively the rock that they see, and to infer what they can from this
information, rather than bend their analysis to fit a pre-conceived name, origin or tectonic asso-
ciation. The term ‘andesite’ should emerge from the student’s examination, on the basis of the
mineralogy they observe or the chemical data they are presented with, not because they happen
to know that the rock comes from Japan (useful hint though that might be). Therefore, as I see
it, the book that students need at this stage is one that can help them translate a set of observa-
tions (e.g. ‘a rock consisting of abundant plagioclase and hornblende phenocrysts set in a fine-
grained groundmass, mainly consisting of intermediate plagioclase + augite + opaques’) into an
informative, appropriate name (‘plagioclase-hornblende-phyric andesite’ — see Chapter 6). Inter-
mediate students also need guidance in interpreting textures and geochemical data intelligently
for themselves, in order to draw informed conclusions about magmatic processes. To support
this practical student-led emphasis, most chapters in the book are devoted to major rock families
(basalts, gabbroic rocks, granitic rocks, etc.); geotectonic environments are of course discussed,
but they do not determine the structure of the book as they might in a text emphasizing magma
genesis.

Once the nuts and bolts of igneous nomenclature have been introduced in Chapter 1, the
order of chapters reflects a logical journey from the simplest, most abundant, least fractionated
products of mantle melting (basalts, Chapter 2) and their plutonic equivalents (Chapters 4 and
5), through to more evolved magma types in Chapters 6 and 8. The final chapter examines the
alkali rocks, whose diversity and mineralogical complexity challenge even the most dedicated
student! Chapters 3 and 7 digress, at the points in the book where this is most pertinent, to
examine experimental petrology (an invaluable laboratory window on magma evolution) and
concepts of physical volcanology.

As to igneous nomenclature, I have aimed at what I hope is a judicious blend of traditional
petrographic practice and current International Union of Geological Sciences (IUGS) convention
(Le Maitre, 2002). The minerals observed in a rock are discussed here under four conceptual
headings: essential minerals, type minerals, accessory minerals and post-magmatic minerals.
‘Essential” and ‘accessory’ are familiar terms from traditional usage but assume slightly different
meanings in this book, as the table shows:
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Category of mineral (as  Traditional meaning Meaning adopted in this book Example
developed in Chapter 1)

Essential mineral (or A mineral ‘necessary to a A mineral whose presence is Calcic plagio-
‘consists essentially of’) rock’s classification or essential in determining the clase in basalt
nomenclature’’ appropriate root name
Type mineral - A non-essential mineral used as a  Olivine in
qualifier ‘olivine basalt’
Accessory mineral ‘A mineral occurring in Any magmatic mineral that is Magnetite in
small quantities in a rock immaterial to the choice of root basalt
whose presence does not name or qualifiers
affect diagnosis™
Post-magmatic mineral - A mineral filling voids Smectite in an
(‘hydrothermal’) or replacing altered basalt

igneous minerals (‘secondary’)

'AGI Glossary of Geology, 2™ edition 1960.
2Holmes (1928).

The term ‘type mineral’ merely makes explicit a concept that we understand implicitly when-
ever we speak of ‘olivine basalt’. It goes without saying that the same mineral may assume
essential status in one rock type (nepheline in nephelinite), act as a type mineral in another
(nepheline in alkali gabbro) or be present as an accessory in a third, according to abundance
and context. The notion of ‘post-magmatic mineral’ is introduced to emphasize that a real
igneous rock may in its current state contain minerals that never coexisted with the melt from
which it originally formed.

In writing rock definitions, I have stuck to one cardinal principle: the definition of a rock type
should be founded on purely descriptive criteria, free of genetic connotations. Accordingly the
adjective ‘volcanic’ has been omitted from the definition of basalt and ‘plutonic’ from that of
gabbro. Though this diverges from IUGS canon (Le Maitre, 2002, p 60") I believe the logic is
unassailable: a fine-grained sample from the chilled margin of a gabbroic intrusion, if found
unlabelled in a drawer, would objectively be called a basalt, whereas the coarse-grained basic
part of a thick komatiite lava would logically be called a gabbro (following, for example, Arndt
et al.,, 1977). In other words, it should not be necessary to know where a rock comes from, or
where it formed, in order to assign the appropriate name. To speak of a ‘fine-grained gabbro’
(MacKenzie et al., 1982, p12) is a logical contortion that ought to be queried by any intelligent
student. The principles adopted here happen to be similar to the nomenclature adopted by the
British Geological Survey (Gillespie and Styles, 1999).

The ‘practical’ in the book’s title highlights my aim to support students’ own work in the

petrology teaching lab or in research projects. Being a pragmatist, I have included outline optical
data to allow simple mineral identification without recourse to a separate mineralogy text,’ which
(experience suggests) many students are reluctant to buy today; this summary optical informa-
tion is given in Appendix A and in boxes at appropriate points in the body of the book. Appendix
B covers various petrographic calculations, including a simplified CIPW norm scheme as an aid
to understanding concepts like silica undersaturation. Appendix C summarizes the symbols and
units used throughout the book. Figures and tables appearing in explanatory boxes are identified
by numbers having three parts; so ‘Fig. 1.3.1” identifies the first (or only) figure of Box 1.3 (which
is of course the third box in Chapter 1). ‘Fig. B3’ refers the reader to Figure 3 in Appendix B.
A general glossary is also provided to enhance the book’s usefulness; terms defined in it are
highlighted in bold where first mentioned in a chapter or section, or where cross-referenced in
the glossary itself.
! Elsewhere, however (p3), the IUGS defines volcanic rock as ‘an igneous rock with an aphanitic texture, i.e. a rela-
tively fine-grained (<1 mm) rock ...". Rather than adopt this ambiguous usage, the term ‘volcanic’ is reserved in this
book for its traditional genetic meaning, describing an igneous rock crystallized from magma that erupted at (or very
close to) the surface.

2 See www.bgs.ac.uk/bgsrcs/.
3 The optical principles summarized in Appendix A are intended merely as a reminder, not as an introductory course.
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Chapter 1

An introduction to magmas and

magmatic rocks

WHY STUDY MAGMATIC ROCKS?

The purpose of this book is to stimulate the
reader’s interest in magmatic rocks and pro-
cesses, to develop key skills of describing,
classifying and naming such rocks, and to
show how much we can learn about igneous
processes from careful, informed interpreta-
tion of rock textures, mineralogy and geo-
chemistry. The book is aimed primarily at the
intermediate-level student of geology who
already has a basic knowledge of igneous
rocks, but anyone starting from scratch should
find that the opening chapter and relevant
boxes — together with the Glossary — provide
the minimum introduction they require. The
emphasis throughout the book will be on
practical investigation, mainly by means of
the polarizing microscope; basic mineral-
identification data have therefore been
included to provide — between one set of
covers — all that the student needs during a
typical igneous practical class.

The logical place to begin any ‘ig. pet.’
course is to ask what purpose the petrologist,
geologist or volcanologist hopes to accom-
plish in studying igneous rocks. Why do we
do it? What kinds of things do we hope to
learn? What answers are we trying to find?
Such questions should always engage the
mind of a petrologist who embarks on a
petrographic or geochemical study; petrologi-
cal science has moved on a long way from the
early days when merely describing an igneous
rock was an end in itself. In real life, a petrol-

Igneous Rocks and Processes: A Practical Guide,
1st edition. By Robin Gill. Published 2010 by
Blackwell Publishing

ogist may study a suite of igneous rocks with
one or more objectives in mind, including:

understanding eruptive processes;
assessing from previously erupted prod-
ucts the hazard presented by a volcano to
surrounding communities;

® investigating magma evolution in a sub-
volcanic magma chamber;

e documenting the structure and formation
of oceanic or continental crust;

e inferring past tectonic environments (e.g.
mid-ocean ridge, island arc) from the com-
positions of ancient igneous rocks;

e understanding the formation of economic
mineral deposits associated with igneous
rocks.

e establishing the absolute age of a succes-
sion of sedimentary and volcanic rocks
(igneous rocks being easier to date isotopi-
cally than sedimentary rocks);

¢ identifying the source from which a magma
has originated, and under what conditions
melting occurred (i.e. investigating ‘magma
genesis’);

¢ identifying from erupted magmatic rocks
the character and distribution of geochem-
ical domains in the underlying mantle, and
their evolution in time.

In every such investigation, there is likely to
be a role for carefully describing the igneous
rocks involved, but the ultimate goal is usually
to learn about magmatic processes, or the
conditions under which those processes
operate. That goal — of studying igneous rocks
to learn about process — will come up again
and again in this book, because understand-
ing what goes on in magmatic systems is the
modern petrologist’s principal aim in life.
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Igneous rocks can tell us not only about pro-
cesses taking place on the Earth’s surface at
the present time, but also:

e about processes that have taken place
earlier in Earth history, and

e about processes that operate in parts of
the Earth that are not directly accessible
to us, for example in a magma chamber
that originally lay S5km below an active
volcano (but whose contents — or erupted
products —are now exposed at the surface).

Today, anyone working with igneous rocks
has to apply a range of skills, including the
analysis of field relationships, hand-specimen
identification in the field, the description and
interpretation of thin sections, the allocation
of informative rock names, the quantitative
interpretation of rock and mineral analyses
(often including trace elements and isotope
ratios), and the interpretation of experimental
equilibria and phase diagrams. This book
provides a basic introduction to all but the
first of these practical and interpretive skills.
The book is not intended to take the place of
advanced texts dealing with theories of
igneous petrogenesis.

The remainder of this chapter is devoted to
introducing the basic vocabulary that will be
needed for a clear explanation of igneous
rocks.

WHAT IS ‘MAGMA?

Igneous rocks are those that form from molten
products of the Earth’s interior. Petrologists
use two words for molten rock. Magma' is the
more general term that embraces mixtures of
melt and any crystals that may be suspended
in it. A good example would be flowing
lava which contains crystals suspended in the
melt (Fig. 1.1): the term magma refers to the
entire assemblage, embracing both solid and
liquid states of matter present in the lava.
Melt, on the other hand, refers to the molten
state on its own, excluding any solid material
which might be suspended in or associated
with it. The difference becomes clearer if one
considers how one would chemically analyse
the distinct chemical compositions of the

! Terms printed in bold are defined (and in some cases
their etymology is explained) in the Glossary.

Fig. 1.1 Terminology used to designate the
different constituents of (a) a molten lava and
(b) the same lava in the solid state.

magma and melt, once the lava flow had solid-
ified (Fig. 1.1). The magma composition could
be estimated by crushing up a sample of the
solidified lava, including both phenocrysts
and groundmass (ensuring they are present in
representative proportions). Analysing the
melt composition, however, would require the
groundmass or glassy matrix — the solidified
equivalent of the melt between the pheno-
crysts — to be physically separated out and
analysed on its own.

In fact, ‘magma’ may be used in a still
broader sense. An ascending magma body, as
it approaches the surface, commonly contains
gas bubbles as well as phenocrysts bubbles
formed by gas that has escaped from the melt
due to the fall in pressure that accompames
ascent (see Box 1.4). The term ‘magma’ is
generally understood to embrace melt, crys-
tals and any gas bubbles present (Fig. 1.1).
Once erupted on the surface, on the other
hand, and having lost some of its gas content
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to the atmosphere, the molten material is
more appropriately called ‘lava’. Determining
a representative chemical analysis of the origi-
nal magma composition, including the gaseous
component, would however be difficult: as
the melt solidified and contracted on cooling,
the gaseous contents of the vesicles would
escape to the atmosphere (and they would in
any case be lost during crushing of the rock
prior to analysis). Determining the concentra-
tions of these volatile magma constituents —
from the solid rock that the magma eventually
becomes — therefore requires a different ana-
lytical approach that will be discussed later.

Magmas are originally formed by melting
deep within the Earth (Chapter 2). The initial
melting event most commonly takes place in
the mantle, though passage of hot magma
into or through the continental crust may
cause additional melting to occur there as
well, adding to the chemical and petrological
complexity of continental magmatic rocks. In
oceanic and continental areas, mantle-derived
magmas are liable to undergo cooling and
partial crystallization in storage reservoirs
(magma chambers) within the crust (Chapter
3), and such processes widen considerably the
diversity of magma compositions that eventu-
ally erupt at the surface.

THE DIVERSITY OF NATURAL MAGMA
COMPOSITIONS

What do we mean by magma (or rock)
composition?

The overall composition of an igneous rock
can be expressed in two alternative ways:

® as a quantitative geochemical analysis,
giving the percentage by mass of each of
the main chemical constituents (Box 1.1);

e as a list of the minerals present in the
rock as seen under a microscope, per-
haps including an estimate — qualitative
or quantitative - of their relative
proportions.

Though correlated, these two forms of analy-
sis are not entirely equivalent in the informa-
tion they convey. As a quantitative statement
of chemical composition that can be plotted
on graphs (e.g. Fig. 1.2) and used in calcula-
tions, a geochemical analysis provides the

more exact information. The bulk analysis
(also known as a whole-rock analysis) of a
volcanic rock approximates closely — except
for volatile components — to the composition
of the magma from which it formed, consid-
ered at a stage before it had begun to crystal-
lize. Careful analysis of geochemical data can
reveal a lot about the source of the melt
and the conditions (pressure, depth, extent
of melting) under which the melt originally
formed.

In some circumstances, however, other
forms of rock analysis are of more practical
use. Geochemical analyses, requiring elabo-
rate laboratory facilities, are not usually avail-
able at the field stage of an investigation, when
a geologist will normally find mineralogical
and textural observations on hand-specimens
a more practical way of characterizing, and
discriminating between, the different rock
types present in the area. Moreover, the occur-
rence in thin section of certain key indicator
minerals — such as quartz, olivine, nepheline,
aegirine—augite — provides immediate, key
clues about the melt’s chemical composition
without resorting to the expense of geochemi-
cal analysis. The mineralogy of an igneous
rock also provides information on post-
magmatic processes (weathering, hydro-
thermal alteration) that may have made its
chemical composition unrepresentative of
magma composition (Box 1.4).

The study of a rock’s mineralogical com-
position and texture — using a polarizing
microscope to examine a thin section — is the
science called petrography. A petrographic
analysis of an igneous rock can range from a
simple list of minerals seen (noting the tex-
tural relationships between them) to a full
quantitative analysis of their relative volumes
measured in a thin section. Qualitative petro-
graphic examination is the normal prelude to
geochemical analysis: it allows one to screen
a suite of samples to eliminate unrepresenta-
tive or unsuitable specimens, and thereby
avoid the expense of unnecessary chemical
analyses. But a petrographic examination tells
us a lot more about the rock than just its suit-
ability for geochemical analysis: careful study
of the rock’s texture provides much informa-
tion about the eruption and crystallization
history of the magma.

It follows that a geochemical analysis and
a petrographic (mineral-based) analysis give
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Box 1.1 Chemical analyses of rocks and minerals

Most igneous rocks and minerals, and the magmas from which they form, fall into the class of
chemical compounds called silicates — consisting of metals combined with silicon and oxygen.

The simplest way to visualize the chemical composition of complex silicate materials is as a mixture
of oxides: silicon dioxide (SiO, — also known as ‘silica’) is usually the most abundant oxide in igneous
rocks and minerals, and the oxides of titanium (TiO,), aluminium (AL, Os3), iron (Fe, both ferric Fe,O5
and ferrous FeO), manganese (MnO), magnesium (MgO), calcium (CaO), sodium (Na,O), potassium
(K,0O) and phosphorus (P,Os) are usually present in significant amounts as well. A typical silicate
analysis, giving the percentage by mass of each of these oxides (traditionally referred to — inappro-
priately — as a ‘weight percent’ analysis), is shown in the table below.* The advantage of reporting
an analysis in terms of oxide percentages is that it neatly introduces the right amount of oxygen into
the analysis without the need to analyse it directly. The elements listed, whose oxides are normally
found at levels greater than 0.1% by mass, are collectively referred to as the major elements.

Table 1.1.1 Analysis of a typical basalt.

Si0, 48.3
TiO, 2.591
AL O, 13.03
Fe,O; (ferric) 6.84
FeO (ferrous) 7.72
MnO 0.23
MgO 5.46
CaO 10.91
Na,O 2.34
K,O 0.51
P,O; 0.26
H,O* 1.41
CO, 0.49
Total 100.1

Note that iron may be shown in the analysis as both ferric (trivalent) and ferrous (divalent) forms;
the reason for doing so is that Fe’* and Fe** ions behave differently in melts and mineral crystals, as
explained in Box 2.6. Nonetheless, most modern analyses show only the total amount of iron oxide,
expressed either as LFeO’ or as ‘TFe, 03’ — the sigma symbol () denoting the summation; formulae
for such calculations are given in Box 2.6.

The last two items in the analysis (Table 1.1.1) record the mass percentages of the two main vola-
tile constituents of the rock (see Box 1.3). The analysis ends with a total percentage for all of the
oxides determined, a cross-check which, in a good analysis, will normally lie between 99.5% and
100.5%.

Numerous other chemical elements are present in magmas, rocks and minerals at concentrations
below 0.1%. These less abundant constituents are known as trace elements, and their concentrations
are expressed in parts per million by mass (‘ppm’ = ug g”' = microgrammes of element per gramme
of sample) or, in the case of the least abundant trace elements, in parts per billion (ppb =
ng g”' = nanogrammes of element per gramme of sample). In spite of their low concentrations, trace
elements provide important information about magma sources and conditions of formation.

Most rock analyses are prepared today either by inductively coupled plasma-atomic emission
spectrometry (‘ICP-AES’) or by X-ray fluorescence spectrometry (“XRFS’); both are capable of deter-
mining major elements and selected trace elements in igneous rocks. Details of these and other
methods — beyond the scope of this book — may be found in Gill (1997), which also describes the
sample preparation required prior to analysis.

* Analyses of some non-silicate minerals (oxide, carbonate, phosphate and sulphate minerals) may be presented
in the same way; SiO, will be a subordinate component in such cases.
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Fig. 1.2 Plot of total alkalis (Na,O + K,0) against SiO, (both in mass %) for a representative range of
terrestrial volcanic rock analyses (representing igneous melt compositions). Data from Wilson (1989) with
selected additions from Carmichael et al (1974) and Cox et al (1979). All data have been recalculated
volatile-free (see Box. 1.3), except in the case of those analyses from Wilson (1989) for which no volatile
data are given, which are assumed to have been volatile-corrected.

us complementary information about an
igneous rock, and neither alone provides a
complete understanding of the rock’s origin
and history.

How widely do natural magma
compositions vary?

Figure 1.2 shows a large number of geochemi-
cal analyses of volcanic rocks from various
geotectonic environments plotted in a varia-
tion diagram. The vertical dimension in this
diagram depicts the sum of the Na,O and
K,O contents (each, and their sum, expressed
in mass per cent [mass %; see footnote?], i.e.
grams of oxide per 100g of rock) for each
sample. The horizontal dimension shows the
corresponding SiO, content (also in mass %),
and each data point in the graph - that is,
each pair of Na,O+K,O and SiO, co-
ordinates — represents an individual rock
analysis. In such diagrams, the rock analysis
is taken to represent the original magma’s
composition. This particular plot is known as
a ‘total-alkalis versus silica’ (or “TAS’) diagram

% In this book, the term ‘mass percent’ is used in prefer-
ence to the traditional but less appropriate term ‘weight
percent’.

and it is widely used for the geochemical clas-
sification of volcanic rocks (see Fig. 1.4).

The main purpose of showing this diagram
here is to illustrate how widely natural silicate
magmas can vary in their composition: SiO,
contents range from 31% to 76 %, and total
alkali contents vary from 1% up to 15%.
(This range is solely for silicate magmas: if
natural carbonatite magmas were considered
as well, the compositional range would
become still greater.) This wide range of com-
position can be attributed primarily to four
contributions that play a part in magma
genesis:

e source composition and mineralogy (e.g.
whether crust or mantle);
depth of melting;
extent (%) of melting;

shallow magma-chamber fractionation
processes, such as fractional
crystallization.

The effects of these factors will be discussed
in later sections of the book. The important
conclusion to be drawn here is that natural
volcanic rock (and magma) compositions lie
scattered across a wide range of total alkali-
SiO, space, with no obvious internal breaks
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to divide up them into natural sub-groups. In
other words, Nature creates within the Earth
a continuum of potential magma composi-
tions, and any categories or subdivisions we
choose to erect (e.g. for the purpose of attach-
ing names) are essentially arbitrary and
man-made.

PARAMETERS USED TO CLASSIFY
IGNEOUS ROCKS

Unless igneous petrologists are to communi-
cate entirely in numbers, they need a consis-
tent nomenclature that allows this wide
compositional spectrum to be sub-divided
into smaller fields, to which specific rock
names can be applied, just as a state is divided
for administrative purposes into named coun-
ties and districts.

Modern igneous nomenclature rests on
three types of observation, each of which may
influence the name given to a rock:

® qualitative petrographic observations (e.g.
the presence or absence of quartz);

® quantitative petrographic data (e.g. the
percentage of quartz in the rock);

e chemical composition (e.g. position in a
TAS diagram - Fig. 1.4).

These can be illustrated further by consider-
ing three elementary ways in which we cate-
gorize igneous rocks.

Classification by qualitative criteria — grain size

Figure 1.3a shows how igneous rocks are
divided into coarse-, medium- and fine-grained
categories, based on a qualitative (or semi-
quantitative) estimate of the average grain-
size of the groundmass of the rock (N.B. not
on the size of any phenocrysts present). This
estimate may be based on hand-specimen
observation or, more reliably, on thin section
examination. According to the grain-size cat-
egory in which it falls (fine, medium or coarse),
a rock of basaltic mineralogy, for example,
would be called a basalt, a dolerite (UK) or
diabase (US),’ or a gabbro.

*The IUGS Subcommission on the systematics of
igneous rocks (Le Maitre, 2002) recommends the use of
microgabbro in place of dolerite or diabase.

Another example of a qualitative obser-
vation used in rock classification is the pres-
ence of quartz or nepheline in the rock,
indicating whether it is silica-oversaturated or
silica-undersaturated.

Classification by mineral proportions —
colour index

Familiar adjectives like ‘ultramafic’ and ‘leu-
cocratic’ refer to the relative proportions of
dark and light minerals in an igneous rock,
where ‘dark’ and ‘light’ relate to the appear-
ance of the minerals in hand-specimen, as indi-
cated on the left of Fig. 1.3b. Dark minerals
are known alternatively as mafic or ferromag-
nesian minerals; light minerals are also known
as felsic minerals. The percentage of dark min-
erals is known as the colour index of the rock.

Quantitative measurements of mineral pro-
portions in a thin section rely on a technique
known as point counting. This entails mount-
ing the thin section of interest in a special
device attached to the microscope stage,
which allows the slide to be advanced by
regular small increments in both x and y
directions by pressing relevant buttons. Start-
ing near to one corner of the slide, the opera-
tor identifies the mineral under the cross-wires
at each point as the thin section is stepped
systematically across the stage, recording the
number of ‘hits’ for each mineral present.
Having acquired several hundred data points
covering a significant area of the thin section,
the percentage of each mineral is easily calcu-
lated. As the percentages calculated are pro-
portional to the aggregate area of each
minerals on the slide surface, such methods
determine relative mineral proportions by
volume, not by mass. As most dark minerals
are significantly denser than the light miner-
als, this fact introduces a bias that must be
borne in mind if mineral proportions deter-
mined in this way are compared with geo-
chemical analyses (which are expressed in
percentages by mass).

Strictly interpreted, all of the descriptors
shown in Fig. 1.3b should be based on guan-
titative mineral proportions determined in
this way, which is a time-consuming exercise.
For most day-to-day purposes, however, the
terms may be applied on the basis of a quick
‘eyeball’ estimate of dark and light mineral
proportions.
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(a) Grain-size classification

Hand specimen
usage

Groundmass crystals
can be identified with
naked eye

Individual groundmass
crystals are too small to
identify with naked eye

Individual groundmass
crystals are too small
to see with the naked

eye (= aphanitic)

Glassy (hyaline)

Thin-section
usage

Coarse-grained

3 mm

1 mm

Fine-grained

NB Very fine-grained and
glassy rocks may (in hand
specimen) look anomalously
dark for their composition, or
even black.

NB ‘Fine-grained’ refers to the size of groundmass crystals, not phenocrysts.

(b)

Classes of mineral

Petrographic categories of igneous rock

Felsic
= light-coloured minerals

Quartz

Feldspars Plagioclase
Alkali feldspar

Feldspathoids

Muscovite

Colour index M (volume %)

Mafic = dark
= ferromagnesian minerals
Olivine
Pyroxenes Clino- Percentage of
Ortho- mafic minerals
= COLOUR
INDEX (M)

Amphibole
Biotite
Opaques

o

Hololeucocratic

Leucocratic =
Felsic

Melanocratic

Holomelanocratic Ultramafic

(c) Chemical classification of igneous rocks

Ultrabasic Basic e

40 45 50 52 55

rmediate

Acid / Acidic

1 1

60 63 65 70

Mass % of SiO, in rock

Fig. 1.3 Three simple ways in which igneous rocks may be categorized: (a) by grain size of the
groundmass. The boundary between medium-grained and coarse-grained has been placed at 3mm in
conformity with Le Maitre (2002); other conventions (e.g. Cox et al., 1988) have used 5mm; (b) by volume
proportions of light (felsic) and dark (mafic) minerals observed under the microscope; (c) by silica content
(requiring a chemical analysis). The boundary between intermediate and acid in (c) has been placed at
63% SiO, in conformity with Le Maitre (2002); previous conventions placed it at 65%. An analysis used to
determine whether a sample is ultrabasic, basic, intermediate or acid should first be recalculated to a

volatile-free basis (see Box 1.3).

It may help the reader to know the origins
of words like melanocratic and leucocratic:
they derive from the Greek roots melano-
(meaning ‘dark’ as in melanoma and melan-
choly), leuco- (meaning ‘light-coloured’ as in

leucocyte — the medical term for a white blood
cell), and -cratic (meaning ‘ruled by’, as in
democratic and autocratic). The term meso-
cratic — though self-contradictory (since a
rock cannot be dominated by something
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between dark and light minerals!) — is the
label applied to rocks having colour indices
in the range 35-65.

Classification by chemical composition — acidic
versus basic

The first classification of igneous rocks that
most students encounter is the one that divides
rocks into ultrabasic, basic, intermediate and
acid categories. This classification is based on
the SiO, content of the rock, as shown in Fig.
1.3¢ (based on values adopted by the Interna-
tional Union of Geological Sciences [IUGS]).
The SiO, content, the first parameter in the
geochemical analysis shown in Box 1.1,
cannot be known until the sample has under-
gone laboratory analysis, and herein lies the
main disadvantage of this classification: it
cannot be used to describe rocks as they are
being collected in the field or examined under
the microscope.

It is important to draw a clear distinction
between the silica content of a rock (which
usually lies between 40% and 75%) and the
quartz content (rarely more than 30%, and
often zero): silica (SiO,) is a chemical compo-
nent present in all silicate minerals, whereas
quartz (which has the same composition,
Si0,) is a mineral with a particular composi-
tion and crystal structure. Quartz represents
surplus SiO,, i.e. that left over after all the
other silicate minerals have captured their
share of the available silica in the melt.

The term ‘silicic’, a less precisely defined
term widely used in North America, is broadly
synonymous with ‘acid’.

DEVISING A BASIC PETROGRAPHIC
NOMENCLATURE FOR IGNEOUS ROCKS

The initial emphasis in this book will be on
rock nomenclature based on qualitative petro-
graphic observations, as these are most rele-
vant to undergraduate practical classes and
field work.

Most igneous rock names consist of a root
name (such as basalt, andesite, trachyte) pref-
aced by one or more qualifiers that highlight
any distinctive textural or compositional fea-
tures that the rock in question may possess
(e.g. olivine basalt, plagioclase-phyric andes-
ite, aphanitic trachyte).

What is a basalt?

A well known dictionary of petrology defines
‘basalt’ as follows:

According to modern usage, basalt is a
volcanic rock composed essentially of
labradorite, pyroxene and iron ore, with
or without interstitial glass or chlorite.*

This definition, though recognizably referring
to basalt, has a number of shortcomings that
are worth highlighting in the interests of
clarity:

1 As commonly understood, ‘volcanic’ is a
genetic term (implying eruption on the
Earth’s surface) that may, in a few cases,
be difficult to prove in the field. Though
most basalts are indeed products of surface
eruptions, petrologists prefer to base rock
nomenclature on descriptive criteria relat-
ing to the individual sample, independent
of field interpretation. In other words, it
should be possible to give an appropriate
name to an unlabelled rock sample pulled
out of a drawer, without knowing the
kind of body from which it was actually
collected. The key descriptive characteris-
tic that discriminates basalt from dolerite
and gabbro is that it is the fine-grained
member of this family. A fine-grained
basic rock forming the chilled contact of
a dyke (a hypabyssal rock), or even that
of a major intrusion (a plutonic rock),
qualifies as a basalt just as much as a basic
lava flow. The centre of a thick basic lava
flow may, on the other hand, be medium-
grained (qualifying as dolerite) or in
extreme cases even coarse-grained, in spite
of its undoubtedly volcanic origin.

2 ‘Pyroxene’ is not specific enough: the
pyroxene characteristic of basalt (and dol-
erite and gabbro) is high-Ca pyroxene,
usually the variety known as augite (Box
2.1). Basalts may contain low-Ca pyrox-
ene — enstatite — as well, but never without
high-Ca pyroxene. A precise definition
of basalt should therefore specify augite
(or high-Ca pyroxene) as the essential
pyroxene.

* Tomkeieff et al (1983).
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3 ‘Labradorite’ (Ans;—An-, — see Box 1.2),
on the other hand, is too restrictive. In
some terrestrial basalts and gabbros, pla-
gioclase cores fall within the more calcic
range of bytownite (Ans—Ang), and lunar
basalts even contain anorthite (Angy—
Anjo). Recognizing this wider range of
plagioclase compositions in natural
basalts, it is advisable simply to stipulate
‘calcic plagioclase’ (meaning any plagio-
clase whose anorthite content exceeds
50%) as the essential plagioclase in a
basalt.

4 “With or without interstitial glass ...” is
redundant in a concise definition.

5 Chlorite is a hydrous sheet silicate mineral
that never crystallizes directly from magma
and is never found in fresh igneous rocks.
Where it does occur in igneous rocks, it is
invariably as a secondary product of the
hydrothermal alteration of igneous miner-
als such as pyroxene, or as a constituent
of hydrothermal veins. As the product of
late-stage hydrothermal or low-grade met-
amorphic (i.e. post-magmatic) processes,
affecting some basalts but not others, it
has no place in the definition of an igneous
rock.

A more accurate and succinct petrographic
definition of ‘basalt’ is as follows:

Basalt is a fine-grained igneous rock con-
sisting of the essential minerals calcic
plagioclase and augite.

How does one determine under the micro-
scope whether a plagioclase is calcic or sodic?
A simple technique is described in Box 4.1,
but the practical details need not concern the
reader at this stage.

‘Essential’, ‘type’, ‘accessory’ and ‘post-
magmatic’ minerals

The above definition of a basalt rests on the
presence of two key minerals: high-Ca pyrox-
ene and calcic plagioclase. Any fine-grained
igneous rock containing these two minerals
qualifies to be known by the root name
‘basalt’.  However, petrologists routinely
divide basalts into sub-groups according to
other minerals they may contain. For instance,
the occurrence of olivine in a basalt, in addi-

tion to augite and calcic plagioclase, places a
basalt in the important sub-group called
‘olivine basalt’. Not all minerals present in a
rock are used in this way, however. For the
purpose of giving rocks simple, informative
names, it is helpful to consider the minerals
a rock contains under four conceptual
headings:

1 Essential minerals:those minerals whose
presence in the rock determines the root
name given to it. For example, the
dominance of calcic plagioclase and augite
in a coarse-grained rock leads unavoid-
ably to the root name ‘gabbro’. The
absence of either of these essential miner-
als would invalidate the name: had olivine
been present in place of augite, for
example, the rock would be called a troc-
tolite (Chapter 4).

2  Type minerals: minerals whose presence
does not affect the root name, but does
allow a rock type to be sub-divided by the
use of qualifiers. For example, an olivine
gabbro contains olivine in addition to
calcic plagioclase and augite. The minerals
selected to serve as type minerals usually
tell us something about the composition
of the rock: the presence of olivine, for
example, indicates that a gabbro is some-
what SiO,-deficient; the presence of
aegirine in a syenite indicates that it is
peralkaline.

3 Accessory minerals: minerals present in
a rock (often in minor amounts) that tell
us little about its key chemical charac-
teristics and therefore have little to
contribute to rock nomenclature. Exam-
ples are chromite, magnetite, apatite and
ilmenite.

4 Post-magmatic minerals: minerals that
formed after complete crystallization of
the magma:

e hydrothermal minerals filling veins
and other voids (e.g. zeolite)

e secondary minerals, replacing original
minerals (e.g. epidote).

As post-magmatic minerals are formed in

late hydrothermal rather than igneous

processes, they play no role in igneous

nomenclature but, because their forma-

tion may have been accompanied by sig-

nificant chemical changes, their presence

should always be noted.
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Box 1.2 Expressing the composition of a solid solution mineral

Olivine and plagioclase are two among many minerals that consist of solid solutions: any natural
olivine, for example, is a mixture — on the molecular scale — of two compounds, Mg,SiO, (forsterite,
often abbreviated to Fo) and Fe,SiO, (fayalite, abbreviation Fa).

Table 1.2.1 below shows a simplified olivine analysis, expressed in mass percentages of SiO,, FeO
and MgO (Box 1.1). A more concise way of stating the composition of a solid-solution mineral is
as percentages of its end-member molecules, in this case Mg,SiO, and Fe,SiO,4. To see how this is
done, it is helpful first to rewrite each formula in its alternative form, namely (MgO),(SiO,) and

Table 1.2.1 Calculating end-members for a simplified olivine analysis.

Simplified Oxide = Moles available Moles Moles Total moles Residuals
olivine RMM  per 100g of allocated to allocated to allocated
analysis, sample’ 2Fe0.5i0," 2MgO.Si0,
mass %*
Si0, 39.58 60.09 0.6588 0.1157 0.5414 0.6571 0.0017¢
FeO 16.63 71.85 0.2315 0.2315 0.2315 0.0000
MgO 43.66 40.32 1.0828 1.0828 1.0828 0.0000
Total 99.87 1.9731
Moles of X,SiO,: 0.1157 0.5414 0.6571
Molar % Fa and Fo: 17.61% 82.39% 100.00

*‘Oxide mass %’ can be visualized as grammes of each oxide per 100g of sample.

fEach number in column 1 divided by the corresponding RMM in column 2 gives moles per 100g of sample.

*If #n moles of FeO are available, they combine with 0.57 moles of SiO, to form 0.57 moles of fayalite.

$The small excess of SiO, (amounting to 1 part in 400 of available SiO,) may reflect analytical error or the fact that
small amounts of CaO and MnO present in the original analysis have been neglected in the simplified version shown

above.
# =100 * 0.1157 / 0.6571, etc.

It should be emphasized that a mineral that
has essential status in one rock may serve as
a type mineral in another, and as an accessory
mineral in a third.

Examples of the essential minerals that
define the common volcanic rock types are
given in Table 1.1, together with the main
type minerals upon which qualifiers may be
based. This table is a simplification of the
quantitative nomenclature spelled out in Le
Maitre (2002). It is more common today, if a
major element analysis is available, to derive
a fine-grained rock’s root name from its
chemical composition plotted in Fig. 1.4,
rather than from petrographic criteria. Since
Fig. 1.4 has been based on a large compilation
of petrographically well characterized volca-
nic rocks (Le Maitre, 2002), there is generally
a good correlation between petrographic and
chemical nomenclature.

A reader trying to memorize root names
and their definitions can easily reduce each

definition in Table 1.1 to a simple code. For
example, nephelinite could be represented as
‘cpx+ne’. The coarse-grained equivalent (e.g.
jjolite, Table 9.3) could be specified by writing
the same code in capitals.

Devising a full petrographic name

This hierarchy of minerals forms the basis for
giving petrographic names to all igneous
rocks. It provides for informative names such
as olivine gabbro, hornblende andesite and
muscovite biotite microgranite; in each of
these compound names, a root name is pref-
aced by one or more qualifiers. The most
important qualifiers indicate the type minerals
present (which often provide clues about
magma composition). A petrographic rock
name has the general form:

(type mineral 3) (type mineral 2) (type
mineral 1) ... root name
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(FeO),(Si0,). Doing so makes clear that one molecule of forsterite (Mg,SiO,), for example, is made
by combining #zvo molecules of MgO with one molecule of SiO,. Such calculations become easier
when the original analysis is expressed in numbers that reflect how many molecules (or moles) of
each end-member are present, rather than how many grammes.

This transformation is accomplished by dividing each oxide percentage (mass % = g of oxide per
100g of olivine) in column 1 by the relevant relative molecular mass (‘RMM’ in column 2). The
result, in column 3, shows the number of moles of each oxide per 100g of olivine. The 0.2315 moles
of FeO can then be combined with 0.2315 + 2 = 0.1157 moles of SiO, to produce 0.1157 moles of
(FeO),Si0, (see table). Likewise 1.0828 moles of MgO can be combined with 1.0828 + 2 = 0.5414
moles of SiO, to produce 0.5414 moles of (MgO),SiO,. Dividing each of these numbers by their
sum (0.6571) and multiplying by 100 gives the molar percentage of each end-member in this sample
of olivine. The result shown in the Table can be written in the short-hand form Fog,, the most concise
way of expressing any olivine’s composition.

Similar calculations allow plagioclase compositions to be expressed in terms of the molar percent-
age of the anorthite molecule (e.g. Anss for a plagioclase with 56 mole % of An and 44% Ab). The
following names are widely used for specific ranges of composition:

anorthite An;p—Ang, (also refers to the pure end-member CaAl,Si,Oy)
bytownite Angy—An5,

labradorite  An;—Ans,

andesine Ansy—Anj,

oligoclase An;o—Any,

albite An;o—An, (also refers to the pure end-member NaAlSi;Oy).

Solid solution in pyroxenes is more complex, so representing the composition of a pyroxene requires
three compositional end-members: Mg,Si,O, Fe,Si,O4 and Ca,Si,O; (as explained in Box 2.1). The
presence of small amounts of Al,O; and TiO, in most natural pyroxenes complicates matters a little,
but for present purposes this can be ignored. Garnet compositions are still more complex and require
six end-members (Box 5.2). Such ‘formula calculations’ are explained in more detail in Gill (1996,

Chapter 8).

Note the convention (see Le Maitre, 2002)
that, if several type minerals are listed in a
rock name, the most abundant of them is
listed last (i.e. closest to the root name). So a
granite containing more biotite than musco-
vite would be called a muscovite biotite
granite, not a biotite muscovite granite. The
logic behind this convention is that muscovite
serves here as a minor qualifier, indicating
what kind of biotite granite we are dealing
with.

The decision as to which minerals should
be highlighted as type minerals is a matter of
petrological judgement; experience, together
with Table 1.1, will suggest which minerals
have compositional significance in each case.
One rule applies in all circumstances: no
mineral that has the status of an essential
mineral in a particular rock (one indispens-
able in determining the root name) can also

feature as a type mineral. It would be a tautol-
ogy to speak of an augite basalt, for instance,
since the presence of augite is required by the
root name basalt anyway, and needs no
further emphasis.

Nonetheless, in dealing with an andesite,
where the mafic mineral may be augite,
low-Ca pyroxene, hornblende and/or biotite
(Table 1.1), it would be appropriate to specify
augite as a type mineral: whereas hornblende
and biotite are characteristic of more evolved,
lower-T, hydrous examples of andesite
magma, the name augite andesite signifies
that we are dealing with a relatively primitive,
high-T or anhydrous andesite magma.

Appending type minerals to a rock name
gives useful qualitative information (beyond
what is available from the root name alone)
about the chemical composition of the magma
from which a rock crystallized, as will become
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Table 1.1

Root names and essential minerals for the petrographic identification of the principal fine-

grained igneous rocks. Where percentages are specified, these are estimates of volume % that may be
based on qualitative visual assessment of a thin section. A number of minerals mentioned below may
be unfamiliar at this stage (e.g. feldspathoid): they are introduced in later chapters. LCP, low-Ca

pyroxene, including enstatite and pigeonite (see Box 2.1); plag, plagioclase; calcic plag, Anso_i0; sodic
plag, Ang_so; foid, feldspathoid.

Root name Essential minerals required Possible type minerals
basalt augite + calcic plag olivine, LCP (— tholeiitic basalt'),
minor nepheline (+ olivine — alkali basalt')
basanite augite + calcic plag + foid (>10%) + olivine  nepheline, leucite or analcite (according to the
(>10%) dominant foid)
tephrite augite + calcic plag + foid (>10%) nepheline, leucite or analcite (according to the
(olivine < 10%) dominant foid)
nephelinite  augite + nepheline olivine, melilite
leucitite augite + leucite olivine, melilite
trachybasalt  Calcic plag + augite + alkali feldspar or foid
andesite sodic plag® + a mafic mineral (pyroxene or pyroxene, hornblende or biotite (according to the
hornblende or biotite) dominant mafic mineral present)
latite sodic plag + alkali feldspar quartz (<20%)
trachyte alkali feldspar® = sodic plag quartz (<20%), foid (<10%), aegirine-augite, biotite
phonolite alkali feldspar® = sodic plag + foid (>10%) aegirine, riebeckite, biotite;
It is also normal to specify the dominant foid if not
nepheline, e.g. ‘leucite phonolite’
dacite sodic plag* + alkali feldspar + quartz (>20%) hornblende, biotite
rhyolite’ alkali feldspar® = sodic plag + quartz (>20%) biotite, aegirine

"These types of basalt are usually distinguished according to chemical (rather than mineralogical) criteria. The concepts are
explained in Chapter 2 (Box 2.4).
2Plagioclase phenocrysts, abundant in most andesites, are commonly zoned with calcic cores; the mean feldspar composition is

however An <50.

? Alkali feldspar exceeds plagioclase
4Plagioclase exceeds alkali feldspar.
SRhyolites commonly have a glassy groundmass.

apparent in later chapters. Type minerals
provide one way for the petrologist to dis-
criminate between otherwise similar rock
types. The same is true of various other kinds
of qualifier that may prove useful in specific

circumstances, telling us about eruptive pro-

cesses and crystallization history:

e It may be relevant to highlight textural

features in a rock name if, for instance,
differences in texture serve to discrimi-
nate between two sub-groups: similarities
in eruption conditions or crystalli-
zation history may be shared by repre-
sentatives of one batch of magma, but
differ from those experienced by a second

batch.

Textural qualifiers such as vesicular,

porphyritic (though see below), seriate,
spherulitic, welded, ophitic and poikilitic
provide key information about small-scale
magma processes or conditions of
crystallization.

The identity of the phenocrysts present in
a rock may be spelled out by prefacing
the rock name with, say, olivine-phyric (if
phenocrysts consist of olivine alone) or
olivine—augite—phyric (if olivine and augite
phenocrysts are present). An andesite
containing plagioclase phenocrysts and
hornblende in the groundmass would be
referred to as a plagioclase-phyric horn-
blende andesite. Notice here that, although
the mere presence of plagioclase is spelt
out by the root name andesite, the fact
that plagioclase occurs as phenocrysts
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Fig. 1.4 TAS grid showing the fields for common rocks types designated by the IUGS Subcommission on
the Systematics of Igneous Rocks (Le Maitre, 2002).* All analyses require correction for volatile content

(Box 1.3) prior to plotting in this diagram.

* The symbol ‘ol refers to normative olivine content (explained in Box 2.4). Rock compositions falling in the trachyte
field may be given the name trachydacite if quartz amounts to more than 20% of the normative felsic minerals as a
whole (quartz + feldspars). Such details need not concern the reader of Chapter 1.

needs emphasizing by means of the prefix
‘plagioclase-phyric’.

e As Fig. 1.1 shows, the identity of the phe-
nocrysts in a volcanic rock tells us which
minerals had begun to crystallize prior to
eruption (e.g. in a sub-volcanic magma
chamber).

e Petrologists also use a variety of chemical
qualifiers (e.g. low-K, high-K, peralkaline,
peraluminous) to refine particular rock
names. Such chemical parameters will be
described in the following section.

CHEMICAL SUBDIVISION OF IGNEOUS
ROCKS AND MAGMAS

There are certain circumstances in which
petrographic nomenclature based on the
polarizing microscope cannot work on its

own. One example is where a rock contains
a significant amount of glass. Most submarine
basalts, for instance, consist of small amounts
of olivine and plagioclase crystals (augite
crystals are rarely seen) set in a glassy matrix.
Volcanic glass represents melt that, for a
variety of reasons (e.g. rapid chilling), has had
insufficient time to crystallize. Consequently,
a portion of the chemical components that
would (under different conditions) have crys-
tallized into recognizable mineral crystals —
upon which a petrographic name could have
been based — is held back in a glass phase
whose composition cannot be determined
under the microscope. For such a rock, or one
whose groundmass crystals are too fine-
grained to identify under the microscope, the
rock name must be allocated on the basis of
a geochemical analysis.
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Not surprisingly, the mineralogical compo-
sition of a rock — on which petrographic rock
nomenclature is based — correlates strongly
with its chemical composition. One can there-
fore map the divisions between the petro-
graphic rock types discussed above (and
shown in Table 1.1) on to appropriate major
element variation diagrams, and use these as
an alternative basis for allocating root names.
Figure 1.4 shows a TAS diagram upon which
a grid of fields and boundaries has been con-
structed, according to the recommendations
of the International Union of Geological Sci-
ences (Le Maitre, 2002). The boundaries are
drawn empirically so that they fit as closely
as possible the distribution on this diagram of
a large suite of petrographically identified
rock samples (see Le Maitre, 1976). In plot-
ting analyses on this diagram, it is important

to ensure that they have been recalculated in
volatile-free form to eliminate as far as pos-
sible any distorting effects due to alteration
or weathering (Box 1.3).

Two reservations need to be made clear.
The first is that the correlation between min-
eralogy and chemical composition is not
perfect, and therefore a root name devised
from Fig. 1.4 for a crystalline rock may in a
few cases differ from its petrographic name.
For this reason a rock name should be based
on petrographic criteria where this is possible.
The other reservation is that the alkali metals
Na and K are among the most mobile ele-
ments in post-magmatic hydrothermal pro-
cesses, and therefore their concentrations may
change in such alteration processes (Box 1.4).
This limits the reliability of Fig. 1.4 when
applied to altered volcanic rocks, even when

16
14 4
phonolite
12 4~ . alkali
foidite tephri- trachyte rhyolite
i phonolite
X 10 4+
" phono- (trachydacite
é | tephrite trachy- if > 20%)
= andesite | Y4
o, &t tephrite —_—
N; (ol < 10%) basaltic ) /
+ i basanite trachy- subalkali
aN . (ol > 10%) andesite / rhyolite
T trachy-
zZ
| basalt /
alkalii. A AY
4+ pasalt®
basaltic | andesite dacite
i - andesite
picro-
PR basalt A
P / subalkali
X basalt
0+ —— e L B
30 40 50 60 70 80

SiO, / mass %

Fig. 1.5 TAS plot showing the division between subalkali and alkali series of volcanic rocks: the line
X-Y shows the dividing line of Macdonald and Katsura (1964) for Hawaiian basalts, and the curve X-Z
shows the dividing line of Miyashiro (1978) for a wider range of volcanic rocks. Basalts lying close to
these boundaries are often called transitional basalts. The Fig. also shows the compilation of volcanic
rocks depicted in Fig. 1.2: open symbols represent analyses of subalkali affinity, filled ones those of
alkali affinity. Analyses require correction for volatile content (Box 1.3) prior to plotting in this diagram.
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analyses have been recalculated volatile-free
(Box 1.3).

This chemical approach is not used for
naming coarse-grained rocks: there is no need
to do so, as the essential and type minerals
are usually present in large enough crystals to

be readily identified under the microscope,
or even in hand-specimen (Table 8.1). One
should note that the mechanical sorting and
selective accumulation of different types of
crystals that may occur during slow crystal-
lization (leading to the formation of cumulate

Box 1.3 Why recalculate volcanic rock analyses to eliminate volatiles?

Though igneous melts contain significant amounts of primary H,O, CO,, SO, and other dissolved
gases at depth, these volatile constituents are effectively lost into the atmospheric-pressure surface
environment on eruption. The contents of H,O and other volatiles we measure in natural volcanic
rocks are mostly due to the presence of hydrous minerals resulting from incipient hydrothermal
alteration or weathering: they reflect post-magmatic changes in the mineralogy of the rock rather
than original magma chemistry.

For the reasons discussed in Box 1.4, every effort should be made in the field to collect only the
freshest material available for geochemical investigations, but in a representative collection of vol-
canic rocks some samples will unavoidably be more altered than others. In an analysis totalling
100%, the introduction of secondary volatiles depresses the concentrations of other constituents
(Fig. 1.3.1), and it follows that some apparent differences between individual samples may arise
simply from differences in the degree of alteration. Therefore, although a major element analysis
should always include an estimate of total volatile content (e.g. a ‘loss-on-ignition’ determination)
as a means of monitoring alteration, it is normal practice to recalculate analyses into a volatile-free
form before plotting geochemical data for volcanic rocks. This is done by multiplying each element
or oxide concentration by the factor:

analysis total %

analysis total % — volatiles %

The reasoning behind this calculation is outlined in Fig. 1.3.1.
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Fig. 1.3.1 Why rock analyses are re-calculated volatile-free before plotting.
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rocks as discussed in Box 1.4) means that
the chemical composition of a plutonic rock
depends on the proportions of minerals that
happen to have accumulated within it, and
may be only indirectly related to the com-
position of the magma from which they
crystallized.

Geochemical qualifiers

Figure 1.4 shows how a volcanic rock’s geo-
chemical composition can be used to allocate
a root name (where a petrographic name
would be difficult to determine). Rock geo-
chemistry also provides a number of qualifiers
that allow us to subdivide those rock types
that embrace magmas from a number of
sources. Basalts have for many years been

divided into alkali and subalkali sub-groups.
Various criteria have been devised for doing
this; the simplest are shown in Fig. 1.5. The
line XY shows the boundary drawn by Mac-
donald and Katsura (1964) to divide the sub-
alkali basalts that form the bulk of Hawai'i
(including shield volcanoes such as Kilauea)
from the alkali basalts that have erupted at
later stages of volcano development. To show
how this can be applied, the analyses repre-
sented in Fig. 1.2 have been reproduced here,
with the basalts symbolized in a manner
reflecting whether they are alkali or subalkali
basalts in the Macdonald and Katsura
classification.

Petrologists have recognized for a long time
that subalkali basalts tend to fractionate
(evolve) towards low-alkali evolved melts

Box 1.4 Does an igneous rock analysis represent a magma composition?

In the quest to discover the origins of magmas and the conditions under which they form, extensive
use is made of major element, trace element and isotopic analyses of volcanic rocks. The key assump-
tion in doing so is that such analyses accurately represent the chemical compositions of the magmas
from which the volcanic rocks crystallized. How widely can this assumption be justified, and what
factors limit its application?

Degassing and volatile release

Magma confined at depth in the Earth contains gases dissolved in the melt. As load pressure is relieved
during ascent toward the surface, this gas content will progressively come out of solution to form
separate bubbles of gas (often apparent as vesicles in erupted lavas), which may escape from the magma
into the atmosphere (Fig. 2.7). Such ‘degassing’ is common in all magmas held in shallow magma
chambers or erupted on the surface. It follows that the volatile content measured in a fresh volcanic
rock sample will generally be less than the true content originally dissolved in the melt at depth.
How can we determine the true pre-eruption ‘magmatic’ volatile contents of erupted volcanic
rocks? One approach is to analyse the volatile content of minute glass inclusions (generally referred
to loosely — even though no longer molten — as ‘melt inclusions’ because they represent trapped melt)
within individual phenocrysts, as illustrated in Plate 6.11. The tensile strength of the surrounding
crystal effectively ‘armours’ the melt inclusion against rupture and gas escape as the host magma
ascends towards the surface; micro-analysis of the ‘trapped’ volatile content of these glass inclusions
provides the best available measure of that of the undegassed melt (see for example Hammer, 2006).

Hydrothermal alteration and low-grade metamorphism

Anhydrous minerals formed at melt temperatures such as olivine and plagioclase, if exposed to
hydrous fluids at lower temperatures during cooling (for example, when fluids circulate through a
thick volcanic succession), are prone to react and recrystallize into hydrous secondary minerals such
as smectite, serpentine, chlorite and epidote. The analysis of a volcanic rock that has undergone such
alteration or low-grade metamorphic reactions will therefore show elevated contents of H,O and
other volatile species, introduced by these post-magmatic reactions, that bear no relation to the
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such as dacite and rhyolite, whereas alkali
basalts fractionate toward more alkali-rich
evolved melts such as trachyte or phonolite. It
is therefore appropriate not only to divide
basalts into alkali and subalkali classes, but to
apply the same distinction to their respective
families of residual melts as well. The curve
XZ represents the dividing line introduced by
Miyashiro (1978) for this purpose, and the
more evolved melt compositions shown in
Fig. 1.5 have also been symbolized according
to which side of this line they lie on.

The broad division of Fig. 1.5 into alkali
and subalkali fields, more or less according
to Miyashiro’s line, is not just an artefact
of nomenclature but reflects a profound

curve XZ lies close to the IUGS dividing lines
between basaltic trachyandesite and basaltic
andesite, between trachyandesite and andes-
ite, and between trachyte and dacite. The
curve also serves to divide the large field of
rhyolite into subalkali and alkali varieties,
which are characteristic of different tectonic
environments.

A related diagram that is widely used to
subdivide subduction-related volcanic rocks is
shown in Fig. 1.6. In many island arcs, the
potassium content of volcanic rocks increases
in a systematic manner with distance of the
eruption site from the trench or, more accu-
rately, with the depth of the subduction zone
below the point of eruption. Nomenclature

petrological

needed that reflects
therefore

distinction, as explained in is
Chapter 9. It is therefore no accident that the and

original volatile content of the magma. Allowance can be made for this secondary volatile content
(see Box 1.3) but it is much harder to correct for any changes in the contents of relatively soluble
non-volatile elements such as Na,O, K,O and CaO that may also have accompanied these reactions.
For this reason geochemical work needs to be based on unaltered samples that show negligible
amounts of such post-magmatic minerals under the microscope.

Crystal accumulation

In deep-seated magma chambers where the cooling rate is slow, crystals may sink or float in the
melt according to their density and crystal size, and may then form deposits in which one mineral
(or more than one) is selectively concentrated at particular horizons. Alternatively, one type of crystal
may nucleate more efficiently on the chamber floor and walls than other minerals and thereby become
selectively concentrated there. The possibility of such selective accumulation processes, operating on
various scales, means that the composition of a plutonic rock hand-specimen will not accurately
record the melt composition from which it crystallized. Moreover, accumulations of early crystals
will generally have higher Mg/Fe (in the case of ferromagnesian minerals) or higher Ca/Na (in pla-
gioclase) than the melt from which they separated (see Fig. 3.4).

Though crystal accumulation processes exhibit their most dramatic effects in large layered intru-
sions (Chapter 4), they are also known to occur in minor intrusions and even in thick lava flows
(Chapter 2). Whereas in volcanic rocks the minerals that form can be seen as dictated by magma
chemistry, in plutonic rocks where crystal sorting may have occurred the converse applies: the whole-
rock chemical composition is in part a consequence of the minerals present and the proportions in
which they happen to be combined.

Xenocrysts and xenoliths

Many igneous rocks contain foreign material in the form of xenoliths (Plate 5.3), torn from conduit
walls during magma ascent, or present in a disaggregated state as individual xenocrysts. A bulk
chemical analysis of the host rock will not faithfully represent the composition of the host magma
if such exotic matter has not been carefully picked out during sample preparation. Even when
obvious foreign bodies have been removed, the analysis may be distorted by chemical exchange
between magma and xenoliths, especially in the case of slowly cooled plutonic host rocks.

these variations,
subduction-related basalts,
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Fig. 1.6 K,O versus SiO, diagram showing the
boundaries used to subdivide subduction-related
volcanic rocks. Analyses require correction for
volatile content (Box 1.3) prior to plotting in this
diagram. Boundaries shown are those defined by
Le Maitre (2002), except for the one separating
the shoshonite association which is from
Peccerillo and Taylor (1976).

andesites and dacites are commonly allocated
to low-K, medium-K or high-K magma series
as defined in Fig. 1.6. Such divisions are not
however applied to within-plate or construc-
tive-margin volcanic rocks.

There are other examples of using geo-
chemical qualifiers to refine rock nomencla-
ture that will be discussed in later chapters
(see for example Figs. 6.8b,c, 8.14, 8.19,
9.8.1 and 9.24).

REVIEW

Learning to study igneous rocks has much in
common with learning a new language;
success in both pursuits involves three
essentials:

e vocabulary —learning a host of new words,
both nouns (rock names) and adjectives
(textural, mineralogical and geochemical
qualifiers);

e grammar — learning the rules, conventions
and structure (e.g. Le Maitre, 2002) upon
which precise description relies;

e lots of practice, through which the learner
gradually gains confidence and fluency
(see exercises below).

This first chapter has introduced the basic
syntax upon which the petrographic ‘lan-
guage’ of igneous rock nomenclature is based.
We have noted that the range of natural
magma compositions represented by analyses
of volcanic rocks from various settings is
essentially a continuum. When straight lines
are drawn on a diagram like Fig. 1.4 to define
the domain of each rock name, we need to
remember that — like fences on a prairie —
their position is arbitrary, being determined
by convenience and convention and not by
any fundamental breaks in magma composi-
tion. Just as fences may be moved (and as
words change their meaning with time), so
petrological boundaries may shift as the
details of nomenclature are refined in the light
of new research. As an example, the boundar-
ies shown in Fig. 1.6 have slightly different
positions according to which paper you look
at. This simply emphasizes the arbitrary
nature of the boundaries in Fig. 1.4 rather
than diminishing their validity.

On the other hand, the broad division
of basalts and their diverse fractionation
products in Fig. 1.5. into alkali and subalkali
domains represents a fundamental petro-
logical boundary that dictates the course of
melt evolution, as discussed in detail in
Chapter 9.

Adjectives like ‘fine-grained’, ‘melano-
cratic’ and ‘ultrabasic’ draw on a variety of
qualitative and quantitative observations
about a rock.

To clarify the underlying principles of
igneous nomenclature, the minerals present in
an igneous rock are segregated (in this book)
into four conceptual categories: essential min-
erals (determining the rock’s root name as in
Table 1.1), type minerals, accessory minerals
and post-magmatic minerals. This formula-
tion is merely one way of codifying, or putting
into explicit terms, an approach that all
petrologists implicitly use in devising rock-
names for igneous rocks.

EXERCISES

1.1 A thin section of an igneous rock con-
tains phenocrysts ranging in size from
2-6mm, and a groundmass consisting
of crystals less than 0.05mm in size.

Should this rock be described as fine-,

medium- or coarse-grained?
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1.2

1.3

A coarse-grained rock sample consists
of 40% augite (SiO, 51.3%), 55%
enstatite (Si0, 50.9%) and 5% plagio-
clase (SiO, 55.1%). Which of the
following adjectives can be applied
to this rock, and why? (a) ultrabasic,
(b) ultramafic, (¢) melanocratic, (d)
holomelanocratic?

Determine appropriate rock names for
volcanic rocks having the following
compositions (given in volatile-free
form):

A B C
Si0, 48.30 56.29 55.59
TiO, 1.94 0.95 0.54

ALO; 14.32 16.97 18.44
YFe,O; 10.45 8.09 8.09
MnO 0.15 0.13 0.27
MgO 10.00 3.83 0.57

CaO 9.50 8.02 2.64
Na,O 3.20 2.52 7.96
K,O 1.05 2.80 5.57

P,O; 0.39 0.40 0.33

1.4 Using Table 1.1, work out appropriate

rock names (root names, with qualifiers

as required) for fine-grained igneous

rocks consisting of the following
minerals:

(i) alkali feldspar + minor sodic pla-
gioclase + minor biotite;

(i) calcic plag + augite + nepheline
(>10%);

(iii) calcic plag + alkali feldspar (in
nearly equal amounts) + minor
quartz;

(iv) nepheline + augite + minor olivine;

(v) sodic plag + hornblende (without
quartz).



Chapter 2

Basalts and related rocks

Basalts are erupted in a wide variety of tec-
tonic environments on Earth (e.g. mid-ocean
ridges, island arcs, back-arc basins, intra-
plate oceanic islands, large igneous provinces
and intra-continental rifts), and collectively
they are found on the Earth’s surface in
greater volume than any other volcanic rock
type. Basalts also occur on other terrestrial
planets and the Moon and constitute an
important class of meteorites (basaltic achon-
drites). Terrestrial basalt magmas are the
products of melting in the Earth’s mantle, and
therefore their geochemistry, and the inclu-
sions they sometimes contain, can tell us a
great deal about the composition and miner-
alogy of the upper mantle and — many petrol-
ogists would argue — may provide information
about the composition of the lower mantle
too. Basalt magmas are parental to most of
the more evolved magma types involved in
continental and oceanic igneous activity, that
develop through fractional crystallization in
the crust (Chapter 3). In view of their parental

role, and also because of their abundance and
relatlvely simple mineralogy, basalts provide
the most logical starting point for a systematic
study of igneous rocks.

THE NOMENCLATURE AND MINERALOGY
OF BASALTIC ROCKS

Definition

The simplest definition of a basalt is:

Basalt: a fine-grained,! mafic igneous rock
consisting essentially of augite + calcic
plagioclase.

Augite is a variety of high-Ca pyroxene
(Box 2.1). “‘Calcic plagioclase’ refers to plagio-
clase crystals containing more anorthite
(CaAl;Si,0y) than albite (NaAlSi;Og) in molar
terms (represented in symbolic form as Ans,—
Anyg). How the composition of plagioclase
may be determined under the polarizing
microscope is explained in Box 4.1. The min-
eralogy of basalts is summarized in Table 2.1:

Table 2.1 Summary mineralogy of basalts. The optical properties of relevant minerals are summarized

in Appendix A (Box A1l).

Essential minerals augite

calcic plagioclase (An > 50 mol %)

Type minerals * low-Ca pyroxene (enstatite or pigeonite — see Box 2.1);

e olivine (see Box 2.2);

e nepheline (or other feldspathoid).
NB Low-Ca pyroxene and feldspathoid never coexist in basalts (see Box 2.4).

Common accessory minerals ¢ oxide minerals such as chromite, titanomagnetite or ilmenite (often reported
simply as ‘opaques’ as they are not distinguishable in transmitted light);
e apatite.
Common secondary (alteration e serpentine or iddingsite replacing olivine (see Box 2.2);
or low-grade metamorphic*) ® smectite replacing various minerals or glass;
minerals e chlorite” or uralite replacing pyroxene;
e sericite or epidote replacing plagioclase.

*See text.

Igneous Rocks and Processes: A Practical Guide,
1st edition. By Robin Gill. Published 2010 by
Blackwell Publishing

! A basalt need not always be a volcanic rock (in the
sense of one erupted at the surface).
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Many basalts are too fine-grained to permit
confident microscopic identification of every
mineral present, and may indeed have a glassy
matrix from which one or more latent miner-
als have failed to crystallize. The mineral-
based definition of ‘basalt’ given above is not
easily applied to such rocks. Figure 2.1 shows
an alternative — graphical — definition based
on chemical composition, which can be used
whenever a chemical analysis is available.
Being basic rocks (Fig. 1.3c), basalts necessar-
ily have SiO, contents within the range 45 %-
52%. Figure 2.1 also shows that the name
‘basalt’ is restricted to rocks with a total alkali
content (Na,O+K,O mass %) less than 5%.

Basalts may be aphyric (devoid of pheno-
crysts) but more commonly contain pheno-
crysts or microphenocrysts of olivine, and of
pyroxene and/or plagioclase as well in more
evolved basalts. A basalt containing olivine
phenocrysts would be termed an olivine-
phyric basalt. Two other names are com-
monly used for olivine-rich basalts:

e picrite: a basaltic rock visibly enriched in
olivine crystals, often as phenocrysts;

e ankaramite: a basaltic rock rich in olivine
and augite phenocrysts (Plates 2.3-2.5).

In some picrites and ankaramites, the
abundance of mafic phenocrysts may have
been enhanced by gravitational accumula-
tion (olivine and augite crystals being denser
than basaltic melt). The definition of picrite
(and picrobasalt) is discussed further in
Box 5.5.

Subdividing basalts

On the basis of hand-specimen or thin-section
examination, basalts can in principle be
divided into several petrographic categories
according to the type minerals they contain,
following the principles outlined in Chapter
1. As Table 1.1 (column 3) anticipates,
however, established basalt nomenclature
does not fully conform to the logic of Chapter
1. By long-accepted historical precedent cul-
minating in the seminal paper by Yoder and
Tilley (1962), the term tholeiite is used today
to describe a basalt containing a low-Ca
pyroxene (enstatite or pigeonite), and the
term alkali basalt is used in place of ‘nephe-
line olivine basalt’ (see Table 2.2). ‘Tholeiite’,
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Fig. 2.1 Part of the TAS diagram shown in

Fig. 1.5 emphasizing the compositional field that
defines basalts according to IUGS (Le Maitre,
2002). The diagram also shows adjacent
compositional fields (grey lettering), a selection of
relevant analyses from Wilson (1989), Carmichael
et al. (1974) and Cox et al. (1979), the dividing
lines (X-Y and X-Z) commonly used to distinguish
between alkali and tholeiitic basalts (for sources,
see Fig. 1.5); the dashed lines delineate the
region of overlap between alkali and subalkali
basalts as defined by Le Maitre et al. (2002).
Analyses require correction for volatile content
(Box 1.3) prior to plotting in this diagram.

representing the commonest type of basalt, is
in effect used as a root-name in its own right
(e.g. in ‘olivine tholeiite’).

Because the fine-grained or glassy matrix of
basalts often makes it impractical to identify
every mineral constituent, however, this
petrography-based classification is rarely used
today, and alternatives based on chemical
composition are generally preferred. Figure
2.1 illustrates the simplest and most widely
used discriminant diagram for subdividing
basalts geochemically, based on the same
diagram that is used for defining basalt. The
diagram was first used in this way for subdi-
viding the alkali basalts and tholeiitic basalts
of Hawai'i, and Fig. 2.1 shows the alternative
boundary lines of Macdonald and Katsura
(1964, line X-Y) and Miyashiro (1978, line
X-Z) as described in Chapter 1 (Fig. 1.5). If
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Box 2.1 The structure and composition of pyroxenes — a refresher

The pyroxene family consists of chain silicates whose structural architecture is based on single
chains of (SiO,)* tetrahedra, each tetrahedron sharing two oxygen atoms with its neighbours in the
chain. The chains may be stacked together in two different ways, allowing pyroxene to crystallize
in either the orthorhombic or monoclinic crystal system. Orthorhombic symmetry is confined to
pyroxenes with low Ca contents (Fig. 2.1.1). In calcium-rich pyroxene, the large Ca** cation impedes
the orderly stacking of chains characteristic of orthorhombic pyroxene: the distorted crystal structure
crystallizes instead in lower-symmetry monoclinic form. Monoclinic pyroxene is the more common
form, but in some basic igneous rocks both forms, known as orthopyroxene and clinopyroxene, may
occur side by side.

Figure 2.1.1 summarizes the range of solid solution found in naturally occurring Ca-Mg-Fe
pyroxenes (excluding sodic or alkali pyroxene which is discussed in Box 9.2). Pyroxene solid solu-
tions are divided naturally into high-Ca and low-Ca families by a miscibility gap that exists between
about 15 and 24 mol % Ca,Si,04 (see Box 4.5). Hardly any naturally occurring pyroxenes fall in
this range of composition. The names used to identify the different domains defined by compositional
and structural differences are shown in Fig. 2.1.1, which also summarizes how augite, pigeonite and
orthopyroxene may be distinguished under the polarizing microscope (for techniques, refer to Appen-
dix A). Older names for particular ranges of Fe—-Mg solid solution, such as ‘hypersthene’, have not
been adopted in this book (following Morimoto et al., 1988). Names such as enstatite may signify
either a pure end-member (En, pure Mg,Si,0¢) or a range of solid solution (Fig. 2.1.1) approximat-
ing to it.

The equilibrium compositions of coexisting low-Ca and high-Ca pyroxenes are vary strongly with
the temperature of equilibration, as indicated by the solvus curve discussed in Box 4.5.

\/

Fig. 2.1.1 The range of solid solution in the Ca-Mg-Fe pyroxenes (shaded areas) and the names
used to identify the various sub-series. The composition of a pyroxene solid solution is defined in
terms of three chemical end-members (Ca,Si,Os, Mg,Si,O¢ and Fe2*28i206), but natural igneous
pyroxenes rarely contain more than 50% Ca,Si,Os. The compositional fields of high-Ca and low-Ca
clinopyroxenes and the orthopyroxene series are highlighted. The diagram also summarizes key

optical properties by which they may be distinguished in thin section.

a Hawaiian basalt analysis plotted above one
of the dividing lines X-Y or X-Z in Figs. 1.5
and 2.1, it was called an alkali basalt, even if
no actual nepheline could be identified in it.
If on the other hand the analysis plotted below
these lines, it was called a tholeiite or tholei-
itic basalt, whether or not low-Ca pyroxene
could be recognized in thin section. In adopt-
ing Fig. 1.5 as a tool for classifying a wider
range of rock types, however, the Interna-
tional Union of Geological Sciences (IUGS)
recognized that various subduction-related
and other basalts would also plot in the
lower part of the basalt field in Fig. 1.5, and
so they introduced the more general term
subalkali basalt for any rock whose analysis
fell in this field. Subalkali basalt is a chemical
category within which Hawaiian and other

tholeiitic basalts (defined petrographically)
are included.

The thinking that lies behind this impor-
tant division of the basalt family into alkali
and subalkali/tholeiitic will be explained later
in the chapter.

Basalts are also categorized according to
the tectonic environment in which they have
erupted, ‘mid-ocean ridge basalt’ (often abbre-
viated to ‘MORB’) and ‘ocean-island basalt’
(OIB) being obvious examples. As we shall see
later, these ‘tectonic’ categories of basalt differ
in subtle aspects of their major and/or trace
element composition, so geochemistry can
often be used to discriminate between them,
a technique that may shed light on the origins
of older basalts whose original eruptive setting
is no longer clear.
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o
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High-Ca pyroxenes

Clinopyroxenes
inclined extinction
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Low-Ca pyroxenes
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green pleochroism (PPL)
§=0.007 —0.020
Straight extinction

Enstatite t Ferrosilite

Mg, Si,Oq

Fe,Si,0,

Orthopyroxenes
straight extinction
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*Titanian augite (containing 3-6 mass % TiO,, compared to 0.5-0.8% in most augites) usually shows pale-

brown to lilac pleochroism. It is characteristic of alkali basaltic rocks.

TIn older literature, the orthopyroxene solid solution series was divided into 6 ranges (enstatite, bronzite,

hypersthene, ezc).

Table 2.2 Petrographic subdivisions of basalt.

Type mineral present Systematic name according to Ch. 1

Established nomenclature

low-Ca pyroxene (LCP)
LCP + olivine

olivine

olivine + nepheline

enstatite (or pigeonite) basalt
olivine enstatite (or pigeonite) basalt
olivine basalt

nepheline olivine basalt

tholeiitic basalt™
olivine tholeiitic basalt
olivine basalt

alkali basalt

*The IUGS Subcommission (Le Maitre, 2002) has recommended that the widely used term ‘tholeiite’ be replaced by ‘tholeiitic

basalt’.

Related rocks

The basalt field in Fig. 2.1 is surrounded by
related fine-grained rock types which, though
not basalts sensu stricto, may look similar.
They are distinguished chiefly on chemical

too:

criteria, but there may be petrographic clues

e picrobasalts, having lower SiO, con-
tents than basalts (they are ultrabasic in
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composition), are more olivine-rich and
contain little plagioclase;

® basaltic andesites have mafic minerals
similar to basalts but contain plagioclase
of more sodic composition (typically ande-
sine — see Box 4.1);

e trachybasalts, basanites and tephrites
usually contain recognizable alkali feld-
spar or feldspathoids (Box 9.1).

ERUPTIVE PROCESSES AND
VOLCANIC FORMS

Basalt melts are characterized by having
lower viscosity and lower gas content than
more evolved magmas. Subaerial eruption
may generate fountaining above the vent
(typical of hawaiian eruptions) or may occur
by quiet effusion. In either case the common-
est product is lava flows of low aspect ratio
(typically less than 1:50). Basalts may also
erupt by low-explosivity pyroclastic processes
of strombolian type. Basalts erupted in water
form pillow lavas, with or without hyaloclas-
tite, or sheet flows. Where molten basalt
comes into contact with ground- or surface-
water during ascent, the sudden expansion
associated with conversion of water into
steam generates surtseyan explosions that
form craters or maars.

Subaerial lava flows

Voluminous eruptions of basalts invariably
take the form of lava flows. Subaerial basaltic
lava flows fall into two morphological
categories:

e pahoehoe flows;
e a’a flows.

A pahoehoe lava is characterized by a smooth,
undulating or wrinkled surface (Fig. 2.2a)
whose form indicates that the chilled skin
forming on the surface of the molten lava
remained ductile while the lava was in motion.
The impression of plasticity is most marked
with the wrinkled table-cloth-like form called
ropy pahoehoe (Fig. 2.2a), which is formed
when a section of ductile skin becomes
anchored at the edges while the central portion
continues to be carried forward by the drag
of the lava advancing beneath. Though the

most distinctive pahoehoe morphology, ropy
lava is quite limited in extent. The more
typical smooth or ‘billowy’ solidified lava
surface (Fig. 2.2a) may conceal voids beneath
a thin outer skin that can collapse beneath an
unwary walker: such shelly pahoehoe is tiring
and often painful to walk over. The interior
of a pahoehoe lava is usually vesicular, often
containing more than 20% vesicles by volume.
Slowly moving pahoehoe flows advance by
forming a succession of small lobes a few tens
of centimetres across. Such subaerial paboe-
hoe toes rapidly become buried, and when
later exposed by erosion (Fig. 2.2b) may be
confused with subaqueous pillow lava; Fig.
2.5 summarizes criteria by which these two
forms may be distinguished.

In contrast, the brecciated surface of an a’a
flow (Fig. 2.2c¢) testifies to brittle behaviour of
the chilled surface while the lava was in
motion. Francis and Oppenheimer (2004)
describe the surface of an a’a flow as ‘a jumble
of loose, irregularly shaped cindery blocks,
often with razor-sharp asperities’ and note
that traversing such a surface can, under-
standably, be a ‘miserable experience’. When
seen in cross-section this rubbly, spinose
upper layer, formed by brittle granulation of
the deformed surface as the flow advances,
passes down into a massive (though often
vesicular) lava interior which may be crudely
jointed. Being more viscous, basaltic a’a flows
advance by internal ramping, and have steep
flow-fronts that shed rubbly material in their
own path. For this reason a’a lavas commonly
exhibit rubbly material at the base as well as
on top, and in some respects their mode of
advances resembles that of a caterpillar-
tracked vehicle.

It is common to see a lateral transition
within a single lava flow from pahoehoe mor-
phology into a’a morphology. The circum-
stances behind this transition are complex.
The field evidence may be summarized as
follows:

e proximal pahoehoe lava often passes
down-flow into distal a’a lava, though in
some cases a’a lava may be seen erupting
directly from a vent;

e pahoehoe lava commonly changes later-
ally into a’a lava with increasing distance
from the vent, but a’a lava is never seen to
revert to pahoehoe;



Fig. 2.2 (a) Smooth and ropy pahoehoe surfaces on basalt lava, Hawai'i. Photo: lvvet Modinou.

(b) Pahoehoe lava toes picked out by lighter-weathered margins, Gran Canaria; hammer 28cm. (c) A’a
flow top on 2001 basalt lava, Mt Etna, Sicily. (d) Trap featuring in Palaeogene basalts of the Geikie
Plateau Formation, East Greenland; the eroded bench features are picked out by snow bands (photo by
W.S. Watt from Larsen et al. (1989) reproduced by permission of the Geological Survey of Denmark and
Greenland (copyright). (e) Scoria clast, Narices del Teide, Tenerife; note the fresh glassy sheen in this
sample erupted in 1798 (cf. Plate 5.3).
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® pahoehoe morphology is seen only on
low-viscosity basalt lavas, whereas a’a
surfaces are found on basalts and
more evolved (more viscous) lava types as
well;

e pahoehoe lava often transforms into a’a
where it begins to flow down a steeper
gradient.

In many areas of materials science, the transi-
tion between ductile and brittle responses to
stress is mediated by two factors: temperature
and strain rate. Ductile behaviour is favoured
by high temperatures and/or low strain rates
(slow deformation), whereas brittle deforma-
tion is favoured by cooler temperatures and/
or higher strain rates. One may reasonably
conclude that pahoehoe surfaces are associ-
ated with high near-vent temperatures, low
lava velocity and/or low effusion rates (less
than 5-10m’s™), whereas a’a surfaces are
favoured by cooling during transportation
away from the vent and/or higher flow rates
(e.g. lava cascading down a steep slope). Loss
of volatiles from the advancing flow is also
likely to play a part, as discussed in a later
section.

Lava tunnels and tubes, where an insulat-
ing stationary crust or roof forms over flowing
lava, are important features of basaltic lava
flow fields (e.g. Hawai'i) because they facili-
tate lateral lava transport by cutting down
radiant heat loss. Occasionally a tube roof
may collapse locally, providing through the
consequent ‘skylight” a view of incandescent
lava flowing beneath (Plate 2.6). Lava can
flow in tunnels for many kilometres, under
circumstances where, on the surface, it could
flow only a few hundred metres owing to heat
loss by radiant cooling. Tube-fed flows are
one mechanism by which basaltic lavas can
spread considerable distances even on the
gentlest of gradients, producing the massive
shield volcanoes characteristic of ocean islands
like Hawai'i and Réunion.

The plateau (or flood) basalts seen in places
such as Skye and Mull (Hebrides, NW
Scotland) and East Greenland, the Columbia
River (western USA), the Deccan (India)
and the Karoo (South Africa) represent
higher effusion rates than the flow fields of
Hawai'i. Individual flows, fed by extensive
fissure systems, cover vast areas — tens of
thousands of km? — with thick, almost flat-

lying lava flows that in some cases can be
traced for more than 750km. Superposition
of these flows can build up lava piles several
kilometres thick. Rubbly flow tops erode back
more rapidly than the massive (often colum-
nar-jointed) interiors, and erosion of such ter-
rains thus generates a characteristic stepped
or ‘trap’ topography (from the Swedish
trappa, stair) as shown in Fig. 2.2(d). To
explain how individual lava flows can tra-
verse such huge distances (sometimes over
100km) before freezing, Self et al. (1996,
1998) have suggested that thick flood basalt
flows are emplaced by inflation — the on-going
injection of molten lava beneath an early-
formed solidified skin that insulates the melt
flowing beneath. Continued lava effusion,
over periods of months or years, not only
extends the flow laterally but progressively
thickens the flow at a given distance from
the vent.

Flood basalts frequently show well devel-
oped columnar jointing when exposed in
cross-section. Such jointing is due to post-
solidification thermal contraction of hot lava;
being welded to the cooler rocks below, the
lava cannot contract en masse and to accom-
modate contraction polygonal joints develop
perpendicular to cooling isotherms, migrating
inward from the lower margin. In well devel-
oped examples (Fig. 2.3a), a flow may be
divided into a lower zone of regular vertical
columns called the colonnade, and an upper
zone of curved or highly irregular jointing
called the entablature. Study of joint propaga-
tion (De Graff and Aydin, 1987; Lyle, 2000)
suggests that the colonnade has formed by
upward propagation of joints from the cool
base of the lava, whilst the entablature repre-
sents downward propagation of joints from
the flow’s upper surface, with local water pen-
etration contributing to the highly irregular
isotherms to which the contorted jointing tes-
tifies. Another example of cooling joints
forming perpendicular to a regular cooling
surface is the radial jointing that may form
around tree moulds (Fig. 2.3b) and in the
interiors of pillow lavas (Fig. 2.4a).

Pillow basalts and subaqueous sheet flows

Basalt flows erupted under water differ in
form from those erupted on land. The most
easily recognized form is pillow lava
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Fig. 2.3 (a) Colonnade and entablature in basalt lava, Isle of Staffa, Hebrides; (b) Rosette jointing in
basalt lava surrounding a tree cast, Ardmeanach, Isle of Mull, Hebrides.

(Fig. 2.4a), the subaqueous analogue of
pahoehoe. Though resembling piles of indi-
vidual liquid-filled balloons, most pillow lavas
are actually cross-sections of interconnecting
lava tubes (Fig. 2.4b) that have advanced by
repeated ‘budding’: each new lava lobe, chilled
by the surrounding water, forms a ductile
glassy envelope that inflates under the pres-
sure of new lava being injected into it, until
it becomes too cool and brittle to expand
further, whereupon an incandescent crack
forms from which molten lava breaks out to
form the next pillow. The new pillow may
have a smooth surface, or may exhibit cor-
rugations engraved by irregularities along the
crack from which it extruded — like mayon-
naise squeezed out of a tube. Where a newly
formed pillow settles into the junction between
two underlying pillows, it forms a downward-

pointing cusp which can provide a useful
way-up indicator in deformed pillow-basalt
terrains (Fig. 2.4a). When exposed in cross-
section, pillow basalts may be recognized by
the glassy skin and the radial cooling joints
— perpendicular to the outer cooling surface
— that they often display (Fig. 2.4a), indicating
eruption under water (though not necessarily
under the sea). Because such abrupt quench-
ing of basaltic melt causes fine-scale fragmen-
tation, pillow lavas are often intimately
associated with deposits of fine, angular
glassy detritus called hyaloclastite (from the
Greek: ‘glassy fragment’ rock). Finely divided
volcanic glass is intrinsically unstable and
rapidly alters or weathers to a yellow or
greeny-brown hydrated mass called palago-
nite, such as that filling the interstices in
Fig. 2.4(a).
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Fig. 2.4 (a) Pillow lava with associated
hyaloclastite (Reykjanes peninsula, Iceland

(Fig. 9.9); hat (top left) 25cm. (b) Longitudinal
view of pillow lava showing tube-like geometry,
North Island, New Zealand; hammer (lower right)
28cm.

Less distinctive, massive flows of subma-
rine basaltic lava known as sheet flows are
well known from deep-sea drilling in places
such as the Galapagos rift in the eastern
Pacific and the Nauru Basin in the southwest
Pacific. They represent submarine eruption of
basalt at higher effusion rates (in the latter
example, much higher) than those that gener-
ate pillow lavas.

Basaltic pyroclastic eruptions: scoria cones

The surface of the Earth in basaltic volcanic
zones is commonly peppered with small cones
built of successive beds of well sorted dark
pyroclasts of highly vesicular basalt (or andes-

sediment infill - glassy rim //radlal Jomts

I voids

Fig. 2.5 Features that distinguish in cross-
section between subaerial pahoehoe toes and
subaqueous pillow lava, adapted from Macdonald
(1967) by kind permission of J. Wiley and Sons
Inc. (a) Pahoehoe toes showing characteristic
concentric vesicle zones; black areas represent
open tubes. (b) Pillow lavas showing characteristic
radial jointing, chilled glassy selvages (dashed
lines indicate the inner margins), interstitial
sediment or hyaloclastite (grey), and voids within
or between pillows (black).

ite) known as scoria (Fig. 2.2e and the host
rock in Plate 5.3). Scoria cones (Fig. 2.6) are
typical of slightly more explosive (volatile-
rich) basaltic eruptions in which the vesiculat-
ing magma undergoes fragmentation on
eruption and the clasts solidify before falling
to ground around the vent. Such strombolian
activity — named after the type locality, the
island of Stromboli off the Italian coast —
occurs as a series of discrete bursts probably
related to the bursting of large gas bubbles in
the conduit leading to the vent (see Chapter
7). When seen at night, strombolian explo-
sions resemble firework shows as showers of
glowing scoria clasts fall to earth and cascade
down the outer flanks of the cone (Fig. 7.3d);
daytime eruptions generate less photogenic
bursts of ash and lapilli (Fig. 7.3c). Changes
in explosivity may contribute to crude bedding
in the cone-shaped fall deposit that forms
around the vent (Fig. 2.6b). Such deposits are
generally well sorted, with mean clast size
decreasing with increasing distance from the
vent.

HOW BASALT MAGMAS CRYSTALLIZE —
EVIDENCE FROM TEXTURES

Microstructures and textures seen in hand-
specimen and under the microscope tell us a
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Fig. 2.6 (a) Scoria cone, Ascension Island,
South Atlantic (photo J.P. Davidson). (b) Bedding
in scoria, Tenerife; hammer (upper centre) 28 cm.

great deal about the processes by which, and
the conditions under which, igneous melts
crystallize. The textures of igneous rocks are
known by a great variety of obscure-sounding
terms (often derived from classical Greek)
that the student geologist learns with some
reluctance. Because textures have much to tell
us about the process and conditions of crys-
tallization of an igneous rock, however, these
terms provide a useful shorthand for identify-
ing different cooling histories, and some
familiarity with them is therefore desirable.
More detail on the nomenclature and inter-
pretation of igneous textures may be found in
the books by Shelley (1992) and Vernon
(2004).

Vesicles and volatile solubility

Vesicles represent gas bubbles that form in
molten lava that has become supersaturated

with volatiles (primarily water vapour)
following ascent from depth. Just as lager
contains dissolved CO, that forms bubbles as
soon as pressure is relieved on removing
the cap (Zhang and Xu, 2008), so basaltic
lava contains water and other volatiles that
is wholly dissolved at depth but which
exsolves to form bubbles as ascending lava
encounters progressively lower confining
pressure; unlike lager, however, many vesicles
become frozen in as the lava solidifies.
Figure 2.7a shows the process of vesicula-
tion in relation to the solubility curve for
water in molten basalt. Melt ascends along
a decompression path, illustrated by the
solid arrow, until it reaches a depth where it
has become saturated with water: here it
contains the maximum amount of dissolved
water possible at the pressure concerned,
and further ascent leads the magma into the
supersaturated field, where excess water that
the melt can no longer retain in solution
exsolves. Much gas escapes to the atmosphere
during eruption, but a proportion remains
trapped in the magma as bubbles of steam.
With continued ascent, the bubbles grow and
multiply as shown in Fig. 2.7b, and are pre-
served as near-spherical voids when the lava
solidifies.

The presence of dissolved volatiles in a
basaltic melt lowers the temperature at
which crystallization begins. The escape of
gases during eruption (‘degassing’) can
therefore initiate the formation of crystallites
suspended in the melt, and this may be a
factor in the transition from pahoehoe to a’a
lava character noted above (Polacci et al.,
1999).

Vesiculating melt must expand (the vola-
tiles occupying greater volume in bubble form
than when dissolved in the melt), and within
an idealized cylindrical conduit of constant
radius such expansion necessarily accelerates
the melt upward; vesiculation in a volcano
vent therefore promotes lava fountaining at
the surface.

When seen in cross-section, pahoehoe lavas
often show an upward concentration and
enlargement of vesicles near to the top (Fig.
2.8a). This may reflect post-eruption vesicula-
tion in response to the lower load pressure
near the top of the flow, rather than flotation
of bubbles formed at a deeper level (or an
earlier stage) in the flow. Near-vertical
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Increasing pressure or depth

Fig. 2.7

Box 2.2 How to distinguish olivine from augite in thin section

Olivine and augite are two minerals of similar relief and (superficially) similar interference colour
that may be confused by the inexperienced observer. Below are some key features to look for in
distinguishing between the two, those emphasized by italics being the most diagnostic.

olivine in thin section

augite in thin section

Colourless in PPL (Fe-rich varieties
are pale yellow).

Body colour in
thin section
(see Plate 4.1)

Fracture or Irregular curved fractures, often

cleavage emphasized by incipient alteration
(see Plate 2.4).
Birefringence 0.035-0052 up to third-order

colours.

Euhedral olivine* shows straight
extinction relative to prism faces.

Extinction angle

Alteration Susceptible to alteration to:

e red-brown iddingsite, or
e serpentine (often colourless), or
e green bowlingite.

Relics of curved internal cracks —
picked out by alteration products
— often identify altered olivine.

Usually a pale beige or grey colour in PPL
(Plates 2.3 and 2.5); titanian augite has a
pleochroic lilac tinge.

Either one cleavage (in sections parallel to crystal
elongation) or two perpendicular cleavages (in
sections perpendicular to elongation).

0.018-0.033 up to second-order colours.

Oblique extinction relative to cleavage.

More resistant. May undergo alteration to
uralite.
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(a) Solubility of a gas (in this case H,0)

in basalt melt as a function of pressure (i.e.
depth). The form of the solubility curve is taken
from Dixon et al. (1995). (b) Degree of
vesiculation as a result of decompression as melt
ascends a volcano vent towards the surface.

*The lack of cleavage in olivine makes discrimination by extinction angle impractical for anhedral crystals.

cylindrical vesicles may also form near the
base of a lava flow; such pipe vesicles (Fig.
2.8b) result from the upward invasion of
steam expelled from water-logged ground
across which the lava has flowed. Because
lava erupted under water experiences a load
pressure related to water depth, submarine
lava vesiculates less than subaerial lava of
equivalent water content.

Hydrothermal circulation during burial
of thick lava successions commonly leads
to the deposition of low-temperature minerals
in lava vesicles (typically zeolite, analcite or
calcite in basalts). Filled or nearly filled
vesicles are called amygdales. Sometimes
amygdales may be filled with igneous
minerals or glass in place of hydrothermal
minerals, suggesting filling at much higher
temperature.

Forms of basaltic glass

Basaltic glass may occur in various forms, all
of them representing rapid quenching of melt
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Fig. 2.8 (a) Upward increase in vesicularity in a
basalt lava (Auckland, New Zealand). (b) Pipe
amygdales at the base of a basalt lava in Skye;
same scale as (a).

(Box 2.3). The most spectacular form, known
as Pele’s hair (after the Hawaiian goddess of
volcanoes) consists of fine filaments of brown
basaltic glass, less than 0.5mm in diameter
and up to 2m long, drawn out from molten
lava during fountaining or vigorous flow (Fig.
2.9a). Pele’s hair is readily dispersed by the
wind and is exclusively associated with sub-
aerial hawaiian eruptions.

Basaltic glass commonly forms when melt
is rapidly quenched by contact with liquid
water, for example at the chilled margins of
dykes or sills intruded into water-bearing
sediment. When completely glassy, it is

Fig. 2.9 (a) Pele’s hair, Mauna Ulu, Hawai'i
(photo D.W. Peterson, courtesy of U.S. Geological
Survey*); (b) Devitrification spherulites in basaltic
glass, Ardmeanach, Isle of Mull, Hebrides. Pen
top (top left) ~1cm wide. (c) Drill core showing
spherulites formed around altered olivine crystals
in an aphanitic basaltic pillow margin, Ontong
Java Plateau (photo by Integrated Ocean Dirilling
Program/Texas A&M University).

* US Department of the Interior.
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translucent and pale to reddish brown in
colour, and is called sideromelane. The pres-
ence of submicroscopic crystals may however
give the glass a black opaque appearance.
Volcanic glass, owing to its metastability rela-
tive to the crystalline state, has limited dura-
bility on a geological time- scale and commonly
shows signs of slow, solid-state transforma-
tion into crystalline mater1al a process called
devitrification. Spheroidal clusters of radiat-
ing fibrous crystals (Fig. 2.9b) called varioles
or spherulites are sometimes a sign of devitri-
fication, but may also form by supercooling
of basaltic melt (see Fowler et al., 2002). In
either case they represent crystallization under
conditions in which growth rate greatly
exceeds nucleation rate (Box 2.3). Spherulites
sometimes form around pre-existing crystals
(Fig. 2.9¢).

Basaltic glass wusually has a refractive
index (RI) greater than that of balsam (1.54);

glasses of more evolved composition tend to
have RIs less than this (see Shelley, 1992,
Fig. 1.24).

Textures involving variations in crystal size

Basalts, like other volcanic rocks, often
contain two or more generations of crystals
that differ in crystal size. In porphyritic (US
phyric) texture, a clear distinction in size
exists between phenocrysts — larger, euhedral,
early-formed crystals of one or more minerals
— and the finer-grained groundmass that sur-
rounds them (Plates 2.1, 2.5). The minerals
present as phenocrysts may be specified in the
rock name by using adjectives such as ‘oliv-
ine-phyric’ or ‘plagioclase-augite-phyric’, as
discussed in Chapter 1.

The contrast in grain size reflects a relation-
ship between crystal size and rate of cooling
(Box 2.3): when a basalt melt begins to crys-

Box 2.3 What determines grain size in igneous rocks?

Whether a magma crystallizes into a coarse- or fine-grained rock, or forms a glassy solid, depends
on the cooling rate to which it is subjected. It is often said that slow cooling generates a coarse
texture because there is time for large crystals to grow, whereas fine-grained rocks form when rapid
cooling allows too little time for large crystals to grow. A sounder foundation for understanding
grain-size differences in igneous rocks is shown in Fig. 2.3.1. Crystallization from a melt takes place
in two stages:

® nucleation: the initial formation of minute embryonic crystals upon which further growth can
occur;
e crystal growth: deposition of additional crystalline material on existing nuclei and crystals.

Both steps are impeded by free-energy barriers (Gill, 1996; Vernon, 2004), and consequently require
some degree of supercooling or supersaturation before they can begin (typically several tens of °C).
The relative efficiency of each process, as a function of the amount of supercooling AT (in °C), is
illustrated by the curves in Fig. 2.3.1. Nucleation is energetically speaking the more difficult process,
and therefore requires a greater degree of supercooling than crystal growth. This is the rate-deter-
mining step: no crystal growth can occur until the first crystal nuclei have formed.

Three ranges of supercooling are illustrated in Fig. 2.3.1:

1 Slow cooling generates a small degree of supercooling: the crystal growth rate (grey curve) is
high at this point but the creation of new crystals is limited by a zero or low nucleation rate
(black curve). Any crystal growth is therefore concentrated on relatively few crystals, leading to
a coarse-grained texture typical of gabbro.

2 Rapid cooling leads to a greater degree of supercooling, favouring efficient nucleation (black
curve) but the crystal growth rate is now much lower (grey curve). Thus large numbers of small
crystals are formed, giving a fine-grained texture typical of many basalts.

3 Extremely rapid cooling (e.g. quenching in contact with water) brings about a degree of super-
cooling sufficiently high to suppress both nucleation and crystal growth: no crystals form, and
the disordered melt state is ‘frozen’ in the form of glass.
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tallize at depth, surrounded by warm wall-
rocks, cooling is relatively slow, supercooling
is modest and nucleation is sparse — condi-
tions favouring the growth of large crystals.
Were the melt to crystallize completely at this
depth, the product would be a coarse-grained
plutonic rock. If, on the other hand, partially
crystallized magma escapes to the surface, evi-
dence of the plutonic stage of crystallization
will be preserved in the form of the suspended
phenocrysts that it carries. Having grown
surrounded by melt, they characteristically
develop euhedral crystal form (though
resorption during ascent may cause rounding
or embayment). When phenocrysts exhibit
zoning, it is a sign that the plutonic stage of
crystallization has been sufficiently prolonged
for significant evolution in melt composition

to take place (though not long enough to
allow complete equilibration). The acceler-
ated cooling stage that follows eruption, on
the other hand, will favour high supercooling
and a large nucleation rate, generating a finer
groundmass comprising large numbers of
small crystals. Intersertal texture — when phe-
nocrysts are surrounded by a glassy matrix
(Plate 2.3) — represents an even faster final
stage of cooling, perhaps due to interaction
with water.

Thus porphyritic texture is normally an
indication that magma ascent from the mantle
to the surface was interrupted by a period of
crystallization in a sub-volcanic (or deeper)
magma chamber (Fig. 2.10a). Phenocrysts
contribute to our understanding of magma
evolution because they identify the minerals

Nucleation and crystal-growth rates

Molten
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Fig. 2.3.1

Diagram showing the rates of crystal nucleation and crystal growth as a function of

supercooling below the solidus temperature (after Dowty, 1980, based on data of Winkler). Three
arbitrary ranges of supercooling (or cooling rate) are illustrated, producing coarse and fine crystal

sizes and crystal-free glass.

Noucleation and crystal growth rates also depend on the diffusion rate in the melt. Because diffusion
is slower in more siliceous melts (because they are more polymerized), glassy textures are more

common in rhyolite than in basalt (Chapter 6).

In nature, crystallization of an igneous rock may occur in several stages, each characterized by a
different degree of supercooling (or cooling rate) and nucleation rate. Multi-stage cooling histories
may be inferred from the different grain-size ranges of early-, intermediate- and late-formed crystals
(e.g. porphyritic texture — see Plate 2.1 and Fig. 2.10).*

*Lofgren (1980) argued that porphyritic texture might arise from a single-stage cooling process too, but the
special circumstances implied by his experiments do not seem to be widely applicable in Nature.
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Fig. 2.10 Hypothetical magma ascent versus time paths to explain (a) porphyritic basalt and (b) the
presence of two distinct generations of phenocrysts; (c) two alternative ascent paths to explain seriate
texture. Real ascent paths are probably more complex than those shown.

that were crystallizing in the inferred magma
chamber prior to eruption, and their composi-
tions (readily determined by electron micro-
probe) can be used to model the changes in
melt composition that accompany crystalliza-
tion. The phenocryst minerals present may be
specified in the rock name by the use of a
qualifier such as ‘olivine-augite-phyric’ (for a
basalt containing olivine and augite
phenocrysts).

Textural variants on the porphyritic theme
indicate more complicated cooling/ascent his-
tories (Fig. 2.10):

e Some basalts contain two generations of
phenocrysts (phenocrysts and microphe-
nocrysts) as well as groundmass, indicat-
ing fwo stages of crystallization during
ascent prior to eruption (Fig. 2.10b).
Microphenocrysts in basalts may exhibit
intergranular texture, in which equant
olivine and pyroxene crystals fill spaces
within a framework formed by tabular
plagioclase microphenocrysts.

e Phenocrysts may aggregate into clusters
(glomerocrysts) to form glomeropor-
phyritic texture (Plates 2.3, 2.4): accord-
ing to Ikeda et al. (2002), clustering is
advantageous in energy terms because
crystals enjoy lower crystal-melt interfa-
cial energy (the igneous analogue of a

liquid’s surface tension) in a cluster than
when dispersed.

e A continuous gradation in crystal size
from large, early-formed euhedral crystals
to fine-grained matrix, with no sharp size
distinction between phenocrysts and
groundmass (Plate 2.3) is described as
seriate texture. Crystallization of the
largest crystals began at depth but, rather
than undergoing sudden ascent and erup-
tion, the magma followed a slow progress
to the surface, crystallizing at progres-
sively greater cooling rates (Fig. 2.10c).
Seriate texture is more prominent in andes-
ites than basalts (Plate 6.1).

When all crystals are too small to be distin-
guished by the naked eye, the texture is
described as aphanitic (cf. phaneritic). Fine-
grained rocks that lack phenocrysts are
described as aphyric or simply non-porphy-
ritic. The absence of phenocrysts suggests
either that the melt has ascended directly from
its source without being detained in a magma
chamber en route, or that any phenocrysts
that were formed have settled out by sinking
or have been filtered or resorbed during sub-
sequent ascent.

Basalts occasionally exhibit ophitic texture
which is described and explained in
Chapter 4.
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ALTERATION AND METAMORPHISM
OF BASALTS

Basaltic minerals crystallize at temperatures
above 1000°C (see Fig. 3.9) and are almost
always anhydrous (amphiboles are rare in
basalts). In a subaerial basalt that cools
rapidly to ambient temperature and escapes
later exposure to hot fluids, these primary
minerals will be preserved. The hand-
specimen will look almost black (except for a
characteristic chocolate-brown  weathered
surface), and most phenocrysts will exhibit
shiny crystal faces or cleavage surfaces; the
thin section will be devoid of strongly coloured
secondary minerals. Such a sample is described
as unaltered.

When a basalt suffers prolonged exposure
to hot circulating fluids, on the other hand,
silicate minerals formed at magmatic temper-
atures may react to form new, hydrous miner-
als that are more stable under the new
hydrothermal regime in which the rock finds
itself. These reactions and their products are
referred to under the general term of hydro-
thermal alteration. A new hydrous mineral
that partially or completely replaces a primary
igneous mineral crystal is referred to as an
alteration product or secondary mineral.
Common alteration products associated with
basaltic mineralogy are summarized in Table
2.1. An alteration product may form a single,
optically continuous crystal whose orienta-
tion in thin section may relate to that of the
igneous crystal it replaces, but more com-
monly alteration products occur as agg-
regates or intergrowths of smaller crystals
(Plate 9.15).

If the hydrothermal episode is relatively
brief or the temperature attained is low, alter-
ation may be arrested at an incipient stage
and alteration products will then be confined
to the margins of susceptible crystals (Plate
2.7), to mineral cleavages or, in the case of
olivine, to internal cracks (Plate 2.8). Some
minerals (notably olivine) are more prone to
alteration than others (e.g. high-Ca pyroxene)
and will succumb first. More pervasive altera-
tion tends to affect a larger number of the
minerals present, and the more susceptible
minerals may be completely replaced by sec-
ondary minerals. In some cases, the alteration
product(s) may preserve the outline of the
original crystal — a euhedral phenocryst, for

example — forming a recognizable pseudo-
morph (Plate 2.9) in thin section that may
allow the identity of the original mineral to
be inferred even if none of it remains.

In hand-specimen, an extensively altered
basalt may take on a green or reddish tinge
and have duller internal surfaces, and often
breaks readily along a system of fractures
(those that provided the channels for fluid
penetration). In thin section, fine-grained
alteration products will have replaced suscep-
tible primary minerals, especially adjacent to
fractures and veins.

Whereas incipient alteration causes rela-
tively little change in the overall chemical
composition of a basalt — apart from volatile
components like H,O (Box 1.3) — more per-
vasive alteration is often accompanied by
selective changes in other major elements,
especially the more mobile ones like Na,O,
K,O and CaO (Box 1.4). Petrographic assess-
ment of the degree of alteration and careful
selection of the freshest samples available are
therefore important preparatory steps before
embarking on any geochemical study of
magma composition, if the chemical signature
of the magmatic processes being studied is not
to be obscured by secondary chemical changes.

An ill-defined distinction is often drawn
between alteration, whose intensity varies on
a scale of metres, and hydrothermal metamor-
phism (Yardley, 1989) in which similar
mineralogical changes are developed more
pervasively on a regional scale. Alteration can
be caused by fluids escaping up fractures and
faults from deeper parts of the same mag-
matic system (deuteric alteration), or may
reflect convective circulation of seawater or
meteoric waters driven by magmatic heat
sources below. Low-grade metamorphism of
basalts often represents circulation of mete-
oric fluids during burial of thick volcanic
sequences. In each case, the fluids responsible
for mineralogical changes may also deposit
new minerals such as epidote in amygdales
and other cavities.

ANOTHER LOOK AT THE CHEMICAL
SUBDIVISION OF BASALTS — NORMS

The division of basalts into alkali basalts and
tholeiitic basalts is a fundamental one that
sheds light on the degree of silica-saturation
(or -undersaturation) in basic magmas. The
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distinction was originally based on modal
mineralogy: a basalt containing identifiable
nepheline and olivine under the microscope
was called an alkali basalt,” whereas one con-
taining low-Ca pyroxene (with or without
olivine) was called a tholeiite. Given the dif-
ficulty of recognizing small amounts of
groundmass nepheline in a basalt — especially
if the rock is altered or contains glass —
petrologists today prefer to base such distinc-
tions on chemical composition. To quantify
silica undersaturation in an igneous rock
composition, the rock’s major element
analysis may be used to calculate what is
called the norm of the rock (sometimes the
term ‘CIPW norm’ is used, in honour of its
originators, the American petrologists W.
Cross, J.P. Iddings, L.V. Pirsson and H.S.
Washington, who published their ground-
breaking work in 1902). Other variants of the
norm have been proposed (e.g. by Niggli) but
are no longer used.

What does the ‘norm’ of a rock mean? As
Table 2.3 illustrates, a norm is simply the
major element analysis of a rock translated
into percentages of hypothetical (‘normative’)
minerals with standardized compositions.
The way the norm is calculated is illustrated
graphically in Box 2.4 for the two analyses
shown in Table 2.3; step-by-step instructions
for carrying out a simplified norm calculation
(with exercises) are given in Appendix B. Cal-
culating a norm can be seen as a geochemical
‘accountancy’ exercise, enabling the petrolo-
gist to assess the silica ‘budget’ associated
with each mineral present, and thereby to
determine whether the rock composition as a
whole is:

e ‘in surplus’ with regard to SiO,: such a
rock, with quartz among its normative
minerals, is  described as silica-
oversaturated;

® ‘in balance’: a rock whose norm contains
enstatite’ and olivine but no quartz or
nepheline is described as silica-saturated;

*The original name was ‘alkali olivine basalt’, later
condensed to ‘alkali basalt’.

* The name ‘enstatite’ is used for low-Ca pyroxene here
in compliance with modern mineralogical usage (Deer
et al.1992). ‘Enstatite-normative’ here means the same
as hypersthene-normative used in older literature (see
Box 2.1).

e ‘in deficit’ with regard to SiO,: the oxide
analysis contains insufficient silica to
convert all of the Na,O and K,O into nor-
mative albite and orthoclase, requiring
nepheline to be introduced in place of
some or all of the alkali feldspar. Norma-
tive nepheline is the mark of a silica-
undersaturated rock.

These concepts are summarized graphically in
Fig. 2.11. The right-hand sub-triangle has the
normative minerals quartz, albite and enstatite
as its apexes, and any quartz-normative basalt
will plot in this field (close to the albite—
enstatite line, since basalts are never strongly
quartz-normative) and qualify as silica-over-
saturated. A basalt whose norm contains
enstatite and olivine (i.e. olivine tholeiite) will
plot in the middle, silica-saturated sub-trian-
gle. Nepheline-normative basalts (alkali
basalts) plot in the left-hand, silica-undersat-
urated sub-triangle.

The currently recognized definition of alkali
basalt is ‘a basalt whose norm contains neph-
eline’, whereas a tholeiitic basalt is defined as
one whose norm includes enstatite. Nepheline
and enstatite are mutually incompatible prod-

Nepheline (foid) Albite (feldspar) Quartz
Na,0.Al,0,.2Si0, Na,0.Al,0,.6SiO, Sio,

Silica-
oversaturated

Silica-
undersaturated

Enstatite (pyroxene)
2Mg0.28i0,

Forsterite (olivine)
2MgO.SiO,

Fig. 2.11 Graphical representation of silica
saturation in basalts in terms of the normative
minerals present (shown in mass proportions).
The dividing lines separate pairs of minerals that
cannot occur together in a norm (Box 2.4): quartz/
olivine, enstatite/nepheline and quartz/nepheline.
This Fig. forms the base of the ‘basalt tetrahedron’
shown in Fig. 9.7(a).
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Table 2.3

(a) Major element analyses of two basalts (from Le Maitre, 2002, Table C4, analyses 2 and

1 respectively) showing the recalculation from mass per cent of each oxide (which is g per 100g of

rock) to moles of each oxide per 100g.

Analysis A Analysis B

(a) Oxide analysis RMM (oxides) mass % mol/100g mass % mol/100g
Si0, 60.09 50.84 0.8461 47.37 0.7883
TiO, 79.88 2.33 0.0292 1.69 0.0212
AlLO; 101.96 14.98 0.1469 15.26 0.1497
Fe,O; 159.69 4.08 0.0255 3.6 0.0225
FeO 71.85 8.32 0.1158 6.95 0.0967
MnO 70.86 0.18 0.0025 0.17 0.0024
MgO 40.32 7.53 0.1868 10.85 0.2691
CaO 56.08 9.59 0.1710 9.49 0.1692
Na,O 61.98 1.75 0.0282 3.56 0.0574
K,O 94.20 0.22 0.0023 0.84 0.0089
P,Os 141.94 0.16 0.0011 0.22 0.0015
Total 99.98 100.00

(b) Norms calculated from the same analyses; columns 3 and 5 show the results in moles of each
mineral per 100g (note the correspondence with some numbers in part (a)), and columns 4 and 6
contain the same results expressed in mass %. The oxide-based mineral formulae used in the
calculation are listed in column 2; a dot stands for ‘combined with’. Blanks in columns 3, 4, 5 and 6
indicate where the calculation has bypassed the mineral concerned; zeroes indicate where the mineral

has been eliminated by the silica deficit.

(b) Norm Normative mineral formulae mol/100g mass % mol/100g mass %
quartz (q) Si0, 0.1283 7.71 0.0000 0.00
corundum (c) AL O,

orthoclase (or) K,0.Al,05.65i0, 0.0023 1.30 0.0089 4.96
albite (ab) Na,0.Al,03.65i0, 0.0282 14.81 0.0574 22.26
anorthite (an) Ca0.Al,0,.25i0, 0.1163 32.37 0.0833 23.18
nepheline (ne) Na,0.Al,05.25i0, 0.0150 4.26
leucite (Ic) K,0.Al,0,.4S5i0,

acmite (ac) Na,0.Fe,0;.4S10,

diopside (Di) Ca0.(FeO+MnO+Mg0).2Si0, 0.0513 11.52 0.0807 17.92
wollastonite (wo) Ca0.Si0,

enstatite (En) (FeO+MnO+MgO0).Si0, 0.1991 21.58 0.0000 0.00
olivine (Ol) 2(FeO+MnO+MgO).SiO, 0.1219 18.46
magnetite (mt) FeO.Fe,0O; 0.0255 5.92 0.0225 5.22
ilmenite (il) FeO.TiO, 0.0292 4.43 0.0212 3.21
apatite (ap) 3.33Ca0.P,05 0.0011 0.37 0.0015 0.51
Total 100.00 99.99

Low-Ca pyroxene is represented here by the name ‘enstatite’ for consistency with current mineralogical usage (Deer et al., 1992);
in other works on norm calculation (e.g. Cross et al., 1902, Cox et al., 1979, and Le Maitre, 2002) such pyroxenes are referred

to by the obsolete name ‘hypersthene’.

ucts of the norm calculation (Box. 2.4). As
outlined above, the nomenclature in use today
(Le Maitre, 2002) recognizes a wider category
of subalkali basalt, which may be defined in
normative terms as a basalt whose norm
contains no mnepheline. Subalkali basalts

include a number of volumetrically important
classes of tholeiitic basalt such as mid-ocean
ridge basalt, as well as subduction-related
basalt types.

The fundamental normative distinction
between alkali basalt and tholeiitic basalt can
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Box 2.4 Calculating the norm of an igneous rock
The calculation of a norm involves the following steps:

1 Recalculating the major-element analysis into volatile-free form (see Box 1.3). A norm involves
only anbydrous minerals. Hydrous minerals are represented by anhydrous surrogates: horn-
blende, for example, is represented by pyroxene, and biotite by magnetite and orthoclase.

2 Dividing the weight per cent figure for each oxide (which is g oxide per 100g of rock) by the
relative molecular mass (RMM in g mole™) for the oxide concerned to express the analysis in
the number of moles of each oxide per 100 g of sample;* this calculation is shown in Table 2.3(a)
and the outcome for analysis A is represented graphically in Fig. 2.4.1a.
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Fig. 2.4.1 (a) The analysis A in Table 2.2 depicted as moles of each oxide per 100g of sample.
The small amount of MnO present has been added to the FeO column as it occurs in the same
minerals as FeO. (b) An ‘exploded’ version at the same scale showing how each oxide is divided
among the various normative minerals. Allocation proceeds from bottom to top. Boxes with bold
outlines identify the oxides whose (remaining) abundance regulates the amount of the normative
mineral concerned. The graduated scale against each mineral indicates the calculated amount in
moles per 1009 rock.

Note the appearance of quartz in the norm of this rock, indicating that Analysis A in Table 2.2
represents a silica-oversaturated magma.

*The logic here is analogous to dividing a bag of apples among children on a school trip: it is more useful to
know the number of apples in the bag than their weight.
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3 Combining relevant oxides in prescribed proportions to calculate how many moles of each nor-
mative mineral can be formed from the rock analysis, as illustrated for analysis A in Fig. 2.4.1b.
For example, the familiar formula for albite (NaAlSi;Og) can be rewritten in the alternativeoxide-
based form Na,0.Al,05.6510,, which indicates that Na,O, Al,O; and SiO, need to be combined
in the molar proportions 1:1:6 to form albite. The simplified mineral formulae used are shown
in Table 2.3(b); norms are based on end-members and do not take into account complex solid
solutions, such as in natural pyroxenes.

4 The ‘minerals’ in the norm are calculated in a prescribed order, starting at the bottom of Fig.
2.4.1b and working upward. The amount of each mineral is determined by the availability of
the least abundant constituent (e.g. TiO, in the case of ilmenite), identified in Fig. 2.4.1b as boxes
bordered by bold lines. More abundant oxides such as AL,O; and particularly SiO, need to be
partitioned between several normative minerals, as illustrated by the ‘exploded’ columns; SiO,
is the last to be allocated, and the norm may need to be adjusted if too little SiO, is available
(see Fig. 2.4.2).

5 Multiplying the molar amount of each normative mineral by the RMM of the mineral formula
to yield a norm expressed in mass %. A norm should have a total approximating that of the
original volatile-free analysis (allowing for rounding errors).

Analysis A in Table 2.3(a) contains over 50% SiO,, and this is sufficient to meet the silica demands
of all of the normative silicate minerals, leaving a small surplus expressed as normative quartz (Table

2.3b). This indicates a rock that is silica-oversaturated.

The norm of a silica-poor basalt

Analysis B in Table 2.3 shows a basalt with a lower silica content. When the norm of this analysis
is calculated using the procedure outlined above, we discover that there is insufficient silica to satisfy
the amount of enstatite (low-Ca pyroxene) implied by the FeO and MgO left over after forming
diopside (Fig. 2.4.2a). The SiO, deficit can be diminished by converting all of the normative enstatite
into the chemically similar — but silica-poor — mineral olivine (Fig. 2.4.2b), but a silica deficit (albeit
smaller) still remains after this has been done. We need to be even more economical in our assign-
ment of silica in this rock. A further ‘saving’ can be made by substituting the silica-poor feldspathoid
nepheline in place of some of the albite (Fig. 2.4.2¢); nepheline is a mineral that crystallizes naturally
from silica-deficient melts. By introducing these silica-deficient minerals (highlighted by darker
shading in Figs. 2.4.2b,c) in place of minerals with higher silica—demand, we can wipe out the deficit.
That the norm calculation forces us to do this is a faithful reflection of what happens in Nature,
and the appearance of quartz, enstatite, olivine and/or nepheline in a norm serves as a useful quan-
titative measure of the rock’s state of silica oversaturation or undersaturation (Fig. 2.11).

Note that olivine is only introduced into the norm when a silica deficit arises. Quartz and olivine
can therefore never appear together in a norm, in keeping with their mutual incompatibility in natural
basic rocks. Likewise, because nepheline is only introduced into a norm when the analysis is suffi-
ciently SiO,-deficient to require all of the potential enstatite to be converted into olivine (see Fig.
2.4.1c¢), normative nepheline and enstatite can never coexist.

A simplified procedure for calculating norms is given in Appendix B. Details of a definitive com-
puter package for such calculations are given by Le Maitre (2002).

Continued
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Fig. 2.4.2 Conceptual stages in the calculation of the norm of a silica-undersaturated rock (Analysis B in Table 2.3). The order of
allocation proceeds from the bottom and works upward. Boxes with bold outlines identify the oxides whose (remaining) abundance
regulates the amount of the normative mineral concerned. (a) Calculation carried out as in Fig. 2.4.1(b). The silica available in this
analysis, however, proves insufficient to satisfy the amount of enstatite implied by the remaining (FeO + MnQO) + MgO, leaving a silica
deficit indicated by the blank part of the SiO, column. (b) Adjustment 1: recalculate some or all of the potential enstatite as olivine,
which has a similar composition to enstatite but a lower silica demand (lower SiO,:[FeO + MnO + MgO] ratio). Substituting olivine in
place of all of the enstatite reduces the silica deficit but fails to eliminate it. Boxes with darker shading are those affected by silica
adjustments. (c) Adjustment 2: recalculate some or all of the potential albite as the feldspathoid nepheline, which has a similar
composition to albite but a lower silica demand (i.e. a lower SiO,:[Al,O; + Na,O] ratio). Substituting nepheline in place of some of the
albite, in addition to replacing enstatite with olivine in (b), is sufficient to eliminate the silica deficit completely. Boxes with darker
shading are those affected by silica adjustments.
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be projected on to a total-alkali versus silica
(TAS) diagram like Figs. 1.5 and 2.1 to allow
basalts to be classified without the need for
norm calculations, though this does not result
in a unique dividing line. The lines X-Y and
X-Z are compromise lines for dividing neph-
eline-normative rocks from those with no
normative nepheline (subalkali basalts).
Because the norm involves oxides other than
those plotted in the TAS diagram (Na,O, K,O
and Si0O,), a small proportion of nepheline-
normative basalts plot below the line X-Y,
and a similar number basalts with no norma-
tive nepheline may plot above the line. The
extent of this zone of ambiguity is illustrated
by the dashed lines in Fig. 2.1, and basalts
plotting in this region are commonly desig-
nated as transitional basalts.

Though the primary division between alkali
and subalkali basalts is chemical, one or two
petrographic clues allow us to distinguish
them under the microscope, as described in
Box 2.5.

WHERE BASALTS OCCUR

Basalt volcanism appears in a wide variety of
tectonic environments on the Earth, as well as
on other planets and their satellites. The
chemical differences observed between basalts
from different terrestrial tectonic settings,
though relatively subtle, tell us a great deal
about the processes by which basaltic melts
are generated in the Earth’s interior. The
purpose of this section is to review the various
settings in which basalts are found and to
identify the petrological and geochemical sig-
natures that characterize each of these set-
tings. Volcanism is not exclusively basaltic in
all of these environments; indeed in some,
such as mature island arcs, basalts may be
subordinate to more evolved rock types.

The main places in the world where basalts
erupt are shown in Fig. 2.12. A full-colour
map available at  http:/pubs.usgs.gov/
imap/2800/ provides a useful supplement to
this figure.

Mid-ocean ridge basalts (MORBs)

The Earth’s mid-ocean ridge system (Fig.
2.12) — where new oceanic lithosphere is con-
tinually being created — has a total length of
more than 60,000km (Fowler, 2005), and

overall it erupts basaltic lava on the surface
at an average rate of around 3km’ year™
(Crisp, 1984). Most of the magma ascending
from the mantle here is emplaced at depth,
however, and the total melt production rate
beneath mid-ocean ridges is probably nearer
to 20km’ year™ (see Arculus, 2004).

The morphology of mid-ocean ridges varies
according to spreading rate. Slow-spreading
ridges like the Mid-Atlantic Ridge tend to
exhibit a distinct fault-bounded median valley
about 25 km wide, though topography varies
considerably along the ridge: extension is con-
tinuous whereas magmatism is episodic
(Fowler, 2005), so magma chambers are
believed to be discontinuous in time and space
beneath slow-spreading ridges. Volcanic
output in eruptive sectors consists of small
axial volcanoes — fed by individual pockets of
ascending magma - that often coalesce to
form axial volcanic ridges (Smith and Cann,
1993). Faster-spreading ridges like the East
Pacific Rise, though similarly elevated above
the abyssal plains (typically by ~2 km), usually
show much smoother relief and lack a median
valley: here volcanic output consists of exten-
sive low-relief lava flows (sheet flows). Seismic
evidence suggests that continuous crustal
magma chambers underlie considerable
lengths of fast-spreading ridges. All ridges —
except some ultraslow ridges such as the
Gakkel Ridge in the Arctic Ocean (Dick et al.,
2003) — are divided into segments and offset
by transform faults (Fig. 2.12), and in a few
places basaltic lava erupts from these and
their associated fracture zones (e.g. at St
Paul’s Rocks in the equatorial Atlantic).

The basalts erupted at mid-ocean ridges are
olivine tholeiitic basalts that may be aphyric
but more commonly contain phenocrysts of
olivine + chromite + plagioclase * augite
(listed in their order of crystallization); though
not first to appear, plagioclase phenocrysts
are often the most abundant. Rapid quench-
ing in cold seawater commonly results in a
glassy matrix. The most distinctive aspect of
mid-ocean ridge basalts (MORBs), however,
is their chemical composition (Table 2.4).
Basalts erupted from segments of the mid-
ocean ridge system remote from hot spots
(‘N-MORBs’ where ‘N’ stands for ‘normal’)
vary little in composition, and are character-
ized by low contents of K,O and other incom-
patible elements (Box 2.7). The distinctive



42 CHAPTER 2

Box 2.5 Petrographic differences between tholeiitic and alkali basalts

Modal nepheline is rarely if ever observed in an alkali basalt under the microscope, but there are
other petrographic clues that help to distinguish between alkali and tholeiitic basalts when no chemi-
cal analysis is available. In alkali basalts:

e augite crystals tend to have a faint lilac/mauve body colour owing to enrichment in titanium;
such titanian augites (Box 2.1) often show slight pleochroism and more pronounced zoning than
augites in tholeiitic basalts;

e augite usually appears as a phenocryst phase before plagioclase does: the usual order is olivine
then augite then (in more evolved lavas) plagioclase.

In subalkali basalts:

e plagioclase usually appears as a phenocryst phase before augite (Plate 2.2). The usual order is
olivine then plagioclase then (in more evolved lavas) augite.

e the occurrence of low-Ca pyroxene, either monoclinic pigeonite or orthorhombic enstatite (Box
2.1); low-Ca pyroxene may occur as phenocrysts, as groundmass crystals, and/or as overgrowths
on olivine phenocrysts.

Traces of quartz may very occasionally be found in the groundmass of a tholeiitic basalt (leading to
the term quartz tholeiite), crystallized from the most evolved dregs of interstitial melt. Macdonald
and Katsura (1964) proposed that olivine in the groundmass served to discriminate alkali basalt,
but more recent work shows that it can be found in the groundmass of nearly any Hawaiian basalt
(M.O. Garcia, pers. comm.).

When mineral analyses are available, tholeiitic and alkali mafic rocks can be seen to differ also

in the composition of high-Ca pyroxene present, as illustrated in Fig. 4.2.

trace element signature of N-MORBs can be
seen most clearly in a graph in which incom-
patible element concentrations in a MORB
are ratioed to those in a hypothetical
‘primitive mantle’ (Fig. 2.7.3%) and plotted on
a logarithmic scale (Fig. 2.16); by convention,
the elements are arranged from left to right in
order of decreasing incompatibility (Box 2.7).
N-MORB samples show a relatively smooth
profile that is level for the least incompatible
elements — those on the right — but becomes
increasingly depressed for the most incompat-
ible elements on the left. Basalts from ridge
segments that happen to lie close to ocean
islands or large seamounts (i.e. to hot spots)
may on the other hand show almost level pat-
terns, reflecting relative enrichment of highly
incompatible elements (‘E-MORB’ where ‘E’
stands for ‘enriched’), possibly by mixing
with hot spot sources. Basalts from fast-

* Figure 2.7.3 is the third figure in Box 2.7. Tables in
Boxes are referred to in the same way.

spreading ridges such as the East Pacific Rise
tend to be more evolved than those from
slow-spreading ridges such as the Mid-Atlan-
tic Ridge (though there is much overlap), a
fact that probably reflects the more persistent
magma chambers that are believed to exist
beneath fast-spreading ridges.

Seawater permeates the pillow lavas of the
ocean floor, and the high geothermal gradi-
ents characteristic of active spreading centres
cause these pore waters to convect and inter-
act chemically with the wall-rock basalts,
such that:

® basalts undergo local hydrothermal meta-
morphism, leading to the replacement of
igneous minerals by albite, epidote, chlo-
rite and carbonate, with loss of SiO, and
CaO and gain of FeO and MgO. These
reactions, on approaching completion,
produce a distinctive greenschist-facies
metabasalt called spilite, found in many
ophiolite belts.



Table 2.4 Major and trace element analyses of representative basalts from various tectonic settings. As the FeO/Fe,O; ratio in a volcanic rock
analysis rarely preserves the original magmatic value, FeO and Fe,O; have been combined as ‘total FeO’ (‘XFeQ’, actual FeO + [actual Fe,05/1.11]
— see Box 2.6). Some authors use ZFe,O; instead (ZFeO x 1.11) and their analyses may result in low totals when presented in ZFeO terms here.
Blank spaces indicate elements that were not reported in the original publication.

NB The number of significant figures given here varies according to the precision of the analytical determination; the method and precision for a
given element may differ from one analysis/laboratory to another.

Category  Primitive N-MORB OIB Subduction-related LIP-related Continental
mantle volcanism volcanism rift

Basalt Tholeiitic ~ Tholeiitic  Tholeiitic ~ Alkali basalt  Calc-alkali Low-K Low-K Subalkali  Alkali basalt

type basalt basalt basalt basalt tholeiite tholeiite  basalt

Location Mid- East Kilauea, Koloa, Honshu South Ontong  Etendeka, Kenya rift
Atlantic Pacific Hawaii Kauai Is, arc Sandwich  Java Namibia  valley
Ridge Rise Hawai'i Islands plateau

Data 1 2 2 3 4 S 6 7 8 9

source

Mass % oxide

Si0, 50.48 49.30 49.28 45.64 50.77 50.88 49.47 50.07 47.18

TiO, 0.217 1.19 1.68 2.61 1.84 1.59 0.50 1.08 3.19 3.63

Al O; 16.87 14.40 12.56 12.49 16.21 18.24 14.05 12.68 14.75

XFeO 8.85 10.46 11.18 12.44 11.02 8.53 11.04 11.55 13.41

MnO 0.15 0.19 0.17 0.17 0.18 0.20 0.19 0.17 0.18

MgO 8.07 7.56 9.74 11.36 5.64 6.34 7.64 6.41 5.70

CaO 11.85 11.60 10.80 9.93 9.24 11.50 12.34 8.60 8.77

Na,O 2.62 2.81 2.10 2.25 2.80 1.76 2.08 2.62 3.55

K,O 0.030 0.10 0.13 0.48 0.67 0.93 0.10 0.12 1.48 1.31

P,O; 0.022 0.11 0.16 0.27 0.32 0.39 0.02 0.09 0.46 0.59

LOI 0.10 0.90 2.00 1.23 0.34 2.25

Total 100.39 99.19 99.19 99.11 98.77 99.30 98.43 99.47 99.07
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Fig. 2.12 Map of the world showing the principal lithospheric plates and hot spots, mid-ocean spreading centres, transforms,
convergent margins and back-arc spreading centres, on a US Geological Survey base map. The hot spots shown are those listed by
Steinberger (2000), to which Afar, Ascension, Bermuda, Bouvet and Crozet have been added; current geological opinion varies on the
status and cause of individual hot spots. Dotted lines indicate the approximate orientation of seamount chains associated with selected
hot spots; double-headed arrows in the Indian Ocean link seamount chains with their hot spots where they have been separated by
seafloor spreading. SPR indicates the location of St Paul’'s Rocks, the product of volcanic activity at a ‘leaky’ transform. South Atlantic:
SSI South Sandwich Islands (arc); ESR East Scotia Ridge. Intra-continental rifts: BR Baikal Rift, B&R Basin and Range province, RG
Rio Grande rift, EA East African rift system, Rh Rhine and related western European rifts. NVZ, CVZ and SVZ refer to the northern,
central and southern volcanic zones of the Andean cordillera.



Ppm by mass

Rb 0.635 0.9 0.8 8.4 13 18.0 0.9 0.32 24.3 29
Ba 6.989 13.5 10 125 384 244 34 10.82 585 477
Th 0.085 0.191 0.171 1.14 1.39 0.12 0.247 4.14 5.62
Nb 0.713 2.5 3.1 24 31 3.3 0.19 3.3 28.3 63.0
La 0.687 3.08 4.06 14.6 20.3 10.13 0.90 2.92 38.6 52.2
Ce 1.775 8.71 12.3 36.5 35.3 25.21 2.81 8.14 86.3 107

Sr 211 126 142 368 478 391 108 118 626 933
Nd 1.354 7.91 11.3 25.5 18.8 2.84 6.91 45.8 51.3
Zr 11.2 78.3 100 141 110 132 21.3 61 280 227
Sm 0.444 2.53 3.92 5.55 6.30 5.04 1.11 2.19 9.34 9.32
Gd’ 0.596 3.51 5.23 5.08 1.47 3.22 8.01

Tb 0.108 0.91 0.8 0.85 0.9 0.56 1.18 1.10
Y 4.55 26.9 37.0 22 24 30.0 11.9 22.7 29.9 25
Yb 0.493 2.53 3.67 1.90 1.30 2.86 1.40 2.20 2.33 1.80
Lu 0.074 0.40 0.57 0.27 0.43 0.22 0.36 0.33 0.26

*Which of these REE is reported depends on the analytical technique used in the original publication.

Data sources

1 Model primitive mantle composition compiled by Sun and McDonough (1989), used for normalizing as described in Box 2.7. Major elements other than TiO,, K,O and P,Os were
not included in the compilation.

Columbia University PetDB database at http://petdb.ldeo.columbia.edu, analyses DAR0057-022-002-1B and ODP0142.
Basaltic Volcanism Study Project (1981) analysis HAW-1 from the shield-forming subalkali suite of Kilauea volcano, Hawai'i.
Maalee et al (1992) analysis 6 from the post-erosional volcanic suite of Koloa, Kauai, Hawaiian Islands.

Gust et al (1997) analysis 85-10-8-4.

Pearce et al (1995) analysis SSC35-4.

Fitton et al (2004) analysis 1183-9.

Ewart et al (2004) analysis KLS 554.

Macdonald et al (2001) analysis K93-1.

NO 0O\ LW
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Box 2.6 Fe,0;, FeO and ‘total iron oxide’ — why and how?

The rock analysis in Box 1.1 showed separate entries for the two oxides of iron: Fe,O5 (ferric oxide)
and FeO (ferrous oxide). The two entries highlight that iron may be present in silicate minerals in
two oxidation states or — to express it another way — as two types of cation, Fe’* and Fe?*. Because
these two ionic forms of iron possess different charge and ionic radii, they enter different cation sites
in crystalline minerals (the octahedral site in olivine, for example, accepts Fe** ions but not Fe** ions)
and behave differently in silicate melts. Accordingly, traditional major-element analyses show sepa-
rate percentages for FeO (determined in a suitably prepared rock solution by measuring its capacity
to reduce an oxidizing agent) and for Fe,O; (which is calculated by subtracting FeO from the rock’s
‘total iron oxide’).

In spite of these differences in chemical behaviour, most rock analyses published today no longer
distinguish between FeO and Fe, O3, partly because FeO determination is slower than current ana-
lytical techniques for the other major oxides (so analyst time and costs are saved by omitting it),
but chiefly because the FeO/Fe,O; ratio measured on a cold igneous rock powder bears little sys-
tematic relationship to its value in the original hot magma. Instead, a typical modern analysis gives
a combined figure for total iron oxide, as shown in Table 2.4.

Care needs to be taken when doing calculations involving FeO and Fe, O3, because the two oxides
have different RMM values and Fe:O ratios:

No of Fe atoms No of oxygen Oxygens RMM RMM per Fe atom
atoms per Fe atom
FeO 1 1 1.0 71.85 71.85
Fe, 05 2 3 1.5 159.69 79.85

It is inappropriate simply to add or subtract FeO mass % and Fe,O; mass %, since 1kg of FeO rep-
resents more iron than 1kg of Fe,Os. Conversely, because of the differences in RMM, 1.00 mass % of
the element iron translates into (RAM;, + RAMg) + RAM;, = (55.85 + 16.00) + 55.85 = 1.29%
FeO orinto (2 X 55.85 + 3 X 16.00) + (2 x 55.85) = 1.43% Fe,O5 (Fig. 2.6.1). The ratio of these two
numbers (1.4297 + 1.2865 = 1.1113 = 1.11) provides the conversion factor that must be taken into
account in any calculation involving the notional transformation of the mass of one iron oxide into
the other, or any summation of the two.

* by dissolving mobile elements, the hot sea-
water evolves into a fluid of higher ionic
strength, rich in metal sulphides. Such
fluids, on discharging into cold seawater
at hydrothermal vents, precipitate clouds
of dark sulphide sediment which are rich
in elements like Cu, Zn and Pb; these dis-
charging vents, associated with many
active spreading centres, are called ‘black
smokers’.

Ocean island basalts (OIB)

The world’s ocean basins are decorated by
linear chains of intra-plate volcanic islands
and seamounts (Fig. 2.12) — the Hawai'i-

Emperor chain being the best known - in
which the age of volcanism correlates with the
island’s position in the chain. Nonetheless by
no means all intra-plate islands and seamounts
are associated with such ‘hot-spot tracks’
(Wessel and Lyons, 1997). As a rule the eleva-
tion, composition, age and thicker crust of
large intra-plate ocean islands are quite dis-
tinct from the abyssal plains upon which most
of them stand. The submarine bulk of every
intra-plate volcanic island greatly exceeds the
volume exposed above the waves (Fig. 2.13).
The largest stand as high above the surround-
ing sea floor as Everest rises above sea level:
for instance, the altitude of Mauna Loa in
Hawai’i is 4169 m above sea level and the
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Total iron oxide may be expressed in two alternative forms:

YFe,0; = (1.11xFeO) + Fe, 0,

YFeO = FeO + (Fe, 03 + 1.11)

[2.6.1]

[2.6.2]

FeO is more abundant than Fe,O; in most fresh igneous rocks (see Carmichael et al., 1974; Wilson,
1989), so XFeO provides the more accurate picture and is the form quoted in all analysis tables
in this book.* XFe,0; is nonetheless widely quoted in many published analyses, though it over-
represents the proportion of oxygen present (and raises the analysis total).

When FeO needs to be estimated from an analysis that lists only total iron oxide, e.g. for calcu-
lating norms of analyses in Table 2.4, a useful convention is to set FeO., = 0.9 X XFeO.
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*Some authors use alternative notations such as FeO* or FeO..

surrounding abyssal plains are 5000 m deep.’
Since the 1960s (Wilson, 1963) island-sea-
mount chains, which trace the directions of
plate motion, have been interpreted as the loci
of stationary melting anomalies in the mantle
(Fig. 2.12) over which lithospheric plates are
migrating, though recent research suggests
that hot spots may be less fixed than
previously assumed (Christensen, 1998;
Tarduno, 2007).

A hot spot is a localized source of magma
supply whose output thickens the basaltic
crust in its immediate neighbourhood (Fig.

> A 3D representation of the Hawaiian islands can be
downloaded from http://pubs.usgs.gov/imap/2800/

2.13) by construction of a volcanic edifice on
the sea floor, by intrusion of magma within
the crust and by ‘underplating’ magma at the
base of the crust. The crustal thickness beneath
Ascension Island in the Atlantic is 12-13km
(Klingelhofer et al., 2001), for example, and
that of the Marquesas island chain in the
Pacific is 15-17km (Caress et al., 1995), com-
pared to an average oceanic crustal thickness
of 6-7km. Compiling such data for ‘hot-spot
tracks’ of known age allows melt production
rates to be estimated: for example, White
(1993) estimated the melt production rate
(volcanic and plutonic) for Réunion in the
Indian Ocean as 0.05km?® year™, and that for
the Hawaiian chain about 0.18 km® year™.
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Fig. 2.13 Seismic cross-section of Ascension Island in the equatorial Atlantic (simplified from Klingelhofer
et al., 2001 Fig. 6A (copyright Elsevier 2001)). Dotted lines show the velocity model contours in km s™; the
dashed line indicates the Moho depth from 3D gravity modelling.

The volcanic rocks that form the intra-
plate islands and seamounts are over-
whelmingly basaltic. Most oceanic islands
develop in a similar way, starting with an
early phase of voluminous growth lasting up
to a million years that constructs a large,
gently sloping, subaerial shield volcano (the
‘shield-building stage’), followed by a hiatus
during which erosion of the shield occurs,
followed in turn by renewed, low-volume,
more alkaline and more explosive volcanism
(the ‘post-erosional stage’) in which evolved
alkali magmas may be more prominent.
In the Hawaiian islands the shield-building
stage consists mostly of augite-plagioclase-
olivine-phyric tholeiitic basalt, though it
includes a late capping of transitional and
alkali basalts; the post-erosional stage con-
sists of more strongly alkali lavas, as well as
occasional flows of more evolved products
like trachyte (Fig. 9.8). The majority of ocean
islands, however, are of alkali character
throughout.

Intra-plate ocean island basalts constitute a
well defined compositional magma type
known as ‘ocean island basalts’ (OIBs). Figure
2.16(a) shows the incompatible element pat-
terns for two examples of OIB. In spite of the
differences between them, the OIB patterns
exhibit consistently higher levels of enrich-
ment of the more incompatible elements (by
a factor of at least ten) than in MORB, but
the OIB patterns cross over the MORB pro-
files to reverse this relationship on the right-
hand side. This contrast in incompatible
element fingerprints suggests that OIBs tap

different mantle sources from those feeding
mid-ocean ridges.

Iceland is a special case of an ocean island
which happens to lie astride the Mid-Atlantic
Ridge. Like many ocean islands it has well
developed rift zones (Fig. 9.9), but here the
geometry of the rifts has more to do with the
oceanic spreading centre than with structural
failure of an island edifice. The oldest basalts
on Iceland — about 16 Ma old - are found at
the NW and SE extremities of the island. Post-
glacial volcanic activity has been concentrated
in a A-shaped feature — called the Neovolcanic
Zone —transecting the centre of the island from
SW to NE, connecting to the Reykjanes Ridge
in the SW and the Tjornes fracture zone in the
NE. The intensity of lithospheric extension and
associated volcanism occurring in the Neovol-
canic Zone is indicated by dyke-fed fissure
eruptions, non-eruptive fissures and local
normal faulting, linear chains of cinder cones
and craters (notably along the Laki fissure
zone), and linear ridges (‘mobergs’) consisting
of pillow breccia and hyaloclastites, marking
where fissure eruptions have taken place
beneath former ice sheets (Fig. 2.14). The bulk
of Icelandic volcanism consists of subalkali
basalts with a distinctive Fe, Ti-rich chemical
signature showing both OIB and MORB affini-
ties. More evolved subalkali rocks (including
rhyolites) are associated with some volcanic
centres (Chapter 6). Holocene alkali basalt vol-
canism is associated with the ‘off-rift’ Snaefell-
snaes Peninsula in the west and the extreme
southern end of the Eastern Fracture Zone,
including the Vestmann islands (Fig. 9.9).
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Box 2.7 Trace elements as ‘fingerprints’

Basalts from different tectonic settings differ in chemical composition. Such differences throw light
on the different ways in which basalt melts are formed, and help to identify the affinities of older
basalts whose original tectonic setting has been obscured by subsequent events. Trace elements
generally prove to be the most useful geochemical discriminants, because their concentrations vary
more widely between settings than major elements.

Trace elements are subdivided according to their relative affinity for crystalline minerals and melt:

* incompatible elements are those which consistently favour the melt in preference to coexisting
mineral crystals. Goldschmidt (1937) attributed this behaviour to having too large an ionic radius
or too high an ionic charge (Fig. 2.7.1) to reside in the compact, highly ordered structure of most
mineral crystals; such ions are more easily accommodated in the relatively disordered structure
of the coexisting melt. Rb, Ba, La and U are good examples; the distribution of the main incom-
patible elements in the periodic table is summarized in Fig. 2.7.2.

An incompatible element resides  K'<1
mainly in the melt phase and is -
excluded from crystalline minerals.

(a) High field-strength &
elements . By
5/~ p NbTa O G—
,\Q’e\ Incompatible
[} &2 elements
e 4 S Ti SnzrHf . 'UTh —_—
S
c v ovi GaV Sc Large-ion
S 3H B AT AT o Fed lithophile
8 \REE elements
© 2+ s
2 Mn Mg Co Fe 2
g H Be Ni Gu Zn Ca Eu* Sr PbBa
S Compatible
1] elements Li Na K RbTICs
0 \ \ |
0.00 0.10 0.15 0.20
Mineral A

Mineral B loni dius /
Velt onic radius / nm @
A compatible element is more readily

accommodated in one (or more)
(b) KA>1 minerals than in the melt phase.

Fig. 2.7.1 Compatible and incompatible elements. (a) A plot of cation charge versus cation radius
for lithophile elements (after Gill, 1996). Elements whose symbols overlap the fuzzy boundary
between compatible and incompatible fields may fall into either group, depending on the lattice
dimensions of the minerals crystallizing (or that are present during melting). Larger type indicates
major elements; italic type indicates incompatible elements that are most prone to dissolution and
mobility in aqueous fluids; bold type identifies incompatible elements whose concentrations are
least mobile in such fluids. The box labelled ‘REE’ encloses the 15 rare earth elements from La to
Lu (see Fig. 2.7.2) together with yttrium (Y) which behaves like an REE (see Fig. 2.7.2); europium
(Eu) is unique among the REE in also having a divalent (2+) oxidation state. (b) Cartoon illustrating
compatible behaviour, in which dots symbolize ions of a compatible element, and their density
represents its equilibrium concentrations in coexisting crystal and melt. Note the element is
compatible in one mineral A (K > 1) but not the other (K? <1 ). (c) Cartoon illustrating
incompatible behaviour: the element has a higher concentration in the melt than in all coexisting
crystals (K < 1).

Continued
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e compatible elements are preferentially incorporated into one or more crystallizing minerals rela-
tive to the melt; for example, nickel is preferentially taken up by olivine.

Though ionic radius and charge are key factors in determining whether an element behaves com-
patibly or incompatibly, the lattice parameters of the host minerals also play a role (Blundy and
Wood, 2003).

The affinity that an element has for a particular crystalline mineral can be expressed quantitatively
in terms of the partition coefficient K™ :

K Amele _ concentration of element 7 in mineral A
. =

: = — . [2.7.1]
concentration of element 7 in coexisting melt

In igneous applications, the presence of melt can be assumed and therefore ‘K*™* can be
abbreviated to ‘K. An incompatible element is one for which K* <1.0 (Fig. 2.7.1c). In the case
of a compatible element, K*>1.0 for a specific mineral A: thus for the distribution of Ni between
olivine and coexisting basalt melt, for example, K%"~14.* It must be emphasized that such
compatibility is highly dependent on the identity of the host mineral: though favoured by olivine,
Ni is strongly excluded by feldspars ( K" ~ 0.01 ) and therefore would behave as an incompatible
element if feldspar were the only mineral crystallizing. The same point is illustrated by the REE in
Fig. 6.6.1 (Box 6.6).

Large-ion lithophile element

] @ High field-strength element ]
Rare-earth element
d-block P

K Ti

Rb|Sr| Y |Zr |Nb Sn

Cs|Ba|La |\Hf| Ta Tl |Pb
—— LREE —— HREE !
Ce|Pr |Nd SmEu*Gd|Tb |[Dy|Ho| Er Tm|Yb|Lu
Th U
| f-block

Fig. 2.7.2 Locations of incompatible lithophile elements in the periodic table; major elements are
shown in larger type. The rare earth elements (‘REE’), from lanthanum (La) to lutetium (Lu)
inclusive, are chemically very similar to each other, and to yttrium (Y); the radioactive REE
promethium (Pm, shown faint) is too short-lived to occur naturally on Earth.

Incompatible elements provide the most useful ‘“fingerprints’ for distinguishing between different
types of basalt. Fig. 2.7.3a shows one way to portray such information. The x axis shows a list of
incompatible trace elements (and a few ‘major’ ones — K, P and Ti — that also exhibit incompatible
behaviour) arranged from left to right in order of decreasing incompatibility (i.e. increasing K ):
those on the left are the most strongly excluded from all mantle minerals (olivine, enstatite, diopside,
spinel and garnet) and therefore enriched in coexisting partial melt, while those on the right may be
incorporated in selected mantle minerals, notably garnet if it is present. The y axis represents the
concentration of each element in the sample(s) of interest, using a logarithmic scale in order to
embrace a wide range of possible values.

The problem with this plot is that wide variations in natural abundance between individual trace
elements generate a jagged appearance that obscures the differences between samples. Since these
gross elemental abundance variations are common to all matter in the solar system, they can be
smoothed out by plotting the ratio of each element’s concentration in the sample of interest (an
ocean island basalt in this instance) to its concentration in ‘primitive mantle’. Fig. 2.7.3b shows

*Published values of partition coefficients for specific elements, minerals and melt compositions can be found
in the GERM database (http://earthref.org/GERMY/). Partition coefficients vary with the temperature and pres-
sure at which melt and crystal equilibrate (see Blundy and Wood, 2003).
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Fig. 2.7.3 Why normalize? (a) Raw concentrations in parts per million of incompatible elements
plotted in order of decreasing incompatibility for typical ocean island basalt (OIB) and ‘primitive
mantle’ (data for both from Sun and McDonough, 1989) plotted in order of decreasing
incompatibility. (b) ‘Normalized’ incompatible element ratios for the same OIB data (i.e. the OIB/
primitive mantle ratio for each element) in the same order. The data for hypothetical primitive
mantle used for normalizing, from Sun and McDonough (1989), are listed in Table 2.4.

Chemical symbols shown bold indicate high field-strength elements (Fig. 2.7.1).

how this treatment generates a cleaner ‘fingerprint’, highlighting the selective enrichment in the melt
of the most highly incompatible trace elements that is characteristic of OIB.

Figs. 2.7.3b and 2.15 show this kind of graph (sometimes called a ‘spidergram’) in its simplest
form. Many authors interpose additional incompatible elements (U, Ta, Pb, Hf and ‘heavy’ REE
such as Dy and Er) but little advantage is gained by doing so.

As Fig. 2.7.1 shows, incompatible elements are often divided into:

e ‘Large-ion lithophile elements’ (LILE), having ionic radii too large to be accommodated in most
rock-forming minerals;

e ‘High field-strength elements’ (HFSE), whose high charge:radius ratio creates an intense electro-
static field around each ion, making it unstable in an ionic silicate crystal.

LIL elements are more readily dissolved by aqueous fluids and are therefore relatively mobile during
weathering, alteration and metasomatism (see Gill, 1996, p 207). HES elements, on the other hand,
resist dissolution and, being less mobile, serve as more reliable indicators of magma affinity in altered
and metamorphosed basalts. This distinction is of key importance in considering the origins of
subduction-related magmas (Chapter 6).
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—Mbberg ridge

Dyke that
fed fissure

eruption  Non-eruptive fissures

Fig. 2.14 Block diagram illustrating features of
Neovolcanic Zone volcanism in Iceland (adapted
from Walker (1965) by kind permission of the
Leicester Literary and Philosophical Society, UK).
Modberg is Icelandic for ‘brown rock’ (in this
context meaning hyaloclastite): moberg ridges are
linear ridges of accumulated pillow breccia and
hyaloclastite formed during subglacial fissure
eruptions.

Large igneous provinces (LIPs): oceanic
plateaux and continental flood basalts (CFBs)

Across most of the ocean floor remote from
hot spots, the basaltic crust has a uniform
thickness of about 6.5km, but ocean-floor
bathymetry and geophysical studies in the
past 25 years have revealed a number of enor-
mous submarine basaltic plateaux (Fig. 2.15),
rising to at least 1000 m above the surround-
ing abyssal plains, where the oceanic crust
thickens to as much as 35km (Mahoney and
Coffin, 1997). Most are remote from spread-
ing centres and exhibit no regular magnetic
anomalies of the kind associated with mid-
ocean ridges. These plateaux represent enor-
mous intra-plate volcanic outpourings, each
of which seems to have been emplaced in only
a few million years. The largest is the Ontong
Java Plateau (OJP) in the western Pacific
which, taking account of related lavas in the
adjacent Nauru Basin and the Solomon
Islands, consists of about 60 million cubic
kilometres of volcanic and plutonic rocks
(Coffin and Eldholm, 1994) emplaced around

122 Ma ago (Fitton et al. 2004).° The basalts
are dominantly olivine-plagioclase-phyric
low-K tholeiites. Such voluminous oceanic
plateaux and rises (Fig. 2.15) are oceanic
examples of large igneous provinces (LIPs).
Other examples are the Shatsky Rise in the
Pacific and the massive Kerguelen Plateau in
the Southern Ocean SW of Australia (Fig.
2.15; Coffin et al., 2002).

Their continental counterparts — continen-
tal flood basalt (CFB) provinces — were recog-
nized much earlier, and their petrology and
geochemistry have been studied in great detail
in the last 50 years. Like oceanic plateaux,
CFBs consist of great thicknesses (several km)
of subalkali, usually olivine-plagioclase-phyric
basalt lavas, though in some CFBs such as
Etendeka and Yemen more evolved volcanics
may also be volumetrically significant. There
is commonly evidence of extensive domal
uplift associated with early stages of CFB evo-
lution, exemplified in Fig. 2.15 for the Afro-
Arabian LIP of which the Yemen volcanics
are a part. For some CFBs, like the North
Atlantic Volcanic Province and the Deccan
“Traps’ in India, the bulk of the volcanic
output is now known to have been erupted in
surprisingly brief intervals of time (as little as
0.5-2Ma according to White, 1993, or less
than 1 Ma according to Courtillot and Renne,
2003). The melt production rates during these
short periods must have been colossal: for the
Deccan alone, for example, the average melt
production rate has been estimated at 5km’
year' (White, 1993; Courtillot and Renne,
2003), greatly exceeding the present-day
global hot spot output (~ 0.5km’ yr™') and
falling not far short of the steady-state magma
production rate of the entire mid-ocean ridge
system (~20km’yr™'). Most CFBs, though not
all (see Fig. 2.15), are found at passive margins
where continental fragments have since sepa-
rated, and many can be linked by means of
island-seamount chains or aseismic ridges to
present-day hot spots. Thus the Deccan CFB
province (Fig. 2.15) is linked via the Maldive
Ridge to the present Réunion hot spot, though
the geographical correlation here has been

¢ Taylor (2006) suggests that the present OJP formed
only a part of a still larger submarine plateau incorpo-
rating the Manihiki and Hikurangi plateaux (Fig. 2.15)
as well, subsequently dispersed by Cretaceous seafloor
spreading.
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Fig. 2.15 The principal large igneous provinces (LIPs) formed in the past 260 Ma, with ages shown in italic. Continental and passive-
margin flood basalts are shown in black; oceanic plateaux and major rises are shown in grey. Dashed outlines enclose volcanic
provinces that have been dispersed by seafloor spreading since eruption, or link a LIP to a current hot spot believed responsible for it.
Drawn from an on-line catalogue prepared by the IAVCEI* Commission on Large Igneous Provinces (www.largeigneousprovinces.org)
from which the ages shown have been taken, on a base map prepared by the US Geological Survey (as in Fig. 2.12). The outcrop of
Central Atlantic Magmatic Province basalts is from McHone (2000). The Ferrar LIP (183—-179Ma), consisting of basalts and dolerite sills
in Antarctica (Fig. 4.3d), Tasmania and New Zealand dispersed by the break-up of Gondwana, is not shown; it coincides in age with the

Karoo LIP with which it appears to be cogenetic. Ages shown relate solely to the initial major volcanic outburst
linked to a hot spot active today. The extent of doming associated with the ~30 Ma Afro-Arabian LIP (after Davison et al.,

shown as a grey dashed line.

* International Association for Volcanology and the Chemistry of the Earth’s Interior.

— many LIPs can be
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complicated by later seafloor spreading
centred on the Central Indian Ridge
(Fig. 2.12).

On the other hand, Ingle and Coffin (2004)
have proposed that the Ontong Java oceanic
plateau, the largest LIP on Earth in terms
of volcanic output, may instead be the record
of a bolide impact, on the grounds that it
cannot be linked convincingly to any hot-spot
track. This may explain why uplift at the
time of eruption — as indicated in other sub-
marine LIPs by the abundance of subaerial
lavas in the volcanic sequence — appears
to have been minimal: virtually all Ontong
Java lavas so far sampled are clearly subma-
rine (Fitton et al. 2004). Another LIP with
no convincing link to any hot-spot track is
the early Jurassic (200 Ma) Central Atlantic
Magmatic Province (CAMP), whose products
are dispersed on the margins of four conti-
nents (Fig. 2.15) as a result of the contem-
poraneous rifting and break-up of the Pangaea
supercontinent. McHone (2000) argued that
this LIP is not readily explained by a mantle
plume; Coltice et al. (2007) instead attribute
the volcanism to long-term shallow mantle
heating associated with continent
aggregation.

The largest CFBs are believed to have gen-
erated massive environmental crises at the
time of their eruption, and some appear to be
linked to biological extinctions (White and
Saunders, 2005; Kelley, 2007). Controversy
has raged for decades as to whether the major
extinctions in the stratigraphic record arise
from plume-related volcanic crises or from
bolide impacts. White and Saunders (2005)
suggest on statistical grounds that the end-
Permian, end-Triassic and end-Cretaceous
extinctions could result from bolide impacts
that happened to coincide with LIP eruptions.
The impact of oceanic plateau LIPs, erupted
largely under water, appears to have been less
severe.

Unlike the relatively uniform trace element
patterns observed in MORB and OIB (Fig.
2.16a), incompatible element behaviour in
LIPs is highly variable, both within and
between individual provinces. Inter-provincial
differences are illustrated in Table 2.4 and
Fig. 2.16b by:

* a low-K basalt from the Ontong Java
plateau; the pattern resembles N-MORB

but has a more pronounced level portion
and a steeper gradient among the
most incompatible elements K, Th, Ba and
Rb;

e an Etendeka flood basalt from Namibia;
though tholeiitic, this basalt has an
enriched incompatible element profile
reminiscent of an OIB alkali basalt.

Factors like lithosphere thickness and — in
continental areas — interaction with sialic
crust, and the change of these factors with
time as a province evolves, provide ample
scope to explain these differences.

Intra-continental rift basalts

Basaltic volcanism is associated with intra-
continental rifting in various circumstances:

e where extension is caused by doming
above a sub-continental mantle hot spot,
as in the Kenya—Ethiopia rift system in
East Africa — illustrated in Fig. 9.3 — from
25Ma BP to the present (Rogers et al.,
2000);

e where extension occurs perpendicular to
the compressive stresses behind a conti-
nental collision zone, illustrated by the
Neogene volcanics of the Rhine rift valley
of Germany (Fig. 2.12);

® inregions of post-subduction extension, as
in the Basin and Range Province in the
western USA (‘B&R’ in Fig. 2.12). East-
ward subduction of the former Farallon
Plate here in the Palaeogene produced
calc-alkali magmatism (Chapter 6). All
that remains of the Farallon Plate today
are its NW and SE extremities, represented
by the present Juan de Fuca and Cocos
plates (Fig. 2.12); the portion in between
— with the East Pacific Rise that generated
it — has been subducting for the past
30Ma, and this may be the cause of the
elevated heat flow, uplift and widespread
extension in the parts of the overriding
plate directly above, extending as far east
as the Rio Grande rift (‘RG’ in Fig. 2.12).
Associated basaltic volcanism has occurred
here since about 15Ma ago, much of it
SiO,-undersaturated;

e other types of continental rift, like the
Baikal rift in Eastern Siberia, whose tec-
tonic origins are less clear.



BASALTS AND RELATED ROCKS 55

Each of these examples is characterized by
elevated heat flow (~100mWm™ within the
rift and ~60mWm™ on the flanks) and a
broad gravity low, consistent with thinned
lithosphere. In each case the involvement of a
mantle hot spot has been mooted but, except
in the case of East Africa, it is generally
accepted today that other tectonic mecha-
nisms lie behind both extension and
volcanism.

In Kenya the total volume of volcanic mate-
rial erupted over the past 25 Ma amounts to
about 200,000 km?; if Ethiopia is considered
too, the total mounts to about 500,000 km?.
In the other examples cited above, however,
the magma productivity is at least an order of
magnitude lower. Alkali and transmonal
basalts predominate in each case.” Basalts in
most continental rifts form a continuum with
more alkali and strongly undersaturated mafic
rocks such as nephelinite and melilitite, and
are accompanied by relatively large volumes
of more evolved volcanics such as trachyte
and phonolite (Chapter 9). It is therefore
appropriate to discuss the petrography of
continental rift basalts in the context of these
more alkaline magmas in Chapter 9.

In terms of incompatible elements, the
Kenya rift valley alkali basalt shown in Fig.
2.16(a) is barely distinguishable geochemi-
cally from an oceanic hot spot alkali basalt.
The significance of this similarity is discussed
in the final section of the chapter and in
Chapter 9.

Subduction-related basalts

Subduction zones (Fig. 2.12), where oceanic
lithosphere born at a mid-ocean ridge is
interred back into the Earth’s mantle, gener-
ate a wide variety of volcanic products. The
most obvious aspect of this variability is
reflected petrographically in the relatively
large volumes of more evolved magmas
erupted in many island arcs (andesites) and
active continental margins (dacites and rhyo-
lites) that will be described in Chapters 6 and
7. Though less obvious in the field and under
the microscope, important variations also
exist among the parental basalt magmas gen-

7 Subalkali basalts predominate among lavas older than
5Ma in the Basin and Range.

erated above subduction zones, as revealed by
plotting their incompatible element profiles
(Fig. 2.16c¢). We consider these basalts below
under five headings, based partly on tectonic
setting and partly on the geochemical divi-
sions shown in Fig. 1.6.

Low-K or ‘island-arc tholeiite’ (IAT) arc basalts

The association with the lowest K,O content
in Fig. 1.6, the ‘low-K’ or island-arc tholeiite
association, is dominated by basalts, and is
characteristic of immature oceanic island arcs
such as the South Sandwich Islands, Tonga
and the Izu Islands of Japan (Fig. 2.12). Lavas
of this affinity probably also form the founda-
tions of many more evolved island arcs. Unlike
other subduction-related lavas, IAT basalts
are often aphyric or only sparsely porphyritic,
and consist of olivine, plagioclase and augite,
sometimes accompamed by sparse orthopy-
roxene and/or magnetite.

The geochemistry of island-arc tholeiites is
distinctive on account of their depletion in
high field strength (HFS) incompatible ele-
ments but comparative enrichment in many
large-ion lithophile (LIL) elements: these ten-
dencies give most subduction-related magmas
characteristically jagged profiles in primitive-
mantle-normalized incompatible element dia-
grams. The IAT pattern in Fig. 2.16(c) is
typical in having a relatively smooth, gently
sloping right-hand portion that is depleted
relative to N-MORB. This relatively smooth
trend extends across to the ‘lightest’ rare
earths, La and Ce (with a slightly lower
La/Yb ratio than N-MORB), but the trend
is interrupted by marked negative anomalies
in the HFS elements P and Nb and positive
anomalies in some mobile LIL elements (Sr,
K and Ba). These characteristics point to
a mantle source that is depleted overall
relative to that of N-MORB (as indicated by
Nb, P, rare-earth element (REE), Zr and
Ti) but which has received an influx of mobile
LIL elements by means of fluids expelled
from the dehydrating slab, as discussed in
Chapter 6.

Medium-K arc basalts

Rocks of the medium-K (Fig. 1.6) or ‘calc-
alkali’ association (Wilson, 1989) are the
most characteristic products of mature island-
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arc volcanism. Basaltic members of this asso-
ciation, sometimes referred to as high-alumina
basalts (Kuno, 1960; see also Seth et al.,
2002), are often notably porphyritic, contain-
ing phenocrysts of plagioclase, olivine, augite
and magnetite, occasionally accompanied by
hornblende. In many island arcs, however,
strongly porphyritic medium-K andesites
(Chapter 6) are more abundant than basalts.

Medium-K basalts are more variable in
their incompatible-element geochemistry than
low-K basalts but most share several common
features. Figure 2.16(c) shows a medium-K
basalt from central Honshu, Japan in which:

e all incompatible elements are present at
higher concentrations than in IAT;

¢ highly incompatible elements (left-hand
side), though variable, are more enriched
than moderately incompatible elements;

e as in IAT, there is marked depletion in

some high field-strength elements, notably
niobium (Nb).

These are features common to many supra-
subduction zome (SSZ) magmas in mature
island arcs and convergent margins. They are
believed to reflect intra-crustal magma frac-
tionation superimposed on the signature of
melting of mantle wedge peridotite metaso-
matized by slab fluids, as discussed in Chapter
6 and 11.

High-K arc basalts

Basalts of the high-K (Fig. 1.6) or ‘high-K
calc-alkali’ association (Wilson, 1989, Fig.
6.15) are relatively scarce, usually being
exceeded in volume by the andesites and more

evolved members of the high-K association,
both in island arcs and at active continental
margins (e.g. the central volcanic zone of the
Andes - Fig. 2.12). They typically contain
phenocrysts of olivine and augite, sometimes
accompanied by hornblende, magnetite and/
or plagioclase.

Incompatible element patterns for high-K
basalts tend to be more enriched in mobile
LIL elements than in medium-K basalts (as
one would expect since K is itself a LIL
element). This is illustrated in Fig. 2.16(c) by
a high-K basalt from the Aeolian island of
Stromboli in the Mediterranean; note the neg-
ative Nb and Ti anomalies.

As in the case of Stromboli (Francalanci et
al., 1999), basalts in the high-K category are
often associated with potassic alkali lavas of
trachybasalt type (Fig. 2.1) — members of the
‘shoshonite association’ — that are described
in Chapters 6 and 9.

Basalts from back-arc basins

Rifting within an island arc may split the arc
longitudinally and create between the ‘front’
and ‘rear’ fragments an extensional basin
floored by oceanic crust that has running
down its centre an oceanic spreading centre
resembling a mid-ocean ridge. Spreading
centres in such ‘back-arc basins’ (Figs. 2.12
and 6.18) erupt subalkali pillow basalts pet-
rographically similar to N-MORB: pheno-
crysts are dominated by plagioclase and
olivine with subordinate augite and opaques.
Their compositions often share features with
both TAT and N-MORB basalts. Figure
2.16(c) shows a basalt from the East Scotia
Sea back-arc spreading centre behind the

<
<

Fig. 2.16 Incompatible element enrichment diagrams (spidergrams) for typical analyses of basalts. Note
the vertical scale is logarithmic to allow a wide range of enrichment (relative to primitive mantle) to be
depicted. (a) N-MORBs and OIBs, (b) LIPs, and (c) Subduction-related basalts, as tabulated in Table 2.4,
with N-MORB samples shown faint for comparison in (b) and (c); the Stromboli high-K basalt and E Scotia
Sea data in (c), not included in Table 2.4, are from Francalanci et al. (1999) and Fretzdorff et al. (2002)

respectively.

For plotting, each analysis is (i) recalculated volatile-free (Box 1.3) where necessary, and (ii) divided
element-for-element by the Primitive Mantle analysis given in Table 2.4 (as explained in Box 2.7). Where
an element has been omitted from a published analysis (e.g. Gd or Tb), a straight line is drawn between
the coordinates for neighbouring elements. Note the logarithmic scale of the vertical axis. Chemical
symbols shown bold indicate high field-strength elements (Fig. 2.7.1).
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South Sandwich Islands arc (‘ESR’ and ‘SSI’
in Fig. 2.12) which has a MORB-like profile,
but with a small negative Nb anomaly and
positive K and Ba anomalies reminiscent of
supra-subduction zone volcanic rocks.

Hydrothermal activity at back-arc spread-
ing centres generates volcanogenic massive
sulphide (VMS) deposits rich in Cu, Zn and
Pb, analogous to those forming at mid-ocean
ridges.

Basalts from active continental margins

Basalts covering the same range of composi-
tion seen in island arcs are also erupted above
subduction zones at ‘active’ (or convergent)
continental margins, though members of the
low-K suite are poorly represented here.
Basalts are also commonly insignificant in
volume compared to more evolved magmas
like andesites and dacites. In the Southern
Volcanic Zone of the Andes, however, basalts
and basaltic andesites (Fig. 2.1) predominate.
Mineralogically and geochemically, basalts
from active continental margins conform to
the descriptions given above.

Extraterrestrial basalts

This chapter would be incomplete without
brief mention of basaltic volcanism in other
parts of the solar system.

Lunar basalts

The darker regions of the Moon’s surface as
seen from Earth (the maria) consist of rocks
that have the petrographic attributes of basalt.
Lunar basalts differ from their terrestrial
counterparts, however, in several important
ways:

e A proportion of lunar rocks qualifying as
basalts mineralogically (Table 2.1) fall
well outside the IUGS geochemical defini-
tion in Fig. 2.1, with SiO, contents in mare
basalts extending as low as 38%. (The
designation of these rocks as basalts pre-
dates the work of the TUGS Commission
(Le Maitre, 2002) and seems to have been
overlooked by them.)

e The lowest-SiO, mare basalts have spec-
tacularly high TiO, contents (up to 13%).
TiO, content is a key discriminant in

distinguishing between different categories
of lunar basalt (Basaltic Volcanism Study
Project, 1981).

e Lunar basalts contain no detectable water
and their iron minerals are highly reduced
compared to terrestrial basalts (no ferric
minerals are present and many samples
contain traces of metallic iron).

e Alkali contents are much lower than most
terrestrial basalts: Na,O contents are
usually less than 0.5% and K,O usually
below 0.1% (cf. Table 2.4).

e Pyroxene compositions vary widely in
lunar basalts and in some samples, notably
those from the Apollo 17 landing site,
have metastable compositions lying within
the miscibility gap in Fig. 2.1.1 (Basaltic
Volcanism Study Project, 1981).

Basaltic meteorites and planetary surfaces

‘Stony’ meteorites (those consisting chiefly of
silicate minerals with little metallic iron) are
divided into two categories:

® chondrites, which have primitive ultra-
mafic compositions (see Chapter 5) and
usually contain distinctive mm-scale spher-
ical aggregates of dendritic crystals and
glass known as chondrules (from which
the name ‘chondrite’ derives);

® achondrites, a smaller group of more dif-
ferentiated compositions that contain no
chondrules but have igneous textures
(Plate 2.10): they are either basalts or
more slowly cooled pyroxene or olivine
cumulates.

The fine-grained igneous textures of the
basaltic achondrites suggest they are products
of volcanic processes operating on the surface
of one or more celestial bodies, from which
they have been ejected by an impact event.
Various lines of evidence suggest that the
commonest type of basaltic achondrite —
called eucrites — are all ejecta from impacts on
the surface of one of the largest known aster-
oids (known as 4 Vesta).

Other basaltic achondrites seem to derive
from larger planetary bodies. An important
group — known as shergottites (Plate 2.10) —
show clear evidence of having been derived
from the surface of Mars. Gas samples
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extracted under vacuum from glassy inclu-
sions in one example recovered from Antarc-
tica are identical in composition to Viking
analyses of the Martian atmosphere; the
impact event that ejected the basalt fragments
evidently generated impact melts that dis-
solved gases from the ambient Martian atmo-
sphere. The young crystallization ages of the
shergottites (165-450 Ma) also point to rela-
tively recent volcanic processes that can only
have occurred on a major planet. Another
group of basaltic achondrites, with textures,
compositions and older crystallization ages
similar to Apollo lunar basalts, have clearly
been derived from the Moon.

WHERE AND HOW ARE BASALT MAGMAS
FORMED IN THE EARTH?

Source materials for basaltic melts

“The melting bebaviour of basalts and eclog-
ites indicates that both are partial melting
products of a more primitive rock ... pre-
sumed to be garnet peridotite.’

(Yoder and Tilley, 1962)

Basaltic magmas have low SiO, content
(less than 52 mass %), relatively high MgO
content (5%-15%) and less than 5% total
alkalis. Though in theory such melts might
form by the complete melting of source rocks
of mafic composition, it is generally accepted
that complete melting hardly ever occurs
within the Earth — the only occasion being
impact melting caused when the Earth is
struck by high-velocity interplanetary debris.
In all other circumstances, igneous melts are
products of a process called partial melting
(Box 5.4), in which melting stops short of
completion and, once the partial melt has
migrated upward, leaves behind in the source
region a melt-depleted solid residue. In the
partial melting of complex geological materi-
als, the more fusible chemical components
(mixtures of Si0,, Al,O;, Na,O, K,O and
H,0) are preferentially concentrated in the
melt, while more refractory components
(notably MgO, Ni and Cr) are retained in the
solid residue.® It follows that partial melts are

¥ How major elements are partitioned between melt and
residual solid is discussed in Chapter 5.

more SiO,-rich and MgO-poor than the
source material from which they derive.
Accordingly, in considering which regions
of the Earth’s interior might serve as sources
of basaltic melts, one concentrates on domains
that are SiO,-poor and MgO-rich in compa-
rison to basalt. The obvious candidates are
the ultrabasic rocks that constitute the
Earth’s upper mantle. That basalt magmas are
generated within the mantle is borne out
by the occurrence of peridotite xenoliths
with distinctive mantle textures (as explained
in Table 5.4 and illustrated in Plates 5.3-5.8)
in many alkali basalts and related rock
types (though rarely in subalkali basalts).
It is universally accepted among petrologists
today that to wunderstand why basalts
erupt where they do, we need to investi-
gate the thermal structure of the Earth’s
mantle.

Conditions required for melting to occur in the
mantle

Two lines of research contribute to current
understanding of melting in the Earth’s
mantle:

1 Measurements of heat flow at the Earth’s
surface, from which the geothermal gradi-
ent at the surface can be calculated and
the temperature distribution with depth in
the Earth’s interior — the ‘geotherm’ — can
be quantitatively modelled (see Fowler,
2005). Heat flow, gradient and geotherm
vary widely according to geotectonic
setting.

2 Laboratory experiments that determine
the temperatures at which peridotites
begin to melt, and how they vary with
applied pressure (representing depth).

Figure 2.17 shows how such data can be com-
bined to gain a general understanding of why
melting occurs in the mantle. The diagram is
divided into two principal domains: a grey
area on the left indicating the conditions
under which mantle rocks remain completely
solid, and a white area representing the tem-
perature and pressure domain where, accord-
ing to laboratory experiments, melting is
expected to occur. They are separated by a
curve called the solidus which indicates the
minimum temperature at which melting can
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Fig. 2.17 Temperature versus depth diagram showing a representative oceanic geotherm and melting
behaviour of mantle peridotite after McKenzie and Bickle (1988). The liquidus and solidus curves at higher
pressures are as amended by Nisbet et al. (1993) to take account of 14 GPa melting experiments by
Herzberg et al. (1990). Pressures corresponding to the depth scale are shown in the right-hand side.

begin in a mantle peridotite.” Sub-parallel
curves show temperatures at which typical
mantle peridotite will be 20% molten, 50%
molten and 100% molten. These tempera-
tures increase with depth: the deeper in the
Earth, the higher the temperature required
before melting can begin. (This generalization
breaks down if H,O is present, as we shall see
later.)

The heavy curve in Fig. 2.17 shows a model
geotherm typical of oceanic lithosphere
remote from spreading centres. It consists of
two linear portions linked by a curve. The
upper linear domain represents the rigid outer
shell of the Earth (crust and uppermost
mantle) where — because rocks here are too
cool to flow — heat is transported solely by
thermal conduction: the linear temperature
gradient is analogous to the steady-state tem-
perature distribution in a steel rod with one
end maintained at a higher temperature than
the other. Geophysicists call this outer, rigid
conducting layer the ‘mechanical boundary

® In detail the solidus temperature varies with peridotite
composition: Fig. 2.17 shows an average value after
McKenzie and Bickle (1988) — see Fig. 2.16 caption.

layer’; it equates roughly, but not exactly,
with the geologist’s concept of ‘lithosphere’.
The steeper linear portion of the geotherm,
where temperature increases very slowly with
depth, represents deeper mantle that is suffi-
ciently hot and ductile (though still in the
solid state) to convect readily over geological
timescales: i.e. the asthenosphere. When it
operates, convection redistributes heat more
rapidly than conduction. A medium that is
thoroughly mixed by convection — visualize a
vigorously boiling pan of water — necessarily
attains an essentially uniform temperature
(and a uniform composition). Why, if that is
true, is the geotherm not shown as a vertical
line in this diagram at these depths, indicating
a uniform temperature throughout this lower
layer? To answer this we must recognize that
mantle peridotite, like all rocks, is compress-
ible: 1kg occupies a slightly smaller volume
at high pressure (at depth) than at lower pres-
sure (shallower depth). Conversely, upward-
convecting mantle undergoes slight expansion,
and for this it must ‘push aside’ the surround-
ing mantle slightly. The mechanical work
entailed in thus ‘creating space’ for expansion
is accomplished at the expense of the
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peridotite’s internal energy, and therefore its
temperature  falls  slightly.  Accordingly,
ascending mantle — and the ‘convective’ part
of the geotherm - both follow a steeply
inclined, rather than vertical, P-T path called
an adiabat.

In recognition of the adiabatic expansion
experienced by upwelling mantle, it makes
sense to express mantle temperatures (follow-
ing the practice in meteorology) in terms of
potential temperature T, which is the hypo-
thetical surface temperature a deeply buried
rock (at pressure Py, and temperature Tiia)
would end up at if it were transported to the
surface along the adiabat passing through Pj,;.
dals Tinicial without melting. It is now generally
accepted, after McKenzie and Bickle (1988),
that the asthenosphere has a uniform poten-
tial temperature (T,) of about 1300°C," as
shown by the ‘convecting geotherm’ in Fig.
2.17. Alternative adiabats are illustrated for
potential temperatures of 1400 and 1500°C,
to which we shall refer later.

There is no sharp boundary between the
convecting and conducting parts of the mantle.
The darker horizontal band in Fig. 2.17 and
the curved part of the geotherm represent a
zone of gradual transition — designated the
‘thermal boundary layer’ — where, as tempera-
ture rises, rocks become progressively more
ductile and begin to participate in convection.
The base of the lithosphere or rigid ‘plate’ lies
somewhere within this transition zone. It
must be emphasized that the discussion of
convection here carries no implication of
melting or the presence of magma. Indeed, the
location of the oceanic geotherm entirely
within the grey sub-solidus area of Fig. 2.17
poses rather a paradox for a planet as volcani-
cally active as the Earth: if the geotherm fails
to intersect the solidus, how can we explain
the partial melting that feeds volcanic erup-
tions at the surface?

Figure 2.18 illustrates three ways in which
this paradox may be resolved within the
Earth; the relevant geotectonic settings are
cartooned in Fig. 2.18d. Mid-ocean ridges are
currently looked upon as zones of passive
extension. As the plates diverge, the astheno-
sphere beneath wells up to take their place.

" The value originally estimated by McKenzie and
Bickle was 1280 °C; this value has been retained in Fig.
2.16.

‘Upwelling’ is represented by arrows from X
to Y, both in Fig. 2.18d and Fig. 2.18a.
Asthenosphere with a potential temperature
of 1280°C ascends along the 1280 °C adiabat
as shown in Fig. 2.18a. Even though cooling
slightly during ascent, upwelling astheno-
sphere traverses the pressure-dependent
solidus at S and thus begins to melt. The
degree of partial melting increases with con-
tinued upwelling and passes 20% melting
before reaching Y. Partial melt separates over
a range of depths to feed MORB volcanism
or sub-ridge magma chambers in which
gabbro crystallizes. The refractory solid
residue that melting leaves behind accretes to
the trailing edges of the diverging lithospheric
plates. Similar mechanisms operate beneath
back-arc spreading centres, though here there
is evidence that slab H,O also plays a role
(Kelley et al., 2006).

Heating is thus not required to initiate
mantle melting at mid-ocean ridges: the key
factor is the opportunity afforded by plate
divergence for adiabatic upwelling of asthe-
nosphere that brings about decompression
melting. Partial melting at intra-plate hot
spots such as ocean islands, on the other
hand, cannot be explained in this way, because
the marked thinning of the lithosphere that
characterizes mid-ocean ridges (Fig. 2.18d,
left-hand side) does not occur here. The
thicker basaltic crust found beneath ocean
islands like Hawai'i and Ascension (Fig. 2.13)
suggests a higher local mantle temperature,
and most geophysicists'' today attribute ocean
island volcanism — at least that related to hot-
spot tracks shown in Fig. 2.12 - to the pres-
ence below an active island of a mantle plume.
The term ‘plume’ denotes a mushroom-shaped
convective upwelling from the lower-mantle
that is hotter and less dense than the astheno-
sphere surrounding it (Fig. 2.18d). This
thermal anomaly is represented in Fig. 2.18b
by an elevated ‘plume geotherm’. Having a
higher potential temperature (an illustrative
value of 1500°C is shown in Fig. 2.18b),
upwelling plume peridotite can intersect the
solidus and begin melting at greater depth
than in Fig. 2.18a, but the scope for contin-
ued upwelling is inhibited by the thick, rela-
tively cool mechanical boundary layer (‘MBL

" But not all: see www.mantleplumes.org/
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Fig. 2.18 Cartoons illustrating: (a) Melting by asthenosphere upwelling and decompression melting due
to lithosphere extension at mid-ocean ridges; above S the upwelling mantle follows a slightly different
adiabat (S—T,) reflecting the greater compressibility of the melt present. (b) Decompression melting in an
intra-plate mantle plume; here the degree of melting is restricted by the presence of thick lithosphere
(dotted line) that inhibits further upwelling and decompression melting. Melts are tapped from this depth at
lower degrees of melting than at Y in Fig. 2.18a. (c) Melting due to depression of the solidus in hydrous
mantle wedge above a subduction zone. The peridotite solidus for 0.4% H,O is from Wyllie (1981); the
wedge geotherm models are from (lower T) Davies and Stevenson (1992) and (higher T) Furukawa
(1993). The oceanic geotherm (OG) from Fig. 2.18a,b is shown merely for reference; it is not directly
relevant in this context. (d) Geotectonic settings for (a), (b) and (c).

in Fig. 2.18b) present in this mid-plate region.
For this reason, in spite of the elevated poten-
tial temperature, the degree of partial melting
that occurs in a plume is generally lower than
beneath a mid-ocean ridge and depends on
lithosphere thickness (White, 1993). Where a
plume happens to coincide with an oceanic
spreading centre — as beneath Iceland — this
constraint does not apply.

It cannot be assumed that all intra-plate
volcanic islands in the oceans result from
plumes with higher-than-normal potential
temperatures. The majority of oceanic volca-
nic islands and seamounts are in fact unre-
lated to hot spot tracks, and some petrologists
attribute them to fusible ‘blobs’ within the
convecting asthenosphere (Fitton, 2007), the
partial melting of which is due to a lower
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solidus temperature rather than a thermal
anomaly.

Plumes may be found beneath continental
plates as well as in oceanic areas; the volca-
nism of the Kenya rift valley is generally
understood to have a plume origin (Rogers,
2006), explaining why the Kenya rift valley
alkali basalt shown in Fig. 2.16a is geo-
chemically similar to an oceanic intra-plate
alkali basalt. A more detailed discussion of
East African volcanism and its origins is pro-
vided in Chapter 9.

Many (though not all) oceanic and conti-
nental intra-plate hot spots (Fig. 2.12) are
considered to be products of mantle plumes
operating in a ‘steady-state’ condition. Their
total magma production rate (~0.5 km’yr™) is
small relative to the output of the global mid-
ocean ridge system. The birth-pangs of a
newly formed plume may however be much
more dramatic. Many petrologists and geo-
physicists (e.g. White and McKenzie, 1989)
believe that the huge and often short-lived
outpourings represented by LIPs and CFBs
(up to Skm’yr™ according to Courtillot and
Renne, 2003) correspond to the initial arrival
at the base of the lithosphere of a newly
formed, hot plume-head. Such a ‘starting
plume’ may be thought of as an upside-down
analogue of the initial large blob that falls
from a syrup-laden spoon, before the flow
subsides to a more modest and sustained
trickle. The geological evidence supporting
this view is that many of the largest passive-
margin CFBs like the Deccan and Parana-
Etendeka (Fig. 2.15) — ostensibly products of
the initial impact of ‘starting plumes’ — are
linked via progressively younging ocean-
island chains to current intra-plate hot spots
like Réunion and Tristan da Cunha (Fig.
2.15), interpreted as products of plumes oper-
ating in steady-state mode.

The agent that stimulates partial melting in
the mantle wedge beneath an island arc (Fig.
2.18d, right-hand side) is neither lithospheric
thinning nor an elevated geotherm, but the
release of aqueous fluids by dehydration of the
altered oceanic crust riding on the down-going
slab as it heats up during subduction. The
altered crust contains hydrous minerals like
chlorite, serpentine and amphibole that have
formed at the expense of original igneous min-
erals, chiefly early-on as a result of near-ridge
hydrothermal circulation. Laboratory experi-

ments show that the presence of small amounts
of H,O can substantially depress the peridotite
solidus temperature in the overlying mantle
wedge, as Fig. 2.18¢ illustrates. (The shape of
the ‘wet’ solidus in this diagram is complicated
by various factors beyond the scope of this
chapter.) Figure 2.18c also emphasizes that
the geotherm in the mantle wedge above a
subduction zone is likely to exhibit a tempera-
ture maximum owing to cooling from below
by the subducted slab (see Fig. 6.23). In spite
of many uncertainties in thermal modelling of
the mantle wedge, the projection of likely geo-
therms above the ‘wet’ peridotite solidus in
Fig. 2.18¢ points to conditions in the mantle
wedge favouring peridotite partial melting
and the production of subduction-related
basaltic melts. The ways in which basalt melts
can be generated above subductions zones are
discussed in more detail in Chapter 6.

Other settings for basaltic volcanism dis-
cussed in the previous section can generally
be explained by one or other of these three
melting scenarios. Basalts erupted in small
volumes in continental rifts probably repre-
sent upwelling accompanying extensional
thinning of continental lithosphere, but there
may be a plume input too, as is believed to be
the case for the voluminous volcanism of
Kenya. Back-arc basaltic volcanism reflects
high degrees of lithosphere extension attrib-
uted to ‘roll-back’ of the subducting slab — the
lateral retreat of the subduction hinge-line
away from the arc (as illustrated in Fig. 6.19).

REVIEW — WHAT INFORMATION CAN WE
GLEAN FROM BASALTS?

Basalts are of interest for what they can tell
us about internal processes inside the Earth,
their magma sources, conditions of melting,
past tectonic environments, magma evolution
and eruptive processes. Their compositions
allow us to investigate parts of the Earth that
are inaccessible to us (e.g. the mantle), or
internal and surface environments in the
distant geological past. The principal conclu-
sions from this chapter are:

e All basalt magmas are produced by partial
melting of mantle peridotite.

e Mid-ocean ridge (and back-arc spreading
centre) basalts are products of decompres-
sion melting of asthenosphere that wells
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up owing to lithospheric plate divergence
(Fig. 2.18a and d).

Mid-plate hot spots, such as Hawai'i, are
regarded by most petrologists and geo-
physicists as surface expressions of mantle
plumes, localized convective features that
are 150-300°C hotter than the surround-
ing asthenosphere; ocean-island basalts
are believed to be products of partial
melting at elevated potential temperature,
at high pressures dictated by a thick litho-
spheric ‘lid” (Fig. 2.18b and d). Large
igneous provinces are widely considered to
record a vigorous infantile stage during
the inception of a new plume. However a
minority of Earth scientists question the
current mantle plume orthodoxy.

Most subduction-related basalt magmas
are products of partial melting in the
mantle wedge above a subduction zone,
where aqueous fluids expelled from the
slab promote melting by lowering the
mantle solidus temperature (Fig. 2.18¢,d).
Basalts from these different geotectonic
settings possess distinct geochemical sig-
natures (Fig. 2.16) that in principle allow

their recognition in ancient volcanic
terrains.
Phenocrysts (Plate 2.1) indicate that

magma ascent from the mantle to the
surface was interrupted by a period of
crystallization in a sub-volcanic magma
chamber (Fig. 2.10), and shed light on
magma evolution by identifying the miner-
als that were crystallizing in the chamber
prior to eruption. Magma differentiation
during crystallization will be described in
detail in Chapter 3.

Though basalts may erupt by small pyro-
clastic explosions to form scoria cones
(Fig. 2.6), the volcanology of basalts is
dominated by lava flows (Figs. 2.2 and
2.3), the largest of which may flow for
hundreds of kilometres. Laterally exten-
sive lavas rely upon flow beneath the
surface (through lava tubes) to minimize
radiative heat losses.

EXERCISES

2.1 Plot the basalt analyses given (volatile-

free) in Table 2.5 in a TAS graph and

Table 2.5 Major and trace element analyses of
basalts for use in Exercises 2.1, 2.2 and 2.3. The
analyses are provided in volatile-free form.

C D

mass % oxide
Si0, 50.77 48.18
TiO, 0.67 1.9
ALO; 18.97 15.06
Fe,O; 1.55 1.87
FeO 7.95 9.55
MnO 0.19 0.19
MgO 6.32 6.97
CaO 11.8 12.15
Na,O 1.69 2.76
K,O 0.13 0.67
P,O; 0.03 0.29

ppm element
Rb 2.7 13
Ba 29 403
Th 0.3 2.31
Nb 0.21 25
La 1.1 22.4
Ce 2.84 43.6
Sr 120 460
Nd 2.97 24.5
Zr 19.2 110
Sm 1.06 5.17
Gd 1.52
Tb 0.9
Y 13.3 29
Yb 1.41 2.51
Lu 0.2

2.2

2.3

2.4

comment on which categories of basalt
they belong to.

Calculate norms for the basalt analyses
given in Table 2.5, as described in
Appendix B. In what key respect do they
differ? Is this consistent with your
answer in exercise 2.1?

Plot incompatible element enrichment
diagrams (‘spidergrams’) for the analy-
ses given in Table 2.5 and discuss the
environments from which they might
have been collected.

A rock analysis contains 1.56% Fe,O;
and 9.8% FeO by mass. Calculate values
for XFe,O; and XFeO.



Chapter 3

Magma differentiation

THE CAUSES OF MAGMA DIVERSITY

How does the wide diversity of natural magma
compositions illustrated in Fig. 1.2 arise? This
key problem exercised igneous petrologists
for much of the twentieth century. Up to
about 1960, research concentrated on the
processes by which chemically diverse magma
compositions might, in principle, be gener-
ated successively from a single parental basalt
melt. Such processes — which are responsible
for generating the most obvious form of
diversity among igneous rocks, the spectrum
between basic and acid melts — are referred to
collectively as magma differentiation. Igneous
petrologists today accept that fractional crys-
tallization and crustal assimilation are the
principal agents of magma differentiation, but
other mechanisms may contribute in small
ways or in particular circumstances (see
Wilson, 1993). Because these processes, all
related to magma crystallization, rely on
cooling experienced by the magma at various
stages on its ascent path, it is generally
assumed that they take place within the crust
(whether oceanic or continental), although in
reality they almost certainly begin to operate
while ascending magmas are still at mantle
depths.

Our understanding of magma differentia-
tion, the subject of the present chapter, has
been derived primarily from:

1 laboratory experiments in which rock
powders — or chemically equivalent syn-
thetic preparations that equilibrate more
quickly — are melted under controlled tem-

Igneous Rocks and Processes: A Practical Guide,
1st edition. By Robin Gill. Published 2010 by
Blackwell Publishing

peratures and pressures to investigate how
crystallization proceeds, and what con-
trols it;

2 geochemical and isotopic investigations
on cognate suites of well preserved volca-
nic rocks (see Fig. 3.10);

3 field and laboratory studies on cumulate
rocks in layered intrusions, which are dis-
cussed in Chapter 4.

The consequences of igneous differentiation
manifest themselves on all scales, from the
millimetre-scale plagioclase phenocrysts in an
andesite lava — whose internal zoning bears
witness to changing magma composition
during crystal growth — to the granite batho-
liths that extend for hundreds of kilometres
in mountain belts such as the Andes and the
Himalaya.

Igneous differentiation processes, acting on
a single ‘parental’ basalt magma, cannot by
themselves generate all of the variability seen
in Fig. 1.2. From the 1960s on, petrologists
recognized that more subtle chemical varia-
tions observed among basic magmas them-
selves, as well as in their differentiates, must
reflect variations in the conditions under
which melts are originally formed in the
mantle (or in some cases the crust): these con-
ditions include the depth at which melting
takes place, the extent of melting (what per-
centage of the original solid becomes molten),
and the chemical and mineralogical composi-
tion of the mantle starting material or ‘source’.
These issues, falling under the general heading
of partial melting, will be discussed in Box
5.4.

The distinct contributions that magma dif-
ferentiation and partial melting make to
magma diversity are illustrated in cartoon
form in Fig. 3.1.
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Fig. 3.1 Total-alkali versus silica (TAS) plot illustrating the contributions that magma differentiation
(specifically, fractional crystallization) and partial melting make to overall magma diversity, adapted from
Wilson (1989, Fig. 1.2a). Vectors are only intended to provide a qualitative indication of the direction of
magma evolution; in detail, magma paths will not conform to straight lines on this diagram.

PHASE EQUILIBRIUM EXPERIMENTS

Melting and crystallization within the Earth
involve equilibration at high temperatures
between a silicate melt on the one hand, and
one or more crystalline minerals on the other.
Each of these coexisting, but physically and
chemically distinct, forms of matter is desig-
nated by petrologists as a separate phase. In
this chemical usage of the term, ‘phase’ may
be defined as a part of a solid or partially
molten rock (or an experimental analogue)
which has clearly defined physical and chemi-
cal characteristics that distinguish it from all
other parts of the rock." A petrologist’s under-
standing of the term can be illustrated by

" All temporal connotations of the word ‘phase’ in
its everyday usage are excluded from its petrological
meaning.

referring back to Fig. 1.1. The upper diagram
shows five different phases:

e the ‘white’ crystals (representing
plagioclase);
e the ‘grey’ crystals (representing, for

example, olivine);

e the ‘black’ crystals (representing, for
example, magnetite):
the melt surrounding the crystals;
the round bubbles of gas trapped or sus-
pended in the melt.

Each phase is distinct from the others in its
physical properties (e.g. density or refractive
index), its chemical composition and its
atomic structure. Moreover, the coexistence
of these 5 phases could be inferred by
studying the solidified rock (lower diagram),
provided that we recognize the ground-
mass (whether glassy or crystalline) as
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representmg an original melt phase, and the
‘empty’ vesicles as representing a gas phase.
The crystals that were originally suspended in
the melt can be identified from the pheno-
crysts present.

Much has been learned about magma
evolution during melting and crystallization
in the Earth by conducting carefully con-
trolled laboratory experiments. Because such
experiments involve studying chemical equi-
librium between two or more phases (one
usually being the melt), such experiments are
called phase equilibrium experiments and
the results are usually presented graphically
in the form of phase diagrams (such as Figs.
3.2 and 3.3). The manner in which such dia-
grams are constructed is described in Box 3.1.
This area of research is called experimental
petrology.

The most important minerals to consider in
the differentiation of basaltic melts are olivine,
pyroxene, plagioclase and spinel. Much effort
has been spent over the years in understand-
ing their phase relations with basaltic melts
and with each other. It is striking how general
conclusions that we draw from simple experi-
ments involving just these four minerals carry
over into the natural world, allowing us to
predict the course of melt evolution in natural
magma systems.

Experiments with simplified compositions

Experimental petrology offers two avenues
for studying crystallization. Perhaps the
more intuitive approach is to take an actual
volcanic rock (whose composition represents
that of the magma from which it formed),
to crush it into a fine powder, to melt the
powder, and to observe how the resulting
melt crystallizes at various temperatures
(see Fig. 3.9). However, though such expe-
riments shed light on the crystallization of
individual rocks (see p.84), they provide little
insight into magma differentiation in general.
In the first place, experimenting with a single
rock composition, or even several, allows
little opportunity to vary melt composition
systematically to see how it influences the
course of crystallization. Secondly, natural
rocks are chemically complex entities, con-
sisting of at least ten major oxides (Box 1.1)
and a still greater number of trace elements;
unravelling how each of these chemical

constituents individually affects melting and
crystallization would be a hopelessly complex
task.

The alternative to this ‘real rocks’ approach
is to conduct crystallization experiments
on chemically simple, laboratory-synthesized
materials over whose compositions we can
exert complete control. Working with just a
small number of pure chemical components,
mixed in carefully controlled proportions,
allows us to see much more clearly the indi-
vidual effect of each constituent on liquidus
and solidus temperatures and on the course
of crystallization. Figure 3.2 shows one of
the simplest phase diagrams that we encoun-
ter in igneous petrology. It summarizes the
melting and crystallization behaviour of
simple mixtures of anorthite and diopside.
The family of potential compositions that
result from mixing pure CaMgSi,O¢ and pure
CaAl,Si,Og in various proportions constitutes
what petrologists call ‘the system CaMgSi,O¢—
CaAl,Si,0g’ or ‘the system Di—An’. The word
‘system’ derives from chemical thermody—
namics; it means simply a spec1ﬁed region
of potentlal ‘composition space’ to which
attention is currently confined, to the exclu-
sion of other components. In the present
context we are looking just at mixtures of
CaMgSi,O; and CaAl,Si,Og, disregarding the
effects of NaAlSi;Og, CaFeSi,O4, Mg,SiO4 or
anything else.

We shall now examine the phase diagrams
of several ‘simple’ (i.e. laboratory synthesized)
silicate systems, to see what general conclu-
sions about magma crystallization can be
drawn from them.

In describing how melts crystallize, we
need to take account of not only the phases
involved in the process but also their chemical
make-up. The composition of an olivine
crystal, for example, can be expressed as per-
centages of three oxides, MgO, FeO and SiO,
(Box 1.1). Taking account of the fixed pro-
portions in which MgO and FeO combine
with SiO, in olivine, however, we can express
olivine composition more succinctly in terms
of the molar percentages of just two end-
members, Mg,SiO, and Fe,SiO, (Box 1.2).
Olivine crystals can be considered to consist
of just these two components. Plagioclase
crystals, on the other hand, comprise two
different components, NaAlSi;Og and
CaAlLSi,O3. The number of components
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Box 3.1 How are phase diagrams prepared?

A phase diagram such as Fig. 3.2 is usually the product of a series of laboratory experiments, in
which carefully prepared compositions are heated one by one in a furnace, each to a pre-determined,
carefully regulated temperature that is maintained for a sufficient period to allow the various phases
to achieve chemical equilibrium with each other. The experimental charge is then quenched, (i.e.
chilled to room temperature as rapidly as possible) and examined by various techniques to identify
the phases present. The purpose of quenching is to prevent melt and crystals re-equilibrating with

each other at lower temperatures.

1500
® Glass
| 0O Glass + Di
1450 + A Glass + An
| |ODi+An

1350 |

Temperature of experiment / °C

1300+ )
| melt + Di crystals

melt only

melt + An crystals
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Di  Composition of charge (mass % An)  An

Fig. 3.1.1

Phase diagram for the system CaMgSi,Os—CaAl,Si,Og at atmospheric pressure,

showing results from the individual experiments used to locate the boundaries (after Bowen, 1915).
Different symbols are used to indicate the minerals/phases observed in the quenched charges

(see key).

The strategy is illustrated in Fig. 3.1.1. This is a vertically stretched version of Fig. 3.2 that shows
the original experiments from which this phase diagram was constructed; they were carried out by
N. L. Bowen, the ‘grandfather’ of experimental petrology, and published in the American Journal
of Science in 1915. Each point-symbol represents a separate experiment: it shows (as the x-coordi-
nate) the particular mixture of diopside and anorthite crystals that formed the starting mixture, and

present is important in the context of the
Phase Rule discussed in Box 3.3. The compo-
nents of a system may be defined as the
minimum number of chemical species required
to specify completely the compositions of all
of the phases present.’

% The distinction between system, phase and component
is explained further in Gill (1996).

The system CaMgSi,0,—CaAl,Si,Oy: the geometry
of a T-X diagram

This system provides the simplest possible
laboratory analogue of a basaltic magma, and
since basalt is the main product of partial
melting in the mantle, it is a natural starting
point for understanding magma fractionation
in crustal magma chambers. As all possible
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the exact temperature of the experiment as the y-coordinate. Each of these particular experiments
was held at the required temperature for 30 minutes to allow equilibration between crystals
and melt, before the charge was quenched by dropping it from the furnace into a bucket of
water or mercury (a quenching method no longer used on safety grounds). Once cool, each charge
was thin-sectioned and examined under a polarizing microscope to identify the phases that
had formed at the temperature concerned: glass (representing quenched melt) + plagioclase +
pyroxene.

The boundaries on the diagram are mapped out by plotting at each experiment’s coordinates a
symbol that is ornamented to show the phases found in the quenched charge: a black diamond shows
the coordinates of an experiment that produced glass alone (indicating that the charge was com-
pletely molten at the temperature of the experiment); an open square represents an experiment in
which the charge was found to contain glass and diopside, and so on as shown in the key. The open
circle shows an experiment whose charge contained only crystalline diopside and anorthite: the
absence of glass here indicated that no melting at all had occurred at this temperature, which must
therefore lie below the solidus temperature for diopside—anorthite mixtures.

The temperature of the liquidus at each composition is demarcated by two data points: the black
diamond shows a temperature at which the charge was found to be completely molten (all glass,
T > Tiiquiaus)> and the open symbol shows the slightly lower temperature of an experiment in which
the charge contained glass and crystals (T < Tjquias). By carrying out experiments at temperatures
that bracket the liquidus in this way for each composition, the experimenter can pinpoint the
liquidus curve with reasonable precision (within a few °C). The situation at 40% An is a bit more
complicated:

Composition of charge Temperature °C Phases found
40% CaAlLSi,Oq 1280 glass
60% CaMgSi,04 127§ glass + Di

1272 glass + Di

1268 Di + An (no glass)

Within this limited temperature interval, we pass from the melt field (quenched charge contains
just glass), through the melt + Di field into the Di + A#n field, traversing through both the liquidus
and solidus curves in a temperature interval of only 12 °C. That these two temperatures are so close
to each other is a sign that this composition lies very close to the eutectic composition E, at which
the liquidus and solidus temperatures coincide.

The experiments in Fig. 3.1.1 were all run at atmospheric pressure in open platinum crucibles.
In later decades, petrologists began to carry out melting experiments at progressively higher pressures
in ever more elaborate high-pressure apparatus, allowing them to investigate melting and crystalliza-
tion as they would occur at greater and greater depths within the Earth. Such experiments allow the
construction of phase diagrams in P-T—composition space (‘P-T-X diagrams’). The apparatus used
need not concern us here; details can be found in the book by Holloway and Wood (1988).

compositions in Fig. 3.2 can be expressed as peratures and compositions within which
proportions of just two chemical components, CaMgSi,0; + CaAl,Si,Og mixtures will be
CaMgSi,O¢ and CaAl,Si,Og, it is an example entirely molten;
of a binary phase diagram. Such diagrams,
showing relationships in temperature (T) — e two lightly ruled fields depicting the cir-
composition (X) space, are sometimes referred cumstances under which melt coexists
to as T-X diagrams. with either diopside crystals or anorthite
The diagram consists of four fields: crystals, depending on melt composition;
these are the conditions in which CaMg-
e a ‘melt’ field at the top of the diagram Si,04 + CaAl,Si,Og mixtures are partially

(shown white) showing the range of tem- molten;
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Fig. 3.2 Phase diagram for the pseudo-binary system CaMgSi,Os—CaAl,Si,Og at atmospheric pressure,
showing the crystallization behaviour of melts consisting of mixtures of these two components. ‘Di’ and ‘An’
refer to the crystalline minerals diopside and anorthite. The roundels show how the experimental ‘magma’
would look under the microscope, if it were quenched at the various stages on the crystallization path
indicated by the arrows, and illustrate the phenocrysts that would be seen in analogous natural volcanic rocks.

® a heavily ruled field showing the con-
ditions under which CaMgSi,O, +
CaAl,Si,Og mixtures consist of crystalline
diopside and anorthite, with no melt
formed.

These fields are separated by two kinds of
boundary:

e curved boundaries separating the ‘melt’
field from the ‘melt + Di’ and ‘melt + An’
fields. This curve (AED), called the liqui-
dus, shows the temperature at which
melts of different compositions begin to
crystallize;

e a straight boundary separating the
‘Di + melt’ and ‘An + melt’ fields from
the ‘Di + An’ field. This line BEC, called
the solidus, marks the temperature at
which crystallization reaches completion
and melt ceases to exist.

The four fields all meet at a unique point in
the diagram:

e the eutectic point E marks the sole melt
composition and temperature at which
melt can coexist with both diopside and
anorthite.

Note the contrasting ways in which the two
components mix together. In the crystalline
state, diopside (a chain silicate) and anorthite
(a framework silicate) have entirely different
atomic structures, and as the two components
cannot be tolerated within the same crystal
structure they form no mutual solid solution
at all.’ Accordingly any point within the
Di + An field must represent a physical mixture
of separate crystals of diopside and anorthite
(at the temperature in question). In the less
ordered molten state, however, CaMgSi,O4
and CaAl,Si,Og melts are completely miscible
with each other on the molecular scale. There-
fore, as long as the temperature is high enough,
homogeneous melts can be formed with any
intermediate composition between 100%
diopside and 100% anorthite. The composi-
tion of a melt such as m can be determined
graphically by dropping a vertical to the base-
line (e.g. m—c) and reading off the percentage
of An dissolved in the melt.

What interpretation should one place on a
point that lies within one of the melt-crystal
fields (such as point x; in Fig. 3.2)? The dashed

’ Natural pyroxenes do in fact contain small amounts
of ALO; but the aluminous end-member is not
CaAl,Si,O;. See Morse (1980, p53) for a discussion of
this minor complication.
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horizontal line x—y passing through x, is
called a tie line, because it links two phases
coexisting in mutual equilibrium: x is the
most CaAl,Si,0¢-rich melt that can exist at
this temperature (1400°C), and y represents
pure anorthite at the same temperature. It
follows that x, represents a mixture of melt
and crystals. The proportions of this mixture
can be calculated from the x-coordinate of x,
by means of a useful geometrical tool called
the Lever rule, which is explained in Box 3.2.

No homogeneous substance can have a
composition lying within any of the ruled
fields in Fig. 3.2; they represent areas of the
diagram in which two separate phases (solid-
solid or solid-melt) coexist, and are therefore
referred to as two-phase fields. One can visu-
alize them as being traversed by a mass of tie
lines, which is what the horizontal ruling is
intended to suggest.

x indicates the only melt composition that
can coexist in chemical equilibrium with
anorthite at 1400°C and is said to be satu-
rated with anorthite. If a melt at this tempera-
ture happened to be more CaAl,Si,Og-rich
(e.g. composition x,), it would be unstable
and would crystallize anorthite, thereby shift-
ing the melt composition leftward until it
reached x. If on the other hand a CaALSi,Os-
poor melt such as x; happened to coexist with
anorthite crystals at 1400°C, it would dis-
solve them until its composition had reached
x (or until the anorthite was exhausted). Thus
the liquidus curve, as well as indicating the
temperature at which a cooling melt of a spec-
ified composition will begin to crystallize, also
tells us the composition a melt must have if it
is to coexist stably with crystals at a pre-
scribed temperature.

How molten mixtures of anorthite and
diopside crystallize

Having explored the architecture of Fig 3.2,
let us see what light it sheds on magma crys-
tallization. Consider a melt such as m. At its
initial temperature of 1450°C, it lies above
the liquidus and must therefore be completely
molten. Cooling (down the line m—x) will
bring about no observable change until the
liquidus is reached at point x (1400°C). At
the liquidus temperature, the melt begins to
crystallize anorthite. CaAl,Si,Og is withdrawn
from the melt to form the crystals, so the

remaining melt necessarily becomes depleted
in this component, and will shift slightly to
the left. This shift, together with continued
cooling, causes the melt to migrate down the
univariant liquidus curve toward E, crystalliz-
ing more anorthite as it does so. If the melt
should diverge momentarily from the liqui-
dus, then the system will adjust (either crystal-
lizing more An or redissolving it) to restore
equilibrium. As crystallization advances,
therefore, the melt’s composition and tem-
perature coordinates will together move down
the liquidus towards E. The liquidus thus per-
forms a third role in this diagram: it indicates
the crystallization path in T-X space that is
followed by the cooling melt.

What happens when the melt reaches the
eutectic E? This is the one point where all four
fields meet, and therefore a melt of this com-
position is in equilibrium with anorthite and
diopside. Accordingly, when the melt reaches
this composition (at 1274 °C), it will begin to
crystallize diopside alongside anorthite. From
this stage on, the two minerals crystallize in
exactly the same proportions as the melt at
point E (41% anorthite and 59% diopside),
and the melt composition therefore remains
constant. So, not surprisingly since this is an
invariant point, does the temperature: the
heat being lost by the system is matched by
the heat of crystallization being released
by the melt, so the temperature remains
at 1274°C until the melt has completely
crystallized.

Melts whose compositions lie on the left-
hand side of Fig. 3.2 behave in a similar way,
but the order in which the minerals crystallize
changes: diopside is the first mineral to crys-
tallize from melt # (depleting the melt in
the CaMgSi,O¢ component), and anorthite
appears only when the melt reaches the
eutectic. Note that, regardless of the initial
melt composition (except for the pure end-
members), the composition of the final melt
is the same.

The shape of the phase diagram in Fig. 3.2
is characteristic of mixtures of minerals that
do not combine in mutual solid solution
with each, and mix intimately only in the
melt phase. Broadly similar phase diagrams
involving eutectics exist for the systems
Mg25i04—Mg25i206 (FO—EH), Mg28i04—
CaMgSi,O (Fo-Di) and CaMgSi,O¢—
NaAlSi;O; (Di-Ab).
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Box 3.2 Estimating the composition of a mixture — the Lever rule

A tie-line is a line in a phase diagram linking two phases that are in chemical and thermal equilibrium
with each other. Because thermal equilibrium means that the two phases are at the same temperature,
a tie-line in a T-X diagram is always a horizontal line.

Any point whose coordinates lie between the ends of a tie-line represents a physical mixture of
the two phases linked by the tie-line: either a solid-solid, a solid-liquid or (rarely in geology) a liquid—
liquid mixture. The position of this intermediate point on a tie-line indicates the proportions in
which the two phases are mixed. How can one calculate these proportions?

)7
(a) 2 15
L 75
melt field = 18
T [ x
Ty l,: = Fd
o / 7/
ot / 7
2 y= 7
© / 7
o 4 / lid-solution
/[ / solia-
Q - h
% E two-phase field %l' (crystal) field
= - 7
«—A Composition B——m
(6) n @
AN
c X d

Fig. 3.2.1 (a) Part of a phase diagram (similar to Fig. 3.4) to illustrate the Lever Rule. (b) The

beam-balance analogue.

Figure 3.2.1(a) shows part of a phase diagram (such as Fig. 3.4) in which complete solid solution
exists between two compounds, A and B. The tie-line ¢—d depicts equilibrium at temperature T
between a melt of composition ¢ on the liquidus, and a solid solution of composition d on the solidus;
both ¢ and d are expressed in mass % B. Composition x lies in the two-phase field between ¢ and
d, and must signify a physical mixture of these two phases. Let C and D represent the mass fractions
(i.e. C + D = 1.00) in which ¢ and d are mixed to form x. We can then express the composition of

x as a weighted average of ¢ and d:

Figure 3.2 illustrates a general principle of
physical chemistry: mixtures of minerals
invariably melt at (or remain molten to) lower
temperatures than each pure mineral on its
own. Pure anorthite crystallizes at about
1550°C (point D) and pure diopside crystal-
lizes at 1400 °C (point A), but mixtures of the
two minerals are capable of melting at tem-
peratures as low as 1274°C. This principle
also lies behind the use of salt to melt ice.

Adding olivine — the ternary systemn An—Di—Fo

A binary phase diagram like Fig. 3.2 can tell
us only rather basic things about basalt crys-

tallization. One of the obvious shortcomings
of Fig. 3.2 is that olivine, a key constituent of
many basalts, is not represented. Whilst it is
a simple matter to add olivine — in the form
of its magnesian end-member forsterite,
Mg,SiO, — to our experimental mixtures, the
presence of the third chemical component, in
addition to diopside and anorthite, requires
the results to be plotted in a new kind of phase
diagram. This takes the form of an equilateral
triangle as shown in Fig. 3.3. How is it that
the composition of a three-component mixture
can be plotted in this two-dimensional
diagram? The reason is that the three concen-
trations ¢; + ¢, + ¢; in each mixture necessarily
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x=Cc+Dd (3.2.1]
Since C = 1 — D, this can be rewritten:
x=(1-D)c+Dd=c-Dc+Dd [3.2.2]
Therefore
x—c=D(d-c) [3.2.3]
leading to
—c
D= 3.2.4
. [3.2.4]
Substituting D = 1 — C into [3.2.1], we can show in a similar fashion that:
x—d d-x
C= = 3.2.5
c—d d-c [ ]
The mass ratio in which ¢ and d are present in x is therefore given by:
C d-x/x-c . . . -
— = which (after cancelling denominators) = [3.2.6]
D d-c/ d-c x—c
In other words:
C(x—c)=D(d-x) [3.2.7]

This is the equation that describes a balanced beam or lever, with the fulcrum at x and masses C
and D at either end. In using this equation, it is immaterial whether x — ¢ and d — x are expressed
in mass % or in millimetres measured directly off Fig. 3.2.1: the results are the same in each case

as the % / mm scaling factor cancels out.

Equation [3.2.7] is known as the ‘Lever Rule’, by which the composition of a mixture like x can
be calculated from simple length measurements on a phase diagram. It can be applied to any com-
positional diagram in which all the variables appear in linear form, and in which all phases are
homogeneous (i.e. not zoned). It can therefore be applied in binary (e.g. T-X) phase diagrams,
ternary phase diagrams (e.g. in X—X-X diagrams such as Fig. 3.7 — see Exercise 3.4), and a wide

range of variation diagrams too (e.g. Fig 3.10).

add up to 100%. The composition of each
mixture is therefore completely defined by just
two of the concentrations, say ¢; and c¢,, the
third concentrations being specified by
c; = 100 — ¢; — ¢, rather than being a com-
pletely independent quantity.

The liquidus forms a surface in such a
ternary (three-component) phase diagram, in
contrast to the curve in Fig. 3.2. It takes the
form of various curved ‘hillsides’ that meet
each other along ‘thermal valleys’. They can
be portrayed either by a three-dimensional
model constructed on a triangular base — see
the inset in Fig. 3.3 — or by plotting the model
in the form of a ‘map’ with temperature ‘con-
tours’ as shown in the main diagram. Note,

to begin with, that the left hand face of the
model is the Di-An phase diagram that has
already been discussed in Fig. 3.2, albeit in a
back-to-front sense. In the main diagram the
liquidus surface consists of four fields sepa-
rated by gently curved boundaries. Each field
represents the compositional domain within
which one particular phase crystallizes first
(analogous to each curved line in Fig. 3.2).
The largest field is that in which forsterite is
the ‘liquidus phase’; the fields of diopside and
anorthite are significantly smaller. (The spinel
field is an anomalous feature of this particular
diagram that need not concern us. A similar
anomaly is encountered in Fig. 9.7b in Chapter
9, where the significance is discussed.)
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Box 3.3 The Phase Rule

A distinction has been drawn in Fig. 3.2 between (i) the fields, (ii) the boundaries AE, ED and BC
between those fields, and (iii) the unique point E in the diagram where fields and boundaries all
meet. These features are the geometric expression of subtly differing categories of chemical equilib-
rium between the phases present in this system. Their significance can be appreciated by means of
the Phase Rule, an elegant formula introduced by the nineteenth-century engineer J. Willard Gibbs,
who fathered the science of thermodynamics:

o+f=C+1* [3.3.1]

¢ represents the number of phases participating in a particular equilibrium and C is the total number
of components required to describe their compositions. f, known as the variance or the number of
degrees of freedom, represents the extent to which conditions (T, X) can be varied without disrupt-
ing the equilibrium. What does f tell us about the equilibria in Fig. 3.2?

Three phases are involved in Fig. 3.2: diopside, anorthite and melt. Diopside consists of pure
CaMgSi, 4, anorthite consists of pure CaAl,Si,Og, and the composition of the melt phase may,
subject to temperature, consist of any combination of CaMgSi,O4 and CaAl,Si,Og. These two com-
ponents therefore suffice to account for the compositions of all three phases.

Consider an experiment being conducted under the conditions represented by point 7 in Fig. 3.2
(composition = ¢, T = 1450°C). Here the melt is the only phase present (¢ = 1) and (except at each
edge of the diagram) it consists of 2 components (C = 2), therefore:

1+f=2+1 . f=2 [3.3.2]

Under these conditions, the melt state enjoys two degrees of freedom: we can vary either temperature,
or melt composition, or both independently (within limits), without altering the one-phase character
of this notional ‘equilibrium’. This situation is described as divariant.

Compare this with the conditions represented by the point x in Fig. 3.2. Lying on the liquidus
curve, it represents an equilibrium between coexisting melt and crystals of anorthite.

As ¢ = 2,

2+f=2+1 .. f=1 [3.3.3]

The only variation in T and X consistent with maintaining this two-phase equilibrium lies along the
liquidus curve itself: raising the temperature independently to 72, or changing melt composition to
X, at constant temperature, for example, would eliminate anorthite and thus alter the two-phase
essence of the equilibrium. Such an equilibrium, whose survival requires confinement to a one-
dimensional boundary line, has only one degree of freedom and is described as a univariant
equilibrium.

The melt composition and temperature indicated by point E represent a three-phase equilibrium
between melt, anorthite and diopside ... ¢ = 3.

3+f=2+1 .. f=0 [3.3.4]

No variation at all in melt composition or temperature can be tolerated if all three phases are to
remain in equilibrium: for example, moving up the boundary AE would eliminate anorthite, or
allowing T to fall below 1275 °C would eliminate melt. This equilibrium has 7o degrees of freedom
and is described as invariant. Only the relative proportions of the phases can change without upset-
ting the three-phase character of the equilibrium. As we shall see, not all phase diagrams contain
invariant points like E (e.g. Fig. 3.4).

*This is the version of the Phase Rule applicable to T-X phase diagrams. See Gill (1996) for a wider perspective.
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Anorthite

crystallizes

CaAlSi,0O,
anorthite
(plagioclase)

diopside
(pyroxene)

SiO,
forsterite
(olivine)

Fig. 3.3 Phase diagram for the ternary system CaAl,Si,Og— CaMgSi,O¢— Mg,SiO, (An-Di— Fo) at
atmospheric pressure after Osborne and Tait (1952) plotted in mass proportions. The inset shows the
liquidus as a three-dimensional surface with temperature as the vertical axis. The main diagram shows the
same liquidus topography indicated by temperature ‘contours’ graduated in °C. V-ticks mark 10%
graduations in mass %. ‘X and ‘y are initial melt compositions discussed in the text. Roundels illustrate
the phenocryst mineralogy at key stages along each crystallization path, showing how the phenocryst
assemblage would vary according to the path that magma evolution followed. E represents a eutectic point
(see text) and R represents a reaction point (see Box 4.3).

Consider the course of crystallization fol-
lowed by the mixture labelled x. If it initially
has a temperature above the liquidus (say
1500°C), the first stage of its cooling path
(sometimes called the liquid line of descent or
LLD) simply involves cooling to the liquidus
(at about 1430°C). There, because this com-
position lies within the forsterite field, olivine
will begin to crystallize; as no iron is present
in this system, the olivine will be pure forster-
ite. Removing olivine in crystalline form
causes the remaining melt to become depleted
in the Mg,SiO, component, which we repre-
sent on this diagram by drawing a line (dashed)
from the Mg,SiO, apex to the coordinates of
x, then extending it beyond x (solid arrow).
As cooling continues, the melt composition
will migrate directly away from the forsterite

apex, until it reaches the boundary between
the forsterite and diopside fields. At this
boundary, called a cotectic, diopside begins to
crystallize alongside forsterite. The crystalline
extract now being removed from the melt is
a mixture of Di and Fo (see roundel), which
must lie somewhere on the bottom edge of the
diagram (the domain of An-free Di—-Fo mix-
tures), and extracting it must drive the melt
composition toward the An apex. In fact,
because the Fo-Di boundary is a ‘thermal
valley’, the melt composition must migrate
along the cotectic toward the point E, as
changing in any other direction would require
a rise in temperature. Continued removal of
Di + Fo eventually drives the melt composi-
tion to the point E where the three fields meet.
Here anorthite begins to crystallize alongside
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the forsterite and diopside. Note that, as
crystallization advances, the number of solid
phases crystallizing increases: in symbolic
terms, the progression we are seeing (as shown
by the roundels) can be written as

melt > melt+ A > melt+ A+ B
—>melt+ A+B+C

[3.1]

where A, B and C represent different crystal-
line phases. Application of the Phase Rule
(Box 3.3) to each of these stages shows they
are respectively trivariant (variation of tem-
perature together with compositional varia-
tion in two dimensions), divariant, univariant
and invariant conditions. In chemically more
complex natural systems (beyond the scope
of a ternary diagram), this progression can
extend to several more minerals. Note that
‘melt’ in equation 3.1 signifies a progression
of evolving melt compositions from left to
right, rather than a constant composition.
Melt y will follow a different path as it
crystallizes but will arrive at the same final
melt composition. Initial crystallization of
forsterite drives melt y to intersect the An—Fo
cotectic, at which point anorthite will begin
to crystallize alongside forsterite; diopside
will only appear when the melt has reached
point E. This point represents (a) the compo-
sition at which the liquidus surface reaches its
lowest temperature, and (b) the composition
toward which all melts will converge as they
crystallize, even melts whose initial composi-

tions lie in the anorthite or diopside fields. It
is called the ternary eutectic of this system. It
is an invariant point like the binary eutectic
in Fig. 3.2.

If we imagine Nature conducting these
experiments in a leaky magma chamber, the
magmas that periodically escape to the surface
will bring with them a record of their chemi-
cal evolution (how much fractional crystalli-
zation they have undergone) in the form of
suspended crystals, or ‘phenocrysts’ (as shown
in the roundels). Initial liquids whose tem-
perature exceeds the relevant liquidus tem-
perature will contain no phenocrysts (they
will be aphyric). Magmas that have crystal-
lized a small amount and thereby under-
gone a modest change of composition will
exhibit one type of phenocryst crystal (e.g.
melt + olivine), whereas those magmas that
have undergone greater degrees of fraction-
ation will contain two or three (e.g.
melt + olivine + pyroxene + plagioclase), or
even more in complex natural magmas. It
follows from these crystallization paths that
how many different types of phenocryst a
natural volcanic rock contains provides a
good guide to how far the magma has frac-
tionated: a wide variety of phenocrysts points
to an evolved magma.

What general lessons can we learn from the
systems studied so far? We can review them
in terms of what happens both in laboratory
experiments and in evolving natural magma
chambers:

Laboratory experiments

Natural magma chambers

e Crystals that separate from a cooling silicate melt generally In a magma chamber, the first crystals to

have a different composition from the melt: for example,
melt x in Fig. 3.2 crystallizes anorthite that is richer in

AlL,O; and poorer in MgO than the melt.

e The separation of crystals different in composition from
the melt causes the composition of the remaining melt to

change: melt x in Fig. 3.3, as it evolves, becomes
progressively depleted in Mg,SiO, and richer in

separate invariably differ in bulk composition
from the melt. Rocks formed by segregation of
these early-formed crystals (cumulate rocks) do
not directly indicate the composition of the
magma from which they crystallized (Chapter 4).

As the melt in a magma chamber cools and
crystallizes (forming cumulate rocks on the roof,
sides and floor of the chamber), the melt
continuously changes composition.

CaMgSi,O4 and CaAl,Si,Oy as it evolves down the liquidus

surface.

e The further crystallization progresses, the larger the

number of minerals crystallizing at the same time. In Fig.
3.3, we see a progression from melt x alone — melt + Fo

— melt + Fo + Di — melt + Fo + Di + An.

Cumulate rocks have the simplest mineralogy at
the base of a layered intrusion, and become more
complex in passing up through the intrusion
(Chapter 4), reflecting the increase with time in
the number of minerals crystallizing together.
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To generalize, we have seen crystallization
proceeding according to the following pattern:

melt, — melt; + A —» melt, + A+B
—melt;+A+B+C...

[3.2]

where melt, represents the initial melt, melt,,
melt,, etc. represent melts at successive stages
of evolution, and A, B and C represent miner-
als that crystallize from the evolving melt.
This pattern of crystallization gleaned from
laboratory experiments agrees with what we
find in layered intrusions (Chapter 4, Fig.
4.8): as crystallization progresses, new miner-
als are added to the list of cumulus minerals,
and the mineralogy of the cumulate rocks
formed gets progressively more complex. But
the study of layered intrusions also brings to
light instances where a new cumulus mineral,
rather than simply adding itself to the list,
actually takes the place of a cumulus mineral
already crystallizing:

melt; + A+B+C - melt, +A+B+D [3.3]

Bowen (1922) was the first to recognize that
the disappearance of a crystalline phase (C)
in this way — not explained by the phase dia-
grams considered so far — is a sign of reaction
between the mineral and a relatively evolved
melt (in this case melt;). The importance of
this reaction principle will be dealt with in
Chapter 4 (Box 4.3), in the light of the field
evidence provided by layered basic
intrusions.

How solid solutions melt and crystallize

As a guide to how basaltic magmas crystal-
lize, Figs. 3.2 and 3.3 tell us only half of the
story. Though no solid solution exists between
diopside and plagioclase, for example, each of
these minerals is itself one end-member of a
solid solution series: anorthite belongs to the
plagioclase series (CaAl,Si,Os—NaAlSi;Oy),
and diopside forms solid solutions with other
pyroxene end-members (Mg,Si,Oq, Fe,;Si,04
and CaFeSi,Oq). No experimental investiga-
tion of basalt crystallization would be com-
plete without taking account of such solid
solutions.

As an illustration, Fig. 3.4 shows the
melting and crystallization behaviour of the
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Fig. 3.4 The T-X phase diagram for the
plagioclase feldspar series at atmospheric
pressure (after Bowen, 1915). The ‘ss’ subscript
is a reminder that plagioclase crystals belong to
a solid solution, whose composition may vary
continuously from An to Ab (though exsolution is
encountered at lower temperatures over part of
the range).

plagioclase series, considered on its own. A
plagioclase crystal is a solid solution con-
sisting of two components mixed together:

NaAlSi;Og and CaAlSi,;Og. The phase
diagram consists of three fields:

e a ‘melt’ field at the top of the diagram
(white) showing the range of temperature-
composition coordinates over which pla-
gioclase is completely molten. Note that
melts in this simple system are made up
solely of NaAlSi;Og and CaAl,Si,Oy in
various proportions; none of the other
constituents of a basaltic melt (e.g. MgO)
was present in these experiments.

e a ‘two-phase’ field (ruled) within which
melt coexists with plagioclase crystals;
here plagioclase is in a partially molten
condition.

® a solid solution field (‘plagioclase,’) in
which plagioclase exists wholly in a crys-
talline state and melt is absent. Unlike
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Fig. 3.2, where the two chemical compo-
nents formed a mixture of separate crys-
tals at low temperatures, An and Ab are
completely miscible at near-solidus tem-
peratures, and therefore coexist within a
single crystalline phase.

In this diagram, which in general layout illus-
trates the melting behaviour of many solid-
solution minerals other than plagioclase, both
the liquidus and the solidus are curved (cf.
Fig. 3.2), and they pass smoothly from one
end-member that exhibits a maximum melting
temperature (in this case, anorthite) to the
other end-member which melts at the
minimum temperature in the system (albite).
In contrast to Fig. 3.2, there is no unique
eutectic point at an intermediate composition,
toward which all crystallizing melts ultimately
converge. The Phase Rule (Box 3.3) tells us
why: no more than 2 phases can coexist in
Fig. 3.4 (¢ < 2) and as there are two compo-
nents (C = 2):

(lor2)+f=2+1 sof=2o0r1 [3.4]
Thus only divariant and univariant equilibria
exist in this phase diagram. There are no cir-
cumstances under which f = 0: a solid-solution
phase diagram like this cannot contain an
invariant point.

A tie-line such as a,—b, links a melt com-
position a; on the liquidus with the unique
composition of solid solution with which it
can equilibrate at that temperature (on the
solidus). As in Fig. 3.2, the liquidus curve here
— in addition to indicating the temperature at
which a cooling melt of a specified composi-
tion will begin to crystallize — also tells us the
composition a melt must have if it is to coexist
stably with crystals at that temperature. The
solidus curve tells us the composition of the
coexisting solid, which in this system is a solid
solution.

Let us trace the course of crystallization of
an arbitrary melt 72, which happens to contain
41% by mass of the anorthite end-member. It
will initially cool until it intercepts the liqui-
dus (point a), at which temperature it begins
to crystallize plagioclase. The composition of
the first plagioclase formed is determined
by drawing a horizontal tie-line (since both
phases coexist at the same temperature) from
a to the solidus curve, which it intersects at

point b. The solid composition (76 mass %
An*) is read by dropping a vertical from b to
the composition scale.

Note the plagioclase b is more anorthite-
rich than melt a. The structure of the diagram
dictates that the crystals that form are enriched
in the more refractory end-member, a conclu-
sion that applies to all solid solutions. Remov-
ing crystalline plagioclase must therefore
deplete the remaining melt in CaAl,Si,Oyg,
making it more albite-rich. Assuming crystal-
lization is accompanied by continued cooling,
the melt will progress down the liquidus
curve, crystallizing more plagioclase as it
cools. However, here we encounter another
divergence from Fig. 3.2: the plagioclase com-
position will itself change as the temperature
falls, because a tie-line such as a;-b; tells us
that melt g, is in equilibrium with plagioclase
by, not the original b. So, as cooling contin-
ues, we can expect to see not only the melt
composition changing, but that of the plagio-
clase crystallizing from it too.

But what of the crystals of composition b
that formed when the melt first reached the
liquidus? Will they retain their original com-
position as crystallization progresses, or will
their composition change by on-going reac-
tion with the evolving melt? This is a key
question, the answer to which depends on
how we conduct the experiment. For a crystal
such as b to adapt its composition to b; (to
remain in equilibrium with the more evolved
melt a,) requires the diffusion of Ca and Al
ions from the crystal into the melt, and the
diffusion of Na and Si ions from the melt into
the crystal. The outcome will therefore depend
on how diffusion rates for these ions through
the crystal lattice (diffusion through melts is
always more rapid) compare with the cooling
rate of the experiment. If the experimental
charge is subjected to very slow cooling,
giving time for this diffusive exchange to
occur, then the crystal composition has time
to adapt continuously to the evolving melt
composition. These conditions favour a
regime that we call equilibrium crystalliza-
tion. The crystal composition changes with

* The notation ‘Any’ cannot strictly be used here as it
implies molar % An (as measured optically — see Fig.
4.1.2). In practice, mass % = mole % as NaAlSi;Og
and CaAlSi,Og4 have similar relative molecular masses
(RMM:s).
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Fig. 3.5 (a) Equilibrium crystallization in the system NaAlSi;0s—CaAl,Si,Os. The relative proportions of
melt to crystals at each stage of crystallization can be calculated using the Lever Rule (Box 3.2): the
proportions are shown above each illustrative tie-line. Note that crystallization reaches completion when
the melt:crystal proportion becomes 0:100, at which point the crystals have just reached the composition
of the original melt. The growing crystal, and its changing composition, are shown in cartoon form next to
the solidus. (b) Fractional crystallization in the same system. The rate of crystal deposition outstrips re-
equilibration between early crystals and later melts: the crystals are therefore not homogeneous as in

equilibrium crystallization, but compositionally zoned.

time owing to continuous reaction with the
liquid, but at any particular instant the entire
crystal mass has a uniform composition. The
final product will be homogeneous crystals
identical in composition to the initial melt
(Fig. 3.5a). N.L. Bowen (see Box 3.1) referred
to this succession of compositions through
which the crystal has passed — from 76 to 41
mass % An in Fig. 3.4 — as a continuous reac-
tion series, a concept that has been linked to
his name ever since.

The sceptical reader may wonder how, in
a closed system whose overall composition
cannot change, the melt and crystals can both
become more sodic as the temperature falls.
What we have so far taken no account of is
the changing proportions of melt and crystals.
At 1416 °C in Fig. 3.5a, at which crystalliza-
tion has only just begun, the experimental
charge consists almost entirely of melt, with
only a tiny amount of crystals. At 1323 °C the
melt: crystals ratio is about 50:50, whereas at

1227°C only the merest trace of melt remains.
The proportions of melt and crystals at each
temperature can be calculated using the Lever
rule described in Box. 3.2. In equilibrium
crystallization, the melt is finally used up
when the coexisting crystals have reached the
composition of the initial melt. For this
reason, when crystallizing under equilibrium
conditions, the melt cannot evolve beyond the
composition 1.

If on the other hand the apparatus were
allowed to cool rapidly, the growth rate of
new crystalline material would outstrip the
diffusional exchange of components between
the earliest crystals and later melts. In the
context of a laboratory experiment, this ‘new
crystalline material’ will probably take the
form of new growth layers rimming the origi-
nal crystals. Rapid cooling prevents the early
crystal cores from reacting and equilibrating
chemically with later fractions of the chang-
ing melt. In such a regime, called fractional
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crystallization, only the most recently depos-
ited crystalline material (crystal rims) main-
tains equilibrium with the changing melt; the
cores formed previously are unable to do so,
and therefore more or less retain their original
composition. Careful examination of crystal
composition at the end of the experiment
would reveal continuous compositional
zoning within the plagioclase crystal (Fig.
3.5b). In true fractional crystallization, the
crystal cores retain their original com-
position but the crystal mass as a whole is
heterogeneous.

Because reaction between early cores and
later melts is inhibited in fractional crystalli-
zation, the cores remain more calcic than
would be the case in equilibrium crystalliza-
tion (Fig. 3.5a). Though the rims continue to
equilibrate with the evolving melt, the mass
of crystalline material as a whole is enriched
in the Ca end-member, and in a closed system
such as this the melt as a whole must therefore
become depleted in the Ca end-member. The
outcome is that the melt is able to evolve to
more extreme sodic compositions (Fig. 3.5b)

than would be possible under equilibrium
conditions — an important factor when con-
sidering the wide diversity of evolved melts in
Fig. 3.1 — and the melt is no longer exhausted
when the crystal rims reach the initial melt
composition. Under extreme fractional crys-
tallization the last melt can reach pure albite
composition.

Exactly the same analysis can be applied to
crystallization of molten olivine (the system
Mg,SiO,~Fe,SiO, shown in Fig. 3.6) and
indeed to the crystallization of any binary
solid solution.

How molten mixtures of diopside and plagioclase,
crystallize

Greater insight into the crystallization of
basaltic magmas can be gained by considering
Figs. 3.2 and 3.4 together in the framework
of a single diagram (Fig. 3.7). The phase
diagram for mixtures of diopside, anorthite
and albite has a triangular form similar to Fig.
3.3 but, whereas in that diagram the three
minerals exhibited no mutual solubility, here

1900 |-, |
R
— m
R —
e .
= melt

1700 | - |
&) s ” ...
< 1600 - - G/I"o . i
g W s,
é \\ /l///;G s,
®© = 3
g 1500 [~ - S “ |
:
|_ \\\ \\\

14001 crystals of olivine__ N A\ -

1300 | |

1200 |-

1100 | | ‘ ‘

100 80 60 40 20 0
Mg,SiO, Percent Mg,SiO, by mass Fe,SiO,

Fo component

Fa component

Fig. 3.6 The system Mg,SiO,—Fe,SiO, after Bowen and Schairer (1932). As in Fig. 3.4, the subscript ‘ss’
is a reminder that olivine crystals are members of a continuous solid solution. (Dashed lines show where
the liquidus and solidus curves have been interpolated from experimental data for pure Fo and
experiments below 1500 °C.) The melt composition m relates to exercise 3.4.
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Fig. 3.7 Phase relations in the system CaMgSi,O—NaAlSi;Oz—CaAlSi,Og (Di-Ab—An) at atmospheric
pressure, plotted in mass proportions. The inset shows the liquidus surface as a three-dimensional
model with temperature as the vertical dimension; it is divided into two sloping fields, in each of which
one mineral will crystallize from the melt. The fields meet in a ‘thermal valley’ tracing melt compositions
that can coexist with both solid phases. This topography is shown in the main Figure by temperature
‘contours’ graduated in °C. V-ticks along the edges of the triangle indicate 10% graduations (in mass %).
The fields indicate the ranges of melt composition in which diopside and plagioclase respectively will
crystallize first. The subscript ‘ss’ emphasizes that plagioclase crystallizes as a solid solution.

one of the sides of the triangle represents a
solid solution. Consequently (by analogy with
Figs. 3.4 and 3.6) Fig. 3.7 contains no ternary
eutectic. The binary phase diagrams Di-An
and Ab-An can be recognized forming the
back and right-hand faces of the thumbnail
cartoon in Fig. 3.7.

The geometry of the liquidus surface can
be seen in the cartoon to consist of two ‘hill-
sides’ meeting along a plunging ‘thermal
valley’. Instead of terminating at a low point
(ternary eutectic) within the diagram, the
cotectic here descends continuously from the
binary eutectic at 1274 °C in the Di—-An system
(right-hand side of the main diagram) to a
another binary eutectic at 1133°C in the
system Di-Ab (left-hand side). The diagram
contains only two fields, which define the
domains of melt composition within which

pure diopside (upper field) or plagioclase solid
solution (lower field) will crystallize first.
The chemical evolution of crystallizing
melts in this system is shown in more detail
in Fig. 3.8. As melt a cools, it will encounter
the liquidus at 1300°C and, as it lies in the
diopside field, will begin to crystallize pure
diopside. By analogy with olivine in Fig. 3.3,
removal of crystalline diopside drives the
composition of the remaining melt directly
away from the diopside apex of the triangle,
down the black arrow. On reaching b, on the
boundary between the diopside and pla-
gioiclase, fields, the melt will begin to crystal-
lize plagioclase as well. What composition
will the plagioclase have? As in Fig. 3.4, the
melt composition can in principle be linked
by a tie-line to the composition of the coexist-
ing plagioclase ‘plag,” at the temperature
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Fig. 3.8 Melt evolution arising from fractional crystallization of melt a. The cartoons below illustrate the
progress of crystallization in a notional fractionating magma chamber at stages corresponding to melts a,
b, ¢ and e; the percentages of remaining melt are approximate for ¢ and e. The table at the bottom shows
the change in melt composition as crystallization progresses from a to e.

concerned (in this case about 1240°C).° In
keeping with Fig. 3.4, the crystalline plagio-
clase has a higher An: Ab ratio (i.e. lies further
to the right) than the melt. Three phases
now coexist in equilibrium (melt + diop-
side + plag,), as highlighted by the three-phase

*In practice, the plagioclase compositions in equilib-
rium with ternary melts cannot simply be read off the
diagram in the same way as in Fig. 3.4: the temperatures
of plagioclase—melt equilibrium are lower in this ternary
system than in the binary An-Ab system.

triangle of tie-lines in Fig. 3.8. The composi-
tion of the crystalline extract now being
removed from the melt (‘extract,’) lies on the
plag,—diopside tie-line, and crystallization of
this mixture causes the composition of the
remaining melt to evolve along the cotectic in
the down-temperature direction.

At point ¢, the melt is in equilibrium with
plag. and diopside. The extract composition
now lies on the diopside-plag. tie line at
‘extract.’. The c—extract, tie-line is a tangent
to the slightly curved cotectic b—e and there-
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fore at c is slightly less inclined than the tie-
line at b. As diopside and plagioclase continue
to crystallize, the melt evolves toward compo-
sition d, but we must recognize that through-
out this process the proportion of accumulating
crystals has been increasing and the amount
of remaining melt diminishing. This is illus-
trated in terms of a notional magma chamber
in the boxes labelled a, b, ¢ and e below the
phase diagram. If crystals sink to the floor of
the chamber as they are formed, the magma
chamber would be floored initially by depos-
its of cumulus diopside crystals which,
from stage b on, would be succeeded by
cumulus deposits consisting of diopside and
plagioclase.

Melt d is in equilibrium with diopside and
plagioclase ‘plag,. Note that the tie-line
between plag,; and diopside passes through
the original melt composition a. In other
words, composition a can be expressed in
terms of an entirely crystalline mixture of
diopside and plag,. This is a signal that, if
crystallization has occurred under equilib-
rium conditions — i.e. slowly — the proportion
of melt d has now fallen to zero: no melt is
left and crystallization is complete. If however
the experiment were being conducted under
fractional crystallization conditions (faster
cooling), then more anorthite would be locked
away in early plagioclase cores, and enough
of the albite component would remain in the
melt to allow it to continue evolving down the

cotectic, perhaps even as far as composition
e, as shown in the cartoon magma chambers
ato e.

This system is a good one for illustrating
how effective fractional crystallization can
be at changing melt composition. From the
coordinates of compositions a to e in Fig. 3.8
and the formulae of Di, An and Ab, it is
simple to calculate their compositions in
terms of oxide mass % (see Exercise 2 at
the end of the Chapter). These compositions
are shown in the table at the bottom of
Fig. 3.8. Even though we are dealing only
with a simpliﬁed analogue of basalt com-
position in this phase dlagram the changes
in composition mirror quite accurately those
seen in a natural series of lava composi-
tions: SiO, increases from 55.7% (a shade
too high for real basalt) to 67.5%, MgO
decreases from 11.3% to 1.7 %, CaO
decreases from 19.6% to 3.3%, and Na,O
increases from 3.4% to 10.8%. Though
within the confines of this system we cannot
reproduce an entire evolutionary path from
basalt to rhyolite, the experiments do gener-
ate dramatic changes in melt composition as
crystallization proceeds. We shall draw com-
parison with chemical trends in real volcanic
rocks in a later section.

The general lessons to be drawn from these
solid solution systems can again be summa-
rized in the context of both laboratory experi-
ments and natural magma chambers:

Laboratory experiments

Natural magma chambers

e Most igneous minerals are solid solutions.
Crystals of such minerals (e.g. olivine) that
crystallize from a cooling silicate melt are
enriched in the more refractory end-member
(e.g. Fo).

e Crystallization depletes the remaining melt in
this refractory component (e.g. An). Later
fractions of melt and crystals become
progressively enriched in the lower-melting
end-member (Ab in Fig. 3.5).

e Rapid crystallization favours fractional
crystallization, in which crystal cores are
chemically isolated from later fractions of melt
and fail to re-equilibrate with them (producing
zoned crystals). This leads to more extreme
melt compositions.

Early cumulates near the base of a layered intrusion contain
the most refractory mineral composition (e.g. the most Fo-
rich olivine, as in Fig. 3.6).

The cumulate succession in a layered intrusion evolves from
An-rich, early plagioclase crystals near the base to more Ab-
rich, later crystals at the top. All solid-solution minerals
show similar trends.

Fractional crystallization may occur in large magma
chambers because early cumulate deposits become isolated
by burial beneath later deposits, and thus cannot continue
reacting with later melt fractions.
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In Figures 3.3 and 3.8 the crystallization path
leads from melts rich in ferromagnesian com-
ponents to later melts that are strongly
depleted in these components. A series of
rocks formed by fractional crystallization of
basalt will therefore exhibit a progressive
decrease in colour index.

Melting and crystallization experiments
on real rocks

We have distilled a lot of useful petrological
theory about magma differentiation from
phase diagrams that are based on simplified,
laboratory-synthesized compositions rather
than complex natural melts. At this point it
makes sense to carry out a ‘reality check’ to see
how reliably such experiments predict the
course of crystallization of actual volcanic rock
samples and the melts prepared from them.

@ olivine appears

1400 |- EQ meit @ clinopx appears

O\ O plag appears

©
| ’o&® g @ all on liquidus
o
o 1800 = oteor
=]
s
o
2 -
£
k]
8
1200 | =29
»n < ©
melt+ol+cpx
| melt+ol+cpx+plag plag in
1100 ' ' '
0.40 0.50 0.60 0.70
FeO + Fe,O,
by mass

FeO + Fe, O, + MgO

Fig. 3.9 Atmospheric-pressure crystallization
behaviour of selected Kilauea lavas (data from
Thompson and Tilley, 1969). The function

(FeO + Fe,03)/(FeO + Fe,03 + MgO),c is a
measure of fractionation: low values signify
primitive basaltic melts and high values more
evolved melts. Each symbol indicates the
temperature of first appearance of the mineral
concerned (see key) as the molten sample is
cooled: vertical dotted lines link results for the
same lava. Olivine is the sole liquidus mineral for
all samples except 1960e, S1, and F6, in which
all three minerals crystallize together. ‘Cpx in’
identifies the boundary at which clinopyroxene
(cpx) crystals first appear.

Figure 3.9 shows the results of experiments
carried out on a suite of Hawaiian basalt
lavas by Thompson and Tilley (1969). The
lava compositions span a range of major
element compositions, suggesting they are
products of different degrees of magma frac-
tionation in the magma plumbing system
beneath the summit of Kilauea. For each lava,
finely ground powders were heated at atmo-
spheric pressure until completely molten, and
each was then allowed to cool to a different,
carefully regulated temperature for several
hours before being quenched. Each quenched
sample was then sectioned to identify any
crystals present. From these experiments it
was possible to establish, for each lava, the
temperatures at which (a) olivine, (b) clinopy-
roxene and (c) plagioclase began to crystal-
lize. For most lavas, olivine appeared at a
significantly higher temperature than clinopy-
roxene, and clinopyroxene began to crystal-
lize about 20 °C above the first appearance of
plagioclase. For the three most evolved
samples, however, all three minerals began to
crystallize at virtually the same temperature.

Compare the results in Fig. 3.9 with crys-
tallization paths in Fig. 3.3. As olivine crystal-
lizes first for most of the natural basalts, it is
clear that their compositions fall within the
natural analogue of the ‘olivine field” in Fig.
3.3, similar to compositions x and y. Because
clinopyroxene begins to crystallize in most
of the Kilauea samples before plagioclase, it
appears that x in Fig. 3.3 provides the better
analogue for these natural basalts than y.
Sample M1 evidently has a composition very
close to a natural olivine—clinopyroxene
cotectic analogous to that in Fig. 3.3, as
olivine appears only just before clinopyrox-
ene. The more evolved samples Slo, 1960e
and F6 approximate to the eutectic in Fig. 3.3,
as all three minerals appear at the same tem-
perature rather than serially.

These experiments on real rocks show that
the predictions of simple laboratory experi-
ments mirror real melt behaviour surprisingly
closely. We should, however, note some
important differences. In the first place, the
boundaries in the natural system occur at sig-
nificantly lower temperatures than those in
the synthetic system. For example, in the crys-
tallization path of composition x in Fig. 3.3,
plagioclase appears at 1270°C, whereas in
the natural crystallization paths in Fig. 3.9 it
does not make an appearance until about
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1150°C. This difference should not surprise
us, because the natural Fe-bearing ferromag-
nesian minerals and Na-bearing plagioclase in
Fig. 3.9 inevitably have lower liquidus tem-
peratures than the refractory end-members
(Di, Fo and An) used in the synthetic experi-
ments, as a glance at Figs. 3.4 and 3.6 will
confirm.

The second difference is that the ultimate
destination of melt evolution in Fig. 3.3 is a
simple eutectic (E) at which all three minerals
crystallize together. In natural systems, in
which nearly all minerals crystallizing are
intermediate members of solid solution series®
rather than end-members, such a eutectic is
transformed into a cotectic, just as the eutec-
tic in Fig. 3.2 became one end of a cotectic in
Fig. 3.7. Thus the three evolved samples in
Fig. 3.9 merely mark the beginning of an
olivine—clinopyroxene—plagioclase  cotectic
down which the melt can evolve further,
rather than the end of the magma evolution
line as Fig. 3.3 might suggest.

MAJOR ELEMENT VARIATION DIAGRAMS
FOR NATURAL VOLCANIC ROCK SERIES

It is not feasible to conduct detailed labora-
tory experiments like those in Fig. 3.9 on
every natural lava suite whose magma evolu-
tion is of interest. What other evidence can
we find in magmatic rocks to shed light on
magma chamber crystallization and to confirm
that natural igneous melts broadly follow the
principles of fractional crystallization dis-
cussed above?

The chemical changes that accompany
magma differentiation can be investigated by
plotting analyses of the erupted rocks in vari-
ation diagrams. Examples of two-element
variation diagrams (for major elements in vol-
canic rocks of Gough Island in the South
Atlantic) are shown in Fig. 3.10. The unfamil-
iar volcanic rock names given in the key (Fig.
9.10a) may be treated simply as labels here;
their significance is explained in Chapter 9. In
each sub-diagram, the SiO, content is plotted
on the x axis to serve as an index of advancing
fractionation, from picrobasalts on the left
hand side toward trachytes (evolved alkaline
lavas; see Fig. 1.5) on the right. Each data
point represents a single volcanic rock analy-

¢ Such as plagioclase, augite, olivine, low-Ca pyroxene,
hornblende, biotite.

sis, indicating magma composition in the
chamber at the time of its eruption. Together
the analyses define a trend of evolving magma
composition — highlighted by the light grey
band - that exhibits one or more abrupt
changes of direction. To help interpret these
features, analysed compositions of the main
phenocrysts in the basalts (representing min-
erals crystallizing in the magma chamber) are
shown as darker grey areas in each diagram;
the compositions of olivine, augite, ilmenite
and titanomagnetite — where they lie beyond
the limits of the diagrams — are indicated by
dashed arrows.

Figure 3.10a shows how the MgO content
of the magma changed as it fractionated in
the Gough Island magma system between 1
Ma and 100ka ago. Initially the MgO content
falls steeply from A to B, after which it declines
more gently. Two arrows point toward the
range of olivine compositions (Fogs—Fogs)
found as phenocrysts in the trachybasalts.
Because they are much more MgO-rich than
the melt, their crystallization depletes the
evolving melt in MgO (see the inset cartoon).
The presence of augite phenocrysts in addi-
tion to those of olivine suggests that pyroxene
was also crystallizing at this stage but, being
less MgO-rich than olivine, this has less effect
on MgO in the melt. Augite is however rich
in CaO and its crystallization alongside olivine
therefore causes a steep decline in the CaO
content of the melt (A to B in Fig. 3.10c).
According to Le Roex (1985), the most MgO-
rich trachybasalts show textural evidence for
partial accumulation of olivine and augite
crystals, and their compositions are consistent
with the addition of these minerals to (rather
than removal from) the parental trachybasalt
A in Figs. 3.10a,c.

Because olivine and augite are both alumin-
ium-poor minerals, their crystallization con-
centrates Al,Oj in later fractions of melt (Fig.
3.10b), as illustrated by the inset cartoon.
How this effect can be analysed graphically
in a variation diagram is shown in Fig. 3.10e:
the change in melt composition caused by
removing a mineral Y from melt 1, (by crys-
tallization) is shown by extrapolating the line
Y-m,, as shown by the grey arrow.

At B in Figs. 3.10a—c there is an elbow in
the trends. From B onward ALO; rises less
steeply in Fig. 3.10b, suggesting that an alu-
minous mineral has begun to crystallize along-
side olivine and augite, a conclusion supported
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by the sudden abundance of plagioclase
phenocrysts in rocks plotting close to B.
An extract consisting of plagioclase + olivine
+ augite is Al,Osz-rich and MgO-poor com-
pared to olivine + augite alone, so the increase
in ALLO; and the decline in MgO in the
observed trend both flatten out at B. How
fractionation of Al-poor and Al-rich mine-
rals together impacts on succeeding melts is
illustrated in Fig. 3.10f. The appearance
of alkali feldspar as a phenocryst mineral in
the trachytes at C marks the involvement
of a second aluminous mineral, causing the
ALO; trend to dip gently downwards from
C to D.

Minerals that differ markedly in composi-
tion from the melt have the strongest impact
on the direction of melt evolution. This is
illustrated in Fig. 3.10d, which shows an
initial rise in TiO, content reflecting the crys-
tallization of Ti-poor olivine and augite from
A to A’, followed by a dramatic downturn
where the Ti-rich oxide minerals ilmenite and
titanomagnetite begin to crystallize at A".
Their impact is slightly diluted by the onset
of plagioclase fractionation at B, causing the
downward trend in TiO, to flatten out slightly.
The elbows evident in Fig. 3.10, brought
about by the crystallization of new pheno-
cryst minerals, are a clear sign that fractional
crystallization is the chief agent of magma
differentiation: processes such as magma
mixing are not capable of generating such
marked discontinuities.

Figures 3.10e,f suggest that residual melts
ought to undergo relatively smooth changes
in composition (except where new minerals
begin to fractionate). Why then do the data

<

points in Figs. 3.10a—d, which appear to lie
on a common trend, show such marked scatter
(much greater than the analytical error)? It is
likely that our simple notion of a homoge-
neous magma body undergoing uniform com-
positional change with advancing time is too
naive: some parts of the magma may follow
slightly divergent chemical paths owing to dif-
ferent local conditions, and the trends in Fig.
3.10 may even represent fractionation in a
complex system of small magma batches —
each evolving from a slightly different initial
composition — rather than one big one.

On closer examination the illusory nature
of the supposed ‘unified trend” mooted above
becomes more evident. Plotting K,O contents
(Fig. 3.10g) shows a distribution that is dif-
ficult to reconcile with fractionation of a
single parent magma: the trachybasalts and
trachyandesites define one trend, while the
low-SiO, trachybasalts appear to lie on
another (partly the result of accumulation)
and the phonotephrites on a third; one cannot
draw a single grey band through all of these
groups. The single track of magma evolution
that appears to emerge from Figs. 3.10a—d
is misleading: when we consider all of the
available data, we recognize a bundle of par-
allel trends of magma evolution, each begin-
ning with a chemically distinct parental melt.
This must be a contributory factor in the
scatter seen in Figs. 3.10a—d.

MAGMA INTERACTION WITH THE CRUST

The laboratory experiments discussed earlier
in the chapter were carried out in containers
made of platinum or other noble metals,

<

Fig. 3.10 Variation diagrams illustrating magma evolution, exemplified by volcanic rocks of Gough
Island in the South Atlantic; analyses (data from Le Roux, 1985, and Le Maitre, 1962) are plotted volatile-
free (Box 1.3) as mass %; the key shows symbols representing the different rock types according to
current nomenclature (Fig. 1.4). Dark grey fields and arrows represent relevant analysed phenocryst

compositions in basalts and trachybasalts; the lighter grey band shows the inferred path of melt evolution.
A, B, C and D mark discontinuities where new minerals appear to begin crystallizing. (a) MgO versus SiOy;
inset shows how growth of a high-MgO mineral depletes remaining melt in MgO. (b) Al,O; versus SiO,;
inset shows how crystallization of low-Al,O; mineral enriches remaining melt in Al,Os. (c) CaO versus SiO,.
(d) TiO, versus SiO,. (e) Cartoon showing how changes in melt composition — due to crystallization of a
mineral having the composition Y — appear in a two-element variation diagram as the extension of the line
joining Y to the initial melt composition m,; ‘RO’ and ‘MO’ represent arbitrary major-element oxides. (f) The
effect of crystallizing two minerals (having compositions Y and 2) in specific proportions indicated by the
extract composition. (g) K,O versus SiO,.
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chosen for their high melting temperatures
and chemical inertness, ensuring that the
charge is not affected by metallic contamina-
tion even at melt temperatures. A magma
chamber crystallizing at depth in the crust,
particularly in the easily melted continental
crust, does not enjoy this protection. There is
abundant evidence that magmas can become
contaminated by crustal components assimi-
lated from the wall-rocks with which the
magma comes into contact. This processes
has relevance to the present chapter because
assimilation and melting of sialic continental
crust are believed to contribute significantly
to the diversity of natural magmas in conti-
nental regions.

Though many geochemical properties of a
magma can be affected by crustal assimila-
tion, one of the clearest fingerprints often
comes from radiogenic isotopes (Box 3.4).
This is because chemical reactions like frac-
tional crystallization have no effect on isotope
abundance ratios, including those such as
87Sr/*Sr that involve a radiogenic isotope (in
this case ¥Sr): in terms of their chemical
behaviour two isotopes of the same element
are identical. Such ratios may on the other
hand be very sensitive to contamination by
older rocks that are richer in the radiogenic
isotope (especially if the magma contains a

lower concentration of the element concerned
than the crustal rocks surrounding it). Figure
3.11 shows a plot of initial ¥Sr/**Sr ratio
versus SiO, content for a series of related
volcanic rocks from the Cantal volcano in the
French Massif Central. The basic members of
the series exhibit a narrow range of relatively
low (¥Sr/*¢Sr), values — less than 0.7045 —
reflecting their mantle source, but the more
evolved lavas show a wider range that includes
much higher values. The rocks exhibit a crude
correlation between Sr initial ratio and SiO,
content.

As crystal-liquid equilibria do not discrimi-
nate between the isotopes of heavy elements
like Sr, crystals forming from a melt will
contain Sr isotopes in exactly the same ratio
as the melt, and it follows that fractional crys-
tallization acting on its own cannot bring
about a change in Sr-isotope composition in
residual melts. So, although fractional crystal-
lization can account for the SiO, range in Fig.
3.11, it cannot explain the high (*’Sr/**Sr),
values present in the more evolved samples.
The Cantal volcano stands on Variscan con-
tinental crust, and therefore contamination of
the lavas by older crustal rocks — in which the
decay of ¥Rb has over time produced higher
87Sr/*Sr ratios — provides an obvious explana-
tion for the radiogenic strontium seen in the
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Fig. 3.11 Initial Sr-isotope ratios (¥’Sr/8°Sr), of volcanic rocks from the Cantal volcano in central France
plotted against their SiO, contents (after Downes, 1984).
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high-SiO, samples. By numerical modelling of
the effect of various possible contaminants,
Downes (1984) was able to attribute the high
Sr-isotope ratios in the evolved rocks to
assimilation of lower crustal granulites, xeno-
liths of which — occurring in the lavas — gave
¥Sr/**Sr values (corrected to the age of the
lavas) ranging from 0.7058 to 0.7188.

The observation that the more evolved
members of each series have the highest and
most scattered (¥’Sr/*®Sr), ratios, while the
basic members are confined to a narrow range
of low values, suggests that crustal assimila-
tion has taken place hand in hand with frac-
tional crystallization. Latent heat released by
crystallization passes into the country rock
envelope in contact with the magma, where it
promotes partial melting of the wall-rocks.
Small melt fractions derived by partial melt-
ing of high-*’Sr/*Sr continental crust rocks
become incorporated into the evolving magma
body, raising ¥’Sr/*Sr to progressively higher
values as crystallization progresses and more
heat is released to the wall-rocks. This process,
whose isotopic systematics were first described
by De Paolo (1981), is known as ‘assimilation
with fractional crystallization’ (AFC).

The extent to which crustal assimilation
can alter the Sr isotope ratio in the fractionat-
ing magma depends on various factors,
notably the ¥’Sr/*Sr ratios and the Sr contents
(in parts per million, ppm) of the magma and
contaminant: the effect will be maximized
when the contaminant has much higher
Sr/*Sr ratio — for example, through being
much older (Box 3.4) — and a higher concen-
tration of Sr than the magma. Small-degree
partial melts of country rock are likely to have
higher SiO, content than the magma, and
therefore the latter will become slightly
enriched in SiO, as well.

Crustal contamination may be detected
using other radiogenic isotope systems, and
also by means of oxygen isotopes (Box 3.4).
Mantle rocks and magmas derived from them
typically have 6O values between +5.4 and
+5.8%0, whereas crystalline rocks of the con-
tinental crust that have not interacted with
meteoric waters (which have very low §'°0)
have average 6O values around +8%o; unal-
tered granites in particular lie in the range +6
to +9%o (James, 1981), and sedimentary rocks
may be as high as +20%o. Crustal contamina-
tion of mantle derived magmas is therefore

Isotopic analyses of cpx
zones (with 2¢ error bars)

o Compositional field
O,& of Afar plume basalts

5 | |
0.703 0.704 0.705
87Sr/%63r

Fig. 3.12 Detection of crustal contamination
using oxygen isotope ratios: correlation between
5'®0 and ¥"Sr/*Sr in core-to-rim compositional
zones of augite phenocrysts separated from a
flood basalt from Yemen (from Baker et al., 2000
by permission of Oxford University Press). The
grey line represents a numerically modelled
crustal-contamination trajectory from primary
basaltic magma (‘0%’, 8'0 = 5.6%,

8Sr/%8Sr = 0.7035, Sr 476 ppm) and continental
crust (80 = 10.6%o, ¥ Sr/*®Sr = 0.7086, Sr

476 ppm); grey numbers represent mass
percentages of crustal component.

indicated by whole-rock and mineral 8O
values higher than the mantle range. As an
example, Fig. 3.12 shows how §®0 and
%Sr/**Sr increase together in successive zones
of strongly zoned clinopyroxene phenocrysts
in a magnesian basalt from the Yemen flood
basalt province (Fig. 2.15), suggesting pro-
gressive crustal contamination of the host
magma as the phenocrysts grew.

REVIEW

The wide diversity of magma compositions
found in Nature, illustrated in Fig. 3.1, can
be attributed to:

1 wvariation in the conditions of melting
and source composition in mantle source
regions (illustrated by the dashed arrows
in Fig. 3.1 and dealt with in Chapter 9),
and

2 magma differentiation processes taking
place in magma chambers probably
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Box 3.4 Isotopes — the basics

Isotopes provide a powerful set of tools for testing theories of magma genesis and evolution. Isotope
systems used to study igneous rocks fall into two categories:

1 Radiogenic isotope systems. The trace element rubidium (Rb, Z = 37) consists of two isotopes
(Fig. 3.4.1): ¥Rb (72% of Rb atoms) and ¥Rb (28%). *’Rb is a radioactive isotope (half life
48.8 Ga) and it decays slowly to *’Sr, one of the four isotopes of the neighbouring trace element
strontium (Sr, Z = 38), as shown by the grey arrow in Fig. 3.4.1. The proportion of ¥Sr relative
to the other isotopes therefore increases with time in a given mineral or rock, in proportion to
its Rb/Sr ratio (Fig. 3.4.2). For this reason *’Sr is described as a radiogenic isotope (one that — at
least in part — is generated by radioactive decay). To highlight such changes when plotting coge-
netic rocks of differing Sr content (Fig. 3.4.2), *’Sr is by convention ratioed to the neighbouring
non-radiogenic isotope *Sr, yielding the strontium isotope ratio *’Sr/**Sr. Because they change
measurably over geological periods of time, radiogenic isotope ratios like ¥Sr/*¢St, "*Nd/"**Nd
and 2”’Pb/***Pb are key parameters in isotope geochronology.

2 Stable isotope systems.* The 3 isotopes of oxygen (*°O, 7O and '®O) are neither radioactive nor
radiogenic and so their proportions do not vary with time. Nonetheless, because the difference
in mass number (18 — 16 = 2) is relatively large in relation to the mean mass number (17), the
80/'*Q ratio is detectably fractionated by geological processes such as crystallization and hydro-
thermal alteration. The minute natural variations in this ratio therefore serve as a useful tracer
for detecting such processes. Since their isotope ratios (e.g. "*O/'°O) do not change with time,

'aﬁ%%%\‘;\%&%%%&\\%%\

radiogenic &’Sr
non-radiogenic ¥ Sr S

Fig. 3.4.1 Naturally occurring isotopes of the elements rubidium (Rb) and strontium (Sr). The
height of each column represents the relative abundance of the isotope (shown here for equal
amounts of the elements Rb and Sr); the number on the top of each column is the mass number
A = Z+ N that serves to identify the isotope.

*The term ‘stable’ is a shade ambiguous: to a physicist it means simply non-radioactive, whereas in geochemical

usage it implies neither radioactive nor radiogenic (i.e. unchanging with time). This meaning of the term has
stuck because no better label has been found.
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such systems are labelled ‘stable isotopes’. Other stable isotope systems used to study geological

processes and equilibria include *H/'H (often written D/H where D stands for deuterium) and
348/328.

Natural variations in the '*O/'°O ratios of rocks and minerals are conventionally recorded using the
8'80 notation in order to eliminate inter-laboratory error.

Growth of radiogenic isotopes with time

When a rock or mineral contains very little Rb in relation to Sr, its *’Sr/*Sr ratio will increase only
very slowly with time; in a sample with a high Rb/Sr ratio, on the other hand, the growth of *’Sr/*Sr
is much more rapid. This is illustrated in Fig. 3.4.2. In mantle rocks, Rb is extremely low and the
elemental Rb/Sr ratio in the mantle as a whole is only 0.028. In consequence the *’Sr/**Sr ratio in
the mantle increases only very slowly with time, from 0.699 when the Earth formed 4.5 Ga ago to
about 0.704 at the present time (Fig. 3.4.2). Present-day mantle-derived magmas have *’Sr/*Sr ratios
— inherited from their mantle source-regions — close to this value. Because Rb is much more incom-
patible than Sr, rocks typical of the continental crust, especially those of the upper crust, have higher
Rb/Sr values, and many granites have even higher values. It is evident that old continental crust (by
virtue of both age and higher Rb/Sr ratio) will have much higher *’Sr/**Sr values than mantle-derived
magmas do (Fig. 3.4.2), and therefore contamination of mantle-derived magmas by ancient sialic
crustal rocks will lead to elevated *’Sr/*¢Sr ratios in the contaminated magma (Fig. 3.11).

0.75

0.74 |-

0.73 [~

0.72 |~

87Sr/88Sr

0.71 |-

mantle 0.028

0.70 |—
Rb/Sr 87Rb/%6Sr

0.69 | L
1000 500 0

time before present / Ma

Fig. 3.4.2 Growth of radiogenic ¥Sr through time as a function of ¥Rb/*Sr ratio (and

the elemental Rb/Sr ratio shown in grey) in diverse rocks having an arbitrary age of 1Ga;
representative ranges of growth rate for mantle, continental crust and granites are shown (based on
data from Taylor and McLennan, 1985).

The initial isotope ratio (*’Sr/**Sr), of a cogenetic suite of igneous rocks provides a guide to the
identity of the source from which the parent magma was derived. The initial ratio may be determined
from the y-intercept of an isochron plot (see Fig. 8.21a), or by applying a calculated age correction
to an individual ratio based on the sample’s age and Rb/Sr ratio.
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located at crustal depths. These processes,
illustrated by the full arrows in Fig. 3.1,
have been the subject of this chapter.

The main agent of magma differentiation —
fractional crystallization — can be understood
in general terms from the study of phase dia-
grams for simple silicate systems prepared
from laboratory experiments (Box. 3.1). Frac-
tional crystallization usually proceeds from
the crystallization of one mineral, then two
minerals together, then three:

melt - melt+ A - melt+ A+ B

S melt+A+B+C 7 31
as illustrated by Fig. 3.3. At the same time,
minerals that are solid solutions will initially
form crystals rich in the refractory end-mem-
ber (An, Fo, etc.) which thereafter, in parallel
with changes in melt composition, become
progressively depleted in that end-member as
fractionation progresses (Fig. 3.4). Such pro-
cesses cause parental magma compositions to
evolve broadly along the solid arrows shown
in Fig. 3.1. Reaction may also occur between
early-formed crystals and later melts, but dis-
cussion of this complicating factor is deferred
to Chapter 4, where it is discussed in the
light of field evidence seen in layered gabbro
intrusions.

Variation diagrams provide a powerful
tool for examining actual magma evolution in
suites of cognate volcanic rocks. Those illus-
trated in Fig. 3.10 employ SiO, content as the
index of fractionation, but other parameters
such as Zr content (in ppm) or MgO content
are equally applicable (MgO decreases with
advancing fractionation, so is often plotted in
the opposite polarity to SiO,: high values on
the left, low values to the right). Abrupt bends
in the trends signal the appearance of new
fractionating minerals (e.g. ilmenite at A” and
plagioclase at B in Fig. 3.10) and provide a
clear fingerprint of fractional crystallization
in operation. Variation diagrams can be used
to unravel the identities and proportions of
minerals crystallizing in some detail (see Cox
et al., 1979) but, as we have seen, misleading
conclusions can be drawn if the data are not
examined sufficiently carefully.

Magmas undergoing fractional crystalliza-
tion in the continental crust are prone to
assimilation of sialic contaminants, readily
detected by means of radiogenic isotope and/
or O/'O ratios (Figs. 3.11 and 3.12). Crustal
assimilation increases the proportion of
highly evolved residual melts in the magma
chamber and among the eruptive products
derived from it, and has played a key
part in the genesis of many granite magmas
(Chapter 8).

EXERCISES

3.1 The formulae of diopside and anorthite
are CaMgSi,O4 and CaAl,Si,Oy respec-
tively. Calculate the ideal composition
of each mineral expressed in mass %
oxides.

Relative molecular masses in atomic
mass units (amu): MgO = 40.32,
ALO; = 101.96, SiO, = 60.09,
CaO = 56.08.

3.2 Using the results from question 1, calcu-
late in mass % oxides the compositions
of initial melt #n (26% anorthite) and
eutectic melt E (41% anorthite) in
Fig. 3.2.

3.3 (a) At what temperature does melt y in
Fig. 3.3 begin to crystallize, and which
mineral is the first to crystallize under
these conditions? (b) What percentage
of the melt must crystallize before the
second mineral starts to crystallize, what
is that mineral, and at what temperature
does it appear?

3.4 In Fig. 3.6, what percentage of melt m
will have crystallized at (a) 1700°C, (b)
1600°C and (c) 1550°C under equilib-
rium crystallization, and what will be
the composition of olivine coexisting
with melt at each temperature (expressed
as Fo,)?

3.5 Use the Lever rule to calculate the com-
position of ‘extract (Y + Z)’ in Fig.
3.10(f) as mass percentages of Y and Z.
Estimate the mass percentage of melt
remaining when melt #12, has fraction-
ated (a) to composition 72; and (b) to
composition 71;



Chapter 4

Gabbroic rocks

Gabbros are coarse-grained igneous rocks
equivalent in composition to basalts, repre-
senting basalt magma that has crystallized
slowly at depth. If all gabbros were homoge-
neous intrusions, there would be little to say
here that has not already been covered in
Chapter 2, but homogeneity is not the rule.
Larger gabbro intrusions normally exhibit an
internal chemical and mineralogical architec-
ture — called igneous layering — that preserves
many details of the magma’s crystallization
history, and indirectly records the chemical
evolution in melt composition that has been
discussed from an experimental standpoint in
Chapter 3. From studying igneous layering in
the field — and the local variations in mineral
proportions it entails — it is clear that dif-
ferences in physical properties between the
crystallizing minerals (notably their density,
crystal habit and nucleation rate) are capable
of segregating one mineral from another
during crystallization or deposition. This
leads to local concentration of particular min-
erals in layers, sometimes to the extent of
producing virtually monomineralic rocks such
as dunite and anorthosite. Such cumulate
rocks require rock nomenclature to be
extended to cover a wider range of mineral-
ogical constitution than is found in basalts
(Fig. 4.1).

Gabbroic rocks form in each of the geotec-
tonic settings where basalts occur described
in Chapter 2, though they become available
for study in the field only when exhumed by
uplift and erosion.

Igneous Rocks and Processes: A Practical Guide,
1st edition. By Robin Gill. Published 2010 by
Blackwell Publishing

THE NOMENCLATURE OF GABBROIC
ROCKS

Definitions

Gabbro: a coarse-grained igneous rock con-
sisting essentially of augite (see Box
2.1) + calcic plagioclase (An > 50%).

Dolerite:' a medium-grained igneous rock
(Fig. 1.3a) consisting essentially of
augite + calcic plagioclase.

Other minerals that may be present in each
rock type are listed in Table 4.1.

An optical technique for estimating plagio-
clase composition under the microscope is
described in Box 4.1. A coarse-grained mela-
nocratic or mesocratic rock containing more
sodic plagioclase (An < 50%) is called a diorite
rather than gabbro, especially if it contains
hornblende in addition to (or in place of)
pyroxene; such rocks are described in Chapter
8. Where the plagioclase content of a rock
falls below 10%, the nomenclature of ultra-
mafic rocks becomes applicable (Chapter 5).

Nearly all gabbros are found in plutonic
bodies, but to restrict the term (as the Inter-
national Union of Geological Sciences, IUGS,
suggests) just to plutonic rocks is inappropri-
ate, because gabbro — as defined descriptively
above — may be found as a coarse-grained
interior facies of certain thick lavas (see, for
example, Arndt et al., 1977). It is better to
base a rock definition on descriptive charac-
teristics of the rock rather than how or where
it was formed.

The adjective ‘gabbroic’, as understood by
most petrologists, embraces a wider variety of

U diabase in North America. IUGS recommends the
synonym ‘microgabbro’ (Le Maitre, 2002).
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Fig. 4.1 Diagram showing the IUGS nomenclature for gabbroic rocks based on the modal proportions of
plagioclase, olivine, clinopyroxene and orthopyroxene in the rock (Le Maitre, 2002). Faces A and B of the
plag—opx—cpx—ol tetrahedron (inset) have been ‘flattened out’ to form the main diagram. ‘Clinopyroxene
troctolite’ is shown in parentheses because, though it conforms to the logic of the IUGS nomenclature for
gabbroic rocks, it does not appear explicitly in the IUGS scheme. The point labelled Ex B2 relates to

Exercise 2 in Appendix B.

*NB The requirement for plagioclase to be calcic (An > 50%) — as in the definition of gabbro sensu stricto — does

not apply to norite, leuconorite or anorthosite.

Table 4.1 Summary mineralogy of gabbros and
dolerites. The optical properties of relevant
minerals are summarized in Appendix A.

Essential ® augite
minerals e calcic plagioclase (An > 50 mol %)
— see Box 4.1
Principal e enstatite’ (for identification, see Box
type 4.2)
minerals e olivine
¢ nepheline, analcite (or another foid)
® quartz
e hornblende
Common e opaques (chromite, magnetite,
accessory ilmenite, sulphide)
minerals e apatite, zircon
Common e serpentine or iddingsite replacing
secondary olivine (see Box 2.2)
(alteration) e chlorite or uralite replacing pyroxene
minerals e sericite replacing plagioclase and/or
foids

*In older literature, magnesian orthopyroxenes were divided
into enstatite (Engg_100), bronzite (Ens_o9) and hypersthene
(Enso_70); current usage includes all of these in the term
‘enstatite’ (Enso_io0) as in Box 2.1.

coarse-grained gabbro-related rocks (norite,
gabbronorite, troctolite and anorthosite, in
addition to gabbro) than does the noun
‘gabbro’. Norite, for instance, though it has a
gabbro-like texture, consists essentially of
plagioclase and orthopyroxene (Fig. 4.1);
clinopyroxene — if present at all — is subordi-
nate. The justification for this more elastic
usage of ‘gabbroic’ is that all of these rocks
can in principle be formed by crystal segrega-
tion processes during the crystallization of a
homogeneous melt of gabbro/basalt composi-
tion. The precise meaning of each of these
names is based in the IUGS nomenclature on
quantitative modal analyses, as shown in Fig.
4.1,% but the terms may also be applied infor-

%2 The inset figure shows a three-dimensional quaternary
figure (a tetrahedron) in which the relative proportions
of four minerals may in principle be plotted (disregard-
ing the tricky question of how such a 3D plot could be
portrayed). The main figure shows two faces of the
tetrahedron (A and B) laid flat; each triangle shows the
relative proportions of three different minerals shown
at the apexes. The procedure for plotting modal data in
such diagrams is described in Appendix B.
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mally to qualitative visual analysis of a thin
section; appropriate qualitative definitions in
words are:

Anorthosite: a coarse-grained igneous rock
consisting of more than 90% plagioclase.’

Troctolite: a coarse-grained igneous rock
consisting essentially of calcic plagioclase +
olivine.

Norite: a coarse-grained igneous rock con-
sisting essentially of plagioclase +
orthopyroxene.’

Gabbronorite: a coarse-grained igneous rock
consisting essentially of calcic plagioclase +
augite + enstatite (both pyroxenes being
present in similar amounts).

The TUGS commends the term ‘gabbroid’ as
a provisional field name for gabbro-like plu-
tonic rocks, pending petrographic analysis
under the microscope.

Subdividing gabbros and dolerites

Because coarse grain-size allows all minerals
present to be identified with confidence (unless
alteration has completely replaced one or
more igneous minerals), the IUGS definitions
of gabbro and related rocks are based entirely
on modal proportions of minerals found in
the rock (Fig. 4.1). Recourse to chemical vari-
ation diagrams — such as the total alkali-silica
(TAS) plot — is no longer necessary, since the
uncertainties associated with glass or fine
grain-size in basalts are no longer an issue.
Moreover, to the extent that the analysis of a
coarse-grained rock may have been influenced
by cumulate processes (Box 1.4), it does not
reliably represent a magma composition and
so plotting it in a TAS plot would be
inappropriate.

Gabbros and the magmas from which they
crystallized may be divided — like basalts —
into tholeiitic and alkali categories:

e tholeiitic gabbro contains modal enstatite
(orthopyroxene, identified as in Box 4.2)
in addition to augite; minor interstitial
quartz may also be seen, indicating a
slightly silica-oversaturated melt, or alter-
natively olivine.

> Note that the requirement for the plagioclase present

to be calcic (An > 50%) is relaxed for norite or anor-
thosite, which may contain andesine instead.

e alkali gabbro contains small amounts of a
feldspathoid (nepheline or analcite — see
Box A1l in Appendix A for identification)
in addition to olivine, indicating crystal-
lization from a silica-undersaturated
magma. Minor hornblende and biotite
may also be present.

These two types of gabbro differ in other
ways too. The presence of two coexisting
pyroxenes in a tholeiitic gabbro reflects the
limited mutual solubility that exists between
low-Ca and high-Ca pyroxenes. The two
pyroxenes crystallize with compositions that
reflect a temperature-dependent chemical
equilibrium between them (discussed in more
detail in Box 4.5): the enstatite is saturated
with a high-Ca pyroxene component, and the
augite is saturated with a low-Ca component.
Tholeiitic gabbros contain augites whose
compositions are constrained by this equilib-
rium to have relatively Ca-poor compositions.
This mutual saturation relationship can often
be seen under the microscope, because as the
two pyroxenes cool slowly they become
supersaturated with each other and develop
microscopic intracrystalline exsolution lamel-
lae or blebs (Box 4.5 and Plates 4.7 and 4.8).
The augites found in alkali gabbros have no
low-Ca pyroxene with which to equilibrate,
follow a more Ca-rich trend (Fig. 4.2), are not
saturated with the Mg,Si,O¢ component and
therefore do not exsolve such lamellae on
slow cooling. Alkali gabbro augites are usually
of the brown-lilac-pleochroic titanian augite
variety (Box 2.1).

Alkali gabbros and dolerites often contain
distinctive accessory minerals such as the
distinctive ~ brown  Ti-rich  amphibole
kaersutite.

THE SCALE AND EMPLACEMENT OF
DOLERITIC AND GABBROIC INTRUSIONS

Minor intrusions

Dykes (‘dikes’ in N. America) are discordant
intrusive sheets, near-vertical at the time of
emplacement, that often occur in parallel (Fig.
4.3a) or radial swarms. Individual dykes
range in scale from centimetres to several
hundred metres in width, and may extend
along strike for tens or hundreds of kilome-
tres; some dyke swarms, however, extend for
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Box 4.1 Estimating plagioclase composition

Plagioclase — at least at high temperature — can form homogeneous crystals having any composition
between 100% anorthite (CaAl,Si,0g) and 100% albite (NaAlSi;Og). For estimating the composition
of plagioclase crystals in thin section, the most useful composition-dependent optical property is
extinction angle. In albite-twinned plagioclase crystals (Fig. 4.1.1), individual twin lamellae will be
seen to extinguish at an angle to the boundary plane* that separates them. The extinction angle has
been calibrated relative to anorthite content, as shown in Fig. 4.1.2, and thus provides a means to
determine composition under the polarizing microscope.

Figure 4.1.2 applies only to crystals whose albite-twin boundary planes (parallel to {010}) are
accurately perpendicular to the plane of the thin section. Crystals having correct orientation can be
identified by applying three tests (Deer et al., 1992), all of which have to be met for the determina-
tion to be reliable:

Fig. 4.1.1 (a) Picture of plagioclase in crossed polars (XP) showing albite twinning — the
commonest in plagioclase — with one twin in extinction; the axes show the fast and slow vibration
directions as determined using the sensitive tint plate (Box 9.2). (b) Picture of the same crystal in XP
rotated 27.6° clockwise, the angle necessary to bring the boundary plane parallel to analyser; note
the identity of tint across adjacent twins; (c) The same crystal with other twin in extinction position in
XP (rotating the stage a further 27.3° clockwise). The sample is a gabbro from the Skeergaard
Middle Zone.

*The term used by crystallographers for this boundary plane is composition plane (Cox et al., 1988; Deer
et al., 1992). The term is not used here because, having nothing to do with chemical composition, it is poten-
tially confusing.
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Fig. 4.1.2 Empirical curve for determining plagioclase composition from extinction angle for
sections perpendicular to (010) — see below for selecting such sections. Plagioclases in the range
Ang—An,, have extinction angles of similar magnitude to those between An,, and Ansg but can be
distinguished by having refractive index n, less than balsam (see the darker zone in Fig. 4.1.2).
The calibration shown applies only to ‘low-temperature’ plagioclases of hypabyssal and plutonic
rocks (see Deer et al., 1992, Fig. 162). The extinction angle and estimated composition of the
plagioclase crystal in Fig. 4.1.1 are shown for illustration.

1 the boundary plane should be sharp (Fig. 4.1.1b) and show no lateral movement with slight
defocusing (any movement here implies a boundary plane not accurately perpendicular to the
plane of the section);

2 neighbouring lamellae should give identical interference colours when the boundary plane is N-S
or E-W (Fig. 4.1.1b);

3 adjacent lamellae should give the same extinction angle (in opposite directions) to within 5%.
(Fig. 4.1.1a,¢c).

Having found a suitable crystal, rotate to a position in which one twin lamella is in exact extinction
and measure the stage position using the stage micrometer. The vibration directions of the lamella
are now parallel to the microscope’s polarizer and analyser. It may be helpful to sketch the grain
and mark on the two vibration directions (cf. Fig. 4.1.1a). Rotate through exactly 45° and use the
sensitive tint plate (Appendix A1) to determine which of the vibration directions is the fast (lower—n)
direction, and label it on your sketch. Return to the extinction position, and note whether the fast
direction () is parallel to the horizontal or vertical cross-wire (polarizer or analyser direction
respectively). Now rotate the stage to bring the boundary plane exactly parallel to the same cross-
wire (Fig. 4.1.1b). Record the angle carefully and subtract it from the original reading to determine
the extinction angle for the lamella of interest. Now rotate the stage to bring the adjacent lamella
accurately into extinction (Fig. 4.1.1¢), record the angle, and subtract the second reading from it to
determine the complementary extinction angle. If the two difference measurements agree within a
degree or two (disregarding sign), calculate their average; if not, find an alternative grain to measure.

Ideally, extinction angles should be measured in this way for about ten suitably orientated crystals
and the maximum value obtained used in Fig. 4.1.2 to estimate plagioclase composition. For sodic
plagioclases it may also be necessary to estimate the refractive index 7, (see caption to Fig. 4.1.2).
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Box 4.2 Distinguishing between orthopyroxene and clinopyroxene

Extinction angle

The most widely used means of distinguishing between orthorhombic and monoclinic pyroxenes is
extinction angle, but care must be taken to select appropriate crystal sections. In orthorhombic
crystals, extinction is parallel to the prismatic {210} cleavage when viewed in prismatic or pinacoidal
sections, but not in other sections. In monoclinic pyroxenes, extinction is oblique to the prismatic
{110} cleavage except in sections parallel to the y axis.

The best general strategy for avoiding inappropriate sections that give misleading results is to
select for the extinction test only those grains that exhibit:

1 a single cleavage (not two perpendicular cleavages, as seen in basal sections); and
2 the highest available interference colour (indicating proximity to an o~y cross-section).

Figure 4.2.1 illustrates extinction behaviour of ortho- and clinopyroxenes in these circumstances.

prismatic
cleavage
{210}

prismatic
cleavage
{110}

(a) Straight extinction
(orthopyroxene)

NS

= cross-wires

(b) Oblique extinction
(clinopyroxene)

Fig. 4.2.1 The distinction in crossed polars between (a) straight or parallel extinction in an o—y
(100) section of an orthopyroxene such as enstatite, and (b) inclined extinction in an o—y (010)

section of a clinopyroxene such as augite.

Other differences

Three other clues provide confirmation as to whether a pyroxene is orthorhombic or monoclinic:

1 Some enstatites exhibit a weak but very distinctive pink-green pleochroism.
2 Orthopyroxenes have lower birefringence (first-order colours) than clinopyroxenes (second-order

colours) — cf. Box Al in Appendix A.

3 Orthopyroxenes never exhibit twinning whereas clinopyroxenes, including pigeonite, may do so.

more than 1000 km along strike, notably the
Mackenzie giant dyke swarm in NW Canada
(Fig. 4.13) which illustrates the radiating ten-
dency of some large swarms. Basic dykes gen-
erally consist of dolerite at the centre (or
gabbro in thicker dykes), but those emplaced
at shallow depths commonly exhibit basalt
chilled contacts (Fig. 4.3b). Sub-horizontal

columnar jointing usually develops perpen-
dicular to the dyke margins (Fig. 4.3a), which
have acted as cooling surfaces. Dyke emplace-
ment provides not only for upward transport
of magma, possibly feeding surface fissure
eruptions, but may also transport magma
over considerable lateral distances too (Ernst
et al., 1995).
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Fig. 4.2 Comparative plot of pyroxene compositions in typical tholeiitic gabbros (Skeergaard intrusion,
solid black symbols) and alkali gabbros (Kap Edvard Holm complex, open symbols). Data are plotted in
the ‘pyroxene quadrilateral’ introduced in Box 2.1. The augite trend differs between tholeiitic and alkali
gabbro suites owing to equilibration with low-Ca pyroxene in the former (Box 4.5); when LCP ceases to
crystallize, the augite trend changes direction (grey symbols representing more evolved Skeergaard
diorites). Data from Wager and Brown (1968), Deer and Abbott (1965) and Elsdon (1971).

Sills are sub-horizontal sheet intrusions
that are mostly concordant with bedding in
the host country rocks (usually undeformed
sedimentary or volcanic successions). Few
sills are more than a hundred metres in thick-
ness, but many of them are but individual
sheets within sill complexes whose aggregate
thickness may amount to several kilometres.
The Jurassic Ferrar sills in the Transantarctic
mountains (Fig. 4.3d), for example, together
have a total thickness that in places reaches
2km. Sills are often transgressive: traced lat-
erally, they step up or down from one strati-
graphic horizon in the host succession to
another. Successive concordant and trans-
gressive segments create a ‘step and stair’
geometry (Francis, 1982). In 3D, sills and sill
complexes commonly develop a saucer- or
bowl-shaped overall architecture. Computer-
aided three-dimensional visualization of
seismic reflection data for sill complexes
(Thomson, 2004; Thomson and Schofield,
2008) reveals fascinating detail on how sill
systems are emplaced, showing how individ-
ual sills advance laterally outward by extend-
ing finger-like lobes reminiscent of pahoehoe
toes (Fig. 4.4a; cf. Fig. 2.2b and Plate 9.19),
and how peripheral concentric dykes may
transport magma from the central ‘saucer’ to
an outer elevated rim in flat-ramp—flat style,

in the form of a rimmed soup bowl (Fig.
4.4b).

Some sill complexes — like major dyke
swarms — transport mafic magma laterally
over huge distances in the crust: there is evi-
dence that Ferrar sill magmas, for example,
flowed laterally for as much as 4000 km from
a single source, probably located in the Africa—
Antarctica rifted margin (Storey and Kyle,
1997; Leat, 2008).

What factors determine whether basaltic
magma is emplaced in the form of a dyke or
a sill? A magma body in the crust will expand
in the direction of least resistance. Figure
4.5(a) shows in cross-section the stresses
acting at the tip of a propagating dyke.
Upward extension of the tip (from z; to z,) is
propelled by the internal magma pressure P,,
and resisted by (i) the least principal compo-
nent o3 of the regional stress field, plus (ii) the
tensile strength x of the country rock (which
has to be overcome before the crack can
extend — typically ~50 MPa). The dyke will
propagate upward only if:

P.>03+K [4.1]
In rocks in which « is independent of direc-
tion (i.e. in rocks with no bedding or strong
fabric), the normal to a dyke surface approx-
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Fig. 4.4 (a) 3D seismic volume image of part of a primary flow unit within the hybrid sill complex beneath
the North Rockall Trough. Secondary magma tubes, feeding secondary flow units, can be seen branching
from the primary magma tube. Secondary flow units can also be seen to subdivide into lower-order flow
units (reproduced from Thomson, 2004 by permission of the Geological Society of London). (b) Seismic
section containing sills within the Flett Basin (NE of the Rockall Trough). Note that ‘Sill A’ can be shown to
consist of three distinct segments producing a flat—-ramp—flat morphology (reproduced from Thomson and
Schofield, 2008 by permission).

-

Fig. 4.3 (a) Dense dolerite dyke swarm, E Greenland; earlier dykes (up to 1.5m in thickness) have
undergone post-emplacement tilting — younger dykes dip more steeply and exhibit clearer jointing.*

(b) Chilled margin of a dyke; note the increasing grain-size towards the dyke interior (right) — 10cm pen-
knife for scale.* (c) irregular dyke showing apophysis; length of hammer 35cm.* (d) Approximately 300 m-
thick dolerite sill and discordant apophysis of the Ferrar sill complex cutting rift-margin sediments of the
Beacon Supergroup in the Transantarctic Mountains, capped by comagmatic Kirkpatrick Basalts (photo

J. Bédard, reproduced by permission); (e) Gently inclined dolerite cone sheets 1.5-2m thick, west of
Mingary pier, Ardnamurchan, Scotland; photo C.H. Emeleus from Emeleus and Bell (2005) reproduced by
permission (IPR/103-27CA British Geological Survey © NERC. All rights reserved); (f) sketch map of a
gabbroic ring dyke, Klingnat intrusion, S Greenland (after Emeleus and Upton, 1976); white represents
Proterozoic gneiss country rocks.

*Photo taken by the author during field work for the Geological Survey of Denmark and Greenland and
reproduced by their permission.
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bedding <

(a) (b)

Fig. 4.5 Vertical sections showing stresses
acting at the tip of (a) a propagating dyke and

(b) an extending sill. o3 is the least principal
compressive stress in the crust, p is the mean
density of rocks overlying the sill (kg m™), g is the
acceleration due to gravity (9.807ms™2), and his
the depth of emplacement equal to thickness of
overburden (m).

imates to the direction of least principal com-
pressive stress 03 at the time of emplacement,
which must have acted in a horizontal direc-
tion and have been less than the vertical litho-
static load. When invading fractured rocks,
dykes occasionally branch, or develop apoph-
yses (Fig. 4.3c) or exploit en echelon
fractures.

Sill emplacement, on the other hand, occurs
at relatively shallow depths where the litho-
static load, acting vertically, constitutes the
least principal stress (Fig. 4.5b). In these cir-
cumstances the requirement for lateral propa-
gation (from x; to x,) is:

P.>03;+Kx=pgh+k=pgh (4.2]

(symbols defined in the caption to Fig. 4.5).
In shallow sedimentary rocks, steam gener-
ated by contact between magma and pore
water may assist in overcoming the tensile
strength x of the wall-rocks, making it effec-
tively zero. Sill propagation is likely to occur
in these circumstances if the magma pressure
simply exceeds the lithostatic load.

Minor intrusions that are centred on larger
plutons usually adopt arcuate shape in plan
view. Cone sheets are intrusive sheets that dip
inward towards an intrusive complex (Figs.
4.3e, 4.5a), typically at a shallow angle, col-
lectively forming an arcuate outcrop pattern.
A ring dyke is an arcuate intrusive sheet, par-

,,—’/'> _________ —— “stesw (a)

solidified
________ T earlier
> intrusion

magma
invades
surfaces
normal to c,.

inflating or buoyant
magma chamber

{1 maximum principal
T stress o,

4 least principal —— (b)
4 T stress o, ~

incipient ..
ring dykes

withdrawal

magma invades space
at margins of foundering block

Fig. 4.6 Stress trajectories above a magma
chamber; diagram following Anderson (1938) as
amended by Jeffreys (1938). (a) Larger white
arrows and dashed lines show the trajectories of
maximum compression above an inflating magma
chamber; smaller white arrows and solid lines
directions of least compressive stress normal to
oy. (b) On reduction in magma pressure, the
stress field is reversed but extensional failure
leads to ring fractures oblique to the principal
stress directions.

tially or wholly surrounding a pluton (Figs.
4.3f,4.5b), that has vertical or steeply outward
dipping contacts. Cone sheets and ring dykes
usually cut (and therefore postdate) the upper
parts of the plutonic complex with which they
are associated, but they often extend into sur-
rounding country rocks too (Fig. 4.3f). Cone
sheets represent uplift and are formed when
a magma chamber undergoes inflation. In Fig.
4.6(a), the fatter white arrows represent direc-
tions of maximum compression (0;) in these
circumstances; smaller white arrows indicate
trajectories of least compressive stress (03), —
perpendicular to o; — which magma most
readily invades. Ring dykes, on the contrary,
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are associated with reduction of magma pres-
sure (e.g. following surface eruption) and
associated roof subsidence, as in Fig. 4.6(b):
as often happens with extensional failure
(Shaw, 1980), ring fractures are likely to form
obliquely to the principal stress directions.

Gabbro plutons

Larger intrusions of gabbro (some with asso-
ciated ultramafic or anorthositic components)
range in scale from just a few kilometres in
diameter to the vast 450km east-west extent
of the Bushveld Complex in South Africa.
Determining an intrusion’s shape in three
dimensions is often made difficult by having
to infer it through a sub-horizontal two-
dimensional erosion surface and beneath
cover rocks. Gabbro intrusions seem to exhibit
a variety of geometries depending partly on
the scale of the intrusion (Table 4.2). Moder-
ate-size gabbroic intrusions may be broadly
funnel-shaped (e.g. Skergaard in E. Green-
land;* Kiglapait in Labrador), bowl-shaped
(e.g. Fongen-Hyllingen in Norway), giant
dykes, or dyke-like with a funnel-shaped
cross-section (e.g. the Great Dyke™® in Zim-
babwe; Muskox in Canada). The largest
basic-ultrabasic intrusions tend to take the
form of lopoliths (e.g. Bushveld® in South
Africa). For a significant proportion of impor-
tant mafic/ultramafic complexes, however,
the original form has been obscured by fault-
ing (e.g. Rum,*” Hebrides), by tectonic defor-
mation (e.g. Fongen-Hyllingen; Windimurra,
W. Australia), by later intrusions (e.g. Cuillin,*
Skye, Hebrides) or most commonly by cover
(e.g. Stillwater® in Montana).

INTERNAL FORMS, STRUCTURES
AND LAYERING

Minor intrusions

Most minor intrusions emplaced at shallow
depths into cool country rocks form chilled

* The locations of these intrusions are shown in
Fig. 4.13.

° A linear array of separate magma chambers at depth
that merge at higher structural levels.

¢ Gabbros occur in association with ultramafic cumu-
lates in these complexes.

7 This is the currently preferred spelling; it appears
widely as ‘Rhum’ in older literature.

margins (Fig. 4.3b) where crystal growth has
been impeded by rapid cooling.

Some thick sills, for example the 125m-
thick alkali dolerite Shiant Isles Sill in the
Hebrides (Gibb and Henderson, 2006) and
the 300m-thick tholeiitic Palisades Sill in
New Jersey exhibit an olivine-rich layer near
the base of the intrusion. Such differentiated
sills were widely believed to reflect gravita-
tional settling of early-formed dense minerals
during slow cooling of an initially homoge-
neous magma body. However recent work
suggests that the Shiant Isles Sill is the product
of multiple intrusion (Gibb and Henderson,
2006), and that the basal olivine-rich zone of
the Palisades Sill represents a separate injec-
tion of crystal-rich suspension (Husch, 1990;
Gorring and Naslund, 1995). The Palisades
Sill has a pegmatitic zone roughly two-thirds
of the way up where final dregs of melt seem
to have crystallized, suggesting that crystalli-
zation occurred downward from the roof as
well as upward from the floor.

Some dykes and sills are composite: that is,
their central parts have visibly different com-
position from the intrusion margins, suggest-
ing that a second intrusion of different magma
has exploited the same fissure or weak
horizon, possibly before the first had com-
pletely solidified.

Igneous layering in gabbro plutons

Many gabbro plutons exceeding a few
hundred metres in their smallest dimension
exhibit igneous layering.® In its most obvious
form, layering means the upward repetition
of planar or shallow trough-shaped layers
(centimetres to metres thick) that differ in
relative mineral proportions (modal composi-
tion) to an extent that is obvious in the field.
This can vary from a simple succession of thin
bands richer in ferromagnesian minerals (Fig.
4.7a) to layers that are beautifully internally
graded, from holomelanocratic (Fig. 1.3) at
the base of each layer to mesocratic or leuco-
cratic at the top, either stacked directly upon
each other (Fig. 4.7b) or interspersed with
homogeneous gabbro (Fig. 4.7c¢).

To form such layers in a plutonic rock
requires some kind of crystal-sorting process

¥ R.G. Cawthorn (pers. comm.) suggests layering may
be found in intrusions as small as 300m thick.



Table 4.2 Some important layered gabbroic intrusions: form, age, tectonic setting, associated rock types and mineral deposits. See Cawthorn (1996).

Form Examples Age/Ma Tectonic setting Rock types associated  Mineral deposits Recent description
with gabbroic rocks (bold = producing)*
Funnel-shaped Skeergaard, E Greenland 55 Plume-related Ferrodiorite Au, PGE Irvine et al. (1998), Andersen
passive margin et al. (1998), McBirney
(1996)
Kiglapait, Labrador 1300 Anorogenic Syenite Yang and Morse (1992)
Lopolith or Fongen-Hyllingen, Norway 430 Synorogenic Quartz syenite Wilson and Serensen (1996)
bowl- shaped  Bushveld, South Africa 2060 Possible LIP Hatton, Ultramafic cumulates, PGE, Cr, V, Cu, Ni Eales and Cawthorn (1996),
(1995) ferrodiorite Cawthorn and Walraven
(1998)
Windimurra, W Australia 2800 Archaean greenstone  Ultramafic cumulates, PGE, V Mathison and Ahmat (1996)
belt leucogabbronorite etc.
Giant dyke Tugtltoq, S Greenland 1163 Continental rift Syenite (composite dyke) Upton et al. (2003)
Dyke-like with ~ Muskox, Canada 1270 Continental rift/LIP  Ultramafic cumulates PGE, Cu, Ni, Cr Roach et al. (1998)
funnel-sh ap ed  Great Dyke, Zimbabwe 2575 Continental rift/LIP  Ultramafic cumulates PGE, Cu, Ni, Cr Wilson (1996)
cross-section
Other (form of  Eastern Layered Intrusion, 60 Plume-related Feldspathic peridotite Emeleus et al. (1996)
intrusion less Rum, Hebrides passive margin
clear) Stillwater, Montana 2700 Possibly Ultramafic cumulates PGE, Cu, Ni, Cr McCallum (1996)

subduction-related

* After Lee (1996) and Cawthorn (pers. comm.)



Fig. 4.7 (a) Mafic layers on various scales, Hallival, Rum, Hebrides; (b) stacked modally graded layers,
MZ, Skeergaard intrusion (notebook 17 cm);* (c) modally graded layers alternating with homogeneous
gabbro, MZ, Skaergaard (penknife 10cm);* (d) cross-stratified layering, margins of the LZ, Skeergaard
(the grey line across the bottom of the picture is silt deposited in a shallow gully).



Fig. 4.7 Continued (e) trough layers, UZ, Skeergaard (hammer 35cm) — when corrected for post-
intrusion tilting, such troughs plunge toward the centre of the intrusion;* (f) slump structure, Hallival, Isle of
Rum (hammer length 28 cm).

*Photo taken by the author during field work for the Geological Survey of Denmark and Greenland and
reproduced by the Survey’s permission. Figure 4.7(e) has been digitally retouched to minimize the visual impact of
careless sampling.
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to have operated during crystallization and
deposition. Usually the ferromagnesian min-
erals have accumulated preferentially at the
base of each layer in Fig. 4.7b whereas felsic
minerals are concentrated at the top. Plutonic
rocks that are products of such mineral-selec-
tive processes — enriched in specific minerals
relative to the melt composition — are called
cumulates. The distinction may be drawn in
a cumulate rock between minerals that are
believed to have accumulated by these pro-
cesses (cumulus minerals) and those that have
crystallized later from interstitial melt (inter-
cumulus minerals). It follows that an analysis

Fig. 4.7 Continued (g) crescumulate (‘harrisitic’)
structure, Glen Harris, Rum (lens cap 6.cm); (h) pod
of gabbro pegmatite in Marginal Border Series,
Skeergaard (knife 10cm long).*

*Photo taken by the author during field work for the
Geological Survey of Denmark and Greenland and
reproduced by the Survey’s permission.

of a hand-specimen of a cumulate rock, unlike
a volcanic rock, does not accurately record
the composition of the melt from which it
crystallized; only at a chilled margin, where
cool wall-rocks have quenched the melt too
rapidly for any accumulation to occur, can an
estimate be made (not always reliably) of the
initial melt or magma composition. Whereas
in a volcanic rock mineralogy is dictated by
melt composition,’ the reverse is true in a
cumulate rock: its chemical composition

° Mineralogy is also influenced by the conditions under
which crystallization occurs.
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depends primarily on the minerals it contains
and the proportions in which they happen to
be have accumulated (Box 1.4), which will
vary from one horizon in a layer to another.

When describing layered intrusions, petrol-
ogists distinguish three types of igneous
layering;:

e modal layering:" layering defined by
variation in the modal proportions of
cumulus minerals with structural height,
as seen in Fig. 4.7a; the variant shown in
Figs. 4.6b,c is called modally graded
layering;

® phase layering: layering defined by varia-
tion in the identity of the cumulus miner-
als with increasing structural height (Fig.
4.8b);"!

e cryptic layering: layering defined by varia-
tion in the compositions of the cumulus
minerals with structural height (Fig. 4.8b).

A few intrusions also exhibit size-graded
layering of cumulus mineral crystals within
layers, independently of modal proportions.

The different aspects of layering are best
appreciated by studying a cross-section of a
well exposed layered intrusion — the Skeer-
gaard intrusion in E. Greenland shown in Fig.
4.8 — to illustrate the essential architecture of
a layered gabbro body. Skergaard is ideal for
this purpose because it formed by closed-sys-
tem crystallization of a single batch of magma,
little disturbed by later magma injections that
complicate many other gabbro plutons. Figure
4.8a shows the level at which the magma
chamber was emplaced, close to the uncon-
formity between Precambrian gneiss base-
ment and cover (thin Cretaceous clastic
sediments overlain by Eocene basalts). The
line x—y shows the present level of exposure
across the W-E section. Because the intrusion
has been tilted to the SSE (not apparent in Fig.
4.8a) the present erosion surface in three
dimensions actually exposes from NW to SE
most of the vertical extent of the intrusion. A
‘hidden zone’ of unknown thickness remains
concealed beneath the surface.

10 The synonym ‘rhythmic layering’ is used in older
literature.

" Trvine (1982) proposed ‘crystallization layering’ as a
more appropriate name for this concept, but the term
has not been widely adopted.

The Layered Series constitutes more than
90% of the volume of the intrusion (the
remainder of the volume consisting of mar-
ginal and upper border series as shown in Fig.
4.8a). Modal layering — well developed
throughout much of the Layered Series — pro-
vides a ‘stratigraphic’ framework in the field
for documenting the order of deposition of
the cumulate rocks as the intrusion crystal-
lized, from earliest at the base to youngest at
the top. The other forms of layering become
apparent only from petrological study in the
laboratory. The right-hand side of Fig. 4.8b
shows that the cumulus mineral assemblage
changes with increasing structural height.
Such phase layering reflects how the set of
minerals crystallizing from the melt at each
stage changed as crystallization progressed; it
provides the basis for dividing the exposed
Layered Series into Lower, Middle and Upper
Zones (LZ, MZ and UZ)(based on the initial
presence, the disappearance, and then the
reappearance of cumulus olivine), and for
defining sub-zones where new cumulus miner-
als first appear, e.g. augite at the base of sub-
zone LZb. By analogy with other layered
intrusions (e.g. the Stillwater Complex in
Montana), it is likely that the earliest cumu-
lates to form, concealed in the unexposed
‘Hidden Zone’ (Fig. 4.8a), formed before pla-
gioclase had begun to crystallize, and are
therefore ultramafic in composition, though
the volume of ultramafics may be small (see
below).

Figure 4.8b also documents how the com-
positions of cumulus plagioclase, augite and
olivine change progressively from bottom
to top of the Layered Series. Being undetect-
able in the field, these systematic variations
in mineral composition — recording, like phase
layering, the evolution in melt composition
as the magma chamber crystallized — were
called ‘cryptic layering” by Wager and Deer
(1939). The variation in plagioclase com-
position has a bearing on rock nomenclature:
whereas the LZ and MZ rocks fall within
the definition of gabbro or troctolite, plagio-
clase composition in the UZ is too sodic
(An < 50). The evolved rocks in this zone are
properly called diorite and, because the mafic
minerals present at this stage of cryptic layer-
ing are iron-rich, the term ‘ferrodiorite’ is
widely used for these more evolved Skergaard
rocks.
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The Layered Series is formed of crystals
that accumulated on the contemporaneous
floor of the solidifying magma chamber. The
same changes in cumulus mineralogy are also
recorded in Marginal and Upper Border Series
that line the walls and roof of the intrusion
(Fig. 4.8a). The Marginal Border Series (MBS)
consists of two parts. The outer ‘Tranquil
Division’ consists of homogeneous olivine
gabbro that congealed immediately on to the
cool walls of the chamber; chilled contacts
against country rocks are preserved here and
there, providing the only direct indication of
initial melt composition. Inward from the
Tranquil Division lies the ‘Banded Division’,
marked by steep irregular stratification paral-
lel to the walls, that records the same cumu-
late mineral ‘stratigraphy’, from outermost to
innermost, as that seen from bottom to top of
the Layered Series (Irvine et al., 1998).

The coarse plagioclase-rich gabbros of the
Upper Border Series (UBS), lining the roof of
the chamber, exhibit the same range of cryptic
layering as the Layered Series (e.g. in plagio-
clase composition — Fig. 4.8b), but here it
developed from the top downward. On this
basis the UBS has been divided into o, B and
Y zones corresponding to LZ, MZ and UZ
respectively of the Layered Series. UBS rocks
are also found as foundered blocks (autoliths)
in the Layered Series, together with a few
basaltic xenoliths from the roof above (Irvine
et al.,, 1998). The fact that plagioclase is
observed in all UBS rocks suggests that the
proportion of any ultramafic rocks present in
the Hidden Zone is small.

The boundary between the MBS and the
Layered Series is marked by a spectacular belt
of cross-stratified layering (Figs. 4.5d and

Fig. 4.8 (a) Simplified W—E cross-section of the
Skeergaard intrusion, as interpreted by Irvine et al.
(1998) and Nielsen (2004); the line x—y shows the
present topography (a N-S section would show
erosion to deeper structural levels). (b) Phase and
cryptic layering in the Skeergaard intrusion (from
Wager and Brown, 1968, as amended by Irvine et
al., 1998) as a function of structural height (in
metres); ‘LCP’ refers to low-Ca pyroxene
(inverted pigeonite); ‘fb’ refers to the pyroxenoid
ferrobustamite that takes the place of Fe-rich
augites.
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4.6a) that records the erosion, slumping and
re-deposition of cumulus deposits at the break
of slope where downward magma convection
currents were deflected across the floor of the
chamber. Cross-stratification adjacent to the
walls is evidence for persistent, albeit fluctuat-
ing, large-scale convection currents through-
out the crystallization history of the magma
chamber. ‘“Trough bands’ are stacks of synfor-
mal modally graded layers (Fig. 4.7¢) that
converge on the geographical centre of the
intrusion. They hint at intense, though epi-
sodic and more localized, magma currents.
They are most spectacularly developed in
UZa, but less obvious examples occur quite
widely (Irvine et al., 1998). The occurrence of
igneous lamination in the Layered Series and
the UBS is seen by many as further evidence
for magma currents.

Cryptic layering, though the least evident
in the field, is the easiest aspect of layering to
explain. Figures 3.4 and 3.6 portray the course
of crystallization of plagioclase and olivine
solid solutions from laboratory melts. In each
case, the earliest crystals to form are enriched
— relative to the melt — in the more refractory
end-member (CaAl,Si,Og and Mg,SiO, respec-
tively) and, as temperature falls, later crystals
become richer in the less refractory end-mem-
ber (NaAlSi;Oy or Fe,SiO, respectively). The
cryptic layering seen from bottom to top of
the Skaergaard Layered Series is consistent
with falling melt temperature as fractional
crystallization advanced to more evolved melt
compositions. Similar conclusions could be
drawn for the changes in pyroxene composi-
tion. The continuity of cryptic layering in Fig.
4.8b is a hallmark of fractionation in a closed
magma chamber. Some layered intrusions, on
the other hand, exhibit abrupt reversals in
mineral trends (e.g. olivine becomes more
magnesian) that record influxes of fresh
batches of primitive magma. Examples of
intrusions where magma recharge is believed
to have occurred include Rum, Muskox and
Bushveld (see Chapter 3).

At the stage represented by the lowest
exposed rocks of the Lower Zone, the Skaer-
gaard melt seems to have been saturated with
plagioclase and olivine, as these are the only
cumulus phases here: other minerals present
in these rocks crystallized later from the inter-
cumulus melt. The melt composition here was
analogous to point z in Fig. 3.3. As fractional

crystallization advanced — recorded by higher
levels in the Layered Series — first augite (point
E in Fig. 3.3) then other minerals would have
begun to crystallize as their concentrations in
the melt exceeded saturation. In the Layered
Series we are witnessing Nature’s version of
the sequence described in Equation 3.1. This
aspect of phase layering, the progressive
appearance of new cumulus minerals, is there-
fore consistent with experiments in simple
eutectic systems.

But why does olivine disappear in the
Middle Zone and then re-appear at the base
of the Upper Zone? Explaining this entails an
understanding of the Reaction Principle, as
outlined in Box 4.3.

Paradoxically it is modal layering — the
most conspicuous in the field — whose origins
are most contentious. Wager and Deer (1939)
proposed that igneous layering reflects the
gravitational sorting and deposition of
cumulus crystals — analogous to clastic sedi-
mentation — under the influence of magma
convection currents. They argued that most
crystals nucleated near to the chamber roof
where the country rocks bordering the intru-
sion were coolest and magma temperature
was therefore lowest. Wager and Brown
(1968) associated homogeneous gabbro layers
(Fig. 4.7¢c) with slow steady currents (they
suggested speeds of m day™) that transported
crystals down the chamber walls and depos-
ited them continuously as an accumulating
crystal ‘sediment’ on the chamber floor. They
postulated that modally graded layers (Fig.
4.7¢), on the other hand, were deposited from
more vigorous crystal-rich ‘density currents’
that surged intermittently down the walls of
the intrusion (at speeds they estimated at km
day™) and swept across the cumulate floor.
Each density current episode delivered a
carpet of suspended crystals that settled out
according to density, the denser minerals set-
tling out faster according to Stokes’ Law'* to
produce a modally graded layer. In view of
the striking quasi-sedimentary and erosional
structures seen in Skeergaard (Fig. 4.7), many
petrologists still envisage a role for the gravi-

12 Modal layering suggests that Stokes’ Law controls
deposition in cumulates mainly through differences in
crystal density (p,), whereas in graded bedding in sedi-
ments (and size-layering in cumulates) grain radius 7 is
the dominant parameter.
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tational sorting and deposition of suspended
crystals from convecting magma in generating
modal layering (e.g. Sparks et al., 1993; Irvine
et al., 1998), though their ideas diverge in
detail from those of Wager and his
coworkers.

However, an alternative school of thought
explains layering in terms of in situ crystal
nucleation and growth at the interface between
the cumulate pile and the overlying melt - i.e.
at the upwardly migrating ‘floor’ of the
magma chamber (e.g. McBirney, 1996). One
factor casting doubt on gravitational deposi-
tion is the possibility that plagioclase might
float rather than sink in basaltic magma (Box
4.4). Supporters of in situ crystallization also
argue that the adiabatic temperature drop
experienced by upward-convecting melt is less
than the drop in the liquidus temperature over
the same depth range. Melt in the upper part
of the chamber may thus be above the liqui-
dus while that near the floor is below it, and
therefore the floor is the most likely location
for nucleation and crystal growth. They envis-
age a ‘solidification front’ migrating inward
from the walls and upward from the base as
the intrusion cools. They note that ferromag-
nesian minerals found at the base of each
modally graded layer are characterized not
only by higher densities than plagioclase, but
also by simpler crystal structures (oxide,
orthosilicate, chain silicate) that might nucle-
ate more easily — and therefore earlier — than
the framework-silicate plagioclase. It is there-
fore argued that modally graded layers are
caused by differences in nucleation efficiency
between minerals, as the solidification front
sweeps past, rather than differences in settling
rate. Some authors go further and interpret
cryptic layering as evidence not of evolution
in time of a homogeneous magma composi-
tion but of a bottom-to-top chemical gradient
in melt composition that developed and per-
sisted throughout the crystallization history
of the magma chamber.

Some key differences between these two
hypotheses are illustrated in Fig. 4.9. The
divergence in current views on the mechanism
of layering can be appreciated by scanning the
papers by McBirney (1996) and Irvine et al.
(1998) which, though addressing similar
observations on the same intrusion, come to
radically different conclusions. There is
currently little sign of consensus or even

(a)

Plagioclase crystals float (or sink
more slowly in the upwelling
convection current than ferro-
magnesian crystals), so become
concentrated in UBS.

Crystal-rich
density currents
sweep across floor
depositing modally
graded layers.

Cryptic
layering is due
to a chemically
homogeneous
magma evolving
with time.

Density currents
erode and re-deposit
where deflected across
the chamber floor, forming

the cross-stratified belt.

(b)

Crystals nucleate and grow
at the interface between the

cumulus pile and the melt
C

" UBS
~
Cryptic layering reflects
a chemical gradient
in melt composition

Magma undergoes
layered convection

Modally Solidification
graded layers front migrates in
form as a result from the margins
of differing and up from the floor

nucleation rates. as the intrusion cools.

Fig. 4.9 Cartoons of a Skaergaard-type magma
chamber summarizing alternative explanations

of igneous layering: (a) crystal settling in a
convecting magma with periodic density currents
(e.g. Irvine et al., 1998); (b) in situ crystallization
from a chemically stratified magma chamber
(e.g. Wilson and Larsen, 1985). In (b) the inset
illustrates the layered form that convection must
adopt in such a zoned magma chamber (known
as ‘double-diffusive convection’ because it entails
diffusion of both heat and chemical components
from one layer of cells to the next, in response to
thermal and chemical gradients).
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Box 4.3 The reaction principle

‘In a eutectic system no mineral ever disappears. The first-formed mineral is simply joined by another,
the pair by a third, and so on until all the minerals appear together in a final eutectic product (Equation
3.2). Very different is the condition actually found, namely the disappearance of minerals ... the very
essence of the reaction series.” N.L. Bowen (1922)
Why does olivine disappear as a cumulus mineral at the top of the Skergaard Lower Zone and then
reappear in the Upper Zone? The disappearance of olivine may be understood by reference to Fig.
4.3.1a, which illustrates how magnesian olivine becomes unstable in, and reacts with, more SiO,-rich

basaltic melts.
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Fig. 4.3.1(a).

olivine + melt

Mg,SiO, Mass percent Fe,SiO,
Fig. 4.3.1 (a) Part of the system Mg,SiO,—SiO, (after Bowen and Anderson, 1914) showing the
reaction between melt and forsterite to form enstatite. Ruled areas represent two-phase fields
(heavier ruling for solid-solid fields). (b) Liquidus boundaries in the system SiO,—Mg,SiO,—Fe,SiO,
adapted from Bowen and Schairer (1935) seen in plan view. A thin dashed line marks the low-Ca
pyroxene join between enstatite (Mg,Si,Og) and ferrosilite (Fe,Si,O¢). The grey portion of the line
R—d marks the limited region where pyroxene may form by olivine-melt reaction. The cartoon

shows a perspective sketch of the liquidus surface.
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Figure 4.3.1a shows the crystallization behaviour of melts whose compositions lie between fors-
terite (Mg,SiO,) and SiO,. At first glance it resembles the binary eutectic system in Fig. 3.2 but there
is one vital difference, emphasized by the reaction point R: this is a system having two invariant
points. Consider melt 2, as it cools and crystallizes Fo (olivine). Its composition moves down the
liquidus to the first invariant point R. This point lies at the intersection between the ‘melt + Fo’ field
and a ‘melt + En’ field so an evolving melt reaching this composition coexists with both Fo and En
(low-Ca pyroxene). Olivine ceases to be in stable equilibrium with the relatively SiO,-rich melts to
the left of R, therefore an evolving melt, on reaching R, reacts with olivine crystals already formed
and converts them into enstatite:*

Mgzle4 r SIOZ — Mg25i206 [431]

forsterite melt R enstatite

Under equilibrium conditions, only when every olivine crystal in contact with melt has been
converted into enstatite can the melt resume its univariant evolution beyond R. From this point on,
the melt will crystallize En directly until the eutectic E — the second invariant point — is reached. R
can be regarded as the laboratory analogue of the boundary between LZ and MZ in Skergaard,
where olivine reacts out as a cumulus mineral and is replaced by low-Ca pyroxene.**

Why then does olivine reappear higher up in the Skaergaard cumulus sequence? Experiments show
that the reaction relationship in equation 4.3.1 applies only to relatively Mg-rich olivine, as illus-
trated in Fig. 4.3.1b. The olivine series from Mg,SiO, (Fo) to Fe,SiO, (Fa) forms the base of the
triangle, and the grey bar along the left-hand edge indicates the range of composition shown in Fig.
4.3.1a. The Mg,Si,04 (En) point in Fig. 4.3.1a appears here as one end of a join (shown by the
dashed line) across to Fe,Si,Og, representing solid solution in the low-Ca pyroxene series. The Fo—En
reaction [4.3.1] operates only where the olivine + melt field oversteps this join, a phenomenon
confined to the left-hand side of the diagram (where the liquidus boundary is shown grey). Tracing
the detailed course of melt evolution and crystallization in this diagram involves many complexities
(detailed by Bowen and Schairer, 1935). For the present purpose it is sufficient to note that
the ‘pyroxene + melt’ field, representing the range of melt compositions capable of crystallizing
low-Ca pyroxene (analogous to the MZ stage of Skaergaard melt evolution), has limited extent and
pinches out at point d. The more Fe-rich stages of Skeergaard melt evolution (Fig. 4.2) that crystal-
lized the olivine-bearing UZ cumulates (Fig. 4.8) corresponded to the region to the right of d in
Fig. 4.3.1b.

Bowen’s reaction principle

The reaction 4.3.1, involving the disappearance of one mineral and its replacement by a new one,
is an example of what Bowen (1922) called the reaction principle. He saw this reaction as the first
step in a discontinuous reaction series in which — as crystallization advances — olivine (reacting with
melt) would be replaced by enstatite, then enstatite (reacting with more evolved melt) would be
replaced by augite, then augite (reacting with cooler or more hydrous melt) would be replaced by
hornblende, then hornblende by biotite." Though the concept helps to explain why olivine crystals
are sometimes seen rimmed by enstatite, enstatite crystals by augite (Plate 6.5) or augite crystals by
hornblende, it lacks theoretical rigour and is seldom used today.

* Conversely, when enstatite melts it forms olivine + melt (an example of incongruent melting).

** Enigmatically the first appearance of cumulus low-Ca pyroxene is postponed to higher levels of the Middle
Zone (Fig. 4.8b) according to Irvine et al. (1998).

Bowen envisaged the discontinuous reaction series proceeding side by side with the continuous reaction
series that occurs between plagioclase and the evolving melt in Figs. 3.4 and 3.5 (giving rise to cryptic
layering).
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Box 4.4 Will plagioclase sink or float?

Purely gravitational settling-out of cumulus crystals requires all cuamulus minerals to be denser than
basaltic melt. Ferromagnesian and oxide minerals clearly satisfy this requirement (Fig. 4.4.1) but
plagioclase, owing to its relatively open, framework-silicate structure and low iron content, is much
less dense. Is it sufficiently dense to sink in a basaltic liquid?

Figure 4.4.1 compares the measured density of plagioclase across its composition range (An to
the left, Ab to the right) with the range of probable densities for basaltic melts: the full line shows
how plagioclase density varies with composition at 25 °C, but thermal expansion will decrease the
density at magmatic temperatures, as illustrated by the dashed line. Given the similarity in density
between plagioclase and basaltic melt, the best answer to the question at the head of this box is
‘neither’: in a typical basic magma chamber, plagioclase will be almost neutrally buoyant (Ap ~ 0),
will sink or float with minimal velocity (according to Stokes’ Law), and in a convecting magma will
tend to remain in suspension much longer than mafic minerals.

What mechanisms are available for depositing suspended plagioclase on the intrusion floor? One
possibility is deposition from magma density currents which are collectively denser than the sur-
rounding melt by virtue of the suspended crystals (mafic as well as felsic) that they carry. Another
relevant factor is that the addition of even small amounts of H,O can significantly lower the density
of basaltic melts (Scoates, 2000), allowing the possibility that plagioclase may sink in more hydrous
basaltic magma.

Density / kg dm-3

= ) //Y
— plagioclase S

B 25°C, 0.1 MPa plagioclase
B 1100°C, 100 MPa

2.0 | N A R R B
1.0 0.5 0.0

An/(Ab + An)
Mg/(Mg + Fe?")

More evolved compositions —»

Fig. 4.4.1 Graph (after Scoates, 2000) comparing the density ranges of the main minerals in
basic igneous rocks with calculated densities for basaltic melts; compositions are plotted in molar
proportions. For plagioclase, the continuous line shows room-temperature density (Deer et al.,
1992); the dashed line shows the density adjusted to 1100°C and 3km depth (using thermal
expansivity and compressibility values from Gottschalk, 1997).
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convergence between these two schools of
thought. Another area of on-going contention
concerns the chemical evolution of the melt.
The change of cumulus mineral composition
with advancing crystallization can be docu-
mented in great detail, but the parallel changes
in melt composition can only be inferred
indirectly since no unambiguous samples of it
are available for analysis. Figure 4.10
illustrates the diversity of published melt evo-
lution paths that different authors have pro-
posed — which vary widely in the degree of
iron- and silica enrichment inferred — and
emphasizes how little we actually know about
the Skergaard melt composition and its
evolution. Opinions vary even with regard
to its initial composition (large symbols in
Fig. 4.10).

Metalliferous mineral deposits associated with
layered mafic intrusions

Many layered mafic-ultramafic intrusions
host important economic deposits of plati-
num group elements (PGE), chromite and/or
base-metal sulphides. The world’s supply of
platinum, for example, is dominated by the
huge Bushveld Complex of South Africa (Fig.
4.13 and Table 4.2). Precious metal deposits
in layered intrusions tend to be highly concen-
trated at particular horizons in the cumulate
sequence; mining geologists often refer to
them as reefs. These horizons consist of — or
are associated with — distinctive groups of
cumulate layers that can be traced laterally
for great distances. The renowned Merensky
Reef in the norites of the Bushveld complex,
for instance, can be traced along strike for
about 180km in the western limb of the
complex and a further 120km in the eastern
limb. There are also a number of economi-
cally important chromitite layers, one of
which (the Upper Group 2 chromitite) also
contains important PGE reserves. The situa-
tion is similar in the Stillwater complex (Table
4.2): PGEs are concentrated in a horizon (here
called the Johns-Manville or ‘J-M’ Reef) in
layered norites some way above the horizon
marking the first appearance of cumulus pla-
gioclase, and they may be related to a major
influx of fresh magma. In the Stillwater
norites, however, chromite is largely absent,
the major concentrations being confined to
the lower ultramafic rocks.
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Fig. 4.10 Postulated melt evolution paths for the
Skeergaard Intrusion, calculated according to the
models of the authors listed, illustrated by a XFeO
versus SiO, plot (adapted from Jang et al. 2001;
copyright Elsevier). ‘XFeO’ represents the total
iron content expressed as FeO. Larger symbols
represent supposed initial melt compositions.

Skaergaard, though smaller, shows parallels
in its PGE distribution. The ‘Platinova Reefs’"?
(Fig. 4.8b) consist of about ten PGE-rich
zones — containing up to 4 ppm Au and 3 ppm
Pd - that are associated with the Triple
Group’, a prominent trio of macro-rhythmic
layers near to the top of the MZ (Fig. 4.8b).
The precious metals are present here as minute
grains of metal alloy associated with sulphides
which clearly formed at magmatic tempera-
tures (Nielsen, 2006). It is unclear, however,
whether the alloy grains were precipitated
from the melt directly, or initially as droplets
of immiscible sulphide melt that subsequently
decomposed (Andersen et al., 1998; Nielsen
et al., 2005; Andersen, 2006).

HOW DOLERITES AND GABBROS
CRYSTALLIZE — EVIDENCE FROM
TEXTURES

Megascopic structures like phase and cryptic
layering provide an archive of the fractional
crystallization history of a magma chamber,
telling us for example whether the chamber
filled once with magma and thereafter
remained essentially closed (e.g. Skaergaard)
or whether the chamber was constantly being
replenished with new batches of magma as

13 Named after a former concession-holder, Platinova
Resources Ltd.
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crystallization progressed (e.g. Bushveld -
Cawthorn and Walraven, 1998). This section,
on the other hand, examines what can be
learned from the microscopic textures in such
rocks.

Grain size, nucleation and
order of crystallization

Grain size in magmatic rocks depends on the
degree of supercooling at which crystalliza-
tion occurs, which in turn depends on the rate
of cooling experienced by the magma (Box
2.3). In an intrusive body, magma cools most
rapidly (and therefore fine- or medium-grained
rocks are most likely to form):

1 near the margins of an intrusion (Fig.
4.3b), especially at shallow depth where
wall-rocks are cooler;

2 in a small or tabular intrusion (large
surface area/volume ratio) such as a dyke.

The finest-grained intrusive rocks are likely to
be found where both of these factors work
together. Coarse-grained rocks, on the con-
trary, form in the interiors of larger
intrusions.

Overall grain-size can be influenced by
factors other than cooling rate. Near to the
margins of the Skergaard intrusion, numer-
ous patches of gabbro pegmatite are seen (Fig.
4.7h) in which crystals may grow up to 15 mm
or more, significantly coarser than the host
gabbro. They probably reflect the infiltration
of water vapour from wall-rocks. As well as
markedly lowering a melt’s solidus tempera-
ture and the degree of supercooling, dissolved
water promotes higher diffusion rates in the
melt, promoting faster crystal growth so that
coarser crystals result. An alternative expla-
nation (Irvine et al., 1998) is that water-
vapour infiltration may trigger re-melting of
already-crystallized gabbro to form a coarser-
grained assemblage.

The relative ease with which different min-
erals (a) nucleate and (b) subsequently grow
from the melt lies behind a distinctive class of
textures seen in many dolerites and related
rocks. Plate 4.1 shows such a rock in which
relatively large, anbedral crystals of augite
have enveloped a profusion of smaller, ran-
domly orientated, euhedral laths of plagio-
clase. The large size of the augite crystals

arises from their inability to nucleate as effi-
ciently as plagioclase (Box 2.3). This ophitic
texture represents the growth of small plagio-
clase crystals on abundant nuclei, while the
growth of augite was confined to the one or
two nuclei available (within this field of view),
resulting in far fewer but much larger pyrox-
ene crystals. The intuition that plagioclase
began to crystallize before augite here is not
necessarily true (Vernon, 2004). The same
interpretation applies to sub-ophitic texture,
in which plagioclase is only partially envel-
oped by augite (Plate 4.2).

Ophitic and sub-ophitic textures are special
cases (augite enclosing plagioclase) of a more
general poikilitic texture, a term that embraces
all instances of multiple crystals of one (or
more) mineral(s) being enclosed by large crys-
tals of another. Plate 4.3 illustrates another
special case — poikilophitic texture — in which
plagioclase and another mineral (in this case
olivine) are enclosed by augite. The prolifera-
tion of names here is regrettable; there is much
to be said for referring to all of these nucle-
ation-mediated textures simply as ‘poikilitic’.

Can we learn anything about order of crys-
tallization from such textures? Note that in
Plate 4.3 the enclosed plagioclase laths (and
olivine crystals) tend to increase in size from
the centre to the margins of the enclosing
grain, whereas in Plate 4.1 no such spatial
correlation exists. A possible reason for this
difference is illustrated in Fig. 4.11. When an
augite crystal begins to grow at the same time
as plagioclase (Fig. 4.11a), early enclosure
prevents subsequent growth of plagioclase
laths that happen to lie near to the augite
nucleus, whereas those further away have
longer to grow before being incorporated (cf.
Plate 4.3). When the augite begins to grow
somewhat later than plagioclase (Fig. 4.11b),
then no such systematic size variation devel-
ops (Plate 4.1).

Cumulate textures, zoning and changes in
melt composition

‘Cumulate’ is a conceptual term rather than a
descriptive one, and the main observational
evidence pointing to cumulate origin (e.g.
modal or cryptic layering) often occurs on a
larger scale than a single hand-specimen, let
alone a thin section. What features might
characterize a cumulate in thin section? In



GABBROIC ROCKS 117

S AN
(al I =1 1 1 = %ﬂ
. @\ s 1 )@? 7
7 ' S =
e \\‘\ 'Y N
4 7
S SN
e 'y, ] N ! Y
augite
| nucleus
® -
! 0
! - ! /) =/ 0
N . N 7
. N -, \ -
Stages of growth 1 2 3 4

Fig. 4.11

Evidence for order of crystallization in ophitic/poikilitic texture. Each row of cartoons shows (from

left to right) crystal development at 4 stages in the formation of ophitic texture, for two scenarios: (a) when
augite and plagioclase begin to crystallize together— the smallest plagioclase laths mark the centre of growth
of the augite oikocryst, where early enclosure prevented subsequent growth (based loosely on Shelley, 1992);
(b) when augite begins to crystallize significantly laterthan plagioclase — the size of plagioclase crystals does
not correlate with position in the augite crystal, because all had longer to grow prior to enclosure.

textural terms, the essence of a cumulate is a
framework of touching crystals,'* euhedral or
subhedral in shape, that have been deposited
by some crystal-sorting process — the cumulus
minerals — with the spaces in between them
filled by grains that have crystallized in situ
from intercumulus melt (Irvine, 1982). Plate
4.4 shows an example from the Lower Zone
of the Skaergaard Intrusion, in which euhedral
plagioclase laths and equant olivine crystals
constitute an obvious framework of cumulus
minerals, with intercumulus augite oiko-
crysts® filling the interstices in between them.
Whether the augite entirely postdates the
olivine and plagioclase, or represents selective
overgrowth on a limited number of cumulus
augite nuclei formed at the same time, is
unclear. A cumulate in which this distinctive
framework of touching euhedral crystals is
preserved, and which contains a significant
proportion of several intercumulus minerals,
is called an orthocumulate (Wager et al.,
1960). In plagioclase-rich cumulates, euhe-
dral feldspar laths may be deposited in a sub-
parallel manner (Plate 4.5), producing a
depositional foliation known as igneous lami-

* One must remember that a thin section offers only a
two-dimensional view of what in reality is a three-
dimensional framework: minerals that actually touch in
3D may only ‘nearly touch’ in the plane of a single thin
section.

15 Opaque oikocrysts also occur outside the field
of view.

nation; because in this case the cumulus crys-
tals are able to pack together more compactly,
there is less void space between for intercum-
ulus melt, and therefore less intercumulus
matrix present.

However, the simple framework of touch-
ing euhedral crystals that identifies a cumulate
in thin section (Plate 4.4) is often obscured
by later modification, either at the late-mag-
matic stage or after solidification. Rather than
forming isolated pockets, intercumulus melt
may keep open diffusion or melt-migration
channels to the main melt reservoir above,
allowing re-equilibration. Crystallization of
the intercumulus melt may then, instead of
creating discrete intercumulus minerals,
simply enlarge the existing cumulus crystals,
forming overgrowths that in extreme cases
completely fill the pore space between them,
forming what is called an adcumulate (Wager
et al., 1960). The original euhedral or subhe-
dral outline of the cumulus crystals is thus
obliterated; the texture now reflects crystal
growth confined by nearest neighbours, yield-
ing anhedral, often unzoned grains that may
preserve little textural evidence of their
cumulus beginnings.

Crystal shape may alternatively be modi-
fied by solid-state grain-boundary adjustment
that occurs when magmatic rocks cool very
slowly (Vernon, 2004): just as a liquid droplet
minimizes its surface area under the influence
of surface tension, so a hot polycrystalline



118 CHAPTER 4

assemblage will adjust crystal boundaries to
minimize interfacial free energy. The hallmark
of the resulting minimum-surface-area con-
figuration is a polygonal arrangement of rela-
tively straight crystal boundaries meeting at
angles close to 120°. The ultimate example of
such grain boundary adjustment is seen in
many mantle peridotites (Plate 5.6). An
example of such ‘textural equilibration’ in a
cumulate rock is shown in Plate 5.2.

A particularly distinctive cumulate texture
is illustrated in Fig. 4.7g and Plate 4.6. It
consists of sub-parallel, plate-like olivine crys-
tals (seen edge-on in Plate 4.6) that have
grown perpendicular to the layering in parts
of the Rum intrusion, notably in Glen Harris.
Wadsworth (1961) attributed such olivine-
crescumulate (or ‘harrisite’) textures to in situ
growth of olivine upward from the floor of
the intrusion into supercooled melt that was
only gently convecting or had become stag-
nant. Crescumulates and comb layerlng indi-
cate crystallization under conditions in which
crystal growth rate G greatly exceeds nucle-
ation rate N, though the cause is often unclear.

Intra-crystalline textures

Plutonic rocks not only crystallize slowly
from the melt; they continue to cool slowly
after crystallization is complete. Slow cooling
allows time for individual minerals to trans-
form into more stable crystallographic forms.
In gabbros, it is the pyroxenes — with their
temperature-dependent solid solutions and
crystal symmetry — that illustrate such changes
most clearly (Box 4.5).

Plate 4.7 illustrates a phenomenon known
by two alternative names: unmixing or exso-
lution. The host crystal is a twinned augite
that, at magmatic temperatures, contained a
significant amount of low-Ca pyroxene (LCP)
in solid solution (Fig. 4.5.1 in Box 4.5). At
lower temperatures, however, low-Ca pyrox-
ene is less soluble in augite and tends to
exsolve. A rapidly cooled augite phenocryst
in a volcanic rock would retain this LCP com-
ponent in metastable solid solution, but when
slowly cooled — as in this case — the crystal
expels the excess of LCP in the form of lamel-
lae of a distinct LCP (enstatite or pigeonite)
phase. The lamellae pointing N-S in Plate 4.8
are in extinction, indicating that they consist
of orthopyroxene (enstatite); monoclinic
pigeonite would extinguish when the lamellae

were oblique to the polars. Plate 4.9 shows a
particularly fine example of orthopyroxene
lamellae in augite.

Plate 4.7 shows a crystal of inverted pigeon-
ite (A in extinction) with two generatlons of
augite exsolution lamellae. The grain in
extinction was originally pigeonite but is now
enstatite. The thicker augite lamellae formed
during inversion from the monoclinic crystal
symmetry of pigeonite to the orthorhombic
symmetry of enstatite (explained in Box 4.5);
the thinner lamellae were exsolved during
subsequent cooling of the enstatite.

The most distinctive internal feature of pla-
gioclase is multiple twinning (Box 4.1), which
may occasionally be coarse enough in some
gabbroic rocks to be visible megascopically
(Fig. 4.12).

Reaction textures

Augite crystals in some gabbros exhibit a rim
or mantle of hornblende, which reflects the
build-up of dissolved water (and incompatible
components like K,0O) in the more evolved
interstitial melt. This, together with falling
temperature, enables hornblende — a hydrous
mineral — to become stable (Box 6.2) and
either replace the outer parts of the augite
crystal or grow as a rim on it. Such a mantle
is an example of a primary (magmatic)
overgrowth.

In slowly cooled rocks like gabbro, reac-
tion may also occur between adjacent crystals
even after complete crystallization. Such solid-
state (sub-solidus) reactions produce a corona
reaction rim rather different from a primary
overgrowth. The key difference is that the

Fig. 4.12 Megascopic multiple twinning in
plagioclase, anorthosite, Morin complex, Quebec;
steel bar 1cm long (photo K. D’Souza).
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reaction products do not form a continuous
rim around either crystal, but are found only
at boundaries where the two reacting miner-
als are in mutual contact.

Sometimes grain boundaries in plutonic
rocks are decorated by complex fine-grained,
worm-like intergrowths of two minerals,
called symplectite (Plate 4.10). Symplectites
are conventionally regarded as products of
metamorphic (sub-solidus) reactions between
specific neighbouring minerals (Vernon,
2004). However, recent work on plagioclase—
olivine—pyroxene symplectites seen in Skeer-
gaard gabbros — bordering oxide grains (Plate
4.11) and occurring along grain boundaries
and at triple junctions — suggests that these
examples may have formed by reaction
between the cumulus crystals and reactive
residual melts percolating along grain bound-
aries during the final stages of crystallization
(Stripp and Holness, 2006).

Other post-magmatic textures

Some textures in plutonic rocks develop at a
very late stage. Plate 4.13 shows recrystalliza-
tion of large strained plagioclase into sub-
grains at the boundaries of original crystals as
a result of post-magmatic deformation. Such
recrystallization — sometimes called ‘core-
and-mantle microstructure’ (Vernon, 2004)
— is typical of some massif-type anorthosites
and related rocks (see the section entitled
‘Anorthosites, norites and troctolites’ below),
and probably reflects strain generated during
the emplacement process.

Alteration of magmatic minerals generates
a diversity of textures, many of which will be
illustrated in later chapters. One example
appears in Plate 4.12, which shows a trocto-
lite in which olivine has been partially altered
to serpentine. This plane-polarized light (PPL)
view emphasizes two distinctive textures asso-
ciated with serpentinization:

e Alteration to serpentine is concentrated
along the irregular cracks that are char-
acteristic of olivine, here picked out
by opaque material. Magmatic olivines
contain FeO but serpentine accommodates
practically none of it. Iron oxide expelled
during  serpentinization  (represented
approximately in equation 4.3) appears as
finely disseminated opaque oxides associ-
ated with serpentine:

6(Mg0~75FCO.25 )2 SIO4 + 6H20 + 0502 —

typical gabbroic olivine fluid
3Mg;S1,05 (OH), + Fe;04 [4.3]
serpentine magnetite

¢ Close inspection reveals radiating systems
of cracks traversing the surrounding pla-
gioclase crystals, centred on each altered
olivine crystal. Why have these cracks
formed? The answer can be traced to the
differing densities of olivine (3.22-4.39
kgdm™) and serpentine (2.55-2.60
kgdm™). Even allowing for the formation
of dense magnetite (5.2kgdm™), conver-
sion of anhydrous olivine into serpentine
(typically containing more than 12% H,O)
evidently entails expansion, and the cracks
indicate that this expansion has been
accommodated by brittle fracturing of the
surrounding crystals.

WHERE DOLERITES AND GABBROS
ARE FOUND

Many dolerites and gabbros are demonstrably
sub-surface components of plumbing systems
that have fed basaltic lava fields on the surface.
It is therefore likely that such rocks exist
beneath most of the basaltic provinces out-
lined in Chapter 2. Geochemical and petro-
logical studies on basalts indicate that many
are not primitive magmas in equilibrium with
mantle assemblages, but have undergone
some degree of fractionation in crustal magma
chambers prior to eruption, and complemen-
tary cumulate deposits must therefore lie con-
cealed at depth beneath the site of eruption.
In this section we review the direct evidence
for intrusions beneath the various settings
where basalts are found.

Oceanic spreading centres

Ophiolite complexes, such as the Semail ophi-
olite in Oman (Fig. 4.13), typically include
layered gabbroic and ultramafic rocks that
represent cumulates formed in axial magma
chambers beneath oceanic spreading centres,
either at mid-ocean ridges or in back-arc
basins above subduction zones (Box 5.3).
Gabbro samples have also been recovered
from some oceanic fracture zones and from
oceanic extensional core complexes (Ildefonse
et al., 2007).
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Box 4.5 The pyroxene solvus and other complexities

Pyroxenes in slowly cooled plutonic rocks, when viewed in crossed polars, often display internal
structures that highlight the sub-solidus complexity of the pyroxene family.

Inversion

Low-Ca pyroxene (LCP) may crystallize in either orthorhombic or monoclinic forms according to
temperature and composition, as shown in Fig. 4.5.1 below. Magnesian LCPs crystallize directly as
orthorhombic enstatite from basaltic melts such as #2;. More evolved melts such as m2,, however,
crystallize monoclinic pigeonite first, which may then ‘invert’ (i.e. recrystallize in the solid state) into
enstatite if the rock cools slowly enough (see inverted pigeonites below). In volcanic rocks, cooling
is generally too rapid for this inversion to take place.

melt +
enstatite melt
-
melt +
> pigeonite
)
3
E
<
Q.
£
9]
'_
enstatite

enstatite enstatite

crystallized formed as

directly inverted

from melt pigeonite

Mg, Si, O

Mol percent Fe,Si,0;, —»

Fig. 4.5.1 Cartoon illustrating how the pigeonite-enstatite inversion temperature depends on
composition. Also shown are notional liquidus and solidus lines for basaltic melts. Dashed lines
represent metastable extensions of phase boundaries. (At atmospheric pressure, pure En melts
incongruently to Fo + melt, not En + melt.)

Solvus and exsolution

High-Ca and low-Ca pyroxenes are separated by a miscibility gap (Box 2.1). The width of the gap
varies with temperature, as shown for the magnesian (En-Di) end of the system in Fig. 4.5.2a
below. The unornamented outer parts of the diagram denote enstatite, pigeonite or diopside solid
solutions. The maximum contents of Mg,Si,0O that can be accommodated in diopside solid solution
— and CaMgSi,O4 in pigeonite — at a given temperature are defined in such a phase diagram by a
curve called the solvus. The ruled field inside the solvus shows the extent of the miscibility gap,
where no homogeneous solid solution of intermediate composition is stable: all bulk compositions
that plot in this field represent (under equilibrium conditions) mixtures of two pyroxenes.

y; represents a diopside crystal in equilibrium with an enstatite crystal x; at 1250°C. On cooling
it subsides into the ruled field (vertical arrow), indicating supersaturation with Mg,Si,Oq. It responds
by precipitating exsolution lamellae of enstatite within the host crystal (see Plates 4.7-4.9). When
the crystal has cooled to 1000°C, the host crystal will have the composition y, with lamellae of
composition x, (in mutual proportions represented by the open circle*). The coexisting enstatite

*See Box 3.2.
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crystal x; responds to cooling in the same manner, exsolving diopside lamellae in smaller proportion.
Inverted pigeonite, however, characteristically contains abundant augite lamellae or less regular
‘blebs’ because the host enstatite,, accommodates less CaMgSi, O, in solid solution than the original
monoclinic pigeonite (Fig. 4.5.2a); inversion is therefore accompanied by exsolution parallel to the
(001) plane of the pigeonite. Subsequent slow cooling of the host crystal (now enstatite) may
generate a second generation of exsolution lamellae parallel to the enstatite (100) plane (see
Plate 4.7).

The solvus extends across the pyroxene quadrilateral as sketched in Fig. 4.5.2b. Slices
1-3 illustrate augite—pigeonite pairs of successively lower temperatures and more Fe-rich
compositions.

The simplified diagrams in Fig. 4.5.2 suggest a continuous one-pyroxene field extending right
across the solvus at T>1450 °C. When pyroxenes crystallize from basaltic melts, however, the upper-
most part of the solvus is truncated by the basalt solidus, which is why separate crystals of augite
and pigeonite/enstatite coexist in tholeiitic basalts and gabbros. Rare pyroxenes with homogeneous
compositions in the ‘forbidden zone’ between HCP and LCP - as seen for example in some lunar
basalts — have crystallized under disequilibrium conditions (e.g. very rapid cooling) and survive in
a metastable state.

The composition of diopside coexisting with orthopyroxene (e.g. in mantle-derived peridotite
xenoliths as shown in Plate 5.4 and 5.5) can be used as a geothermometer (see Fig. 9.22).
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Fig. 4.5.2 (a) Simplified sub-solidus phase diagram showing the solvus between pure enstatite
(Mg,Si,O¢) and pure diopside (CaMgSi,Og). Pi, pigeonite; En, enstatite; Di, diopside; the subscript
‘ss’ denotes a solid solution. Adapted from Lindsley (1983). (b) Simplified perspective view of the
pyroxene solvus between pigeonite and augite. Temperature contours after Lindsley and Andersen
(1983). The base (at 800°C) consists of the pyroxene quadrilateral (Cf. Box 2.1).

NB these figures show only sub-solidus equilibria: melt evolution is not represented here and the
solidus—solvus intersection has been omitted for clarity.



122 CHAPTER 4

Oceanic islands

Gabbros are rarely if ever seen in situ on
oceanic islands because the degree of erosion
needed to expose them would submerge the
edifice below sea level. That gabbroic rocks
exist at depth within oceanic islands is none-
theless beyond doubt: gabbroic and ultra-
mafic xenoliths with cumulate textures have
been reported in lavas from many ocean
islands. In basalts from the southern flank of
Mauna Kea in Hawai'i, for example, gabbroic
and ultramafic xenoliths have been found that
exhibit modal, phase, cryptic and grain-size
layering (Fodor and Galar, 1997), suggesting
crystallization in a basaltic magma chamber
large enough to form layered cumulates.

Large igneous provinces

Dense swarms of dolerite dykes are part and
parcel of many large igneous provinces (LIPs),
since fissure eruptions are required to accom-
modate the large effusion rates characteristic
of such provinces. A prominent example is the

1.27Ga McKenzie dyke swarm and associ-
ated sills and lavas which extend across at
least 2.7 million km* of the Canadian Shield
(Fig. 4.13). The Muskox layered intrusion in
the NW Territories is a plutonic component
of this province. Some older LIPs are repre-
sented only by a dyke swarm and intrusive
complex as their surface volcanics have been
entirely removed by erosion. The 2.06 Ga
Bushveld Complex that crops out across
65,000km? of South Africa has been inter-
preted as the intrusive analogue of a continen-
tal flood basalt province; the evidence points
to many episodes of magma replenishment
during its crystallization.

Sills may also account for an important
fraction of the total magma volume of an LIP,
as in the case of the 180 Ma Ferrar sills of the
Transantarctic mountains and Tasmania.
They were emplaced contemporaneously with
the eruption of Karoo continental flood
basalts in southern Africa and the Kirkpatrick
basalts in Antarctica. The Ferrar sills account
for 500,000km?® out of an estimated total
magma production of 5 million cubic kilo-
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Fig. 4.13 Locations of the best known layered mafic/ultramafic complexes, anorthosite complexes,

ophiolites and the McKenzie giant dyke swarm of northern Canada (Ernst et al.,

1995). FN, Fiskenaesset

complex, W Greenland; CM, Coppermine volcanics in NWT, Canada (a remnant of LIP volcanics believed
to be cogenetic with the Muskox intrusion and the McKenzie giant dyke swarm).
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metres'® (Storey and Kyle, 1997). Their rela-
tive homogeneity, despite their outcrop
spanning a major lithospheric boundary, sug-
gests the magmas flowed laterally by as much
as 4000km from a single source (Storey and
Kyle, 1997; Leat, 2008).

Intra-continental rift intrusions

An opportunity to inspect plutonic magma-
tism beneath a continental alkaline volcanic
province associated with intra-continental
rifting is provided by the 1300-1130Ma
Gardar province in S Greenland (Fig. 9.15;
Upton et al., 1996, 2003). It consists of a
number of doleritic and composite dyke
swarms, some including giant dykes up to
800m wide, and about a dozen large felsic
central complexes ranging in composition
from alkali granite to nepheline syenite. In
addition to these intrusive bodies, a succes-
sion of continental sediments and basaltic
volcanics is preserved in early down-faulted
basins. The large volume of evolved plutons
relative to mafic intrusions is reminiscent of
some volcanic alkaline provinces such as
Kenya (Chapter 2). The Gardar province will
be discussed in more detail in Chapter 9.

The large Gardar felsic intrusions, many
showing minimal isotopic evidence of crustal
melting, indicate that considerable volumes of
basaltic magma must have undergone extreme
fractionation in deeper crustal magma cham-
bers during the development of this alkaline
province. This does not apply to all intracon-
tinental alkaline magmatism, however: the
occurrence of dense mantle-derived peridotite
xenoliths in lavas from many small alkali
basalt centres across the continents - e.g.
Massif Central in France, Victoria in Austra-
lia (Plate 5.3), Rio Grande rift in New Mexico
— is a sure sign that magmas have ascended
direct from the mantle without being delayed
in crustal magma chambers (where dense
xenoliths would settle out).

Subduction-related complexes

Gabbroic cumulate xenoliths — some of them
banded with adcumulate textures — have been
reported from many tholeiitic and calc-alka-
line volcanic rocks from island arc settings,
notably the Lesser Antilles (Arculus and Wills,

1o See www.largeigneousprovinces.org/record.html.

1980), the Aleutians (Conrad and Kay, 1984;
Bacon et al., 2007) and Arenal volcano in
Costa Rica (Beard and Borgia, 1989). They
indicate that layered gabbro plutons form at
depth beneath island arc volcanoes, just as
they do in other areas of basaltic volcanism.
Not surprisingly, since subduction-related
magmas tend to be richer in dissolved H,O
than other mantle-derived magmas, many of
these xenoliths consist of hornblende gabbro.
Here,asinsubduction-related gabbrosexposed
in situ (e.g. Claeson and Meurer, 2004), horn-
blende is not a cumulus phase but typically
forms prominent poikilitic oikocrysts enclos-
ing chromite, olivine and clinopyroxene, and
may be the product of reaction between these
minerals and coexisting melt. Hornblende is
markedly more abundant in plutonic gabbro
xenoliths than it is as a phenocryst in basic
volcanic rocks in the same island arcs: horn-
blende phenocrysts appear only in andesite
lavas with $10,>54% (see Box 6.2).

Gabbros are also found in continental col-
lisional zones, for example the Fongen-Hyl-
lingen complex in the Caledonian mountains
of Norway (Fig. 4.13, Table 4.2).

ANORTHOSITES, NORITES AND
TROCTOLITES

Of the plutonic rocks that qualify as ‘gab-
broic’, anorthosites are by far the most enig-
matic. Since no volcanic rocks of equivalent
composition are known, one must conclude
that cumulate processes play a key part in
their formation. On the small scale, anortho-
site occurs as cumulate layers — notably
forming the upper parts of modally graded
layers — in many gabbroic layered intrusions
like Skeergaard, but it also forms the main
component of large intrusive bodies of Pre-
cambrian age, the largest of which compare
in scale with granite batholiths; for example,
the Lac Saint-Jean complex in Quebec (Fig.
4.15) has an outcrop area of 17,000 km?.
Anorthosite is present in these complexes in
proportions much larger than would be
expected from closed-system fractionation of
basaltic magma. How can the preponderance
of plagioclase-rich rocks be explained? The
existence of this ‘anorthosite problem’ has
been recognized for more than a century, but
the manner in which the anorthosite masses
were formed, sometimes on a huge scale, is
still not fully understood.
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Terrestrial anorthosite occurrences fall into
two categories whose characteristics are con-
trasted in Table 4.3 and Fig. 4.14.

Archaean calcic anorthosites

these Archaean calcic anorthosite complexes,
in the Fiskenaesset region of West Greenland,
is profiled in Box 4.6.

Proterozoic ‘massif” anorthosites

Metamorphosed anorthosites and associated
leucogabbros constitute a small but highly
distinctive component of most of the world’s
Archaean cratons. Many exhibit igneous lay-
ering similar to that seen in post-Archaean
layered mafic intrusions such as Bushveld and
Stillwater, but the Archaean anorthosites
possess a coarse ‘megacrystic’ or porphyritic
texture — consisting of large equant calcic pla-
gioclase crystals (typically 1-5cm but some-
times as large as 30cm) set in a mafic matrix
— that is never seen in younger gabbroic rocks.
Plagioclase compositions lie in the Angs—Ang
range (Fig. 4.14) but the more sodic of these
compositions may reflect metamorphism or
alteration: well preserved megacrysts usually
lie between Ang, and Any, (Ashwal, 1993).
The anorthosite component is associated with
leucogabbro and gabbro in these Archaean
intrusive complexes, and ultramafic cumu-
lates may also be present. The best known of

Proterozoic ‘massif’
] anorthosites
Archaean calcic
anorthosites
] i oo |
> g
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5] 28
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An content of plagioclase

Fig. 4.14 Histograms comparing the ranges of
plagioclase composition in the world’s Proterozoic
‘massif anorthosites and Archaean calcic
anorthosites (prepared from summary data in
Ashwal, 1993); the frequency has been normalized
to yield the same area for each histogram. The
compositional range shown for well preserved (i.e.
igneous) megacrysts in Archaean calcic
anorthosites is also from Ashwal (1993).

Massif anorthosites (spelt incorrectly as
‘massive anorthosites’ by some authors) owe
their name to their tendency to form upland
‘massifs’ in many Precambrian terrains, for
example the Adirondack Mountains of New
York state (Fig. 4.15). They belong to a very
distinctive igneous association that occurs — in
contrast to the calcic anorthosites — almost
exclusively in Proterozoic terrains and is char-
acterized by plagioclase of intermediate com-
position (typically Ans—Ag (Fig. 4.14)). The
dominant rock types (Table 4.3) are coarse-
grained anorthosite, leucogabbro, leuconorite
and leucotroctolite. In some intrusions the
rocks may be relatively structureless whereas
in others igneous layering is well developed.

Massif anorthosites are spatially associated
with, and often cut by, distinctive orthopy-
roxene-bearing granitic rocks — charnockite
and mangerite — and often rapakivi granites
as well (whose significance is discussed in
Chapter 8). The melanocratic and ultramafic
rocks associated with Archaean calcic anor-
thosite complexes are largely absent. Terms
such as ‘Proterozoic anorthosite—-mangerite—
charnockite (AMC)' suite’ are used by some
authors to embrace the full range of magmatic
rocks present in this association. The greatest
concentration of intrusions of this kind in the
world lies in a prominent belt more than
1000km long — shown in Fig. 4.15 — from
Labrador to Ontario and New York State,
mostly in the Grenville Province of the eastern
Canadian Shield. The intrusions vary in size,
shape, degree of deformation and grade of
metamorphism. Where least deformed, most
are found to consist of numerous individual
intrusions. Evidence that anorthosite-related
magmatism of this age extended still further
to the NE takes the form of abundant
anorthosite xenoliths and plagioclase megac-
rysts that occur in basic and intermediate
intrusions (the ‘Big Feldspar Dykes’) in the
Proterozoic Gardar alkaline province in S
Greenland.

7" AMC

charnockite’.

stands for ‘anorthosite-mangerite—
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Fig.4.15 Map of eastern Canada and the northeastern US showing the outcrop of Proterozoic anorthosite
(AMC) complexes in black, after Ashwal (1993) with kind permission of Springer Science and Business Media.

Table 4.3 Distinguishing features of terrestrial anorthosite associations.

Archaean calcic anorthosites

Proterozoic ‘massif’ anorthosites

Age range 2650-3730Ma

Surface outcrop

Most are smaller than 500km?. Often occur

930-2570Ma (most between 1300 and
1800 Ma)

Up to 17,000 km?

in dismembered form due to later intrusions

and tectonism.

Typical plagioclase
composition range

Associated mafic
rocks

For pristine megacrysts ~ Ang—Ang, but

metamorphic plagioclase crystals show a

wider range (see Fig. 4.14).
Gabbro and leucogabbro (often layered),

ultramafic cumulates and chromitite (Box

MOStly AIl40-A1’150

Leucogabbro, leuconorite and leuco-
troctolite in small volume. Ultramafic

4.6).

Associated felsic Tonalite, diorite (rare)

rock types

Examples
1975, 1981)

Fiskenzsset, W Greenland (Box 4.6) (Myers,

rocks are absent.

Charnockite, mangerite and other opx-
bearing rocks, together with rapakivi
granite

Rogaland complex , Norway (Fig. 4.16)
(Bolle et al., 2003)

The geology of a well documented Euro-
pean AMC intrusion — the 0.93 Ga Rogaland
igneous complex in SW Norway — is summa-
rized in Fig. 4.16. It occurs at the SW extrem-
ity of the Sveconorwegian orogenic belt, the
eastward extension of the Grenville orogen
(Fig. 4.15). Figure 4.16a shows the dispro-

portionately large volume of leucocratic rocks
exposed at the surface — a key characteristic
of Proterozoic anorthosite complexes. It is
widely accepted that anorthosites form by flo-
tation of plagioclase during crystallization of
basaltic or andesitic magma, forming plagio-
clase-rich rocks as roof-cumulates. If that
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Box 4.6 Profile of an Archaean calcic anorthosite complex: the Fiskenaesset
complex of West Greenland

The Fiskenaesset Anorthosite Complex (FAC) in West Greenland (~150 km south of the largest town,
Nuuk) is arguably the best exposed and most intensively studied Archaean anorthosite complex in
the world. It probably formed as a single sill-like layered intrusion more than 2.8 Ga ago, but it has
since been (i) disrupted by later granitoid intrusions; (ii) repeatedly deformed and folded with the
host gneisses into complex interference patterns (Fig. 4.6.1); and (iii) metamorphosed to amphibolite
and granulite facies (and locally retrogressed). The FAC now crops out over an area of 5000 km? as
thin slices, trains of inclusions and some larger bodies — such as Majorqap Qava (Fig. 4.6.1) —in a
terrain of quartzo-feldspathic gneisses. Where original contacts are preserved, the FAC is seen to
intrude metavolcanic amphibolites, some of which show relic pillow structures, suggesting original
emplacement at shallow depths, possibly within oceanic crust (Myers, 1981). In spite of its complex
post-crystallization history, the layered anorthosite complex preserves relict igneous textures and
layering structures (Fig. 4.6.3) with stratiform chromite deposits over large parts of its outcrop, as
well as a consistent internal igneous ‘lithostratigraphy’ (Fig. 4.6.2).

GREENLAND

ARCHAEAN -
FISKEN&SSET—»

Fig. 4.6.1 Geological sketch map (reproduced with permission from Myers, 1975) showing the
outcrop of the Fiskenaesset anorthosite complex (black), the trend of foliation in the host gneisses
(dashed lines) and regions in which regional metamorphism reached granulite facies (shading).
Dotted lines indicate the margins of inland ice cover. Reproduced by kind permission of the
Geological Survey of Denmark and Greenland.

Although anorthosite is the dominant and most distinctive lithology (the anorthosite unit accounts
for almost 50% of aggregate thickness), it is intimately associated in the FAC with gabbro, leuco-
gabbro and ultramafic rocks, so ‘anorthosite complex’ is a less than an accurate description. As in
other Archaean anorthosites, Fiskenaesset feldspars are notably coarse-grained (Fig. 4.6.3); size-
grading is not uncommon — in the Upper Leucogabbro (Fig. 4.6.2), for example, plagioclase crystals
increase in size upwards from 2cm to 10cm.

Most rocks in the FAC consist today of metamorphic plagioclase and hornblende, but original
mineralogy is preserved sufficiently widely for the original cumulate minerals (olivine, enstatite,
augite, plagioclase and chrome spinel) to be identified. Igneous plagioclase crystals are normally
zoned from Angs_gy cores to Anyg_gs rims, but metamorphic plagioclases cover a wider range.

The complex includes a much higher proportion of plagioclase-rich gabbroic rocks than more
recent layered gabbro intrusions, the reason for which is unclear. The emplacement of a plagioclase-
enriched mush initially formed in a deeper magma chamber is one possible explanation for the
plagioclase-rich character and positive Eu anomalies (Box 8.5) of these rocks, as discussed for massif
anorthosites below. The FAC rocks are recognizably cumulate; as to the composition of the original
magma, however, there has been much debate though little consensus.
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Fig. 4.6.2 A composite
‘lithostratigraphic section’
through the Fiskenaesset
anorthosite complex,
compiled by Myers (1981)
from measured logs for a
number of incomplete
sections, reproduced by
permission of the
Geological Society of
Australia.

Fig. 4.6.3 Field pictures of the Fiskenaesset anorthosite complex,
West Greenland, kindly provided by J.S. Myers and reproduced with
permission. (a) Megacrystic anorthosite (pen 13cm); darker patches
are richer in hornblende, probably after orthopyroxene oikocrysts.
(b) Metaleucogabbro (hammer 28 cm long). (c) Plagioclase-chromite
cumulate showing modal layering (hammer 28 cm long).
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were the case, one would expect the comple-
mentary ultramafic and mafic floor-cumulates
to lie directly beneath, and — even if not
exposed — to be detectable in the form of a
positive gravity anomaly. However, gravity
surveys of the Rogaland igneous complex
(Fig. 4.16b) show that such anomalies are
confined to the relatively small volume of
mafic rocks exposed at the surface (including
those underlying the charnockites). No dense
mafic or ultramafic accumulations appear to
exist directly beneath the larger volume of
anorthosite plutons, which differ little from
country rocks in their gravity signature. Many
(though not all) of the Canadian complexes
show a similar deficit in high-density mafic—
ultramafic cumulates.

The most widely accepted solution to this
‘anorthosite problem’ is to suppose that the
parental magma chamber formed deep in the
continental crust, close to the crust-mantle
boundary. Dempster et al. (1999) proposed
ponding of mantle-derived basaltic magma at
the base of the crust, where interaction with
Al-rich lower-crustal lithologies led to copious
plagioclase crystallization. The parent melt
may have originated in the underlying mantle
or — as recent experimental data (Longhi et
al., 1999; Longhi, 2005) suggest — by melting
of lower-crustal mafic lithologies. According
to Dempster et al., the magma chamber crys-
tallized to form anorthositic roof-cumulates
that became gravitationally unstable and
ascended as a low-density crystal-mush diapir
to shallower levels in the crust, leaving the
denser mafic and ultramafic cumulates near
the base of the crust (Ashwal, 1993, Fig. 3.39)
where they remain undetectable by gravity
survey owing to their great depth and their
similarity in density to the underlying mantle.
A similar model by McLelland et al. (2004)
proposes initial anatexis of lower crustal
rocks to form charnockite-suite magmas,
leaving behind a plagioclase—pyroxene restite
that can be remobilized as a plagioclase-rich
mush by mantle derived basic magmas. The
contact-parallel foliation seen in some anor-
thosite bodies (e.g. EO in Fig. 4.16a) is cited
as evidence of diapir-style emplacement of
crystal-rich mushes, though post-emplace-
ment ‘ballooning’ (Chapter 8) seems a more
viable explanation. Massif anorthosites com-
monly exhibit textural evidence of syn- or
post-emplacement deformation (Plate 4.13).
The associated orthopyroxene-bearing granit-

oids may be the product of melting of granu-
lite-facies lower-crustal felsic rocks (see
Chapter 8).

Lunar anorthosite

Anorthosite is also an important constituent
of the lunar crust, being the principal compo-
nent of the lunar ‘highlands’. Though pristine
coarse-grained ‘igneous’ anorthosites have
been recovered in Apollo missions, nearly all
of the highland surface consists of heavily
impact-brecciated material. Plagioclase com-
positions fall mainly in the Angs—Any; range
(see Ashwal, 1993, Fig. 7.3), significantly
more calcic than nearly all terrestrial anortho-
sites. Lunar anorthosites are regarded as flota-
tion cumulates that formed on the surface of
an early ‘magma ocean’ thought to have
covered the entire surface soon after the
Moon’s formation. Major impacts early in the
Solar System’s history disrupted this early
anorthositic crust, allowing underlying basic
magma to escape on to the surface to form
the mare basalts.

REVIEW — WHAT CAN ONE LEARN FROM
THE STUDY OF GABBROIC ROCKS?

Doleritic and gabbroic intrusions provide
opportunities to study the magma plumbing
systems that deliver magma through the crust
to feed surface eruptions, and they help us to
understand the mechanical and chemical
controls that govern magma transport and
evolution.

Minor intrusions

e The largest dyke swarms and sill com-
plexes testify to past episodes of large-
volume basalt magma production, the
surface manifestations of which may have
been mostly obliterated by erosion. Promi-
nent examples, both linked to LIPs by
many authors, are the 1.27 Ga McKenzie
dyke swarm in NW Canada (Fig. 4.13)
and the 180 Ma Ferrar sills in Antarctica.

e Minor intrusions provide a record of stress
conditions in the crust during magma
emplacement (Figs. 4.5 and 4.6).

e Changes in tectonic environment of
emplacement may sometimes be discerned
during the lifetime of a dyke swarm, as for
example in the Tertiary coast-parallel dyke
swarm in East Greenland (Fig. 4.3a),
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Rogaland igneous complex (adapted from Smithson and Ramberg, 1979).
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where late dykes have steeper dips than
early ones owing to the progressive devel-
opment of a flexural monocline (that tilted
older dykes the most) throughout the
period of dyke emplacement.

Thick sills or dykes may reveal evidence
for in situ fractionation during crystalliza-
tion, e.g. olivine accumulation in the Pali-
sades Sill, and layering in the Tugtatoq
giant dyke in S Greenland.

Layered intrusions

The largest layered intrusions compare in
scale to the volcanic outpourings associ-
ated with LIPs and continental flood
basalts (CFBs), so are likely to have
similar causes. For example, a plume
origin has been proposed for the 2.06 Ga
Bushveld complex in S Africa (Fig. 4.13).
The ‘stratigraphy’ of layered gabbro/
ultramafic intrusions documents in great
detail the emplacement and crystallization
history of basaltic magma in crustal
magma chambers (Fig. 4.8b), and sub-
stantiates the experimentally derived
principles of fractional crystallization and
mineral-magma reaction discussed in
Chapter 3.

Cryptic layering in layered rocks (Fig.
4.8b) allows us to follow changes in
magma composition as crystallization pro-
gresses, but the absolute magma composi-
tion at any stage is often hard to establish
with confidence.

Some intrusions (e.g. Skaergaard) exhibit
an uninterrupted record of crystallization
in a closed magma chamber. In others the
record of cryptic layering is punctuated by
abrupt reversals (e.g. the Tertiary Kap
Gustav Holm complex in East Greenland
— see Myers et al., 1993) that testify to
influxes of fresh magma at several stages
during the intrusion’s crystallization
history. In yet other intrusions virtually no
cryptic layering is observed at all, e.g.
Rum (Emeleus et al., 1996), suggesting
that their chambers were open for a sig-
nificant portion of their crystallization
history, the melt being repeatedly replen-
ished from below (and probably tapped
from above) so that melt composition (and
cumulus mineral compositions) remained
more or less constant.

70 years of field and laboratory investiga-
tion have yet to yield a general consensus
on whether cumulus crystals are deposited
by gravitational sedimentation — having
nucleated at higher levels in the intrusion
— or are nucleated in situ on the magma
chamber floor (Fig. 4.9). Layered intru-
sions therefore pose as many questions
about magma chamber dynamics as they
answer.

Many layered mafic—ultramafic intrusions
host important economic deposits of PGE,
chromite and/or base-metal sulphides.
Anorthosites record a voluminous basic to
intermediate magmatic addition to the
continental crust during Archaean (Box
4.6) and Proterozoic (Fig. 4.15) times.
Though anorthosite genesis is still not
fully understood, it is clear that cumulus
processes lie behind the high proportion of
leucocratic and hololeucocratic rocks in
such complexes.

EXERCISES

4.1

4.2

4.3

Select appropriate petrographic names

for plutonic rocks consisting of:

(a) 30% enstatite, 25% augite, 45%
plagioclase (Angs), minor opaques;

(b) 75% calcic plagioclase, 22%
olivine, 3% augite;

(c) 46% plagioclase (Ang), 44%
enstatite, 3% augite, 7% opaques;

(d) 46% plagioclase (Anys), 44%
enstatite, 9% augite, 1% opaques;

(e) 55% plagioclase (Anys), 35%
augite,5 %hornblende,5 % opaques;

(f) 45% plagioclase (Angs), 40%

augite, 10% analcite, 5% opaques.
(a) Use the Phase Rule to show that points
R and E in Fig. 4.3.1a are invariant.
(b) Describe what happens when a melt
of compositionn1,inFig.4.3.1aisallowed
to undergo equilibrium crystallization,
comparing the final outcome with the
crystallization of melt 72, (Box 4.3).
Calculate in a spreadsheet the major-
element analysis of a cumulate rock
made up of 70% olivine having the
composition given in Table 1.2.1 (Box
1.2) and 30% intercumulus matrix
having the composition of analysis D in
Table 2.5. Reference to Appendix B may
be helpful.
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Ultramafic and ultrabasic rocks

Ultramafic and ultrabasic rocks, though not
abundant at the Earth’s surface, provide valu-
able insights into basalt magma genesis and
mantle source domains. An igneous petrolo-
gist may encounter such rocks in three distinct
settings:

e as early cumulates in layered intrusions
exhumed by erosion; these are ultramafic
cumulates that crystallized and accumu-
lated from basic melts before they reached
saturation with plagioclase;

e as samples of the Earth’s peridotite mantle
that have been transported to the surface
by volcanic or tectonic processes;

® as lavas of ultrabasic composition erupted
on the surface.

The first two categories, having formed at
depth, are generally coarse-grained enough
for all minerals to be identified (unless severely
altered). This allows them to be described as
ultramafic (colour index >90). They may or
may not qualify as ultrabasic (Si10,<45%) as
well, depending on the relative proportions
of olivine, spinel and pyroxene: magnesian
pyroxenes usually have SiO, contents >50%
and therefore a pyroxenite can be ultramafic
without being ultrabasic.

The third category — consisting primarily of
rocks called komatiites — was for many years
a petrological enigma. The coarse platy olivine
crystals that characterize these rocks, the
usually pervasive alteration, the poor expo-
sure in some Archaean terrains, and the

Igneous Rocks and Processes: A Practical Guide,
1st edition. By Robin Gill. Published 2010 by
Blackwell Publishing

difficulty of recognizing devitrified glass con-
cealed their volcanic nature. That komatiites
erupted as surface lavas only became widely
accepted after publication of a seminal paper
by Viljoen and Viljoen in 1969. The presence
of olivine blades often Scm in length (Fig.
5.7) in a volcanic rock violates every petro-
logical instinct about grain size and cooling
rate, and points to very unusual conditions of
crystallization that are discussed later in the
chapter.

THE NOMENCLATURE OF ULTRAMAFIC
ROCKS

Definitions

The names used to describe coarse-grained
ultramafic rocks, and the ranges of modal
composition they cover, are summarized in
Fig. 5.1. Rocks with more than 40% olivine
are known collectively as peridotites (from
peridot, the name for gem-quality olivine).
Figure 5.1(a), applicable only to rocks con-
taining less than 10% by volume of felsic
minerals (plagioclase), forms the base of the
gabbro tetrahedron shown in Fig. 4.1. When
no quantitative modal analysis is available,
the following qualitative definitions may be
used:

Dunite: a rock consisting almost entirely of
olivine (named after Dun Mountain in New
Zealand).

Lberzolite: a coarse-grained rock consisting
essentially of olivine (>40%) + orthopy-
roxene + clinopyroxene (after Etang de
Lherz' in the French Pyrenees).

! Most commonly spelt ‘Lers’ or ‘Lhers’ today.
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for coarse-grained ultramafic rocks based on

the modal (i.e. volume %) proportions of olivine,
clinopyroxene and orthopyroxene present (Le
Maitre, 2002). The names apply only to rocks
containing less than 10 modal % plagioclase (cf.
Fig. 4.1). Representative natural compositions are
illustrated (grey symbols) by mantle-derived spinel
Iherzolite and harzburgite xenoliths from basanite
volcanoes associated with the Rio Grande Rift in
New Mexico (Kil and Wendlandt, 2004).

Harzburgite: a coarse-grained rock consist-
ing essentially of olivine (>40%) + ortho-
pyroxene (after the town of Harzburg in
the Harz Mountains of Germany).

Webrlite: a coarse-grained rock consisting
essentially of olivine (>40%) + clinopyrox-
ene (named after a 19" century petrologist
by the name of Wehrle, who produced the
first analysis of such rock).

Websterite: a pyroxenite consisting of ortho-
pyroxene + clinopyroxene (after Webster
County, N Carolina). The presence of
olivine (10% < olivine < 40%) as well leads
to the name olivine websterite.

The definition of komatiite is covered in
Box 5.5.

Given their origins in the mantle or as early
cumulates from mantle-derived basaltic
magma, these rocks — and the minerals they
contain — are highly magnesian. This fact
makes mineral identification a challenge in
some ultramafic rocks, because the slight dif-
ferences in body colour that serve to distin-
guish pyroxenes from olivine in basalt (Box
2.2) and gabbro derive from their iron content;
low-Fe magnesian pyroxenes, on the other
hand, have only the faintest body colour (and
a relief similar to that of olivine). These dif-
ficulties are compounded in ultramafic xeno-
liths (hosted by basalts and kimberlites), in
which the olivines may be extremely fresh —
lacking the often-diagnostic alteration prod-
ucts — and pyroxene cleavage may be poorly
developed. In these circumstances birefrin-
gence provides the main criterion for distin-
guishing olivine and pyroxenes:

Mineral Birefringence
Enstatite 0.007-0.020
Diopside—augite 0.018-0.033
Magnesian olivine 0.035-0.040

Type minerals

In many mantle peridotites, the essential min-
erals shown in Fig. 5.1 are often accompanied
by significant amounts of an aluminous phase:
either plagioclase (rarely), Al-spinel (Box 5.1)
or pyrope garnet (Box 5.2). Which of these is
found in an ultramafic rock reflects the depth
(pressure) range from which the rock origi-
nates (Fig. 5.5), and therefore it is informative
to refer to spinel lherzolite or garnet lherzo-
lite, whichever happens to be present (plagio-
clase lherzolite can form only at crustal
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Box 5.1 Spinel minerals

Confusingly, the mineral name ‘spinel’ has three distinct meanings in mineralogy. It denotes:

e the entire group of oxide minerals of cubic symmetry that share the general formula X**Y;*O,,
where X represents a divalent element (Mg or Fe**) and Y represents a trivalent element (Al, Fe**,

Cr);

e one of three Mg-Fe** solid solution series (the one extending from MgAl,O, to FeAl,O, — see

Fig. 5.1.1) within the spinel group;

* one end-member (MgAl,O, — ‘spinel sensu stricto’) of the spinel series.

The three solid solution series of the spinel group are summarized in Fig. 5.1.1 and Table 5.1.1.
Each apex of the triangular prism in Fig. 5.1.1 represents an end-member with a different trivalent
ion (Fe**, AI**, Cr**); the front-to-rear (or left to right) dimension represents substitution between
Mg and Fe as the divalent element. As well as solid solution within each Mg-Fe series, there is
extensive mixing befween the series, as illustrated by the shaded fields in Fig. 5.1.1. Many spinels
also contain titanium, through incorporation of the end-member ulvéspinel (Fe**, TiO, — not shown

in Fig. 5.1.1).

Spinels are significant minerals in ultramafic and mafic rocks, but as most are opaque their diag-
nostic value in transmitted light is limited. The exception is the spinel series — typical of mantle-
derived spinel peridotites (Table 5.1.1) — which is translucent green-brown in transmitted light (PPL);
an example is shown in Plate 5.8. Being isotropic, such grains are black in crossed polars.

Fig. 5.1.1 The extent of naturally occurring
spinel solid solutions depicted in a triangular

prism (the ‘spinel prism’) with the spinel,

magnetite and chromite series at its apices
(adapted from Deer et al., 1992). The grey scales
represent ratios commonly used for summarizing
spinel composition: Mg number, ‘Cr number’

[= 100Cr/(Cr + Al)] and Fe*/(Fe** + Al + Cr).

Table 5.1.1 Solid solution series and end-members

Fe’*
Fed*+Cr+A/

of the spinel group.

3+ OA

Spinel series Y**  Magnesian Ferrous Names for intermediate Opacity
end-member end-member members
Spinel AP*  spinel hercynite pleonaste brown to dark green
MgAlL,O, FeAl,O, in thin section*
Chromite Cr* magnesiochromite chromite - opaque
MgCr,0, FeCr,0,
Magnetite Fe’*  magnesioferrite magnetite - opaque
MgFe; O, Fe?*Fei O,

*See Plate 5.8.
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Box 5.2 The garnet family

Garnets are a family of orthosilicate minerals embracing a wide range of solid solution (Fig. 5.2.1).
The general formula is

X3Y,51;01, [5.2.1]
where X represents divalent ions (Mg, Ca, Fe**, Mn) and Y represents trivalent ions (Al, Fe**, Cr*).
Solid solution in the garnet family consists of two isomorphous series, each having three end-
members (the two triangular fields in Fig. 5.2.1); there is extensive solid solution within each if these
series, but little between them. The garnet that occurs in ultramafic rocks is a pyrope—-almandine
solid solution, with significant Cr substituting for Al.

Mg,Al,Si,0

273712
pyrope

Fig. 5.2.1 Solid solution in the garnet mineral
group. Garnets found in ultramafic and igneous
rocks are largely confined to the pyropes—
almandine; series (‘ss’ denotes solid solution)
shown in black. Garnets with significant contents
Fe,AlSi0,, of the other end-members (shown grey) are

almandine restricted to metamorphic rocks, except for the
titanian variety of andradite called melanite
[Cas(Fe*, Ti),Si;04,] which occurs in some alkali
igneous rocks (Table 9.3).

Q

.b\Q
S
&
>

CaS(Fe3",Ti)ZSi3012
melanite

Garnet belongs to the cubic crystal system and is thus isotropic between crossed polars (though
larger garnets in metamorphic rocks may show appreciable birefringence). This characteristic —
together with the high positive relief (RT ~1.71-1.83), lack of cleavage and equant, often rounded
crystal shape — makes garnet unmistakable in thin section. Pyrope,, tends to be pinkish red (Plate
5.5) to purplish in hand-specimen (especially chrome-pyrope) but is virtually colourless in thin
section; almandine,, on the other hand tends to a more brownish red in hand-specimen and may
show a slight pink body colour in thin section.

depths). For rocks in which the aluminous
phase constitutes less than 5%, International
Union of Geological Sciences (IUGS) recom-
mends the designation ‘spinel-bearing lherzo-
lite’ or ‘garnet-bearing lherzolite’ (Le Maitre,
2002); the conclusions about depth of origin
still apply.

Most fresh ultramafic rocks consist entirely
of anhydrous minerals. When the hydrous
mineral hornblende (calcic amphibole) occurs
in an ultramafic rock (see Fig. 5.1b for
nomenclature), it indicates that water was

present (either in melt or as a vapour phase)
during crystallization. Ultramafic rocks may
also contain small amounts of other hydrous
minerals such as phlogopite (Table 5.1).

Alteration

Ultramafic and ultrabasic rocks, whatever
their origin, are very prone to hydrothermal
alteration. Magnesian olivine and orthopy-
roxene react readily with hot aqueous fluids
to form serpentine minerals. An ultrabasic
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Table 5.1
summarized in Appendix A.

Essential minerals

Summary mineralogy of ultramafic rocks.

The optical properties of relevant minerals are

olivine

orthopyroxene (enstatite)
clinopyroxene (diopside or augite) in lherzolite

Principal type minerals .
°
L]
L]
L]
Common accessory minerals °
Common secondary (alteration) minerals o

plagioclase
spinel (pleonaste)
garnet

aluminous minerals

amphibole (hornblende)
mica (phlogopite)

oxide minerals (chromite, spinel series)

serpentine or iddingsite replacing olivine (see Box 2.2)
chlorite or uralite replacing pyroxene

rock in which most of the olivine has been
altered to serpentine is called a serpentinite.
Low-grade metamorphism of ultramafic rocks
may result in serpentine or talc rocks.

Alteration of olivine crystals often leads to
serpentine pseudomorphs which preserve
traces of the olivine crystal’s original conchoi-
dal cracks in the growth pattern of the fibrous
serpentine; evidently the cracks provided chan-
nels for fluid penetration into the crystal. For
the same reason, primary fractures may also
be picked out as trails of opaque iron oxide
minerals (Plate 4.12): as serpentine accommo-
dates little iron in its crystal structure, the iron
presentin the primary olivine is expelled during
the alteration reaction (see equation 4.3).

Serpentinization of orthopyroxene leads to
platy pseudomorphs that are distinctive in
hand-specimen: the crystals take on a bronze-
or honey-coloured metallic sheen, in which
form the mineral is sometimes known by the
special name bastite.

Given the propensity for mafic minerals to
become altered, it is important to try to estab-
lish from alteration products the identity of
the primary minerals present in the rock in
order to infer the original rock type.

‘STRATIFORM’ ULTRAMAFIC CUMULATES
IN LAYERED INTRUSIONS

Plagioclase is rarely the first mineral to crystal-
lize from primitive basaltic magma, and the
earliest cumulates to form in many gabbroic
magma chambers are plagioclase-free and
therefore of ultramafic composition (though
minor plagioclase often appears in the solidi-
fied rock as an intercumulus mineral, as in
Plate 5.2). Table 5.2 lists a number of layered

intrusions in which ultramafic rocks form
a prominent part of the exposed cumulate
sequence. Because ultramafic cumulates -
where present — are found at the base of the
cumulate sequence, it is natural to regard
them simply as initial cumulates from the
basaltic magmas from which gabbroic layered
rocks later crystallized. However, there is evi-
dence from the Bushveld and Stillwater com-
plexesthattheultramaficcumulatescrystallized
here from magmas with distinctly higher SiO,
and MgO contents than those forming the
overlying gabbros or norites (Eales and Caw-
thorn, 1996; McCallum, 1996). The likeli-
hood (Table 5.2) that high-MgO melts have
been involved in these and other complexes
—such as Rum - is one reason for considering
ultramafic cumulates separately in this chapter,
rather than in Chapter 4.

Figure 5.2 compares the ultramafic cumu-
late divisions of three large Precambrian
layered intrusions. In each case the rhythmi-
cally layered ultramafic cumulates are sepa-
rated from the host country rocks by a variable
border zone, known by a different name in
each complex. The layered cumulate sequences
are remarkably similar, even though the paral-
lels are obscured by differing nomenclature.
In each case, the ultramafic cumulates can be
divided into two zones, the lower one consist-
ing — at least in part — of olivine-bearing rocks,
and the upper one comprising mainly pyrox-
enites. Layering, especially in the lower zones,
takes the form of cyclic or macro-rhythmic
units (Irvine, 1982), each of which grades
from dunite or peridotite at the base (cumulus
olivine + chromite) up through harzburgite to
pyroxenite at the top. Massive chromitite
bands and/or disseminated chromite often
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Table 5.2 Some layered intrusions in which ultramafic cumulates form an important part of the
exposed layered series. Column 4 gives published estimates of the MgO content of the parent melt (see

references cited).

Examples Age/Ma  Tectonic setting Estimated melt MgO  Recent description
Rum, Hebrides, 60 Passive margin 18-20% Emeleus et al. (1996)
Scotland
Semail ophiolite, 95 Ophiolite (fast- 5-7% Coogan et al. (2002)
Oman spreading mid-ocean
ridge or fore-arc
spreading centre)
Bay of Islands, 500 Opbhiolite (subduction ‘high-MgO high-SiO,’ Kurth-Velz et al. (2004)
Newfoundland, zone-MOR
Canada intersection)

Duke Island, Alaska 110

Muskox, Canada 1270 Continental rift/LIP

Bushveld, S Africa 2060 Possible LIP

Great Dyke, 2575 Continental rift/LIP
Zimbabwe

Stillwater, Montana 2700 Possibly

subduction-related

Cordilleran thrust belt

Irvine (1974), Saleeby
(1992)

Roach et al. (1998)

14.9% Eales and Cawthorn
(1996)

16% Wilson (1996);
Oberthiir et al. (2002)

14.5% McCallum (1996)

mark the base of each cyclic unit, sometimes
in amounts worth mining. In Stillwater and
Bushveld the pyroxenite zones overlying the
lower peridotite zones are more uniform.
The most easily recognized cumulate tex-
tures in these rocks are those containing
enstatite oikocrysts (Plate 5.1) or pockets of
obviously intercumulus plagioclase (Plate 5.2).
Many ultramafic cumulate rocks, however,
exhibit a polygonal texture in thin section —
reminiscent of that in mantle-derived ultra-
mafic rocks (Plate 5.6) discussed below — that
may reflect adcumulus overgrowth, butis more
probably due to solid-state grain boundary re-
adjustment promoted by very slow cooling (see
Chapter 4; Vernon, 2004; Holness, 2005).
The repetition of macro-rhythmic units in
the olivine-bearing zones — also prominent in
the younger Muskox and Rum intrusions —
has led to suggestions that the base of each
such unit might mark the influx of a fresh
batch of magma (e.g. Brown, 1956; Raedeke
and McCallum, 1984). The lack of systematic
cryptic layering through these units, or in
some intrusions actual reversals in cryptic lay-
ering, has been cited in support of such ‘magma
rejuvenation’ (e.g. Eales and Cawthorn, 1996).
The 16 macro-rhythmic units of the Eastern

Layered Series in the Rum complex have for
many years been regarded as the signature of
an open magma chamber periodically replen-
ished by fresh magma (Brown, 1956; Emeleus
et al., 1996). The prevailing view today is that
in many intrusions — unlike Skaergaard, which
appears to have evolved as a closed system —
the progress of magma evolution and crystal
accumulation on the chamber floor that leads
to normal cryptic layering was punctuated by
fresh injections of primitive (i.e. less evolved)
magma from a larger, deeper reservoir. Such
injections are detected in abrupt changes in
the cumulus mineral assemblage and reversals
in cryptic layering. The Rum cumulate series
is also cut by thin peridotite sheets, and there
is evidence that at least one of the main ultra-
mafic units (Unit 9) originated as a minor
intrusion of picritic magma rather than by
cumulus processes (Holness, 2005).

What kinds of parental magma generated
these voluminous ultramafic successions?
Table 5.2 shows the best available estimates
for the MgO contents of the parent melts for
each of the ultramafic cumulate sequences.
Many are higher than for typical basalts and
— as we have seen from minor intrusions in
Rum - fall in the picrite range (Fig. 5.5.1
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Fig. 5.2 Comparison of the ultramafic divisions of the Stillwater (Montana, USA), Bushveld

(S. Africa) and Great Dyke (Zimbabwe) layered intrusions, after McCallum (1996), Eales and Cawthorn
(1996) and Wilson (1996) respectively. See Fig. 4.13 for geographical locations. The original authors’
nomenclature has been retained, except that ‘orthopyroxenite’ is used here in place of the obsolete rock
name ‘bronzitite’ (a rock consisting essentially of orthopyroxene in the range En;q g, @ mineral formerly

known as bronzite) widely used in Stillwater literature.

in Box 5.5). Parent-melt estimates for the
Archaean and early Proterozoic intrusions
shown in Fig. 5.2 also exhibit relatively high
SiO, contents: 54% for Stillwater, 53% for
the Great Dyke and 56% for Bushveld, values
confirmed by the importance of cumulus
orthopyroxene in the ultramafic cumulates.
The conjunction of high MgO and high SiO,
places these magma compositions into the
boninite range (Chapter 6), a magma type
also represented in some major Precambrian
dyke swarms. Some authors have speculated
that these large intrusions and dyke swarms
represent plumbing systems for Precambrian
large igneous provinces (LIPs), though it has
to be said that boninite magmas play no
obvious part in modern LIPs.

The ultramafic divisions of major layered
igneous complexes contain seams of massive
chromitite in the dunite member of each
macro-rhythmic unit, providing rich sources

of chromium. Bushveld, Stillwater and the
Great Dyke also contain substantial deposits
of platinum-group elements (PGE). In the
Great Dyke the PGE-bearing sulphide
deposits occur near the top of the ultramafic
sequence, having been deposited prior to the
first appearance of cumulus plagioclase, but
in Bushveld and Stillwater they occur in the
overlying noritic parts of the intrusions
(Chapter 4).

Ultramafic cumulates in ophiolites

Table 5.2 emphasizes that ultramafic rocks
are found in many ophiolite complexes (Box
5.3). Malpas (1978), describing the Bay of
Islands ophiolite in Newfoundland, was the
first to recognize that peridotites in ophiolite
complexes have two fundamentally different
origins:
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Box 5.3 Ophiolites and the structure of oceanic lithosphere

The term ophiolite refers not to a rock type, but to an association of related rock types that are
found as a consistent — though often incomplete — ‘package’ in many orogenic belts. The complete
package is illustrated in Fig. 5.3.1a, together with profiles of a number of well known examples
to emphasize that individual complexes may contain all, or often only some, of the complete
sequence. The association of pelagic sediment, pillow basalt, sheeted dolerite dyke swarm, and mafic/
ultramafic plutonic rocks is characteristic of oceanic crust formed initially at an oceanic spreading
centre: the pillow basalts at the top of the section represent magma erupted on the ocean floor, the
sheeted dyke swarm immediately below is a relic of the magma plumbing system by which magma
supplied those spreading-centre eruptions, and the plutonic rocks are remnants of an axial magma
chamber beneath, floored by mafic and ultramafic cumulates. The basal cumulates pass down into
ultramafic tectonites that seem to represent the underlying mantle lithosphere: the harzburgitic and
dunitic compositions of these deformed metamorphic rocks suggest residual mantle accreted on to
the oceanic lithosphere after earlier magma extraction from upwelling asthenosphere (see Box 5.4).

The interpretation of ophiolites as samples of oceanic lithosphere is reinforced by the correlation
between seismic refraction velocity profiles of in situ oceanic crust (Fig. 5.3.1b) and those of ophiolite
cross-sections (Fig. 5.3.1c). The ‘seismic Moho’ marking the nominal base of the oceanic crust is
defined by the sharp increase in seismic velocity between 6.5 and 7.5km in Fig. 5.3.1b. Malpas
(1978) suggested that this feature actually marks the boundary between mafic (plagioclase bearing)

(a) (b) (c)

Parts of package preserved Model ophiolite and the lithologies present Velocity-depth models for Compressional
in selected ophiolite complexes young oceanic lithosphere wave velocities
(Atlantic) of ophiolite
- e lithologies
Seismic velocity / km s™ o/kms"
o Pelagic sediments/deep-sea fans o 2 4 6 8 6 8
T T T T T
9 g Basaltic pillow lava
Slls] 8 (|8
g ol 1B 2 19|10 |<c Sheeted dolerite dyke swarm £ 21
S|[Elo] S |g/lg|E =
3 S| | 25| lel e Massive plutonic rocks including %
Z| g IE s 2|5l |g gabbro, diorite and trondhjemite 2 4|~
sl 1O] |2 @ Q5 = S
Qe 0 |= ) 0
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EIRPSEET kS [} Ultramafic cumulates 2
% = |9 = %) c 8|
SIS 3 £
o > £
oL Foliated harzburgite, dunite S
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New Caledonia

Fig 5.3.1 Composite diagram comparing: (a) A typical ophiolite package (adapted from Moores,
1982): the columns illustrate how much of the complete package is preserved in selected ophiolites
around the world (see Fig. 4.11). ‘Ophiolite’ as traditionally defined embraces the lithologies printed
in black to the right of the cartoon (reproduced from Moores (1982) courtesy of the American
Geophysical Union); those in grey are additional units included in Moores’ ‘expanded’ definition of
an ophiolite complex; (b) A range of modelled seismic-refraction velocity-depth profiles for young
oceanic lithosphere (Atlantic Ocean 0—7 Ma old; data from White et al.,1992) and scaled to part (a);
and (c) Laboratory-measured compressional-wave velocities of lithologies of the Bay of Islands
ophiolite (data from Salisbury and Christensen, 1978) plotted against structural height.
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and ultramafic (plagioclase-free) cumulates in ophiolites, and the true base of the crust — where
magma-chamber ultramafic cumulates pass down into mantle harzburgites — must lie deeper; he
introduced the term ‘petrological Moho’ for this lower boundary (seen in ophiolites but not detect-
able seismically).

The deformed and often metamorphosed state of the rocks underlying many ophiolite bodies
(see Fig. 5.3.1a) indicates that ophiolite bodies were emplaced into their present setting by tectonic
rather than magmatic processes. Trains of ophiolite bodies adorn many of the world’s orogenic belts
(Fig. 5.3.2) and are believed to trace the exhumed continental suture zone where two converging
continents have become welded together. This distribution suggests that ophiolites are fragments of
oceanic lithosphere that formed the floor of a contracting ocean basin, which then became caught
up in the ensuing continental collision zone.

In what geotectonic setting was the oceanic lithosphere preserved in ophiolites originally created?
The dyke swarm and magma chamber suggest an oceanic spreading centre of some kind, but
this could be at a mid-ocean ridge, in a back-arc basin or sometimes even in an intra-arc or fore-
arc setting; all these possibilities have been proposed for different ophiolites. The Semail ophiolite
in Oman, the largest and best exposed ophiolite, has been interpreted as the product of a fast-
spreading mid-ocean ridge (Nicolas et al., 1994; Coogan et al., 2002), but formation at a fore-arc
spreading centre in an immature arc setting above a subduction zone has also been proposed
(Alabaster et al., 1982; Searle and Cox, 1999). Similar controversy surrounds the origin of the
Troodos ophiolite in Cyprus. The geochemistry of the Bay of Islands ophiolite in Newfoundland
suggests that it formed in a supra-subduction-zone (SSZ) environment (Jenner et al., 1991; Elthon,
1991) near an island arc—spreading ridge intersection (Kurth-Velz et al., 2004). No single tectonic
context can account for all of the diverse ophiolite occurrences seen around the world. Dilek (2003)
provides an up-to-date review of ophiolite origin and emplacement.

B8 Tethyan ophiolites (Mesozoic)
Hercynian ophiolites (Paleozoic)

Cadomian and Pan-African
ophiolites (Neoproterozoic)

+=+* Tethyan suture zones

40°N —

AFRICA

INDIA ’

— 20°N = Arabian

Shield

Indian Ocean

20°E 40°E 60'E 0
l | l

Fig. 5.3.2 Map showing the distribution of major Mesozoic (Tethyan), Palaeozoic and
Neoproterozoic ophiolites bordering the Mediterranean, Black, Caspian and Red Seas and the
Indian Ocean (adapted from Moores et al., 2000 courtesy of the Geological Society of America).
LA, Ligurian ophiolites; AM, Ankara mélange; TO, Troodos ophiolite; BZSZ, Bitlis-Zagros suture
zone; OO0, Oman (Semail) ophiolite.
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e an upper unit of dunites with chromitite
bands and lenses, which appear to have
formed as initial olivine (+ chromite)
cumulates from basic magma in a magma
chamber beneath an oceanic spreading
centre (Box 5.3);

* a lower unit consisting mainly of harzbur-
gites, showing tectonite fabrics attribut-
able to solid-state deformation. Malpas
recognized that the harzburgites could
not be igneous cumulates (the reaction
relationship between olivine and enstatite
(Box 4.3) prevents these two minerals
crystallizing in equilibrium from igneous
melts at crustal depths), and concluded
that they are deformed solid mantle rocks
from the uppermost oceanic lithosphere.
Their depleted composition (see Box 5.4)
is consistent with this interpretation.

The sketch-section in Fig. 5.3 illustrates the
same mantle-crust transition zone for part of
the Semail ophiolite in Oman (shown as ‘OO’
in Fig. 5.3.2, Box 5.3). Light grey shading
here signifies harzburgite tectonites, repre-
senting the lithospheric mantle forming the
floor of an oceanic spreading centre magma

depleted harzburgite

impregnated dunites
and gabbros sills (0-3m)

chamber. This unit is host to numerous gab-
broic and dunitic intrusive sheets, interpreted
as relics of lithospheric magma plumbing
systems that fed crustal magma chambers
above. The unit shown white consists pri-
marily of heterogeneous dunite, apparently
of cumulus origin with chromitite lenses
and pods reminiscent of continental layered
intrusions (Fig. 5.2). In many places the
dunites appear to have been subject to magma
injection and percolation, indicated by gabbro
sills and by zones of dunite ‘enriched’ with
interstitial plagioclase and clinopyroxene
(Boudier and Nicolas, 1995). The dunites are
in turn overlain by layered gabbros, which are
cut by intrusive sheets of troctolite and weh-
rlite. The cumulate succession from dunite to
gabbro can be understood in terms of basaltic
magma initially crystallizing only olivine (and
minor chromite), then crystallizing plagio-
clase and augite in addition as the evolving
melt became saturated with these minerals (cf.
Fig 4.8).

The boundary between mantle harzburgite
and cumulate dunite (the ‘petrological Moho’
of Malpas (1978) — see Box 5.3) is complex
in the Semail ophiolite, with a lot of inter-

Fig. 5.3 Sketch section of the
‘mantle transition zone’ in the Semail
ophiolite, Oman (Wadi Makhah
section), showing depleted
harzburgites of the mantle section
(pale grey), ultramafic cumulates
(white) containing chromitite pods
(black), and overlying layered
gabbros (dark grey; white bands
depict layering); dashed lines indicate
trace of foliation. Ultramafic rocks are
cut by gabbro dykes and sills, and
dots indicates dunites containing
interstitial plagioclase and/or
clinopyroxene resulting from magma
percolation. Reproduced from
Boudier and Nicolas (1995) by
permission of Oxford University
Press.
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fingering of the two lithologies. Both possess
planar and linear fabrics indicating high-
temperature solid-state deformation which
Boudier and Nicolas (1995) attribute to flow
in the upwelling asthenosphere and accreting
oceanic lithosphere beneath an ocean ridge;
this deformation appears to have affected the
early magma cumulates too. Such structural
complexity is characteristic of nearly all ophi-
olites (Moores, 1982).

Ultramafic bodies of Alaskan type

More than 30 ultramafic complexes lie scat-
tered along a 500km long by 35km wide
linear chain extending from NNW to SSE
along the south-eastern ‘panhandle’ of Alaska.
Most are no more than a couple of kilometres
in diameter. Some of the larger ones exhibit
crude concentric zoning from a dunite core to
hornblende pyroxenite margins, though the
best described of them, the spectacularly
layered Duke Island complex at the southern
end of the chain (Irvine, 1974), is notable for
lacking this pattern of zoning. These intru-
sions, the majority of which are unlayered but
with distinctive cumulate textures, typify an
association known as ‘ultramafic complexes
of Alaskan type’.

Alaskan-type ultramafic intrusions occur
in many other parts of the world, notably
in the Urals and the Siberian platform, in
Colombia-Ecuador and in eastern Australia;
the concentric architecture of one recently
described Colombian example is illustrated in
Fig. 5.4. In the Alaskan and Colombia—Ecua-
dorian cordilleras, such intrusions are located
near boundaries between adjacent allochtho-
nous terranes and some authors speculate that
their genesis may be connected with terrane
accretion. The concentric zonation character-
istic of some bodies has been attributed to
successive crystal-mush injections of cumulate
fractions derived from a deeper-seated magma
chamber (Tistl et al., 1994), and the unzoned,
layered Duke Island intrusion may be a
remnant of such a deeper chamber. The
abundance of hornblende as a cumulus and
post-cumulus mineral, and the injection of
hornblende-plagioclase pegmatites and dykes
into country rocks and contact breccias, point
to a hydrous magma composition.

Like some major layered intrusions,
Alaskan-type ultramafic bodies may contain

Viravira kS Cretaceous
basalts " oo R to Tertiary
T TN sedimentary

cover

| cij
\

St |
9/)) 7
. hornblende-magnetite
n dunite hme clinopyroxenite
wehrlite Cij complex injection zone

L ) . basalts and contact-
- olivine clinopyroxenite |:| metamorphic zones

Fig. 5.4 Sketch geological map of a zoned
ultramafic intrusion of Alaskan type: the 20 Ma-old
Condoto intrusion in NW Colombia (SSW of
Medellin), simplified from Tistl et al. (1994). The
intrusion was emplaced into Viravira basalts which
contain lenses of cognate peridotite cumulates.
The ‘complex injection zone’ consists of
metasomatized pyroxenites and magmatic
breccias and is cut by hornblende-bearing dykes.

PGE deposits, associated with chromitite
layers and segregations in the dunite core.
Fourteen such complexes make up the
1000 km-long ‘platinum-bearing belt’ in the
central and northern Urals, for example
(Garuti et al., 1997). Placer deposits associ-
ated with such bodies often provide the best
PGE prospects (e.g. Tolstykh et al., 2004).

MANTLE-DERIVED PERIDOTITES

Mantle xenoliths in basalts and kimberlites

It is not unusual to find continental alkali
basalt or basanite lavas or plugs that contain
distinctive fresh olive-green crystalline xeno-
liths (Plate 5.3), ranging in diameter up to a
few tens of centimetres, consisting variously
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of olivine, orthopyroxene, clinopyroxene and
spinel. Typically the clinopyroxene in these
xenoliths is a ‘chrome-diopside’ that has a
vivid green colour in hand-specimen, as shown
in Plate 5.4. The occurrence of orthopyroxene
in inclusions hosted by alkali basalt suggests
these are not cognate cumulates — formed
from the host basalt itself at an earlier stage
in its ascent through the crust — because
low-Ca pyroxene would not be expected to
crystallize from such SiO,-poor melts at
crustal depths. This conclusion is confirmed
by the texture seen in thin section (Plate 5.6).
There is no hint of cumulate textures like
those shown in Plates 5.1 and 5.2. These
xenoliths usually possess a polygonal or
mosaic texture — in which most grain bound-
aries meet at 120° triple junctions — charac-
teristicofadvanced solid-state recrystallization;
such rocks are best designated as metamor-
phic rather than igneous rocks. The spinel
lherzolite and harzburgite xenoliths found
in basalts are interpreted as samples of
conduit wall-rock torn off and transported
by magma that has ascended directly from
the mantle. Typical compositions (as mineral
proportions by volume) of such basalt-
hosted ‘mantle xenoliths’ are illustrated in
Fig. 5.1.

A more varied suite of mantle-derived xeno-
liths can be found in kimberlite diatremes and
dykes (Chapter 9). In addition to spinel lher-
zolites, one may find garnet lherzolites (Plate
5.5), harzburgites, dunites, pyroxenites and
eclogites, often accompanied by rock types of
crustal provenance. Some of the diversity in
mantle-derived xenoliths is attributable to the
greater depths from which kimberlites appear
to be derived (judging by the occurrence of
diamond in some). Figure 5.5 shows a temper-
ature-depth diagram similar to Fig. 2.17, in
which the boundaries between plagioclase
lherzolite, spinel lherzolite and garnet lherzo-
lite stability fields are shown. The boundaries
are inclined, indicating that the pressure
(depth) at which garnetlherzolite (for example)
would transform into spinel lherzolite depends
on temperature, and therefore on the local
geothermal gradient. Despite these sloping
boundaries, it is broadly true that garnet lher-
zolite is stable at greater depth in the mantle
than spinel lherzolite, and that plagioclase
lherzolite is stable only in the crustal depth
range (hence its rarity). Upwelling mantle

that ascends along the ~1300°C adiabat (cf.
Fig. 2.17) will pass into spinel lherzolite field
before reaching the solidus; the basaltic melts
so formed encounter wall-rocks of spinel lher-
zolite, which dictate the dominant xenolith
lithology found in such basalts. Only if mantle
upwells along a higher-temperature geotherm
(e.g. 1400°C) will it melt enough at sufficient
depth for the capture of garnet lherzolite
xenoliths to be possible; spinel lTherzolites may
be entrained as well at shallower levels during
later stages of magma ascent.

Another aspect of xenolith diversity relates
to the history of the mantle domain ‘sampled’
by a xenolith. Box 5.4 explores the process
of partial melting in polymineralic rocks
such as lherzolite. ‘Fertile’ mantle — that from
which no melt has previously been extracted
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Fig. 5.5 Stability fields of plagioclase lherzolite,
spinel lherzolite and garnet lherzolite on a
temperature versus depth (pressure) plot. The
plagioclase—spinel and spinel-garnet boundary
curves A—A’ and B-B’ are from thermodynamic
calculations by Saxena and Eriksson (1983); C-C’
is an experimentally determined spinel—garnet
boundary curve from O’Hara et al. (1971); the
boundary between spinel and garnet lherzolite has
been placed arbitrarily between curves B-B’ and
C-C’. The solidus curve and the lines marked
1280’ and ‘1380’ — the 1280°C and 1380°C
adiabats respectively (cf. Fig. 2.17) — are from
McKenzie and Bickle (1989).
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— is represented here by simple lherzolite
(disregarding spinel and garnet to simplify the
discussion). Suppose the initial lherzolite has
the composition ‘M’. As melt (initial composi-
tion m1,) is extracted from M under equilib-
rium conditions, the residual solid assemblage
becomes depleted with respect to 72, and so
migrates from M (lherzolite) to s; (harzbur-
gite) then, if melt extraction continues, to s,
(harzburgite) and s; (dunite). A volume of
mantle that has experienced one or more epi-
sodes of melt extraction may therefore contain
domains of harzburgite and dunite as well as
lherzolite (Fig. 5.1), so it is not surprising to
find such ‘residual mantle’ rock types repre-
sented in mantle xenolith suites hosted by
basalts and kimberlites, which have presum-
ably traversed such domains during their
ascent.

Kimberlite xenolith suites have typically
‘sampled’ the thick mantle lithosphere that
lies beneath Archaean cratons or the Protero-
zoic mobile belts that surround them (the two
ancient crustal domains where kimberlites are
typically found).

Olivine composition in the mantle and the
identification of primary melts

Petrologists today accept that many basalts
erupted at the Earth’s surface (including
most mid-ocean ridge basalts (MORB:s)) have
undergone some degree of fractional crystal-
lization during their ascent; this may happen,
for example, in an axial magma chamber
underlying a fast-spreading mid-ocean ridge.
In order to use basalt analyses as a geochemi-
cal ‘window’ into mantle source regions,
it is important to eliminate more evolved
basalts from consideration, those whose com-
positions are no longer in equilibrium with
mantle mineralogy and may distort the con-
clusions drawn. To extract valid information
about the mantle from basalt compositions,
it is necessary to confine attention to primary
melts — those which have undergone negligi-
ble fractionation since segregating from their
mantle source. This requirement begs an
important question: how can primary basalts
be identified?

One simple, qualitative approach is to con-
sider only those basalts that contain xenoliths
of obvious mantle origin. When a magma
spends time fractionating in a crustal magma

chamber, any such xenoliths entrained in it
— having densities (>3.2kgdm™) well above
that of the host melt (typically 2.65-
2.70kgdm™) — will sink to the floor of the
chamber and thereby escape later transporta-
tion to the surface. The presence of mantle-
derived xenoliths is therefore an indication
that the host lava has passed from the mantle
to the surface without being detained in a
magma chamber, and therefore with little
opportunity for melt composition to fraction-
ate significantly.

Mantle xenoliths, however, tend to be
restricted in their distribution. A more widely
applicable test of primary character is based
on a lava’s Mg number (often abbreviated
to ‘Mg #). The principle is illustrated in
Fig. 5.6. Olivines in mantle-derived peridotite
xenoliths tend to have compositions lying in
the range Fogg—Fog,. This range is shown as a
vertical band on the left of Fig. 5.6.> Tracing
tie-lines (from where these compositions
intersect the solidus) horizontally across the
two-phase (ruled) field to the liquidus indi-
cates the range of melt compositions in this
system that can coexist in equilibrium with
mantle olivine — they are indicated by the
right-hand vertical band. The melts in this
phase diagram are simplified laboratory prep-
arations — containing only Mg,SiO, and
Fe,Si0, — that show little similarity to real
basalts. Nonetheless a systematic relationship
does exist between the composition of a
natural basalt and the olivine with which it
can equilibrate. In its simplest form (devised
by Roeder and Emslie, 1970), this relationship
may be written:

(F62+/Mg)oliviu1e

__~0.3 [5.1]
(Fe**/Mg)

where Fe** and Mg represent the atomic pro-
portions of ferrous iron and magnesium in

% Because olivine composition (e.g. Foo,) is expressed in
mole percentages of Mg,SiO, whereas the composition
(horizontal) axis of Fig. 5.6 is plotted — according to
convention for such diagrams — in mass %, the left and
right boundaries of the mantle-olivine band do not coin-
cide with 92 and 88% on the composition axis of the
figure. Similar reasoning explains why the right-hand
boundary of the band of primary melts (Mg # = 68)
does not plot at 68 in this diagram.
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Box 5.4 How do rocks melt? Origins of ‘fertile’ and melt-depleted mantle

Figure 5.4.1 below presents two perspectives on the process of partial melting in a polymineralic
rock such as lherzolite. On the left are views of the lherzolite as it might appear in thin section,
shown at three stages of partial melting as the temperature is raised. On the right are sketches
of the phase diagram for the laboratory system CaMgSi,O4(diopside)-Mg,SiO,(forsterite)—
Mg,Si,Og(enstatite), in which the progress of melting can be followed (see caption for explanation).
The point M illustrates one possible composition for the initial solid (lherzolite) assemblage that
undergoes partial melting: one simplified model for ‘fertile mantle’.

The first melt to appear when M is heated to sufficient temperature (middle tier) necessarily forms
in chemical equilibrium with all of the three minerals present. The only melt composition that can
satisfy this requirement (72;) lies at the junction of the three mineral stability fields (right-hand
diagram), at the eutectic point E. This is the initial melt composition that would form from any
mixture of diopside, forsterite and enstatite (whether M or N, for example). The location of E —
within the triangle — tells us that all three minerals participate in partial melting and contribute to
the initial melt, though in different proportions to those in the original solid.

Where will the first pockets of melt form in the rock? If all three minerals are required to
contribute, it follows that such pockets (shown black in the left-hand diagram) can form only
at Di-Fo—En grain intersections where all of the chemical components are available. Fo—En-En,
Fo-Fo—-En and Fo-Di-Fo grain intersections initially produce no melt. As partial melting progresses,
the melt composition is initially buffered at 72, by the presence of the three coexisting minerals. 71,
is richer in diopside than M and, as the proportion of melt 72, increases (assuming that none escapes),
the remaining solid mixture therefore suffers depletion in Di and migrates from M to s;.

Mixture s; lies on the Fo—En edge of the diagram, and marks the stage at which CaMgSi,O; has
just disappeared from the solid residue and now resides entirely in the melt phase. Further melting
(lower tier) can draw on only the two solid minerals remaining (Fo and En), and therefore the melt
composition, hitherto constant, must begin to change. While it remains in equilibrium with Fo and
En, it is constrained to migrate up the cotectic between the ‘melt + olivine’ and ‘melt + opx’ fields,*
as the residual solid mixture migrates in composition from s; toward Fo: melt 7, for example will
coexist with residual solid s,. When the melt reaches 13, it coexists with a residual solid s; that
consists solely of forsterite; enstatite has now disappeared from the solid residue. If melting continues,
the melt will evolve from 5 directly toward M.

Though the phase diagram shown only approximates to natural mantle mineralogy (it contains
no iron — normally present in mantle olivine, orthopyroxene and clinopyroxene — and it lacks an
aluminous phase), two useful lessons about partial melting can be drawn. Firstly, all of the minerals
present in lherzolite begin to melt together, rather than one after the other as one might initially
suppose. Secondly, as partial melting advances, first clinopyroxene becomes exhausted, leaving a
Fo + En (‘harzburgite’) solid residue, then orthopyroxene disappears leaving a solid residue consist-
ing only of Fo (‘dunite’ in Fig. 5.1).

Because we have been considering a closed system, the overall composition remains at M, but it
consists in turn of melt 72y + solid sy, 72, + s,, 73 + s3, and eventually (if melting runs to completion)
a melt of composition M.

*The olivine—enstatite reaction relationship shown in Fig. 4.3.1(b) does not apply at mantle pressure.

1

Mg number = [LM%J

each phase (or the molar proportions of their Mg +Fe™ L omic

}(ixides Fe? and MgO). For d?y-to-day utShC, 100(Mg0O/40.32)
owever, it is more common to express the =

Fe:Mg proportions in a rock in terms of its (MgO/40.32) + (FeO/71.85)

Mg-number: [5.2]
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(a) Prior to melting
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(b) Beginning of melting (~1%) CaMgSi,04
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(c) More advanced melting (~30%)
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Fig. 5.4.1

Lherzolite
Harzburgite
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sV~
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Progression of melting in a Iherzolite as temperature is raised from (a) below the

solidus to (b) just above it to (c) substantially above it. The phase diagram on the right is a
schematic representation of the anhydrous system Di—Fo—En at upper mantle pressures (~2 GPa)
after Yoder (1976) courtesy of the National Academy of Sciences. Each field indicates the range of
melt compositions that can exist in equilibrium with the single mineral indicated (tints correspond to
relevant minerals in the left-hand diagram); the contours showing liquidus temperature are purely
illustrative. Between the fields are cotectic boundaries marking melt compositions that coexist in
equilibrium with two minerals. The point E (eutectic) where the three boundaries meet marks the
sole melt composition that can exist in equilibrium with all three minerals.

where 40.32 and 71.85 are the relative molec-
ular masses (RMMs) of MgO and FeO respec-
tively and oxide amounts are expressed in
mass %. The Mg number (ranging from 0 to
100) has high values for primitive melts and

low values for more evolved (Fe-rich) melts.
If we accept that mantle olivine compositions
generally lie in the range Fogs—Foy, (Fig. 5.6),
equation 5.1 can be used to show that
primary melts — those in equilibrium with
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mantle olivine — will have Mg numbers in the
range 68-77 (see Exercise 5.2). Having an
Mg-number value in excess of 68 is therefore
a condition for a primary magma (some
authors relax this requirement to Mg # >65).

Note that equations 5.1 and 5.2 involve
FeO but not Fe,O; (Fe’* behaves differently
from Fe?* on account of its higher ionic charge
and lower ionic radius, and cannot enter
olivine). It is common when presenting basalt
analyses, however, to list only the total of the
iron oxides, as XFeO or XFe,0; (see Table 2.4
and Box 2.6). In such cases, it is conventional
to assume that 10% of the iron present in the
melt is Fe’* and the remaining 90% as Fe™".
The ‘FeO’ used for calculating the Mg
number is therefore set to 0.9 x XFeO or
(0.9 x ZFe, 05 + 1.11).

Orogenic peridotite massifs

The spatial and temporal relationships
between different mantle lithologies are diffi-
cult to study in volcanic-hosted xenoliths
because composite xenoliths are relatively
scarce, and their size (tens of cm in diameter)
restricts the scale on which such relationships
can be studied, compared say to a field outcrop.
‘Orogenic’ peridotites® provide an alternative
setting for studying mantle rocks which,

Fa component

bar).

though not strictly in situ, preserves vital
spatial relationships between different litholo-
gies. Orogenic peridotites are lenses of shallow
mantle material — varying in scale from <30 m
to >20km — that have been tectonically incor-
porated into the roots of continental collision
zones like the Pyrenees and the Alps, later to
be exhumed - often in association with
high-grade crustal metamorphic rocks — by
post-orogenic uplift and erosion. The intimate
association with high grade metamorphic
rocks of crustal origin such as granulites,
charnockites and kyanite—almandine gneisses
suggests a derivation from continental mantle
lithosphere, rather than the oceanic litho-
sphere sampled by ophiolites. In some cases,
for example the Lanzo and Othris peridotites
(see Fig. 4.13), the involvement of sub-
continental asthenosphere as well has been
mooted.

Among the most extensively studied oro-
genic peridotites are those of the North
Pyrenean Metamorphic Zone, including the
eponymous Etang de Lherz massif (one of
about 40 such bodies on the northern margins
of the Pyrenees), and others in the Betic
and Rif mountain belts that straddle the
western Mediterranean (see Fig. 4.13). These
ultramafic bodies consist chiefly of foliated,

? Known alternatively as ‘alpine peridotites’.
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metamorphosed spinel lherzolite, with subor-
dinate spinel and garnet pyroxenites and/or
harzburgite defining a compositional banding
on the scale of metres that is concordant with
the foliation. The rocks are commonly serpen-
tinized. In some massifs the layered rocks are
cut by discordant veins or dykes of amphi-
bole-bearing pyroxenite and/or hornblendite
that provide direct evidence of basic melt
migration in the uppermost mantle; the intru-
sive relations have allowed the chemical inter-
actions between such melts and their mantle
wall-rocks to be investigated.

The processes responsible for the emplace-
ment of orogenic peridotite bodies into the
lower continental crust remain unclear. Some
form of tectonic emplacement associated
with shear zones, possibly during lithosphere
extension, seems to be a major factor for
some, while others appear to have ascended
in diapiric form; the southern part of the
Lanzo peridotite in the Italian Alps, for
example, has been interpreted as an astheno-
spheric diapir emplaced during the opening of
the Liguro-Piemontese ocean basin (Bodinier
et al., 1991).

Textures in xenolithic and orogenic peridotites

The textures of ultramafic xenoliths in basal-
tic host-rocks and kimberlites have much in
common with orogenic peridotites, a fact
that is hardly surprising given that both
associations derive from the sub-continental
mantle. The least deformed examples in both
suites possess a coarse crystalline texture
(Plate 5.4) which, in thin section (Plate 5.6),
can be seen to consist of interlocking anhedral
grains whose polygonal boundaries meet at
triple junctions with interfacial angles close to
120° (Plate 5.6). This polygonal texture is the
hallmark of metamorphic rocks held at high
temperatures for long periods. In three dimen-
sions, it resembles the texture of froth formed
from a soap solution, and the cause is the
same: the reduction in interfacial free energy
(surface tension in the case of the foam) that
the system achieves through minimizing the
total grain-boundary (or soap-film) area.
The necessary grain-boundary adjustments
are achieved by local solid-state recrystalliza-
tion at grain boundaries, assisted by the high
ambient temperatures in the mantle.

This least deformed configuration (Plate
5.6) is known as protogranular texture (the
prefix ‘proto-’ signifying an original state).
Another example is shown in Plate 5.7 from
Lherz, in which original mineral grains are
cut by mineralized fractures, probably formed
during tectonic emplacement of the massif
into the Pyrenean orogenic belt. A spectrum
of more deformed textures is seen both in
xenoliths and in orogenic massifs. Deforma-
tion within the mantle is dominated by ductile
mechanisms. In the commonest deformed
texture, two generations of olivine and ortho-
pyroxene crystals can be distinguished:

e larger, often elongated or strained crystals
(‘porphyroclasts’);

e smaller polygonal strain-free crystals
(‘neoblasts’) or finer sheared material.

An example of this porphyroclastic texture
with a sheared matrix is shown in Plate 5.8.
More extreme deformation leads to a finer-
grained equigranular or mosaic texture, which
some authors believe may record derivation
from the ductile asthenosphere.

Abyssal peridotites from the ocean floor

Peridotites have been dredged, drilled or
recovered by submersible from numerous
sites on the walls of fracture zone valleys and
from rift-valley mountains of slow-spreading
ridges like the Mid-Atlantic and Indian
Ocean ridge systems (Dick et al., 1984), or
at intersections such as St Paul’s Rocks
(Fig. 2.12). Commonly such abyssal perido-
tites are severely serpentinized and weathered,
but they retain sufficient mineralogical and
textural evidence for many authors to corre-
late them with ‘lithospheric’ alpine perido-
tites. In terms of their primary mineralogy,
they vary in composition from spinel lherzo-
lite to dunite. They are widely interpreted as
residual mantle (remaining after the extrac-
tion of mid-ocean ridge basalt) that has
accreted to the trailing edge of the extending
oceanic lithosphere. Abyssal peridotites can
be thought of as complementary in composi-
tion to MORB through the decompression
partial-melting processes that feed mid-ocean
ridge volcanism, and they retain a chemical
record of these processes (Baker and Beckett,
1999).
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Box 5.5 Definitions of ‘komatiite’ and ‘picrite’: consensus versus convention

Most published definitions of komatiite incorporate genetic, textural and compositional strands,
broadly as follows:

e komatiite is generally understood to be a volcanic rock (recognized from field evidence such as
chilled lava tops, pillows, hyaloclastite breccias, amygdales), but occasionally it may also form
high-level sills and other minor intrusives (Beresford and Cas, 2001, Arndt et al., 2004);

e komatiite lavas — and sills — exhibit spinifex texture, though only in the upper portion (see Fig.
5.8);

e mineralogically speaking, komatiites are ultramafic/peridotitic in composition: plagioclase is very
rare in Archaean komatiites (Nisbet et al., 1993);

e komatiites are chemically distinctive in being highly magnesian (typically 18% < MgO < 32%
volatile-free).

In terms of chemical composition, komatiite lavas have much in common with picrites, another
type of high-Mg lava (Chapter 2). Picrites are basalts (or dolerites) containing an unusual abundance
of (polyhedral) olivine phenocrysts, and often have MgO contents in the 15%-30% range, similar
to komatiites. In some cases the high MgO content is the result of olivine crystals accumulating in
basaltic magma, but some picrite lavas appear to have erupted as highly magnesian melts (e.g. Holm
et al., 1993). The essential petrographic difference between picrite and komatiite lies in the presence
or absence of spinifex olivine: in a komatiite lava, spinifex texture is present whereas in a picrite the
olivine adopts only the more familiar polyhedral habit. Picrites often contain a small amount of
plagioclase too.

The TUGS sought to draw a distinction between komatiite and picrite on purely chemical criteria
(Le Bas, 2000; Le Maitre, 2002 Fig. 2.13). Their intricate compositional definitions are represented
in simplified graphical form in Fig. 5.5.1. Kerr and Arndt (2001) challenged this approach: they
demonstrated that more than half of the spinifex-textured komatiites described from Gorgona Island
had compositions falling in the TUGS picrite field in Fig. 5.5.1, while all of the non-spinifex Gorgona
picrites fell in the TUGS komatiite field (Fig. 5.5.2). They emphasized the need for nomenclature to
take into account the key textural difference between picrite — in which olivine occurs solely as
polyhedral crystals — and spinifex-textured komatiite. The practical distinction between komatiite
and picrite remains contentious.

KOMATIITES, PICRITES AND RELATED
HIGH-MGO VOLCANIC ROCKS

Though it is clear that peridotites with igneous
textures can crystallize from igneous melts,
most are coarse-grained and clearly plutonic
in origin. As with all cumulate rocks, doubt
surrounds the composition of the melt from
which they crystallized. Can all peridotites
with igneous textures be explained as cumu-
lates from basic melts — the ultramafic com-
position being a consequence of selective
crystallization or concentration of mafic

minerals — or might some examples have crys-
tallized from melts that were themselves
ultrabasic in composition? The possible exis-
tence of ultrabasic melts was much debated
between the mid-1920s and the late 1960s.
Vogt (1926) and Hess (1938), for example,
took the view — albeit cautiously — that peri-
dotite melts could exist in Nature and might
in some circumstances erupt at the Earth’s
surface. Bowen (1928), in his seminal book
The Evolution of the Igneous Rocks, took the
opposite stand, regarding all plutonic ultra-
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Fig. 5.5.1 A simplified graphical
representation of the compositional fields of
komatiite and picrite, according to their [IUGS
definitions (Le Maitre, 2002). The 3D diagram
is based on the TAS plot in Fig. 2.1 (back
plane), adding MgO as a third dimension. No
upper limit for the MgO content is specified.

3
Spinifex-textured
komatiites
Non-spinifex
PB PICRITE picrites
X 24
E . =
Q, KOMATIITE
X r L =
+
3 "t
(“N 1+ ' ‘.
pz4 ‘ 00
_ . g% o
o
0 |||||| il 1 1 I B | : nnnnnnnnn
5 15 25
MgO wt %

mafic rocks as products of crystallization of
basaltic magmas.* As with the explanations
for massif anorthosites (Chapter 4), the exis-
tence of minor intrusions having peridotitic
average composition could be explained
through emplacement of crystal-enriched
mushes remobilized from deeper chambers.
The proponents of peridotite melts faced
two hurdles in getting their hypothesis
accepted. The first was the lack — at least in
the international geological literature of the

* See the brief review of this debate by Arndt and Nisbet
(1982, pp. 1-3).
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Fig. 5.5.2 Compositions of Gorgona Island
komatiites (black symbols) and picrites (open
symbols) plotted in a total-alkalis versus MgO
plot; the fields marked are from IUGS (Le
Maitre, 2002). Reproduced from Kerr and
Arndt (2001) by permission of Oxford
University Press.

time — of compelling field evidence for ultra-
mafic volcanic rocks that could unambigu-
ouslyrepresentmeltsof peridotiticcomposition.
The second hurdle was that any peridotite
melt would be highly magnesian in chemical
composition and, from the experimental evi-
dence already emerging (e.g. Fig. 3.6), could
be expected to melt only at exceptionally
high temperatures: the range 1500-1600°C
was mooted by both Vogt and Bowen.
Most petrologists of the time regarded the
accumulation of mafic minerals from basaltic
melts as the more credible explanation for
magmatic ultramafic rocks.
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That prevailing view changed dramatically
with the publication by Viljoen and Viljoen
(1969)° of field research carried out in the
Archaean Barberton Mountain Land of South
Africa under the aegis of the ‘International
Upper Mantle Project’. The Viljoens’ work
demonstrated beyond reasonable doubt the
existence, in the Komati River valley, of peri-
dotitic lavas with MgO contents sometimes
exceeding 30%: in the words of Viljoen and
Viljoen (1982)

‘(volcanic) features such as once-glassy
chilled lava-tops, hyaloclastite breccias and
amygdales were noted from the Barberton
ultramafic lavas’,

and they coined the name ‘komatiite’ (after
the Komati River) for these evidently effusive
peridotite lavas. The term originally embraced
both peridotitic lavas and chemically related
basalts (‘basaltic komatiites’) with which they
were associated, but today the term is reserved
for high-Mg ultrabasic lavas (Box 5.5).

The most distinctive feature of the type-
komatiites in the field was the presence of
blade-like olivine crystals several centimetres
in length, either randomly orientated or
forming sheaves of sub-parallel or divergent
crystals (Fig. 5.7); in thin section the olivine
blades are often seen to have skeletal form

3 For a more accessible historical review, see Viljoen and
Viljoen (1982).

(Plate 5.9). This texture, now universally
known as ‘spinifex texture’ (alluding to a
spiky Australian grass, Triodia spinifex, which
it superficially resembles — see Nesbitt, 1971),
was interpreted by the Viljoens as a quench
texture, formed as a result of very rapid
cooling — another pointer to surface eruption.
Current explanations for the texture are
reviewed in the following section.

Spinifex-textured komatiite lavas have
since been recognized in all of the world’s
well preserved Archaean greenstone Dbelts
(Box 5.6); ironically they include some ultra-
mafic lavas that had been recognized as such
prior to 1969 but whose petrological signifi-
cance had lain hidden in geological survey
reports (examples are cited by Viljoen and
Viljoen, 1982). Figure 5.8 illustrates the
internal structure and thickness of typical
komatiite lavas from the Munro Township
locality in NE Ontario. The diagram empha-
sizes that spinifex texture is confined to the
upper, more quickly cooled part of a komati-
ite lava (and blade size may vary considerably
with depth below the surface of the flow); the
lower part of the flow contains olivine with
normal polyhedral habit. In other words,
komatiite flows are texturally zoned and may
for that reason be difficult to recognize where
poorly exposed.

Though spinifex-textured komatiites are
overwhelmingly of Archaean age, younger
examples are known from Gorgona Island
off the west coast of Colombia, where

Fig. 5.7 Field photos (weathered
surface) of spinifex-textured
komatiites from the Kalgoorlie area,
Western Australia. Dark features
mark out the altered olivine blades;
lighter material between represents
altered interstitial pyroxene and
glass.
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Box 5.6 Greenstone belts

Greenstone belts are important components of many of the world’s Archaean cratons. They consist
of thick volcanic and sedimentary successions deposited on the Earth’s surface between 3.6 Ga (or
possibly earlier) and 2.5 Ga before present (BP) and subsequently modified by folding, thrusting and
greenschist-facies metamorphism. Seminal examples are the 3.5 Ga Barberton greenstone belt in the
Kaapvaal craton of South Africa (the type area for komatiites), the exquisitely preserved 2.7 Ga
Belingwe greenstone belt in Zimbabwe (Renner et al., 1994) and the 2.7 Ga Norseman-Wiluna belt
in the Yilgarn craton of Western Australia.

The lower parts of most greenstone-belt successions are dominated by komatiite and tholeiitic
basalt lavas and associated minor intrusions, interbedded with ironstones and other chemical sedi-
ments; many workers regard this stage as representing Archaean sea-floor spreading (Bickle et al.,
1994). At higher stratigraphic levels, andesitic and silicic stratovolcanoes and terrigenous clastic
sediments and volcaniclastics assume greater prominence, suggesting the emergence of ancient island
arcs.

Greenstone belts are preserved today in greenstone—granite terrains. In some classic examples
(Kaapvaal in South Africa; Pilbara in Western Australia) the greenstone belts form elongated, appar-
ently synformal in-folded basins between dome-like granitoid masses (Fig. 5.6.1), a relationship some
attribute to the disruption of a laterally continuous volcanic succession by granite diapirism (e.g.
Van Kranendonk et al., 2004). Elsewhere the greenstone-granite relationship is much more complex,
and horizontal tectonism — either compressional thrusting or the extensional exhumation of deep
crustal rocks — is seen as having played an important role, and such ideas have been applied to
Kaapvaal and Pilbara too (de Wit, 1998).

m Fortescue Group
basalts 2.7 Ga
m De Grey Group
congloms 2.9 Ga Carlindi
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Fig. 5.6.1 Simplified map of the East Pilbara craton (after Van Kranendonk et al., 2004 by
permission of Elsevier) illustrating the dome-basin architecture of the terrain. The granitoid
complexes shown include components of the 3.5-3.5Ga orthogneisses as well as younger potassic
granites varying in age from 3.3 — 2.8 Ga.
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FLOW UNIT
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UPPER PART OF FLOW UNIT
A, Chilled and fractured flow top
A, Spinifex
LOWER PART OF FLOW UNIT
B, Foliated skeletal olivine
B,—B4 Medium-to fine-grained peridotite
B3 Knobby peridotite

peridotite

A, Chilled flow top with fine
polyhedrol jointing
A, Spinifex

B Medium-to fine-grained

Fig. 5.8 Cross-sections of two
types of komatiite flow in Munro
Township, Ontario, simplified from
Pyke et al. (1973) and Arndt

et al. (1977) by permission of the
Geological Society of America and
Oxford University Press: (a) a flow
with a well developed upper spinifex
zone; (b) a flow with limited spinifex
texture. More than half of the

6 Feet peridotite lava flows from this locality

O o O

late Cretaceous komatiites occur in associa-
tion with picrites and basalts (Aitken and
Echeverria, 1984; Kerr et al., 1996). Many
geologists associate their eruption with the
huge Caribbean—Colombian LIP (Fig. 2.15)
formed by the ancestral Galapagos plume,
though recent palaeomagnetic evidence sug-
gests that Gorgona Island may instead be the
product of another hotspot to the south.

Detail and significance of spinifex texture

Distinctive features of spinifex texture are
illustrated in Plates 5.9-5.11. Plate 5.9 shows

l
T

2Metre  exhibit no spinifex texture at all.

large, sub-parallel plates of colourless olivine
(partly altered to serpentine + iron oxide) in
PPL interspersed with brownish zones repre-
senting quenched melt in between. The field
of view shows the massive central portions of
several olivine plates sideways-on, but on the
left several slender olivines exhibit branching
forms near their terminations. The interven-
ing brownish ‘melt’ zones have crystallized
to feathery, fern-like or sometimes dendritic
pyroxene, more clearly discerned in crossed
polars (Plate 5.10). The brown zones also
contain delicate dendrites of opaque chromite
(Plate 5.11).
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The dominance of platy olivines, together
with skeletal and dendritic crystal habits,
makes spinifex-textured komatiites unique
among terrestrial igneous rocks. In explaining
why such textures are seen in komatiites but
not in basaltic lava flows, Donaldson (1976,
1982) showed experimentally that olivine
habits similar to those in komatiites were
favoured by unusually rapid crystallization
(brought about in his experiments, if not in
Nature, by rapid cooling). With increasing
cooling rate, the dominant olivine habit
(Fig. 5.9) changed from polyhedral (a),
through ‘equant hopper’ (see caption) to
‘elongate hopper’ (e) and platy (not shown in
Fig. 5.9). Donaldson compared this experi-
mental sequence with the textural changes
seen in passing from zones B, 4 (interior, poly-
hedral olivine) to upper A, (spinifex olivine)
in a thick komatiite flow (Fig. 5.8), a correla-
tion he attributed to increasing crystallization
rate near to the flow margin.

Why should rapid crystallization favour
skeletal, hollow and platy habits? During very
rapid crystallization of supercooled melt,
crystal growth outstrips chemical diffusion

9%

(a) (b) (c) (d) @

(e)
°Clhr 0.5 2.5 7 15 40
AT°C 10 20 30 50

Fig. 5.9 Typical morphologies of olivine
crystallized experimentally from ultrabasic melts
as a function of cooling rate (in °C per hour)
adapted with permission from Donaldson
(1976,1982). ‘AT °C’ indicates the degree of
supercooling below the liquidus at which olivine
began to form. The normal polyhedral form of
olivine (a) gives way at higher cooling rates to
hollow forms often referred to as ‘hopper’ olivine
(b)—(d), then to ‘elongate hopper’ form (e). Plate
olivines (not shown) occur at slightly higher
cooling rates. More extreme cooling rates
produced other morphologies (e.g. ‘chain’ and
‘feather’ olivines) that are not seen in natural
komatiites.

in the surrounding melt, leaving a growing
crystal surrounded by a zone of melt depleted
in Mg,SiO, relative to other melt constituents
(Fig. 5.10). Depletion in Mg,SiO, inhibits
further growth on crystal faces but growth
may still occur at surface irregularities and
projecting corners (Fig. 5.10a), from where
whiskers or fingers of new crystal may develop
(Fig. 5.10b), the first step in developing a
skeletal crystal form. Growth of the finger
may itself become inhibited, whereupon a sec-
ondary finger may develop (Fig. 5.10¢) from
some favourable point on the surface of the
primary finger. It is not difficult to understand

(a) undepleted melt Growth at corners

l / is favoured by
access to a larger
~ volume of melt

(per unit surface
area of crystal).

crystal
Layer of

ST depleted
melt that

inhibits

deposition

on faces.

"

crystal Crystal growth
advances as a
spike or finger

from corner.

(b) undepleted melt

(c) undepleted melt

crystal

Primary
spikes
may grow
secondary
spikes.

Fig. 5.10 Cartoon illustrating the formation of
dendritic and similar crystal morphologies where
normal growth of faces is inhibited by a zone of
depleted melt surrounding the crystal (based
loosely on Vernon, 2004).
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Fig. 5.11 Schematic diagram illustrating the crystallization history of a komatiite flow (from Renner

et al., 1994 by permission of Oxford University Press): (a) Flow emplacement with polyhedral olivine
phenocrysts suspended in the flowing lava; arrows represent magma convection. (b) Olivine settles out
as spinifex zone starts to form; top of flow continues to convect. (c) Cumulate zone formed by settling
olivines, but interstitial melt remains still unfrozen; spinifex zone extends downward from roof.

(d) Flow has completely frozen. ‘A2’, ‘B1’ and ‘B2’ relate to Fig. 5.8.

how repetition of this process leads to the
dendritic and other exaggerated forms seen in
komatiite (best illustrated in Plates 5.10 and
5.11 by the dendritic pyroxene and chromite
crystals).

Donaldson (1982) considered it unlikely
that high cooling rates comparable to those
in Fig. 5.9 could be achieved throughout the
spinifex layer of a thick komatiite flow (A, in
Fig. 5.8, which may be as much as 20 m thick
in thick flows). He supposed instead that the
large content of dissolved olivine in komatiite
melts led to greater olivine supersaturation
for a given AT compared to basic melts, and
it was this that drove the rapid crystallization.
Shore and Fowler (1999), on the other hand,
considered that a high cooling rates could
operate, even in thick komatiite flows. They
suggested that spinifex olivines nucleated at
the top of a komatiite lava (where cooling rate
may have been enhanced by interaction with
overlying water®), from where they grew
rapidly downward under a strong tempera-
ture gradient. In their view, very rapid cooling
would also have been promoted by high radi-
ative heat loss from the flow surface — favoured

¢ At least some komatiites exhibit pillow structures sug-
gesting sub-aqueous eruption (e.g. Renner et al., 1994).

by the uniquely high temperature of a kom-
atiite melt — and by the notably high thermal
conductivity of olivine crystals (especially in
the a axis direction) relative to the surround-
ing melt. Anchoring of olivine crystals to the
upper surface may therefore account for rapid
internal cooling, the large crystal size and the
sub-parallel disposition of the olivine plates.
Olivine crystals suspended within the deeper,
flowing interior lacked this ‘heat sink’ and
grew more slowly to produce polyhedral
crystals, which sank to form intra-flow cumu-
lates (Fig. 5.11).

Magma genesis of komatiites and picrites

Primary basalts erupt with MgO contents
between 8% and 15% (Table 2.4). Typical
komatiites, on the other hand, have MgO
contents between 20% and 33% (Table 5.3).
Fertile mantle rocks have MgO contents
between 37% and 42%, and intuition sug-
gests that komatiites, being closer in composi-
tion to mantle rocks than basalts are, must
have incorporated a greater proportion of
their mantle source and therefore represent
a higher degree of mantle melting than do
basalts. Komatiite volcanism occurred on a
vast scale during Archaean times (Hill et al.,
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Table 5.3 Major-element analyses of selected ultramafic rocks (tabulated volatile-free). A. Mantle-
derived peridotites and estimated mantle composition. B. Komatiite analyses selected by Nisbet et al.
(1993) as providing the best approximations to primary melt composition — unaffected by intra-flow
olivine fractionation and accumulation — for each of the areas indicated.

A. Mantle peridotite compositions

B. Komatiite melt compositions

Description Kettle River Average  Harzburgite Gorgona Is, Belingwe, Alexo, Barberton,
and peridotite,  mantle Colombia  Zimbabwe Ontario S. Africa
location BC, Canada peridotite (87 Ma¥) (2.7Ga) (2.7Ga) (3.45Ga)
Source of  Walter Herzberg BVSP* Nisbet et al. (1993) from sources cited in their
data (1998) (1993) (1981) paper
SiO, 44.90 44.3 43.59 46.0 47.78 46.1 4711
TiO2 0.15 0.09 0.03 0.53 0.37 0.23 0.36
AL O, 4.30 2.36 1.27 11.1 6.82 7.4 3.93
Cr,03 0.41 0.43 0.43 0.42
>FeO 8.09 8.31 5.71 11.3 11.13 10.6 11.67
MnO 0.13 0.13 0.07 0.19 0.17 0.19
MgO 37.65 41.64 48.39 20.6 25.68 28.1 28.95
NiO 0.24 0.27 0.31 0.20
CaO 3.48 2.20 0.21 9.3 7.00 6.9 6.74
Na,O 0.22 0.23 0.06 0.84 0.98 0.2 0.15
K,O - - 0.07 0.03 0.05 0.08 0.01
Total 99.57 99.96 100.14 99.7 100.00 99.8 99.73
Estimated - - - 1400 + 15 1520+ 10 15605 1580 = 70

T (°C) of

eruption

* BVSP, Basaltic Volcanism Study Project; *See Kerr et al. (1996).

1994), and many have suggested that the high
degrees of melting they represent require a
steeper geothermal gradient and higher poten-
tial temperature in the immature Earth’s
mantle. Can this assertion be tested?

Nisbet et al. (1993) used komatiite analyses
to estimate the potential temperatures required
to generate such magnesian melts. Because
olivine sinks rapidly in low-viscosity komati-
ite melts, olivine-accumulation may bias the
composition of individual komatiite hand-
specimens and yield misleadin